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PREFACE 


It is more than 30 years since the publication of Jacob 
Bjerknes’ groundbreaking ideas made clear the importance of 
ocean-atmosphere interaction in the tropics. It is now more 
than 20 years since the arrival of a massive El Nifio in the 
fall of 1982 set off a cascade of observational and theoretical 
studies. During the following decades, the climate research 
community has made exceptional progress in refining our 
capacity to observe earth’s climate and theorize about it, 
including new satellite-based and in situ monitoring systems 
and coupled ocean-atmosphere predictive numerical models. 
Of equal importance is the expanding scope of research, which 
now reaches far beyond the Pacific El Nifio and includes cli- 
mate phenomena in other ocean basins. 

In order to cover the now global context of ocean-atmos- 
phere interaction we have organized this monograph around 
five principal themes, each introduced by one or more broad 
overview papers. Theme I covers interaction and climate vari- 
ability in the Pacific sector, with extensive discussion of El 
Nifio-Southern Oscillation, and with the possible causes and 
consequences of variability on both shorter and longer 
timescales. Theme II is devoted to interaction in the Atlantic 
sector. This basin exhibits complex behavior, reflecting its 
geographic location between two major zones of convection 
as well as neighboring the tropical Pacific. Theme III reviews 
the recent, exciting progress in our understanding of climate 
variability in the Indian sector. Theme IV addresses the inter- 
action between the tropics and the extratropics, which are 
linked through the presence of shallow meridional overturn- 
ing cells in the ocean. Finally, Theme V discusses overarch- 
ing issues of cross-basin interaction. 

Indeed, this monograph represents the climate community’s 
first effort to summarize the modern science of ocean-atmos- 
phere interaction and the roles that the interaction plays in 
climate variability on the basin and global scales. We believe 
that the material covered here will be of interest to the cli- 
mate research community as well as members of the broader 
scientific community who want to learn about the current 
state of climate research, to students studying climate and 
related topics, and to those members of the public who find 
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themselves increasing!y fascinated by the patterns of climate 
and climate change now revealed by climate monitoring tools. 

This monograph derives from a special session at the Amer- 
ican Geophysical Union (AGU) Fall Meeting in December 
2002 entitled, “Ocean-Atmosphere Interaction and Climate 
Variability”, which attracted a large audience. The session 
was remarkable for having brought together many of the sci- 
entific leaders in the field, and for providing the first clear 
overview of this rapidly evolving discipline spanning all three 
ocean basins—Pacific, Atlantic, and Indian—as well as the 
interactions among these basins. However, this monograph 
is not simply a collection of conference papers. Indeed, fewer 
than half of the papers contained here were drawn from that 
conference and many others were invited. 

We are indebted to a number of people who played a crit- 
ical role in constructing this monograph. Most importantly, we 
would like to thank the referees for their time and effort. They 
are M. Alexander, S.-I. An, M. Barreiro, M. Cai, E. Chang, 
G. Chepurin, C. Clark, S. Cravatte, H. Dijkstra, A. Fedorov, 
C. Frankignoul, A. Giannini, B. Giese, B. Goswami, S. Has- 
tenrath, M. Jochum, J. Kinter, B. Kirtman, R. Kleeman, 
B. Klinger, A. Kumar, N. Larkin, T. Lee, B. Lintner, Z. Liu, 
C. Meinen, A. Mestas-Nunez, M. Nonaka, Y. Okumura, 
W. Robinson, R. Saravanan, T. Shinoda, D. Snowden, A. Sobel, 
H. Su, Y. Tanimoto, A. Timmermann, D. Vimont, R. Waj- 
sowicz, X. Wang, A. Wittenberg, L. Wu, T. Yamagata, and 
C. Zhang. David B. Enfield served as a guest editor, over- 
seeing the review of the opening overview paper authored by 
us. Yuko Okumura served as editorial assistant for S.-P. Xie, 
and carefully proofread the camera-ready text for some papers 
in the volume. We are also grateful to nine anonymous referees 
of the original book proposal for useful comments. Finally, we 
would like to acknowledge Kenneth Minschwaner, the over- 
sight editor for this project and member of AGU’s Books 
Board, and Allan Graubard, our acquisitions editor, along 
with Maxine Aldred and Pamela Ingate of AGU Books. 
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The interaction of the ocean and atmosphere plays an important role in shaping 
the climate and its variations. This chapter reviews the current state of knowledge 
of air—sea interaction and climate variations over the global ocean. The largest 
source of climate variability in the instrumental record is El Nifio—-Southern Oscil- 
lation (ENSO), which extends its reach globally through the ability of the atmosphere 
to bridge ocean basins. The growth of ENSO owes its existence to a positive 
ocean—atmosphere feedback mechanism (originally envisioned by J. Bjerknes) that 
involves the interaction of ocean dynamics, atmospheric convection, and winds in 
the equatorial Pacific. The Bjerknes feedback and the resultant equatorial zonal 
mode of climate variability are a common feature to all three tropical oceans despite 
differences in dimension, geometry and mean climate. In addition to this zonal 
mode, the tropics also support a meridional mode, whose growth is due to a ther- 
modynamic feedback mechanism involving the interaction of the cross—equatorial 
gradient of properties such as sea surface temperature and displacements of the 
seasonal intertropical convergence zone. This meridional mode is observed in the trop- 
ical Atlantic, with some evidence of its existence in the Pacific and Indian Oceans. 
In the extratropics, in contrast, the sources of climate variability are more distrib- 
uted. Much of climate variability may be explained by the presence of white noise 
due to synoptic weather disturbances whose impact on climate at longer timescales 
is due to the integrating effect of the ocean’s ability to store and release heat. Still, 
there is some evidence of a more active role for the mid-latitude ocean in climate 
variability, especially near major ocean currents/fronts. Finally, various atmospheric 
and oceanic bridges that link different ocean basins are discussed, along with their 
implications for paleoclimate changes and the current global warming. 
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2 GLOBAL CLIMATE VARIABILITY 


1. INTRODUCTION 


The Earth’s climate is determined by many complex phys- 
ical, chemical and biological interactions among the ocean, 
atmosphere, land and ice/snow, subject to solar and tec- 
tonic forcing. The present volume addresses the key phys- 
ical interactions of the ocean and atmosphere, which affect 
climate variability on all timescales. The role of the ocean 
in climate variability results partly from its large capacity 
to store and distribute heat. While the ocean is 4000 m deep 
on average, the upper 10 m has the same mass as the entire 
atmosphere and the upper 4 m has a similar capacity to 
store heat. The importance of the ocean for climate is evi- 
dent in the comparison of diurnal and annual ranges of air 
temperature over land and ocean. For example, air temper- 
ature varies more than 50°C in Beijing within a year but 
only about 10°C at the same latitude off the coast of north- 
ern California. 

Solar radiation is the ultimate driving force for all motions 
in the ocean and atmosphere and gives rise to the pronounced 
and regular diurnal and seasonal cycles throughout much of 
the world. Even the minute variations in the intensity and dis- 
tribution of solar radiation due to orbital changes are impli- 
cated in the ice age cycles as well as other features of the 
Earth’s paleoclimate. On the other hand, climate does not just 
display repeating and regular cycles of solar radiation, but 
also displays variability that is not correlated with solar 
radiation. The most famous among such climate variations 
is the atmosphere’s Southern Oscillation [Walker, 1924] 
and its oceanic counterpart El Nifio. 

Historically, the term El Nifio refers to extended episodes 
of anomalous warming of the ocean off the coast of Peru, 
while the term Southern Oscillation refers to a sea level 
pressure (SLP) swing between Darwin, Australia and the 
island of Tahiti in the central tropical Pacific. Bjerknes 
[1969] recognized that El Nifio and the Southern Oscillation 
(ENSO) are in fact just two different aspects of the same 
phenomenon, and demonstrated a remarkable correlation 
between Darwin atmospheric pressure and water tempera- 
ture off Peru, two locations separated by the vast span of the 
Pacific Ocean. He further realized that ocean—atmosphere 
interaction is at the heart of the ENSO phenomenon, and 
described how an initial change in the ocean could affect the 
atmosphere in such a manner that the altered atmospheric 
conditions would in turn induce oceanic changes that rein- 
force the initial change. For example, if at some initial time 
sea surface temperatures (SSTs) in the equatorial eastern 
Pacific are anomalously warm, then the east-west gradient 
in SST will be reduced. The atmosphere will respond by 
reducing the east-west gradient of SLP, and consequently 
relaxing the strength of the easterly trade winds. The relax- 


ation of the easterly winds in turn causes an eastward surge 
of warm water along the equator, positively reinforcing the 
initial warm SST anomalies. Thus, this positive 
ocean—atmosphere feedback of Bjerknes amplifies small 
initial perturbations into large observable amplitudes. 

A further step forward was taken as a result of the intense 
warm episode of the 1982-83 El Nifio, which was not rec- 
ognized until it was well developed, surprising the oceano- 
graphic and meteorological communities. Soon after this 
surprise, the ten—year (1985-94) international TOGA (Trop- 
ical Ocean and Global Atmosphere) Program was launched 
building on earlier efforts such as the Equatorial Pacific 
Ocean Climate Studies (EPOCS) Program. One of TOGA’s 
goals was “to study the feasibility of modeling the coupled 
ocean—atmosphere system for the purpose of predicting its 
variations on timescales of months to years”. The 10—year 
TOGA program greatly advanced the understanding, sim- 
ulation, and prediction of the coupled system, as summarized 
in a series of review articles published in the special volume 
of the Journal of Geophysical Research (Oceans) in June 
1998. 

A great legacy of TOGA has been the Tropical Atmos- 
phere—Ocean (TAO) and TRITON array [Hayes et al., 1991; 
McPhaden et al., 1998], which provides real-time assess- 
ments of the thermal structure, currents, and surface mete- 
orology of the tropical Pacific. Beginning in the 1970s and 
1980s with outgoing longwave radiation [Xie and Arkin, 
1996] and SST [Reynolds and Smith, 1994], satellite~based 
observations have played an important role in air—sea inter- 
action and climate research. Since the 1990s, several new 
space—borne microwave sensors have allowed all—weather 
observations of SST, rainfall, surface wind and sea surface 
height over the global ocean. These instruments collectively 
provide an unprecedented level of detail over the ocean, 
which has initiated a wide array of air-sea interaction 
research as reviewed by Xie [2004a]. In addition to modern 
instruments and data archival, the painstaking compilation 
of global datasets based on historical ship observations 
[e.g., Levitus, 1982; Woodruff et al., 1987], and global prod- 
ucts using dynamical models to assimilate observations 
[Kalnay et al., 1996; Gibson et al., 1997; Carton et al., 
2000] have all aided the rapid progress in describing, under- 
standing and simulating the climate and its variations. 

In 1969, the year of publication of Bjerknes’ seminal 
work, Manabe and Bryan published the results from the 
first coupled ocean—atmosphere general circulation model. 
While using a simple sector configuration partitioned 
between land and sea and a coarse numerical resolution, 
they demonstrated that such a coupled model could pro- 
duce a climate not far away from observations. Since then, 
the coupled ocean—atmosphere models have become an 


important tool for understanding the climate system and 
predicting its changes, with ever increasing sophistication 
and realism [Meehl, 1992]. Today there are a multitude of 
climate models developed independently and they some- 
times display such diverse behavior that model intercom- 
parison [e.g., Mechoso et al., 1995; Davey et al., 2002] is 
regularly conducted to determine the causes of their dif- 
ferences. 

The years since 1969 have seen a succession of concep- 
tual advances. Notable among these are the discovery of 
mechanisms for the full cycle of ENSO, the mechanisms 
behind the strong annual cycle in the tropics [e.g., Mitchell 
and Wallace, 1992; Xie, 1994], and the identification of 
thermodynamic exchanges as an important ocean—atmos- 
phere feedback mechanism. While in the Bjerknes feed- 
back mechanism the role of regulating SST is played by 
ocean dynamics, recent studies have identified important 
additional roles for surface heat flux. A positive feedback 
due to interaction of surface wind, evaporation and SST 
has been proposed for the northward displacement of the 
intertropical convergence zone over the Atlantic and eastern 
Pacific [Xie and Philander, 1994] and the meridional gra- 
dient mode of tropical Atlantic variability [Chang et al., 
1997]. Philander et al. [1996] proposed a positive feed- 
back between SST and low-level stratus clouds that shield 
incoming solar radiation over the cold water region of the 
southeast tropical Pacific. More recently, Wang and Enfield 
[2003] suggested a positive feedback between SST and 
downward longwave radiation of deep convective clouds 
over the Western Hemisphere warm pool. 

In the extratropics, the atmosphere is stably stratified 
and the direct effect of SST changes is limited to a shal- 
low atmospheric boundary layer. This limitation, along with 
high levels of weather noise, has made it difficult to make 
a robust identification of mechanisms by which the ocean 
can induce positive feedback in the coupled system (except 
near narrow ocean fronts). Indeed, it now appears that much 
of mid-latitude SST variability can be explained by the 
null hypothesis of Hasselmann [1976], in which the ocean 
mixed layer integrates white weather noise in time to yield 
a red spectrum without much feedback to the atmosphere. 
On the other hand, ocean—atmosphere interaction in the 
extratropics has been argued to play a role for mid-latitude 
climate variability, although it may be relatively weak 
compared to that in the tropics [e.g., Latif and Barnett, 
1996; Kushnir et al., 2002; Czaja et al., 2003]. 

This chapter provides an overview of global climate vari 
ations, and is a general introduction to the subjects dis- 
cussed in the papers that follow in this volume. Sections 2 
and 3 review our understanding of ocean—atmosphere inter- 
action in the tropics and extratropics, respectively. Section 


WANG ETAL. 3 


4 considers interaction among different ocean basins and 
between the tropics and extratropics. Finally, Section 5 dis- 
cusses remaining issues and future challenges. 


2. TROPICAL CLIMATE VARIABILITY 
2.1. Mean State 


Easterly trade winds prevail in tropical oceans. This preva- 
lence of the easterlies is the surface wind response to deep 
atmospheric convection and heavy rainfall taking place in the 
intertropical convergence zone (ITCZ). The ITCZ is readily 
recognizable as a bright band of clouds in satellite images. 
Condensational heating in the ITCZ lowers the local SLP and 
causes surface wind to converge onto it. The Coriolis force act- 
ing on these converging meridional winds induces an east- 
erly component, leading to the southeast and northeast trade 
winds in the Southern and Northern Hemispheres, respec- 
tively (Figure 1). 

The southeast trades penetrate slightly north of the equator 
over the eastern Pacific and Atlantic. These easterlies drive sur- 
face water away from the equator because the Coriolis param- 
eter changes sign there, forcing cold deep water to upwell. 
This upwelled water keeps the eastern equatorial Pacific and 
Atlantic Oceans cold. Along the equator, the easterly wind 
stresses acting upon the ocean are to first order balanced by 
a zonal tilt of the thermocline that shoals in the east (Figure 
1). The shoaling of the thermocline in the east brings cool 
thermocline water to the sea surface, reinforcing the cooling 
effect of the equatorial upwelling. The deepening of the ther- 
mocline in the western Pacific and Atlantic, on the other hand, 
prevents cold thermocline water from being upwelled to the 
sea surface, keeping SST warm there. This thermal contrast 
between the warm western and cold eastern ocean establishes 
a westward pressure gradient in the lower atmosphere, enhanc- 
ing the easterly winds on the equator that act to reinforce the 
sea surface cooling and shoaling thermocline in the eastern 
ocean. This ocean—atmospheric interaction, in maintaining 
climatological mean states, is similar to the positive feedback 
mechanism Bjerknes [1969] proposed for ENSO [Neelin and 
Dijkstra, 1995; Sun and Liu, 1996]. 

The tongue of cold SSTs prevents deep atmospheric con- 
vection from forming on the equator. This cold tongue dis- 
places atmospheric convection on both sides of the equator in 
the western Pacific. In the eastern Pacific and Atlantic, by 
contrast, the atmospheric ITCZ is peculiarly displaced north 
of the equator. As well as its role in developing the east—west 
contrast, air-sea interaction also plays a key role in main- 
taining this climatic asymmetry in the north-south direction. 
One consequence of the displaced ITCZ is a local reduction 
of surface wind speed (Figure 1). Winds are weak in the ITCZ 
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Figure 1. Annual-mean climatology: (upper) SST (black contours at 1°C intervals; contours of SST greater than 27°C thick- 
ened) and precipitation (white contours at 2 mm day”!; shade >4 mm day’!), based on the Reynolds and Smith [1994] and 
CMAP [Xie and Arkin, 1996] products, respectively; (lower) surface wind stress vectors (N m~) and the 20°C isothermal 
depth (contours at 20 m intervals; shade < 100 m), both based on the Simple Ocean Data Assimilation [Carton et al., 


2000]. 


since the Coriolis force, acting upon the southerly cross—equa- 
torial flow, accelerates the easterly trades south and deceler- 
ates them north of the equator. In addition to this feedback 
resulting from the interaction of surface wind, evaporation 
and SST, the extensive low-level cloud deck that tends to 
form in the eastern tropical ocean south of the equator is also 
important in creating the thermal contrast between high SSTs 
north and low SSTs south of the equator. These positive feed- 
backs between the ocean and atmosphere help the coupled 
system to break the equatorial symmetry set by the distribu- 
tion of annual—mean solar radiation, and to amplify asym- 
metric perturbations induced by coastline orientation and 
other aspects of continental geometry. See Xie [2004b] for a 
review of the recent progress in studying this northward—dis- 
placed ITCZ. 

In the far eastern Pacific and Atlantic where zonal winds are 
weak, the strong southerly winds displace the upwelling zone 
south of the equator as indicated by the southward displace- 
ment of the meridional minimum of SST. This 
southerly—induced upwelling helps keep the eastern Pacific and 
Atlantic cold and, through the Bjerknes feedback mechanism, 
plays an important role in maintaining the east-west SST gra- 
dients and equatorial easterlies. A strong SST front (associated 
with tropical instability waves) forms north of the equator 
during boreal summer to fall, with much weaker SST gradi- 
ents to the south. The southerly winds experience strong mod- 


ification as they cross this equatorial front, and the associ- 
ated adjustment has been the focus of a recent observational 
campaign [Raymond et al., 2004; Small et al., 2004] which fur- 
ther explores the dynamics associated with this process. 


2.2. Seasonal Cycle 


Solar radiation is dominated by an annual cycle with a spa- 
tial structure that is roughly anti-symmetric about the equator. 
In response, the seasons in the Northern Hemisphere are oppo- 
site to those in the Southern Hemisphere. Over the oceans in 
the Northern Hemisphere, the seasonal maximum (minimum) 
in SST generally take place in September (March), three 
months after the summer (winter) solstice, a lag due to the 
large thermal inertia of the upper ocean. 

This local waxing and waning of solar radiation is a reliable 
predictor of seasons over most of the world except on the 
equator. While the annual harmonic of solar radiation reaches 
a minimum near the equator, a pronounced annual cycle in 
SST is observed in the eastern Pacific [Horel, 1982] and 
Atlantic, both locations where the climatological—mean ther- 
mocline is shallow. For example, the annual range of SST 
near the Galapagos Islands is about 6°C, greater than most 
of the tropical oceans (Figure 2). Mitchell and Wallace [1992] 
note that there is a westward co-propagation of seasonal SST 
and zonal wind anomalies along the equator in the eastern 
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Figure 2. Root-mean-square variance of seasonal variations: SST (contours at 0.5°C intervals) and sea surface height 
(shade in cm), based on TRMM observations and a combined Topex/POSEIDON and ERS product. 


Pacific and suggest that the SST annual cycle results from 
its interaction with the atmosphere. The northward displace- 
ment of the annual ITCZ implies that southerlies prevail in the 
eastern equatorial Pacific throughout the year, reaching a 
maximum in September and a minimum in March. A weak- 
ening (strengthening) of the cross—equatorial southerlies in 
response to the anti-symmetric solar forcing acts to decrease 
(increase) upwelling, vertical mixing, and surface evapora- 
tion, all helping to warm (cool) the surface ocean in a cas- 
cade of ocean—atmosphere interactions [Xie, 1994; Chang, 
1996; Nigam and Chao, 1996]. 

In the east the annual cycle of equatorial SST is influenced 
by zonal variations in thermocline depth, but not its temporal 
variations. In fact, the peak amplitude of the annual cycle of 
SST is located on or slightly south of the equator while at 
this latitude the annual harmonic of sea surface height (ther- 
mocline depth varies proportionally to sea surface height, 
with a proportionality factor of roughly 200)—teaches a min- 
imum (Figure 2). The annual harmonic of SST decreases west- 
ward along the equator as the thermocline becomes deeper 
and ocean mixed layer temperature is less sensitive to changes 
in winds through upwelling, vertical mixing, and/or surface 
heat flux. Similarly, the annual harmonic of SST reaches a 
minimum to the north at which latitude the annual harmonic 
of sea surface height reaches its tropical maximum. Thus, the 
annual harmonic of thermocline depth variability is largely 
decoupled from SST, in sharp contrast to their strong cou- 
pling on interannual timescales. 

The collocation of a variance maximum in sea surface height 
and a variance minimum in SST along the position of the 
mean ITCZ is particularly clear over the tropical Atlantic pre- 
sumably because of weaker interannual variability there than 
over the Pacific. Unlike the Pacific, there is a marked maxi- 
mum in sea surface height variance near the equator in the 


Gulf of Guinea where the thermocline depth shoals by as 
much as 40 m in July-August relative to March [Houghton, 
1983]. Thus, thermocline feedback probably plays a more 
important role in the annual cycle of equatorial SST in the 
Atlantic than in the Pacific. 

Flanked by major continents, the tropical Atlantic is also 
more strongly influenced by continental monsoons. As an 
example of this continental influence, Mitchell and Wallace 
[1992] note a strong asymmetry between the seasonal cooling 
and warming in equatorial Atlantic SST, with the former tak- 
ing just 3 months and the latter the rest of the year. The abrupt 
equatorial cooling is initiated by the rapid onset of the West 
African monsoon and the intense cross—equatorial souther- 
lies [Okumura and Xie, 2004]. 

Among the tropical oceans, the strongest influences of the 
continental monsoon are found over the tropical North Indian 
Ocean, where the seasonal winds reverse direction, from south- 
westerly in summer to northeasterly in winter. This seasonal 
cycle in wind speed, which peaks twice a year, forces a dis- 
tinctive semi-annual cycle in SST there. This semi-annual 
SST cycle is particularly pronounced in the western Arabian 
Sea and the South China Sea where coastal upwelling induced 
by the southwest monsoon causes a mid-summer cooling. 

Seasonal SST variance reaches a meridional minimum in the 
Indo-Pacific warm pool region where the thermocline is deep. 
Equatorial Indian Ocean SST displays a weak annual cycle, 
which is due to cloud—induced solar forcing [McPhaden, 
1982]. Twice a year in spring and fall, an intense eastward jet 
forms in the surface equatorial Indian Ocean. These Wyrtki 
[1973] jets are part of a resonant response of the Indian Ocean 
to a semi-annual cycle in equatorial zonal winds. Jensen 
[1993] and Han et al. [1999] show that the basin mode of the 
second baroclinic mode is in resonance with semi-annual 
forcing at the zonal size of the Indian Ocean. Philander and 


6 GLOBAL CLIMATE VARIABILITY 


Pacanowski [1986] note a similar resonance at the semi-annual 
frequency for the tropical Atlantic, where a pronounced semi- 
annual cycle in thermocline depth is observed in the east. 


2.3. Regional Views 


This and the next subsections discuss climate variability in 
tropical oceans from regional and comparative perspectives. 


2.3.1. Tropical Pacific. The vast tropical Pacific Ocean hosts 
ENSO whose influence spans the globe. An extensive litera- 
ture exists on interactions between the atmosphere and ocean 
that give rise to ENSO. Several articles review this literature 
during the past one and a half decades [Philander, 1990; 
McCreary and Anderson, 1991; Battisti and Sarachik, 1995; 
Neelin et al., 1998]. The latest review of this subject is provided 
by Wang and Picaut [this volume] who emphasize the progress 
made after the TOGA era. 

The starting point for most of the current literature is a con- 
sensus that the Bjerknes positive ocean—atmosphere feedback 
mechanism, involving the interaction of thermocline adjust- 
ment, upwelling, SST, atmospheric convection and winds, is 
central to the development of the interannual swings of ENSO. 
There also is a consensus that wind-induced mass exchange 
between the equatorial and off—equatorial oceans is important 
in the transition phase, thus possibly determining ENSO’s inter- 
annual timescales. However, the reader will find differing views 
regarding the mechanisms for this mass exchange, leading to dif- 
ferent negative feedback mechanisms. Among the views being 
promoted are a wave reflection process at the western bound- 
ary (delayed oscillator), a discharge/recharge process due to 
Sverdrup transport (recharge oscillator), an eastward surge that 
depends on a wind-forced Kelvin wave from the western Pacific 
(western Pacific oscillator), and a process that relies on zonal 
redistribution of heat due to anomalous zonal advection (advec- 
tive-reflective oscillator). See Wang and Picaut [this volume] 
for a detailed discussion of these ENSO oscillator models. 

In addition to its interpretation as a self-sustained mode, 
ENSO may be viewed as a stable mode whose phase is regulated 
by stochastic forcing such as that provided by the Madden—Julian 
Oscillation of the tropical atmosphere (see references listed in 
Lengaingne et al. [this volume] and Wang and Picaut [this vol- 
ume]). This view does not necessarily contradict the view of 
ENSO as a self-sustained oscillation. After an El Nifio reaches 
its mature phase, negative feedbacks, such as those invoked in 
aforementioned ENSO oscillators, are still required to terminate 
its growth. The question of whether ENSO is best viewed as a 
self-sustained oscillation or as a stable mode triggered by ran- 
dom forcing is not settled yet. 

Finally, examination of past records of ENSO frequencies 
and amplitudes makes clear that there is substantial decadal 


and interdecadal modulation of ENSO. A rich variety of mech- 
anisms have been proposed, including both mechanisms con- 
fined to the tropics and mechanisms that rely on tropical— 
extratropical exchanges and interactions. Wang and Picaut [this 
volume] discuss both the mechanisms for ENSO and rapidly 
evolving subject of ENSO low-frequency modulation. 


2.3.2. Tropical Atlantic. Research on climate variability 
in the tropical Atlantic sector has expanded tremendously 
in recent years due to the recognition of scientifically inter- 
esting climate phenomena linked to interactions between 
the ocean and atmosphere as well as the need for improved 
prediction capabilities. In comparison with the Pacific Ocean, 
the Atlantic Ocean circulation has a stronger mean north- 
ward component at upper and intermediate depths to com- 
pensate for the presence of southward transport at deep 
levels, i.e., a strong meridional overturning circulation. The 
climate of the tropical Atlantic is primarily seasonal, but 
also varies on longer timescales ranging through decadal 
and beyond. Variability of this climate causes massive dis- 
tuptions of populations as well as changes to the environment. 
There is now strong evidence that a significant part of this 
variability is the result of, or is modified by, local air-sea 
interaction within the tropical Atlantic sector itself [Carton 
et al., 1996; Chang et al., 1997]. 

Like the Pacific, the tropical Atlantic is subject to a Bjerk- 
nes-type feedback mechanism {Zebiak, 1993]. The resulting 
Atlantic Nifios resemble their Pacific counterparts in that they 
involve the disappearance of the cold tongue of water along 
the equator (during boreal summer or fall), a surge of warm 
tropical water eastward and then southward along the south- 
ern coast of Africa, an anomalous reversal of direction of the 
equatorial trade winds, and shifts of atmospheric convection 
towards the anomalous warm water in the east. However, they 
are weaker and more frequent than the Pacific El Nifios. 

While the Atlantic Nifio is most pronounced in the eastern 
half of the basin, striking variability also occurs in the west. 
The eastern Nordeste region of Brazil lies at the southern 
edge of the range of latitudes spanned by the seasonal migra- 
tion of the ITCZ and receives most of its annual rainfall dur- 
ing March and April. Small shifts in the latitude of convection 
to the north or south during these months leads to droughts or 
floods in this sensitive region. Furthermore, it has been known 
since the 1970s that anomalous disturbances in the latitude 
of the ITCZ result from anomalous changes in the cross—equa- 
torial SST gradient. Frequently these patterns of anomalous 
SST resemble a “dipole”, a term used to refer to this phe- 
nomenon. Furthermore, as reviewed in Xie and Carton [this 
volume], perturbations in the latitudinal position of the ITCZ 
cause anomalous changes in surface fluxes of heat into the 
ocean that tend to reinforce the original anomaly. Alternative 


flux—based feedback mechanisms may also involve low clouds, 
which influence net surface radiation. 

Because of the magnitude of ENSO and its close proxim- 
ity to the Atlantic basin, the phase of ENSO has a direct impact 
on Amazonian convection, as well as winds and SSTs in the 
tropical Atlantic, and most particularly in the northern half 
of the basin [e.g., Curtis and Hastenrath, 1995; Enfield and 
Mayer, 1997]. Several atmospheric bridge mechanisms have 
been suggested, including the effect of ENSO on tempera- 
tures throughout the troposphere, through its effect on the 
anomalous Walker circulation in the Atlantic sector and through 
more mid-latitude routes. These issues, as well as the ongoing 
debate regarding the connection between the tropical Atlantic 
and the northern mid-latitude basin are reviewed in Xie and 
Carton [this volume]. 


2.3.3. Tropical Indian Ocean. ENSO exerts a strong influence 
on the tropical Indian Ocean, causing a basin—wide warming 
following a Pacific El Nifio event. The tropical Indian Ocean 
has in the past been viewed as uninterestingly non-interactive 
by part of the atmospheric/climate modeling community, and 
was often modeled as a slab mixed layer. Recent studies, how- 
ever, paint a picture of a more dynamic Indian Ocean with 
variability in thermocline depth and ocean currents that alter 
the transport of heat. The Bjerknes feedback mechanism oper- 
ates in this basin as well, but only during boreal summer and 
fall when the equatorial winds are weakly easterly and winds 
off the coast of Indonesia favor upwelling. When a strong 
Indian Ocean dipole develops with anomalous easterlies on 
the equator, the fall eastward Wyrtki jet often disappears as 
part of a dynamic response that reinforces the cooling in the east 
[Saji et al., 1999]. As a result of this disappearance, the Wyrtki 
jet is much more variable in fall than in spring. 

Unlike the Pacific and Atlantic Oceans, the thermocline is 
flat and deep on the equator in the Indian Ocean, but is shal- 
low in a dome south of the equator (Figure 1). This thermocline 
dome results from a Sverdrup—type ocean response to 
basin—wide positive wind curl between the equatorial wester- 
lies and southeast trades to the south. The shallow thermo- 
cline and presence of upwelling allow subsurface variability to 
affect SST in this thermocline dome. Large—amplitude ocean 
Rossby waves are excited by the curl resulting from zonal 
wind anomalies associated with ENSO and the Indian Ocean 
dipole mode. As these waves propagate westward, they induce 
large SST anomalies in the South Indian Ocean dome, which 
in turn induce changes in atmospheric convection and winds 
[Xie et al., 2002]. This coupling of oceanic Rossby waves with 
the atmosphere is quite strong because the thermocline dome 
resides within the meridional band encompassed by the annual 
migrations of the ITCZ. This off-equatorial thermocline dome 
and the associated maximum in thermocline feedback are 
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unique to the South Indian Ocean. The fact that these Rossby 
waves take a few months to cross the basin and affect con- 
vection and cyclone development in the west may be exploited 
for useful climate prediction. Elsewhere in this volume, Yam- 
agata et al. and Annamalai and Murtugudde review Indian 
Ocean variability. 

Another important area in which progress is being made is 
in understanding the Indian Ocean’s considerable effect on 
atmospheric variability. In the Bay of Bengal large SST fluc- 
tuations, with peak—to—peak values exceeding 2°C [Sengupta 
et al., 2001; Vecchi and Harrison, 2002], occur in conjunction 
with the break and active cycle of the Indian summer monsoon. 
The even greater subseasonal SST anomalies in the summer 
western Arabian Sea due to the instability of the Somali Cur- 
rent and the Great Whirl induce significant anomalies in 
atmospheric stability, surface wind speed, and wind curl [Vec- 
chi et al., 2004]. The Findlater wind jet (the southwesterly 
monsoonal wind off the coast of Somalia and Arabia), for 
example, is found to slow down as it passes over cold fila- 
ments in the ocean, a result of stabilization of the near-surface 
atmosphere and decoupling of the boundary layer from the 
faster moving winds aloft. The tropical South Indian Ocean is 
another region of large subseasonal SST variability in boreal 
winter and spring when the Indian Ocean ITCZ is roughly 
collocated with this region of open—ocean upwelling [Saji et 
al., 2004]. 


2.4. A Comparative View 


2.4.1, Equatorial zonal mode. The tropical Pacific and 
Atlantic share many common features in their climatology, 
including the northward—displaced ITCZ, the prevailing east- 
erly trades, the associated eastward shoaling of the thermocline, 
and an eastern cold tongue along the equator in the latter half 
of the year. Not surprisingly, both oceans feature an equato- 
rial zonal mode of interannual variability that tends to be 
phase locked to the cold season. As shown in Figure 3, the 
equator of both oceans stands out as a meridional maximum 
in interannual SST variance (except in the far western Pacific). 

Philander et al. [1984] show that the vanishing Coriolis 
effect near the equator renders the Bjerknes feedback positive, 
allowing for unstable growth of coupled ocean—atmospheric 
disturbances when the presence of a shallow thermocline 
allows tight coupling between thermocline variations and SST. 
The Bjerknes feedback becomes negative off the equator 
because of the changes in the phase of SLP, wind stress and 
ocean upwelling introduced by the effects of earth rotation. 

Yet, despite these common features, the zonal mode in the 
Atlantic (Atlantic Nifio) is considerably weaker in amplitude, 
occurs more frequently, and has a shorter duration when it 
does occur than the corresponding mode in the Pacific (El 
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Figure 3. Root-mean-square variance of interannual SST anomalies, based on the Reynolds and Smith [1994] dataset for 
1982-2000. Contour intervals are 0.1°C (0.2°C) for values smaller (greater) than 0.6°C. Light (dark) shading denotes val- 


ues greater than 0.6°C (1.0°C). 


Nifio). The Atlantic Nifio is generally limited to a brief win- 
dow of June—September when upwelling is normally strong and 
the thermocline is shallow in the east. The causes of these 
differences may be found from the results of stability analy- 
sis of linear coupled models. These generally give a dispersion 
relation in which the growth rate of the equatorial mode van- 
ishes at both the long and short wave limits and peaks at a 
zonal wavelength close to the basin size of the Pacific, much 
longer than the modest width of the Atlantic Ocean [Hirst, 
1986]. Drawing much the same conclusion, Zebiak [1993] 
has argued that the Atlantic Nifio is in reality the least-damped 
of a variety of decaying modes, and thus is easy to be excited 
in response to external forcing. 

The annual—mean climate of the equatorial Indian Ocean is 
very different from that of either the Pacific or Atlantic. In 
response to the weak westerlies that prevail on annual average, 
the thermocline is nearly flat along the equator. Because of this 
deep and flat thermocline and lack of equatorial upwelling 
(under the mean westerlies), the thermocline feedback mech- 
anism described above is very weak in the equatorial Indian 
Ocean. This realization of the weakness has led many scien- 
tists to model the Indian Ocean as a slab mixed layer that pas- 
sively responds to remote forcing by ENSO [e.g., Lau and 
Nath, 2000]. Recent studies, as reviewed by Yamagata et al. and 
Annamalai and Murtugudde in this volume, however, show that 
during boreal summer and fall, strong anomalies of SST cause 
east-west SST gradients to occasionally develop and these 
gradients and the anomalies of convection and zonal winds 
which may be arranged in such a way as to support positive 
Bjerknes feedback (akin to that observed in the Pacific and 
Atlantic). 

The eastern Indian Ocean is part of the Indo—Pacific warm 
pool that hosts a major convection center of the global atmos- 


phere. Because of the intense convection normally occurring 
here, a unit change in SST induces a large response in atmos- 
pheric convection and winds. In fact, the interannual variance 
of precipitation over the eastern equatorial Indian Ocean is 
as large as that over the equatorial Pacific despite the much 


‘smaller variance of SST [Saji and Yamagata, 2003]. In linear 


coupled models, the growth rate of a coupled mode is depend- 
ent on the ocean’s response to the atmosphere and the atmos- 
phere’s response to the ocean. In the eastern equatorial Pacific 
and Atlantic, the ocean’s response to wind changes, involving 
thermocline feedback, is very strong because of the prevail- 
ing upwelling and shallow thermocline, but the atmosphere’s 
response to SST changes is weak, because the mean SST is low 
and mean convection is weak. In the equatorial Indian Ocean, 
in contrast, the atmosphere’s response is strong and as a result, 
a strong growth of an equatorial zonal mode is possible dur- 
ing the seasons when the upwelling favorable winds switch on 
a thermocline feedback (albeit weak). 

Thus, despite large differences in the annual mean winds and 
thermocline structure, the equatorial mode relying on the 
Bjerknes feedback mechanism turns out to be a feature com- 
mon to all the three tropical oceans. The Pacific ENSO displays 
the largest amplitudes and longest timescales, with signifi- 
cant SST anomalies persisting for a year or more. The Atlantic 
Nifio and the Indian Ocean dipole mode are generally weaker 
and less regular, with significant SST anomalies limited to a 
brief window of a few months when the upwelling and ther- 
mocline feedback reach their seasonal maximum. 


2.4.2. Meridional mode. While thermocline feedback is 
important in regions of upwelling, Ekman downwelling pre- 
vails over the vast off-equatorial and subtropical oceans. In 
these downwelling regions, subsurface ocean variability is 


shielded from the sea surface, and other ocean—atmospheric 
feedback mechanisms involving surface heat flux becomes 
important. A positive feedback between surface wind, evap- 
oration and SST (WES) favors an anti-symmetric mode that 
maximizes the cross—equatorial SST gradient [Chang et al., 
1997]. Unlike the Bjerknes feedback that favors east-west 
oriented anomalies, this anti-symmetric mode involves air—sea 
interaction in the north-south direction, with a growth rate 
that peaks at zonal wavenumber zero and decreases with 
increasing wavenumber [Xie et al., 1999]. In the large Pacific 
basin, the Bjerknes feedback is strong and so ENSO dominates 
the climate variability. In the smaller Atlantic basin, the Bjerk- 
nes feedback weakens sufficiently that it is comparable to the 
WES feedback. As a result, the two modes co-exist in this 
basin without one dominating the other. 

Very recently, Chiang and Vimont [2004] have carried out 
a careful analysis of tropical Pacific variability and report a 
meridional mode analogous to that in the tropical Atlantic. 
Like the Atlantic meridional mode, which is strongly influ- 
enced in the subtropics by local atmospheric variability such 
as that associated with the North Atlantic Oscillation (NAO), 
the Pacific meridional mode is linked to the North Pacific 
teleconnection pattern of the atmosphere. This Pacific merid- 
ional mode also has a zonal uniform structure. Further con- 
firmation of the presence of this mode in the Pacific comes 
from some coupled models [Yukimoto et al., 2000; Okajima 
et al., 2003]. 

The easterly trades prevail on both sides of the equator/ITCZ 
in the Pacific and Atlantic, a necessary condition for the WES 
feedback to be positive. This condition is partially met in the 
South Indian Ocean where the southeast trades prevail year 
around. While the annual mean winds are weakly southwest- 
erly in the North Indian Ocean, the northeasterlies prevail 
during boreal winter and spring, meeting the necessary con- 
dition for positive WES feedback. During these seasons, 
Kawamura et al. [2001] show that interannual anomalies of 
SST and surface winds also sometimes organize themselves 
into equatorial anti-symmetric patterns indicative of the WES 
feedback. They suggest that this meridional mode may affect 
the strength of the subsequent summer monsoon over South 
Asia, an idea that deserves further attention. 


3. EXTRATROPICAL CLIMATE VARIABILITY 
3.1. Mid-Latitudes 


As we move towards mid-latitudes, the difficulty in identi- 
fying ocean—atmosphere interactions increases. The difficulty 
may be due to more complex meteorology in which local anom- 
alies of SST and surface winds are less strongly linked, to 
oceanic conditions in which SSTs are cooler and mixed layers 
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are deeper, to the longer timescales of oceanic response to 
atmospheric conditions, as well as to the momentum con- 
straints of the larger Coriolis term. Still, despite this difficulty, 
there is considerable evidence of interactions. For example, 
in their analysis of surface air pressure in the North Pacific 
sector, Trenberth and Hurrell [1994] found a long period of ele- 
vated surface pressure in midbasin spanning the decades of 
the 1950s and 1960s, followed in the mid-1970s by a period of 
reduced surface pressure. The reduction intensified and caused 
an eastward shift of the Aleutian Low, bringing warm moist air 
to the west coast of North America and a southward shift of the 
mid-latitude storm track. See Mantua and Hare [2002] and 
Miller et al. [2003] for recent reviews of Pacific decadal vari- 
ability and its effects on ocean ecosystems. 

In his review of the literature, Latif [1998] divides mid-lat- 
itude interaction theories into three categories: (1) those occur- 
ring through interactions in both mid-latitudes and tropics, 
(2) those involving changes in the gyre circulation, and 
(3) those occurring in mid-latitudes and involving changes in 
the thermohaline circulation. Here we examine each of these. 

The possibility of interactions of the first type involving 
both the tropics and mid-latitudes was proposed by Gu and 
Philander [1997]. In their simple conceptual model water 
with temperature anomalies of either sign is introduced into 
the oceanic mixed layer in the extratropical Pacific due to 
local meteorological conditions. This newly formed water is 
subducted in the thermocline and then follows Lagrangian 
pathways called subtropical cells (STCs) equatorward and 
generally westward [e.g., McCreary and Lu, 1994; Liu and 
Philander, 2001; Schott et al., this volume]. Depending on 
its geographic origin the water may eventually enter the equa- 
torial thermocline, thus altering the stratification along the 
equator. According to this conceptual model, changes in strat- 
ification lead to changes in SST, causing changes in winds 
that in turn affect the properties of subducted extratropical 
water. Changes in the stratification of the equatorial Pacific 
are also surmised to affect the development of ENSO cycles 
[Zebiak and Cane, 1987; Neelin et al., 1994]. Thus, the appar- 
ent frequency of El Nifio conditions in the 1990s may have 
resulted from a slow deepening of the thermocline. Some 
observational evidence to support these theories has been pro- 
vided by examination of the meridional propagation of tem- 
perature anomalies by Deser et al. [1996] although the data 
analysis of Schneider et al. [1999] does not find any signifi- 
cant link between the North Pacific and the equator through 
the subduction of SST anomalies. 

Kleeman et al. [1999] proposed an alternative role for STCs 
in climate, arguing that wind—induced changes in the strength 
of these shallow overturning cells play a key role in generat- 
ing equatorial SST anomalies by modulating the amount of 
cold thermocline water advected into the tropics. This mech- 
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anism is supported by a study of McPhaden and Zhang [2002] 
who observed a slowdown of the Pacific STCs from the mid- 
1970s to the late 1990s associated with a decrease in STC 
transport. Using an ocean general circulation model (OGCM), 
Nonaka et al. [2002] found that unlike El Nifio in which SST 
anomalies are mostly induced by equatorial winds, off-equa- 
torial winds cause STCs to vary in strength and are thus impor- 
tant for decadal SST variations in the equatorial Pacific. Related 
studies have examined the pathways of water entering the trop- 
ical thermocline in the Atlantic [Zhang et al., 2003; Schott et 
al.,, this volume]. Current research on the influence of condi- 
tions in the tropical Atlantic Ocean on the mid-latitude atmos- 
phere is reviewed in Xie and Carton [this volume]. 

A flurry of research has been provoked by the joint obser- 
vational and coupled modeling analysis of Latif and Barnett 
[1996] who found a decadal (~25 year) mode of variability 
involving the Aleutian Low and the subtropical oceanic gyre. 
They argue along the lines of the second interaction category. 
According to their mechanism an intensification of the sub- 
tropical gyre will transport more warm water into the central 
North Pacific, which through interaction with the overlying 
atmosphere will lead to positive feedback and enhanced SSTs 
through reduction of meridional temperature gradients and 
enhancement of net heat flux from the atmosphere. It will 
also sow the seeds of its own demise by reducing the strength 
of the wind stress curl, thus ultimately reducing the strength 
of the subtropical gyre on timescales of a decade or so. The 
importance of oceanic advection in regulating heat storage, a 
key aspect of this mechanism, is examined by Kelly and Dong 
[this volume] who show that the relationship between mete- 
orological forcing in the North Pacific and Atlantic Oceans 
results from changes in advection caused by changes in mid- 
latitude westerly winds. 

Fluctuations in the oceanic thermohaline circulation may 
also play a role in the third category of coupled interactions. 
As discussed in Section 4.3, the North Atlantic is the only 
basin with a northern source of deep water. The rate of for- 
mation of this North Atlantic Deep Water appears to be con- 
nected to the salinity balance of the North Atlantic and Arctic 
basins [Mann and Park, 1996]. This connection apparently 
is the source of interdecadal cycles in several coupled mod- 
els [Delworth et al., 1993; Lohmann, 2003] in which changes 
in the mid-latitude oceanic gyre influence the properties of 
water entering the Arctic basin and thus the rate of formation 
of deep water. Fluctuations in the supply of freshwater to 
the Arctic has been implicated in the Great Salinity anom- 
alies [Lazier, 1988] as well as in decadal variations of win- 
tertime SST and ice in the northwest Atlantic [Deser and 
Blackmon, 1993}. 

Internal variability of the atmosphere generally increases in 
amplitude toward the poles, and is well organized in space 


(but highly disorganized in time) in the form of patterns such 
as the Pacific-North American (PNA) pattern and the NAO. 
The null hypothesis of no ocean to atmosphere feedback, orig- 
inally proposed by Hasselmann [1976], suggests that the 
appearance of low frequency signals in the ocean could sim- 
ply reflect the ability of the ocean to integrate in time the 
effects of forcing by the variable atmosphere [Frankignoul, 
1985]. The Hasselmann null hypothesis has recently been 
expanded upon by Deser et al. [2003] to account for the abil- 
ity of the ocean to sequester thermal anomalies in the summer, 
only to reveal them again the next winter when surface cool- 
ing and enhanced mixing cause the mixed layer to deepen 
sufficiently. This reemergence mechanism may be general- 
ized by including ocean heat transport changes that vary sub- 
surface temperature throughout the year [e.g., Schneider and 
Miller, 2001; Tomita et al., 2002]. The stochastic model for 
mid-latitude climate variability has been further developed 
[Barsugli and Battisti, 1998; Neelin and Weng, 1999}. 

High levels of atmospheric internal variability pose a challenge 
for detecting SST’s influence on the atmosphere [Kushnir et 
al., 2002]. On basin scale, SST and wind speed tend to be neg- 
atively correlated in the extratropics, especially in winter, a cor- 
relation consistent with the Hasselmann null hypothesis. 
Traditional climatic datasets, however, do not adequately resolve 
major ocean currents and fronts that are only a few hundred 
kilometers wide. Yet it is near these regions that ocean currents 
are expect to play an important role in SST variability. Indeed, 
recent high-resolution satellite observations reveal robust pat- 
terns of air—sea interaction near major ocean currents like the 
Kuroshio, the Gulf Stream, and circumpolar currents. Surface 
wind speeds tend to increase over positive SST anomalies, a 
positive correlation indicative of ocean—to—atmospheric feed- 
back. Xie [2004a] and Chelton et al. [2004] discuss these new 
results from satellite observations and their climatic implications. 
Oceanic fronts along the extensions of major western boundary 
currents are often regions of extratropical cyclogenesis. Naka- 
mura et al. [this volume] discuss possible interactions of oceanic 
fronts and atmospheric storm tracks. 


3.2. High Latitudes 


The leading mode of Northern Hemisphere sea level pressure 
variability based on an empirical orthogonal function analysis 
features a seesaw between the polar cap and the mid-latitudes, 
with a corresponding seesaw in zonal—-mean zonal wind between 
the subtropical and subpolar belts. This northern annular mode, 
or Arctic Oscillation (AO), is most pronounced in boreal win- 
ter and is linked to variability in the upper troposphere and 
stratosphere [Thompson and Wallace, 2000]. In the winter strat- 
osphere, the northern annular mode is nearly zonally symmet- 
ric and associated with changes in the strength of the polar 


vortex. Such an annular mode with strong coupling between 
the surface and stratosphere in local winter is also observed in 
the Southern Hemisphere where the zonal symmetry is even 
stronger than the northern annular mode. The northern annular 
mode exhibits considerable variation in the zonal direction in 
the troposphere, with the largest loading over the North Atlantic 
where it resembles the NAO. This similarity gives rise to alter- 
native interpretations of the same phenomena. 

In its positive phase, SLP associated with the northern annu- 
lar mode drops over the polar cap, and increases over the 
Azores high in the North Atlantic and the Aleutian low in the 
North Pacific. More storms reach northern Europe, resulting 
in wetter conditions; surface air temperature increases over 
the mid- and high-latitude Eurasia and most of North Amer- 
ica and dryer conditions and air temperature decreases over 
northeastern Canada. SST anomalies generally follow a pat- 
tern of negative (positive) values where prevailing winds inten- 
sify (weaken). The meteorological conditions associated with 
the positive phase of the northern annular mode feature pos- 
itive SST anomalies in the mid-latitude North Pacific as the 
surface westerly jet weakens and a tripole SST pattern in the 
North Atlantic (with negative SST anomalies in the subpolar 
region as the surface westerlies intensify). The lead/lag rela- 
tionship of this index of meteorological conditions to anom- 
alous SSTs in the North Atlantic suggests the possibility that 
this meteorological phenomenon is significantly influenced by 
exchanges with the underlying ocean [Czaja and Frankig- 
noul, 2002]. However, as recently reviewed by Czaja et al. 
[2003], the role of the ocean—atmosphere coupling in the 
northern annular mode may be relatively weak. The annular 
modes seem to be the internal mode of the atmosphere result- 
ing from the interaction of subpolar jets and storm tracks. 
They appear as the dominant mode of atmospheric variabil- 
ity in atmospheric models even when forced just with clima- 
tological SST. The issue of the importance of oceanic feedback 
remains one of active debate. 

There is some evidence that stratospheric anomalies lead tro- 
pospheric changes in time and this lead may be exploited for 
prediction of subseasonal variability in the troposphere [Bald- 
win and Dunkerton, 2001]. Since anthropogenic climate 
change due to the observed increase in carbon dioxide and 
the depletion of ozone is likely to be stronger and more robust 
in the stratosphere, the annular modes may be an important 
mechanism by which the first sign of anthropogenic climate 
change in the stratosphere reaches the earth surface. A recent 
AGU monograph [Hurrel et al., 2003] is devoted to studies of 
the NAO/AO. 

Finally, we note that in the Southern Ocean, co-varying 
ocean—atmosphere—cryosphere signals of 4-5 year timescale 
have been observed propagating slowly eastward, taking 8-10 
years to encircle the pole [White and Peterson, 1996; Jacobs 
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and Mitchell, 1996]. In this Antarctic circumpolar wave, warm 
(cold) SST anomalies are associated with poleward (equa- 
torward) meridional surface wind anomalies, suggesting that 
ocean—atmosphere interaction may be at work. Recently, White 
et al. [2002] suggested this high-latitude wave may influence 
tropical climate. 


4. INTER-BASIN INFLUENCES AND INTERACTIONS 


Climate in the tropics and extratropics is intimately linked, 
and from one ocean basin to another. This section discusses 
the mechanisms for these linkages, including atmospheric 
bridges within the tropical belt and to the extratropics, and 
ocean circulations that link the global oceans together. As dis- 
cussed in Section 3.2, the northern annular mode may pro- 
vide a mechanism for inter-basin interaction between the 
North Pacific and North Atlantic, and north branches of the 
Antarctic circumpolar wave may provide a linkage between the 
Southern Ocean and tropical oceans. 


4.1. Interactions Among Tropical Oceans 


It has been noted that SST anomalies among the tropical 
Pacific, Atlantic, and Indian Oceans are related to one another 
[e.g., Hastenrath et al., 1987; Kiladis and Diaz, 1989; Tourre 
and White, 1995; Lanzante, 1996], mainly reflecting the dom- 
inant forcing by the Pacific ENSO. The global nature of ENSO 
is shown in Figure 4, which displays the correlation between 
the Nifio3 SST anomalies during November-December—Jan- 
uary (NDJ) and global SST anomalies during the following 
February—March—April (FMA). These seasons are chosen 
because ENSO peaks during boreal winter while its influence 
on other ocean basins normally peaks 1-2 seasons later [e.g., 
Alexander et al., 2002]. Outside the Pacific, significant warm- 
ing is found over the tropical North Atlantic and the entire 
tropical Indian Ocean. Figures 5a and 5b compare SST anom- 
alies in the tropical North Atlantic and Indian Ocean with 
those in the Nifio3 region, showing high correlations among 
these time series. Figure 4 does not reflect the Indian Ocean 
dipole mode that sometimes co-occurs with ENSO and usu- 
ally peaks in September—November. 

The influence of ENSO on other tropical oceans is trans- 
mitted through the “atmospheric bridge” of atmospheric cir- 
culation changes. Based on a correlation analysis of satellite 
and ship observations, Klein et al. [1999] provide a schematic 
of the Walker and Hadley circulations that accompany El 
Nifio events (Figure 6). The adjustment in these circulations 
is confirmed by the direct circulation analyses of the NCEP- 
NCAR reanalysis fields [Wang, 2002, 2004]. During the warm 
phase of ENSO, convective activity in the equatorial western 
Pacific shifts eastward. This shift in convection leads to an 
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altered Walker circulation, with anomalous ascent over the 
equatorial central and eastern Pacific, and anomalous descent 
over the equatorial Atlantic and the equatorial Indo—western 
Pacific region. Thus, the Hadley circulation strengthens over 
the eastern Pacific but weakens over the Atlantic and 
Indo—western Pacific sectors. These anomalous Walker and 
Hadley circulations result in variations in surface wind speed, 
humidity, and cloud cover that in turn influence surface heat 
fluxes and SST over the tropical Indian and Atlantic Oceans. 
Elsewhere in this volume, Kawamura et al. examine long-term 
changes in the anomalous Walker circulation linking the 
Indo-Pacific Oceans; Xie and Carton discuss the tropical 
Atlantic response to ENSO; and Su et al. study a mysterious 
lack of correlation between tropical mean temperature and 
precipitation during ENSO. 

The tropical Indian Ocean is likely to affect tropical Pacific 
variability. On intraseasonal timescales, the atmospheric 
Madden—Julian Oscillation develops over the Indian Ocean 
and propagates eastward to the Pacific, which may affect the 
Pacific El Nifio [Takayabu et al., 1999; Lengaigne et al., this 
volume]. On interannual timescales, Watanabe and Jin [2003] 
suggest that El Nifio—induced Indian Ocean warming helps 
amplify the Philippine Sea anomalous anticyclone that forms 
due to Pacific Ocean—atmosphere processes [Wang et al., 
1999; Wang et al., 2000], a result consistent with atmospheric 
GCM hindcasts [Lau and Nath, 2000]. The Indian Ocean 
dipole mode is associated with strong cold SST anomalies and 


suppresses convection in the eastern equatorial Indian Ocean, 
which may affect the Pacific through the attendant surface 
wind anomalies, a hypothesis that received some support 
from Behera and Yamagata’s [2003] correlation analysis. 

Several studies suggest global propagating waves [e.g., 
Barnett, 1985; Yasunari, 1985; White et al., 2003]. In par- 
ticular, White et al. [2003] found that these waves are com- 
posed primarily of global zonal wave numbers 1 and 2, 
traveling eastward. Based on uncoupled and coupled GCM 
simulations, Latif and Barnett [1995] concluded that most 
of the variability in the tropical Atlantic and Indian Oceans 
associated with the interannual global wave is forced by 
Pacific SST anomalies via changed atmospheric circulations, 
with local air-sea interactions acting as an amplifier of the 
Pacific—induced signal. 


4.2. Atmospheric Bridge to the Extratropics 


Changes in tropical convection excite planetary waves that 
bring about climatic anomalies around the world and thus 
ENSO’s influence extends far beyond the tropics [Alexander 
et al., this volume]. As a result, SST correlations with ENSO 
exceed 0.6 in the extratropical North and South Pacific (Fig- 
ure 4). The North Pacific SST anomaly time series in Figure 
5c is best correlated with Nifio3 SST anomaly at a three-month 
lag. However, the nature of the atmospheric response changes 
with latitude. In contrast to the dominant baroclinic structure 
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Figure 4. Correlation between the Nifio3 (5°S—5°N, 150°W-90°W) SST anomalies during November-December—Janu- 
ary (NDJ) and global SST anomalies during the following February—March—April (FMA). The calculation is based on the 


NCEP SST data from 1950-1999. 
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ENSO and Other Ocean Basin SST Anomalies 
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Figure 5. Comparisons of the Nifio3 (5°S—5°N, 150°W-90°W) SST anomalies with (a) the SST anomalies in the tropi- 
cal North Atlantic (S°N—25°N, 55°W—15°W), (b) the SST anomalies in the tropical Indian Ocean (10°S—10°N, 50°E—100°E), 
and (c) the SST anomalies in the North Pacific (35°N-45°N, 160°E-160°W). All of the time series are three-month run- 


ning means. The y represents correlation coefficient. 


in the tropics, in the extratropics these waves are barotropic and 
most pronounced in winter in the Northern Hemisphere [7ren- 
berth et al., 1998]. An example of this atmospheric bridge to 
the extratropics is the PNA pattern of Wallace and Gutzler 
[1981] and Horel and Wallace [1981]. This PNA teleconnec- 
tion pattern is often associated with ENSO in the tropics, with 
alternating positive and negative geopotential height anomalies 
that emanate from the tropical Pacific, pass the North Pacific, 
curve eastward to northwestern America and then equator- 
ward to reach southeastern United States and the Gulf of Mex- 
ico (Figure 7). SLP anomalies are generally of the same sign 
as geopotential anomalies in the middle and upper tropo- 
sphere, deepening the Aleutian low during an El Nifio. The 
associated surface wind changes lower SST in the central 
North Pacific (Figure 4) by increasing surface heat flux from 
the ocean and Ekman advection [Alexander et al., 2002]. The 
SLP and wind changes over the tropical North Atlantic con- 
tribute to the warming of the tropical North Atlantic and the 
Western Hemisphere warm pool [Enfield and Mayer, 1997; 
Wang and Enfield, 2003]. Alexander et al. [this volume] dis- 


Figure 6. Schematic diagram of the anomalous Walker and Hadley 
circulation during an El Nifio event [Klein et al., 1999]. 


cuss ENSO’s teleconnection in summer, which is much less 
studied than that in winter. 

The atmospheric bridge may also operate the other way 
around, from the extratropics to the tropics [Pierce et al., 
2000]. On decadal timescales the largest anomalies of SST 
and ocean heat content occur in mid-latitudes instead of the 
tropics [Giese and Carton, 1999]. Vimont et al. [2003] sug- 
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Figure 7. Schematic diagram of middle and upper tropospheric 
geopotential height anomalies associated with the Pacific North 
American (PNA) pattern during boreal winter of the Pacific El Nifio 
year [Horel and Wallace, 1981]. 


gest a seasonal footprinting mechanism in which subtropi- 
cal SST anomalies in winter persist into spring and sum- 
mer, inducing a broad—scale atmospheric response in summer 
with significant wind anomalies near the equator that affect 
ENSO. 

Over the North Atlantic, the Azores high in SLP is an impor- 
tant link between the tropics and mid-latitudes, with its vari- 
ability affecting the northeast trades on one hand and the 
mid-latitude westerlies on the other. One possibility is that 
the Azores high is influenced by both the NAO and the Atlantic 
ITCZ. Indeed, some observational analyses suggest a 
pan—Atlantic SST pattern that features zonal bands of anom- 
alies of alternating signs spanning from the South Atlantic to 
Greenland. Xie and Carton [this volume] and Barreiro et al. 
[this volume] discuss the interaction between the tropical and 
extratropical Atlantic. 


4.3. Role of Ocean Circulation 


Tropical and extratropical connections can also be through 
oceanic bridges. One of oceanic bridge mechanisms is through 
an oceanic wave signal transmitted between the mid-latitude and 
tropical oceans. Coastal Kelvin waves along the west coast of 
North America have been proposed as the mechanism for link- 
ing tropical and extratropical SST anomalies during ENSO 
and for longer timescales [e.g., Enfield and Allan, 1980; Clarke 
and Lebedev, 1999]. Jacobs et al. [1994] suggested that the 
1982-83 El Nifio could have decadal effects on the north- 
western Pacific circulation, through mid-latitude Rossby waves 
reflected from equatorial Kelvin waves on the American coasts. 


Lysne et al. [1997] found a weak decadal signal in their search 
for another oceanic bridge driven by wave dynamics: anomalous 
temperature propagated by mid-latitude Rossby waves into 
the western boundary, then equatorward by coastal Kelvin 
waves and finally modifying equatorial SST via equatorial 
Kelvin waves. Recently, observational results of Hasegawa 
and Hanawa [2003] showed anticlockwise propagation of 
upper—ocean heat content anomalies around the northern trop- 
ical Pacific Ocean beginning with an eastward propagation 
along the equator, northward propagation at the eastern bound- 
ary, westward propagation at the subtropics, and finally south- 
ward propagation at the western boundary. 

As discussed in Section 3.1, shallow overturning ocean cir- 
culation may link the tropics and subtropics. Water formed 
in the subtropics may enter the tropical thermocline within a 
few years after being subducted. Some of this water returns to 
the oceanic mixed layer near the equator as the result of entrain- 
ment and mixing. Very near the equator quite shallow tropi- 
cal cells result from the local processes of Ekman divergence 
and near—equatorial subduction. In Eulerian zonal average 
these cells appear closed, but in fact involve complex 
time—dependent pathways. 

The thermohaline circulation of the oceans, also known 
as the meridional overturning circulation, occurs on several 
vertical levels and at several timescales. Overturning of the 
lower 2 km of the ocean occurs on long centennial timescales 
(although the timescales may be much shorter in some 
regions). This deep and bottom water is formed only at the 
northern end of the North Atlantic and around Antarctica. 
Intermediate water masses, which appear at depths of 1 km 
or so, are formed in several locations. In the Atlantic inter- 
mediate water is formed notably by salty water exported from 
the Mediterranean Sea (Mediterranean water) and also by 
fresher water formed in the circumpolar current (Antarctic 
intermediate water). 

Changes in the deeper circulation have been implicated in 
a number of climate anomalies appearing in the geologic 
record. For example, a shutdown of the deep meridional over- 
turning circulation seems to have occurred at the end of the last 
ice age due to the release of meltwater from the Laurentide ice 
sheet some 13—11.5 kyr ago [Broecker et al., 1989; Ramstorf, 
2000, 2002]. The impact on the climate of high latitudes from 
this shutdown was prompt, dropping temperatures by more 
than 5°C. Much more modest freshwater anomalies have 
appeared at shallow levels in the North Atlantic due to anom- 
alous sea ice export in 1969 and 1994 [Lazier, 1988]. A recent 
study by Curry et al. [2003] intriguingly suggests changes in 
the salinity of surface waters of the Atlantic during the past 30 
years (increasing salinity in the tropics and decreases at high 
latitudes) that one might expect from a slowdown of the merid- 
ional overturning circulation. 


5. DISCUSSION 


For historical reasons the ocean and atmosphere have tra- 
ditionally been studied separately, assuming that the state 
of the other fluid is a specified boundary condition. The 
development of geophysical fluid mechanics that began half 
a century ago is an attempt to understand the common 
dynamics shared by the ocean and atmosphere. This devel- 
opment has been a huge success—concepts like quasi- 
geostrophy, thermal wind, potential vorticity conservation, 
Kelvin and Rossby waves, and baroclinic instability have 
helped explain many phenomena in the ocean and atmos- 
phere. The study of climate has triggered a new level of inte- 
gration of the fields of meteorology and oceanography, 
demanding that we treat climate phenomenon as a coupled 
problem. This paradigm of ocean—atmosphere interaction 
has enabled us to unlock the mysteries of ENSO and other 
climate phenomena, leading to skillful predictions of ENSO 
[Cane et al., 1986], its global impacts [Latif et al., 1998], and 
certain aspects of tropical Atlantic variability [Saravanan 
and Chang, this volume]. Indeed, the success of TOGA has 
proved a premise that a better understanding of ocean—atmos- 
phere interaction helps improve model simulation, and along 
with an adequate observing system leads eventually to use- 
ful climate prediction. 

While great progress has been made, our understanding of 
tropical ocean—atmosphere interaction is still incomplete, 
especially in the Indian and Atlantic sectors. Our understanding 
of the extratropical ocean—atmosphere system is in an even less 
satisfactory state, limiting our ability to extend the success 
of seasonal forecasts into longer time leads. Most of the world’s 
population lives on continents. Past research shows that atmos- 
pheric bridges play an important role in influencing conti- 
nental climate. But such robust atmospheric bridges from the 
tropics may only apply to limited geographical areas, and are 
interfered by weather noise and other modes of climate vari- 
ation. It remains unclear whether land processes have an active 
role to play in generating or maintaining climatic anomalies 
on interannual and longer timescales. Webster et al. [1998] 
gave a comprehensive review of studies of the structure and 
variability of the Asian—Australian monsoon system and its 
relationships with ENSO. Another area that is not covered in 
this volume but of great social and economic importance is the 
interaction of coastal/marginal seas with the overlying atmos- 
phere. There, ocean bottom topography and land orography are 
generally important. Recent satellite studies reveal interesting 
features in coastal and marginal seas that involve interaction 
with the atmosphere [Xie, 2004a; Chelton et al., 2004; Hu 
and Liu, 2003]. 

Anthropogenic climate changes also pose a great challenge 
for the climate research community as well as for the mankind 
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in general. On the global scale, exchange of carbon dioxide and 
heat between the atmosphere and ocean has likely slowed 
down the rate of temperature rise (global warming) so that 
its effects are just beginning to be observed. On the regional 
scale, the temperature rise is unevenly distributed, with the 
greatest rise over continents but some cooling over the North 
Pacific and North Atlantic Oceans during the second half of 
the past century. 

Human-induced climate change may have some further 
surprises in store. Some model projections suggest a slow- 
down of the North Atlantic meridional overturning circula- 
tion in a warmer climate due to increased sea surface 
evaporation, as well as increased rainfall in the mid/high 
latitudes as a result of a more intense hydrological cycle 
[Manabe and Stouffer, 1993]. This slow down of the merid- 
ional overturning circulation reduces the northward transport 
of warm surface water and may send the North Atlantic and 
Europe into a colder climate. Such abrupt climate changes 
are believed to have happened before as the climate warmed. 
at the end of the last ice age. What causes such a rapid spread 
of North Atlantic cooling is unclear [Broecker, 2003]. Trop- 
ical air—sea interaction may have played an important role in 
transmitting this regional cooling into a global-scale event 
[Dong and Sutton, 2002; Xie and Carton, this volume]. 
Global warming may also affect ENSO variability. How- 
ever, the relationship between ENSO and global warming 
is unknown [Wang and Picaut, this volume] and needs fur- 
ther examination. 

Coupled ocean—atmosphere general circulation models are 
an important tool for predicting the evolving climate and pro- 
jecting the impact of human activity. These models, however, 
suffer significant biases in their simulation of the current cli- 
mate and its variations [e.g., Mechoso et al., 1995; Davey et 
al., 2002]. Such biases are certain to affect the model simu- 
lation of the climate response to increased greenhouse gases, 
casting doubts on the future climate projections produced by 
these models. These biases generally reflect a poor under- 
standing of physical processes such as clouds, their response 
to SST changes and treatment in models. We anticipate that the 
improved understanding of the causes of tropical climate vari- 
ability as represented by the papers in this volume will help 
isolate model deficiencies and thus contribute to improved 
predictive capability. 


Acknowledgments. CW was supported by a grant from NOAA 
Office of Global Programs and by NOAA Environmental Research 
Laboratories through their base funding of AOML; SPX by grants 
from NSF, NOAA, NASA, NSFC, and Frontier Research System 
for Global Change; JAC by grants from the NOAA Office of Global 
Programs and from NSF. Comments by two anonymous reviewers 
helped improve the paper. This is IPRC contribution #271 and SOEST 
contribution #6368. 


16 GLOBAL CLIMATE VARIABILITY 


REFERENCES 


Alexander, M. A., et al., The atmospheric bridge: The influence of 
ENSO teleconnections on air—sea interaction over the global 
oceans, J Clim., 15, 2205-2231, 2002. 

Alexander, M. A., N.C. Lau, and J. D. Scott, Broadening the atmos- 
pheric bridge paradigm: ENSO teleconnections to the tropical 
west Pacific-Indian Oceans over the seasonal cycle and to the 
North Pacific in summer, this volume. 

Annamalai, H., and R. Murtugudde, Role of the Indian Ocean in 
regional climate variability, this volume. 

Baldwin, M. P., and T. J. Dunkerton, Stratospheric harbingers of 
anomalous weather regimes, Science, 294, 581-584, 2001. 

Barnett, T. P., Variations in near global sea level pressure, J. Atmos. 
Sci., 42, 478-501, 1985. 

Barreiro, M., A. Giannini, P. Chang, and R. Saravanan, On the role 
of the Southern Hemisphere atmospheric circulation in tropical 
Atlantic variability, this volume. 

Barsugli, J. J.. and D. S. Battisti, The basic effects of atmos- 
phere—ocean thermal coupling on midlatitude variability, J Atmos. 
Sci., 55, 477-493, 1998. 

Battisti, D. S., and E. S. Sarachik, Understanding and predicting 
ENSO, Rev. Geophys., Sup., 33, 1367-1376, 1995. 

Behera, S. K., and T. Yamagata, Influence of the Indian Ocean dipole 
on the Southern Oscillation, J Meteorol. Soc. Jpn., 81, 169-177, 
2003. 

Bjerknes, J., Atmospheric teleconnections from the equatorial Pacific, 
Mon. Weather Reyv., 97, 163-172, 1969. 

Broecker, W. S., Does the trigger for abrupt climate change reside in 
the ocean or in the atmosphere? Science, 300, 1519-1522, 2003. 

Broecker, W. S., et al., Routing of meltwater from the Laurentide 
ice sheet during the Younger Dryas cold episode, Nature, 341, 
318-321, 1989. 

Cane, M.A., S. E. Zebiak, and S. C. Dolan, Experimental forecasts 
of El Nino, Nature, 321, 827-832, 1986. 

Carton, J. A., X. Cao, B. Giese, and A. M. Da Silva, Decadal and inter- 
annual SST variability in the tropical Atlantic Ocean, J. Phys. 
Oceanogr., 26, 1165-1175, 1996. 

Carton, J. A., G. Chepurin, X. Cao, and B. Giese, A simple ocean data 
assimilation analysis of the global upper ocean 1950-95. Part I: 
Methodology, J Phys. Oceanogr., 30, 294-309, 2000. 

Chang, P., The role of the dynamic ocean—atmosphere interactions in 
tropical seasonal cycle, J Clim., 9, 2973-2985, 1996, 

Chang, P., L. Ji, and H. Li, A decadal climate variation in the tropi- 
cal Atlantic ocean from thermodynamic air-sea interactions, 
Nature, 385, 516-518, 1997. 

Chelton, D. B., M. G. Schlax, M. H. Freilich, and R. F. Milliff, Satel- 
lite radar measurements reveal short—scale features in the wind 
stress field over the world ocean, Science, 303, 978-983, 2004. 

Chiang, J. C. H., and D. J. Vimont, Analogous Pacific and Atlantic 
meridional modes of tropical atmosphere—ocean variability, J 
Clim., submitted, 2004. 

Clarke, A. J., and A. Lebedev, Remotely driven decadal and longer 
changes in the coastal Pacific waters of the Americas, J Phys. 


Oceanogr., 29, 828-835, 1999. 

Curry, R., B. Dickson, and I. Yashayaev, A change in the freshwater 
balance of the Atlantic Ocean over the past four decades, Nature, 
426, 826-829, 2003. 

Curtis, 8., and S. Hastenrath, Forcing of anomalous sea surface tem- 
perature evolution in the tropical Atlantic during Pacific warm 
events, J Geophys. Res., 100, 15835-15847, 1995. 

Czaja, A., and C, Frankignoul, Observed impact of North Atlantic SST 
anomalies on the North Atlantic Oscillation, J Clim., 15, 606-623, 
2002. 

Czaja, A., A. W. Robertson, and T. Huck, The role of Atlantic 
Ocean-atmosphere coupling in affecting North Atlantic oscillation 
variability, in The North Atlantic Oscillation: Climatic Signifi- 
cance and Environmental Impact, edited by J. W. Hurrell, Y. Kush- 
nir, G. Ottersen, and M. Visbeck, pp. 147-172, AGU Geophysical 
Monograph Series, Washington, D.C., 2003. 

Davey, M. K., et al., STOIC: a study of coupled model climatology 
and variability in tropical ocean regions, Clim. Dyn., 18, 403-420, 
2002. 

Delworth, T., S. Manabe, and R. J. Stouffer, Interdecadal variations 
of the thermohaline circulation in a coupled ocean—atmosphere 
model, J Clim., 6, 1993-2011, 1993. 

Deser, C., and M. L. Blackmon, Surface climate variations over the 
North Atlantic Ocean during winter: 1900-1989, J Clim., 6, 
1743-1753, 1993. 

Deser, C., M. A. Alexander, and M. S. Timlin, Upper—ocean thermal 
variations in the North Pacific during 1970-1991, J Clim., 9, 
1841-1855, 1996. 

Deser, C., M. A. Alexander, and M. S. Timlin, Understanding the 
persistence of sea surface temperature anomalies in midlatitudes, 
J. Clim., 16, 57-72, 2003. 

Dong, B—W.,, and R. T. Sutton, Adjustment of the coupled ocean—atmos- 
phere system to a sudden change in the thermohaline circulation, 
Geophys. Res. Lett., 29, doi:10.1029/2002GL015229, 2002. 

Enfield, D. B., and J. S. Allen, On the structure and dynamics of 
monthly mean sea level anomalies along the Pacific coast of North 
and South America, J Phys. Oceanogr. 10, 557-578, 1980. 

Enfield, D. B., and D. A. Mayer, Tropical Atlantic sea surface tem- 
perature variability and its relation to El Nifio-Southern Oscilla- 
tion, J Geophys. Res., 102, 929-945, 1997. 

Frankignoul, C., Sea surface temperature anomalies, planetary waves, 
and air-sea feedback in the middle latitudes, Rev. Geophys., 23, 
357-390, 1985. 

Gibson, J. K., et al., ERA description, Re-Analysis (ERA) Project 
Report Series No. 1,72 pp., 1997. 

Giese, B. S., and J. A. Carton, Interannual and decadal variability 
in the tropical and midlatitude Pacific Ocean, J. Clim., 12, 
3402-3418, 1999. 

Gu, D., and S. G. H. Philander, Interdecadal climate fluctuations 
that depend on exchange between the tropics and extratropics, 
Science, 275, 805-807, 1997. 

Han, W., J. P, McCreary, D. L. T. Anderson, and A. J. Mariano, 
Dynamics of the eastern surface jets in the equatorial Indian Ocean, 
J. Phys. Oceanogr., 29, 2191-2209, 1999. 


Hasegawa T., and K. Hanawa, Decadal-scale variability of upper 
ocean heat content in the tropical Pacific, Geophys. Res. Lett., 
30, doi:10.1029/2002GL016843, 2003. 

Hasselmann, K., Stochastic climate models. I: Theory, Tellus, 28, 
473-485, 1976. 

Hastenrath, S., L. C. de Castro, and P. Aceituno, The Southern Oscil- 
lation in the tropical Atlantic sector, Beitr. Phys. Atmos., 60, 
447-463, 1987. 

Hayes, S. P., et al., TOGA-TAO: A moored array for realtime meas- 
urements in the tropical Pacific Ocean, Bull. Am. Meteorol. Soc., 
72, 339-347, 1991. 

Hirst, A. C., Unstable and damped equatorial modes in simple cou- 
pled ocean—atmosphere models, J Atmos. Sci., 43, 606-630, 1986. 

Horel, J. D., On the annual cycle of the tropical Pacific atmosphere 
and Ocean, Mon. Weather Rev., 110, 1863-1878, 1982. 

Horel, J. D., and J. M. Wallace, Planetary—scale atmospheric phe- 
nomena associated with the Southern Oscillation, Mon. Weather 
Rev, 109, 813-829, 1981. 

Houghton, R. W., Seasonal variations of the subsurface thermal struc- 
ture in the Gulf of Guinea, J Phys. Oceanogr., 13, 2070-2081, 1983. 

Hu, H., and W. T. Liu, Oceanic thermal and biological responses to 
Santa Ana winds, Geophys. Res. Lett., 30(11), 1596, 
doi:10.1029/2003GL017159, 2003. 

Hurrell, J. W., Y. Kushnir, G. Ottersen, and M. Visbeck (Eds.), The 
North Atlantic Oscillation: Climatic Significance and Environ- 
mental Impact, 279 pp., AGU Geophysical Monograph Series, 
Washington, D.C., 2003. 

Jacobs, G. A., and J. L. Mitchell, Ocean circulati on variations asso- 
ciated with the Antarctic circumpolar wave, Geophys. Res. Lett., 
23, 2947-2950, 1996. 

Jacobs, G. A., et al., Decade—scale trans-Pacific propagation and 
warming effects of an El Nifio anomaly, Nature, 370, 360-363, 
1994. 

Jensen, T. G., Equatorial variability and resonance in a wind-driven 
Indian Ocean model, J. Geophys. Res., 98, 22533-22552, 1993. 

Kalnay, E., et al., The NCEP/NCAR 40-year reanalysis project, Bull. 
Am. Meteorol. Soc., 77, 437-471, 1996. 

Kawamura, R., T. Matsumura, and S. Iizuka, Role of equatorially 
asymmetric sea surface temperature anomalies in the Indian Ocean 
in the Asian summer monsoon and El Nifio—-Southern Oscillation 
coupling, J. Geophys. Res., 106, 4681-4693, 2001. 

Kawamura, R., H. Aruga, T. Matsuura, and S. lizuka, Two different 
regimes of anomalous Walker Circulation over the Indian and 
Pacific Oceans before and after the late 1970s, this volume. 

Kelly, K. A., and S. Dong, The relationship of western boundary 
current heat transport and storage to mid-latitude ocean—atmosphere 
interaction, this volume. 

Kiladis, G. N., and H. F. Diaz, Global climatic anomalies associated 
with extremes in the Southern Oscillation, J Clim., 2, 1069-1090, 
1989. 

Kleeman, R., J. P McCreary, and B. A. Klinger, A mechanism for gen- 
erating ENSO decadal variability, Geophys. Res. Lett., 26, 
1743-1746, 1999. 


WANG ETAL. 17 


Klein, S. A., B. J. Soden, and N. C. Lau, Remote sea surface tem- 
perature variations during ENSO: Evidence for a tropical atmos- 
pheric bridge, J Clim., 12, 917-932, 1999. 

Kushnir, Y., et al., Atmospheric GCM response to extratropical SST 
anomalies: Synthesis and evaluation, J Clim., 15, 2233-2256, 
2002. 

Lanzante, J. R., Lag relationships involving tropical SSTs, J Clim., 
9, 2568-2578, 1996. 

Latif, M., Dynamics of interdecadal variability in coupled 
ocean—atmosphere models, J. Clim., 11, 602-624, 1998. 

Latif, M., and T. P. Barnett, Interactions of the tropical oceans, J. 
Clim., 8, 952-964, 1995. 

Latif, M., and T. P. Barnett, Decadal climate variability over the 
North Pacific and North Amercia: Dynamics and predictability, J 
Clim., 9, 2407-2423, 1996. 

Latif, M., et al., A review of the predictability and prediction of 
ENSO, J. Geophys. Res., 103, 14375-14393, 1998. 

Lau, N.-C., and M. J. Nath, Impact of ENSO on the variability of the 
Asian—Australian monsoons as simulated in GCM experiments, J. 
Clim., 13, 4287-4309, 2000. 

Lazier, J. R. N., Temperature and salinity changes in the deep Labrador 
Sea, 1962-1986, Deep-Sea Res., 35, 1247-1253, 1988. 

Lengaigne, M., et al., Westerly wind events in the tropical Pacific and 
their influence on the coupled ocean—atmosphere system: A review, 
this volume. 

Levitus, S., Climatological Atlas of the World Ocean, NOAA Prof. 
Paper No 13, U.S. Govt. Printing Office, 173 pp, 1982. 

Liu, Z., and S. G. H. Philander, Tropical—extratropical oceanic 
exchange pathways, in Ocean Circulation and Climate: Observ- 
ing and Modeling the Global Ocean, edited by G. Siedler, J. 
Church, and J. Gould, pp. 247-257, Academic Press, 2001. 

Lohmann, G., Atmospheric and oceanic freshwater transport dur- 
ing weak Atlantic overturning circulation, Tellus A, 55, 438-449, 
2003. 

Lysne, J., P. Chang, and B. Giese, Impact of the extratropical Pacific 
on equatorial variability, Geophys. Res. Lett., 24, 2589-2592, 
1997, 

Manabe, S., and K. Bryan, Climate calculations with a combined 
ocean-atmosphere model, J. Atmos. Sci., 26, 786-789, 1969. 
Manabe, S., and R. J. Stouffer, Century—scale effects of increased 
atmospheric CO, on the ocean—atmosphere system, Nature, 364, 

215-218, 1993. 

Mann, M. E., and J. Park, Joint spatiotemporal modes of surface 
temperature and sea level pressure variability in the northern hemi- 
sphere during the last century, J Clim., 9, 2137-2162, 1996. 

Mantua, N. J., and 8. R. Hare, The Pacific decadal oscillation, J 
Oceanogr., 58, 35-44, 2002. 

McCreary, J. P., and D. L. T. Anderson, An overview of coupled 
ocean—atmosphere models of El Nifio and the Southern Oscilla- 
tion, J Geophys. Res., 96, 3125-3150, 1991. 

McCreary, J. P., and P. Lu, Interaction between the subtropical and 
equatorial ocean circulations: The subtropical cell, J Phys. 
Oceanogr., 24, 466-497, 1994. 


18 GLOBAL CLIMATE VARIABILITY 


McPhaden, M. J., Variability in the central equatorial Indian Ocean. 
Part II: Oceanic heat and turbulent energy balance, J Mar. Res., 
40, 403-419, 1982. 

McPhaden, M. J., and D. Zhang, Slowdown of the meridional over- 
turning circulation in the upper Pacific Ocean, Nature, 415, 
603-608, 2002. 

McPhaden, M. J., et al., The Tropical Ocean—-Global Atmosphere 
observing system: A decade of progress, J Geophys. Res., 103, 
14169-14240, 1998. 

Mechoso, C. R., et al., The seasonal cycle over the tropical Pacific 
in general circulation models, Mon. Weather Rev., 123, 2825-2838, 
1995. 

Meehl, G. A., Global coupled models: Atmosphere, ocean, sea ice, 
in Climate System Modeling, edited by K. E. Trenberth, pp. 
555-581, Cambridge University Press, 1992. 

Miller, A. J., et al., Potential feedbacks between Pacific Ocean ecosys- 
tems and interdecadal climate variations, Bull. Am. Meteorol. Soc., 
84, 617-633, 2003. 

Mitchell, T. P, and J. M. Wallace, The annual cycle in equatorial con- 
vection and sea surface temperature, J Clim., 5, 1140-1156, 1992. 

Nakamura, H., T. Sampe, Y. Tanimoto, and A. Shimpo, Observed 
associations among storm tracks, jet streams, and midlatitude 
oceanic fronts, this volume. 

Neelin, J. D., and H. A. Dijkstra, Ocean—atmosphere interaction and. 
the tropical climatology. Part I: The dangers of flux correction, J 
Clim., 8, 1325-1342, 1995. 

Neelin, J. D., and W. J. Weng, Analytical prototypes for ocean—atmos- 
phere interaction at midlatitudes. Part I: Coupled feedbacks as a 
sea surface temperature dependent stochastic process, J. Clim., 
12, 697-721, 1999, 

Neelin, J. D., M. Latif, and F—F. Jin, Dynamics of coupled 
ocean—atmosphere models: The tropical problem, Annu. Rev. Fluid 
Mech., 26, 617-659, 1994, 

Neelin, J. D., et al., ENSO theory, J. Geophys. Res., 103, 
14,262-14,290, 1998. 

Nigam, S., and Y. Chao, Evolution dynamics of tropical ocean—atmos- 
phere annual cycle variability, J Clim., 9, 3187-3205, 1996. 

Nonaka, M., S.—P. Xie, and J. PR. McCreary, Decadal variations in 
the subtropical cells and equatorial SST, Geophys. Res. Lett., 29, 
1116, doi:10.1029/2001GL013717, 2002. 

Okajima, H., S—P. Xie, and A. Numaguti, Interhemispheric coher- 
ence of tropical climate variability: Effect of climatological ITCZ, 
J. Meteorol. Soc. Jpn., 81, 1371-1386, 2003. 

Okumura, Y., and S.—P. Xie, Interaction of the Atlantic equatorial 
cold tongue and African monsoon, J Clim., revised, 2004. 

Philander, S. G. H., El Nifio, La Nifia, and the Southern Oscillation, 
Academic Press, London, 289 pp., 1990. 

Philander, S$. G. H., and R. C. Pacanowski, A model of the seasonal 
cycle in the tropical Atlantic Ocean, J. Geophys. Res., 91, 
14192-14206, 1986. 

Philander, S. G. H., T. Yamagata, and R. C. Pacanowski, Unstable 
air-sea interactions in the Tropics, J Atmos. Sci., 41, 604-613, 1984. 

Philander, S. G. H., et al., Why the ITCZ is mostly north of the equa- 
tor, J. Clim., 9, 2958-2972, 1996. 


Pierce, D. W., T. Barnett, and M. Latif, Connections between the 
Pacific Ocean tropics and midlatitudes on decadal timescales, J 
Clim., 13, 1173-1194, 2000. 

Raymond, D. J., et al., EPIC2001 and the coupled ocean—-atmosphere 
system of the tropical east Pacific, Bull. Am. Meteorol. Soc., in 
press, 2004. 

Ramstorf, S., The thermohaline ocean circulation—a system with 
dangerous thresholds? Clim. Changes, 46, 247-256, 2000. 

Ramstorf, S., Ocean circulation and climate during the past 120,000 
years, Nature, 419, 207-214, 2002. 

Reynolds, R. W,, and T. M. Smith, Improved global sea surface tem- 
perature analyses using optimal interpolation, J. Clim., 7, 929-948, 
1994, 

Saji, N. H., and T. Yamagata, Possible impacts of Indian Ocean 
dipole mode events on global climate, Climate Res., 25, 151-169, 
2003. 

Saji, N. H., B. N. Goswami, P. N. Vinayachandran, and T. Yamagata, 
A dipole mode in the tropical Indian Ocean, Nature, 401, 360-363, 
1999. 

Saji, N. H., et al, Observations of intraseasonal air-sea coupling in 
the near equatorial Indian Ocean using remote sensed and in-situ 
data, J. Clim., submitted, 2004. 

Saravanan, R., and P. Chang, Thermodynamic coupling and pre- 
dictability of tropical sea surface temperature, this volume. 

Schneider, N., and A. J. Miller, Predicting western North Pacific 
Ocean climate, J Clim., 14, 3997-4002, 2001. 

Schneider, N. S., A. J. Miller, M. A. Alexander, and C. Deser, Sub- 
duction of decadal North Pacific temperature anomalies: Obser- 
vations and dynamics, J. Phys. Oceanogr., 29, 1056-1070, 1999. 

Schott, F A., J. P McCreary, and G. C. Johnson, Shallow overturning 
circulations of the tropical—-subtropical oceans, this volume. 

Sengupta, D., B. N. Goswami, and R. Senan, Coherent intraseasonal 
oscillations of ocean and atmosphere during the Asian summer 
monsoon, Geophys. Res. Lett., 28, 4127-4130, 2001. 

Small, R. J., et al., Numerical simulation of boundary layer structure 
and cross—equatorial flow in the eastern Pacific, J Atmos. Sci., 
submitted, 2004. 

Su, H., J. D. Neelin, and J. E. Meyerson, Tropical tropospheric tem- 
perature and precipitation response to sea surface temperature 
forcing, this volume. 

Sun, D., and Z. Liu, Dynamic ocean—atmosphere coupling: A ther- 
mostat for the tropics, Science, 272, 1148-1150, 1996. 

Takayabu, Y. N., et al., Abrupt termination of the 1997-98 El Nifio 
in response to a Madden—Julian Oscillation, Nature, 402, 279-282, 
1999. 

Thompson, D. W. J., and J. M. Wallace, Annular modes in the extra- 
tropical circulation. Part I: Month-to—month variability,  Clim., 
13, 1000-1016, 2000. 

Tomita, T., S.-P. Xie, and M. Nonaka, Estimates of surface and sub- 
surface forcing for decadal sea surface temperature variability in 
the mid-latitude North Pacific, J. Meteorol. Soc. Jpn., 80, 
1289-1300, 2002. 

Tourre, Y. M., and W. B. White, ENSO signals in global upper—ocean 
temperature, J. Phys. Oceanogr. 25, 1317-1332, 1995. 


Trenberth, K. E., and J. W. Hurrell, Decadal atmosphere—ocean vari- 
ations in the Pacific, Clim. Dyn., 9, 303-319, 1994. 

Trenberth, K. E., et al., Progress during TOGA in understanding and 
modeling global teleconnections associated with tropical sea sur- 
face temperature, J Geophys. Res., 103, 14291-14324, 1998. 

Vecchi, G. A., and D. E. Harrison, Monsoon breaks and subseasonal 
sea surface temperature variability in the Bay of Bengal, J Clim., 
15, 1485-1493, 2002. 

Vecchi, G. A., S—P. Xie, and A. S. Fischer, Ocean—atmosphere covari- 
ability in the western Arabian Sea, J Clim., 17, 1213-1224, 2004. 

Vimont, D. J., D. S. Battisti, and A. C. Hirst, The seasonal foot- 
printing mechanism in the CSIRO general circulation models, / 
Clim., 16, 2653-2667, 2003. 

Walker, G. T., Correlation in seasonal variations of weather. CX. A fur- 
ther study of world weather, Mem. Indian Meteor. Dept., 25, 
275-332, 1924. 

Wallace, J. M., and D. S. Gutzler, Teleconnections in the geopoten- 
tial height field during the Northern Hemisphere winter, Mon. 
Weather Rev., 109, 784-812, 1981. 

Wang, B., R. W. Wu, and X. Fu, Pacific—East Asian teleconnection: 
How does ENSO affect East Asian climate? J. Clim., 13, 
1517-1536, 2000. 

Wang, C., Atmospheric circulation cells associated with the El 
Nifio-Southern Oscillation, J Clim., 15, 399-419, 2002. 

Wang, C., ENSO, Atlantic climate variability, and the Walker and 
Hadley circulations, In The Hadley Circulation: Past, Present and 
Future, edited by H. F. Diaz and R. S. Bradley, Kluwer Acade- 
mic Publishers, in press, 2004. 

Wang, C., and D. B. Enfield, A further study of the tropical Western 
Hemisphere warm pool, J. Clim., 16, 1476-1493, 2003. 

Wang, C., and J. Picaut, Understanding ENSO physics—A review, 
this volume. 

Wang, C., R. H. Weisberg, and J. I. Virmani, Western Pacific inter- 
annual variability associated with the El Nifio—Southern Oscilla- 
tion, J Geophys. Res., 104, 5131-5149, 1999. 

Watanabe, M., and F—F. Jin, A moist linear baroclinic model: Cou- 
pled dynamical—convective response to El Nifio, J Clim., 16, 
1121-1139, 2003. 

Webster, P. J., et al., Monsoon: Processes, predictability, and the 
prospects for prediction, J Geophys. Res., 103, 14451-14510, 1998. 

White, W. B., and R. G. Peterson, An Antarctic circumpolar wave 
in surface pressure, wind, temperature and sea—ice extent, Nature, 
380, 699-702, 1996. 

White, W. B., S—C. Chen, R. J. Allan, and R. C. Stone, Positive 
feedback between the Antarctic circumpolar wave and the 
global El Nifio—Southern Oscillation wave, J. Geophys. 
Res., 107(C10), 3165, doi:10.1029/2000JC000581, 2002. 

White, W. B., Y. M. Tourre, M. Barlow, and M. Dettinger, A delayed 
action oscillator shared by biennal, interannual, and decadal sig- 
nals in the Pacific basin, J. Geophys. Res., 108, 3070, doi: 
10.1029/2002JC001490, 2003. 


WANG ETAL. 19 


Woodruff, S. D., R. J. Slutz, R. L. Jenne, and P. M. Steurer, A com- 
prehensive ocean—atmosphere dataset, Bull. Am. Meteorol. Soc., 68, 
521-527, 1987. 

Wyrtki, K., An equatorial jet in the Indian Ocean, Science, 181, 
262-264, 1973. 

Xie, P., and P. A. Arkin, Analyses of global monthly precipitation 
using gauge observations, satellite estimates, and numerical model 
predictions, J Clim., 9, 840-858, 1996. 

Xie, SP, On the genesis of the equatorial annual cycle, / Clim., 7, 
2008-2013, 1994. 

Xie, S.—P,, Satellite observations of cool ocean—atmosphere inter- 
action, Bull. Am. Meteorol. Soc., 85, 195-208, 2004a. 

Xie, S.—P., The shape of continents, air-sea interaction, and the 
rising branch of the Hadley circulation, In The Hadley Circulation: 
Past, Present and Future, edited by H. F. Diaz and R. S. Bradley, 
Kluwer Academic Publishers, in press, 2004b. 

Xie, S.—P., and J. A. Carton, Tropical Atlantic variability: Patterns, 
mechanisms, and impacts, this volume. 

Xie, SP, and S. G. H. Philander, A coupled ocean—atmosphere 
model of relevance to the ITCZ in the eastern Pacific, Tellus, 46A, 
340-350, 1994. 

Xie, SP, Y. Tanimoto, H. Noguchi, and T. Matsuno, How and why 
climate variability differs between the tropical Pacific and Atlantic, 
Geophys. Res. Lett., 26, 1609-1612, 1999. 

Xie, S—P, H. Annamalai, F, A. Schott, and J. P. McCreary, Struc- 
ture and mechanisms of South Indian Ocean climate variability, J 
Clim., 15, 864-878, 2002. 

Yamagata, T., et al., Coupled ocean—atmosphere variability in the 
tropical Indian Ocean, this volume. 

Yasunari, T., Zonally propagating modes of the global east-west cir- 
culation associated with the Southern Oscillation, £ Meteorol. 
Soc. Jpn., 63, 1013-1029, 1985. 

Yukimoto, S., et al., ENSO—like interdecadal variability in the Pacific 
Ocean as simulated in a coupled general circulation model, J 
Geophys. Res., 105, 13945-13963, 2000. 

Zebiak, S. E., Air-sea interaction in the equatorial Atlantic region, 
J. Clim., 6, 1567-1586, 1993. 

Zebiak, S. E., and M. A. Cane, A model El Nifio—Southern Oscilla- 
tion, Mon. Weather Rev., 115, 2262-2278, 1987. 

Zhang, D., M. J. McPhaden, and W. E. Johns, Observational evidence 
for flow between the subtropical and tropical Atlantic: The Atlantic 
subtropical cells, J Phys. Oceanogr, 33, 1783-1797, 2003. 


J. A. Carton, Department of Meteorology, University of 
Maryland, 3433 Computer and Space Science Bldg., College Park, 
Maryland 20742. (carton@atmos.umd.edu) 

C. Wang, NOAA/AOML, Physical Oceanography Division, 
4301 Rickenbacker Causeway, Miami, Florida 33149. 
(Chunzai.Wang@noaa.gov) 

S.-P. Xie, IPRC/SOEST, University of Hawaii at Manoa, 1680 
East—West Road, Honolulu, Hawaii 96822. (xie@hawaii.edu) 


Understanding ENSO Physics—A Review 


Chunzai Wang 


NOAA Atlantic Oceanographic and Meteorological Laboratory, Miami, Florida 


Joél Picaut 


Institut de Recherche pour le Développement, LEGOS, Toulouse, France 


Since the TOGA program, and in particular the maintenance of its observing sys- 
tem in the tropical Pacific, significant progress has been made in the understanding 
of ENSO. ENSO has been viewed as a self-sustained and naturally oscillatory mode 
or a stable mode triggered by stochastic forcing. Whatever the case, El Nifio involves 
Bjerknes’ positive ocean-atmosphere feedback that culminates with warm SST 
anomalies in the equatorial eastern and central Pacific. After an El Nifio reaches its 
mature phase, negative feedbacks are required to terminate the growth of warm 
SST anomalies. Four major negative feedbacks have been proposed: wave reflection 
at the ocean western boundary, a discharge process due to Sverdrup transport, a 
western Pacific wind-forced Kelvin wave of opposite sign, and anomalous zonal 
advection. These negative feedbacks may work in varying combinations to terminate 
El Nifio, and reverse it into La Nifia. 

The seasonal cycle can contribute to the irregularity and phase-locking of ENSO, 
and the intraseasonal variability can be a source of both ENSO’s variability and 
irregularity. Tropical Pacific decadal-multidecadal variability and warming trends 
may modulate ENSO. Many mechanisms have been proposed to explain tropical 
Pacific decadal-multidecadal variability, and they are categorized by their tropical 
origins and tropical-extratropical connections. Mechanisms of tropical origins 
include stochastic forcing, interactions between the seasonal and interannual cycles, 
internal nonlinearity, asymmetry between El Nifio and La Nijfia, and local ocean- 
atmosphere interaction, while those of tropical-extratropical connections involve 
oceanic bridges, wave propagation, and atmospheric bridges. Difficulties and uncer- 
tainties of studies on low-frequency variability and interpretation of warming trends, 
global warming, and ENSO are also discussed. 


1. INTRODUCTION 


At the end of the 19th century, the term El Nifio was used 
to denote the annual occurrence of a warm ocean current that 
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flowed southward along the west coast of Peru and Ecuador 
around Christmas. The Peruvian geographers noted that in 
some years the onset of warm conditions was stronger than 
usual and was accompanied by unusual oceanic and climatic 
phenomena. Starting with the arrival of foreign-based scien- 
tific expeditions off Peru in the early 20th century, the concept 
of referring to these unusual events as El Nifio gradually 
spread through the world’s scientific community. It wasn’t 
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until the 1950s/1960s that scientists realized that El Nifio is far 
more than a coastal phenomenon, and that it is associated 
with basin-scale warming in the tropical Pacific Ocean. Sir 
Gilbert Walker in the 1920s and 1930s found that notable cli- 
mate anomalies occur around the world every few years, asso- 
ciated with what he called the Southern Oscillation [ Walker, 
1923, 1924; Walker and Bliss, 1932]. The Southern Oscilla- 
tion is characterized by an interannual seesaw in tropical sea 
level pressure (SLP) between the Western and Eastern Hemi- 
spheres, consisting of a weakening and strengthening of the 
easterly trade winds over the tropical Pacific. Bjerknes [1969] 
recognized that there is a close connection between El Nifio 
and the Southern Oscillation (ENSO) and they are two different 
aspects of the same phenomenon. 

Bjerknes hypothesized that a positive ocean-atmosphere 
feedback involving the Walker circulation is a cause of 
ENSO. An initial positive sea surface temperature (SST) 
anomaly in the equatorial eastern Pacific reduces the east- 
west SST gradient and hence the strength of the Walker cir- 
culation [Gill, 1980; Lindzen and Nigam, 1987], resulting in 
weaker trade winds around the equator. The weaker trade 
winds in turn drive the ocean circulation changes that further 
reinforce SST anomaly. This positive ocean-atmosphere 
feedback leads the equatorial Pacific to a warm state, i.e., the 
warm phase of ENSO (El Nijfio). At that time, Bjerknes did 
not know what causes a turnabout from a warm phase to a 
cold phase, which has been recently named La Nifia [Phi- 
lander, 1990]. 

After Bjerknes’ seminal work, ENSO was not intensively 
studied until the 1980s. The intense warm episode of the 
1982-83 El Nifio, which was not recognized until it was 
well developed, galvanized the scientific community in an 
effort to understand and predict ENSO. The 1982-83 El 
Nifio onset was not consistent with the prior “buildup” of sea 
level in the western Pacific by stronger than normal trade 
winds prior to 1982, presumed to be a necessary precursor 
of El Nifio [Wyrtki, 1975]. Also, there was no warming off 
the west coast of South America in early 1982, considered to 
be part of the normal sequence of events characterizing the 
evolution of El Nifio [e.g., Rasmusson and Carpenter, 1982]. 
Building on the earlier efforts of the Equatorial Pacific Ocean 
Climate Studies (EPOCS) program, this motivated a ten- 
year international Tropical Ocean-Global Atmosphere 
(TOGA) program (1985-1994) to study ENSO. TOGA built 
an ocean observing system in the tropical Pacific Ocean, 
conducted theoretical and diagnostic studies of the ENSO 
phenomenon, and developed a hierarchy of coupled ocean- 
atmosphere models to study and predict ENSO. A special 
volume of the Journal of Geophysical Research (volume 
103, June 1998) provided a comprehensive review of obser- 
vations, theory, modeling, and predictability of ENSO dur- 


ing the TOGA decade (also see ENSO reviews of Enfield 
[1989]; Philander [1990]; McCreary and Anderson [1991]; 
Battisti and Sarachik [1995]). The present paper reviews 
progress in ENSO understanding, with a major focus on 
development after the TOGA decade. However, for the sake 
of continuity it also briefly summarizes the progress made 
before and during the TOGA decade. 

ENSO’s low-frequency modulation and the relation of 
high-frequency influences to ENSO are recent research top- 
ics of ENSO. The 1997-98 El Nifio was characterized by 
exceptionally strong high-frequency wind variability dur- 
ing the onset phase. Numerical models, which succeeded in 
predicting the onset of the 1997-98 El Nifio, were unable 
to forecast its intensity [e.g., Barnston et al., 1999; Landsea 
and Knaff, 2000] until the March 1997 westerly wind burst 
(WWB) was incorporated. This may suggest the importance 
of the intraseasonal variability (the WWB and the Madden- 
Julian Oscillation), and has stimulated scientists to further 
investigate the roles of high-frequency forcing in ENSO. 

ENSO is an irregular oscillation, both in frequency and 
amplitude. Its recurrence varies usually between two and 
seven years. Furthermore, its characteristics are modulated 
on decadal and multidecadal timescales [e.g., Enfield and 
Cid-Serrano, 1991; Mokhov et al., 2000]. In terms of ampli- 
tude, there are periods (decades or longer) during which 
ENSO is more energetic or there are more El Nifios than La 
Nifias (e.g., since the mid-1970s), and vice versa. Such fea- 
tures can be viewed as a nearly regular ENSO oscillation 
superimposed on natural decadal and multidecadal oscilla- 
tions and on a warming trend [Lau and Weng, 1999; Cai 
and Whetton, 2001a; Philander and Fedorov, 2003]. It can 
also be viewed as a chaotic/irregular ENSO, or stochastic 
fluctuations, or nonlinear modulation by a changing back- 
ground state. Decadal-multidecadal variability of ENSO 
appears to influence the global atmospheric circulation [Diaz 
et al., 2001], and thus the climate over many parts of the 
world [Power et al., 1999; Torrence and Webster, 1999; Jan- 
icot et al., 2001; Gershunov and Barnett, 1998]. Such vari- 
ability appears to alter the ocean productivity of the Pacific 
Ocean [Chavez et al., 2003] and ENSO predictability [e.g., 
Balmaseda et al., 1995; Flugel and Chang, 1998; Kirtman 
and Schopf, 1998]. Therefore, many studies, especially after 
the TOGA decade, have focused on ENSO’s low-frequency 
modulation. 

The present paper is organized as follows. Section 2 briefly 
describes observations of ENSO. Section 3 reviews our pres- 
ent understanding of ENSO mechanisms. Section 4 briefly 
summarizes the effects of high-frequency variability on ENSO. 
Section 5 reviews a newly and recently developed facet of 
ENSO, its low-frequency modulation. The paper ends in Sec- 
tion 6 with some discussions and ideas for the future. 


2. OBSERVATIONS OF ENSO 
2.1. The ENSO Observing System 


The backbone of the ENSO observing system (Plate 1) is the 
TAO (Tropical Atmosphere Ocean) array of about 70 moored 
buoys [Hayes et al., 1991; McPhaden, 1995]. Most of them are 
equipped with a 500-m thermistor chain and meteorological 
sensors. At the equator five to seven moorings are equipped 
with ADCP (Acoustic Doppler Current Profiler) and current 
meters [McPhaden, 1995]. Developed during TOGA as a 
multinational program among France, Japan, South Korea, 
Taiwan, and United States, this array is now supported by the 
US with the dedicated R/V Ka’imimoana and by Japan with 
their TRITON program (hence the official name of TAO/TRI- 
TON since January 1, 2000). The ocean observing system is 
completed by a Voluntary Observing Ship (VOS) program, 
an island tide-gauge network, and a system of surface drifters. 
All the data are transmitted in near-real time to the Global 
Telecommunication System, for research and prediction pur- 
poses. A set of meteorological and oceanographic satellites 
complete all these measurements, with particular emphasis 
on the TOPEX/Poseidon altimeter that has proved especially 
useful in observing and analyzing tropical ocean variability 
[Picaut and Busalacchi, 2001]. Detailed information about 
the ENSO observing system, such as key variables, sampling 
requirements and uncertainties, can be found in McPhaden et 
al. [1998]. 

The obvious parameters for observing the ENSO coupled 
phenomenon are surface wind stress and SST (through a com- 
bination of satellite and in situ data) but the subsurface tem- 
perature has proved to be surprisingly useful in diagnosing 
ENSO. The basic 2—7 year period of ENSO is set by the ther- 
mal inertia of the ocean upper layer. Most of the heat content 
variability in low-latitude oceans is situated in this layer, and 
thus is directly reflected in sea-level height. Hence, meas- 
urements of the upper ocean thermal field and sea level are also 
fundamental to ENSO. Upper-layer temperature is mostly 
controlled by a specific low-latitude dynamics (i.e., equatorial 
waves), and current measurements are needed, especially near 
the equator with the vanishing of geostrophy (Coriolis force). 
Subsurface temperature data can provide estimates of equa- 
torial upwelling and mixing above the thermocline, which are 
greatly needed. Although less important than in non-equato- 
rial latitudes, surface heat fluxes are also required. 

The TOGA observing system was devoted to the large-scale 
monitoring of the upper tropical oceans, with emphasis on 
the tropical Pacific. However, there has been considerable 
controversy regarding the physics that maintain and perturb the 
western Pacific warm pool, which is believed to be a center 
of action for ENSO. Hence, a multinational oceanography- 
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meteorology experiment was conceived and carried out in 
1992-93, with an intensive observation period (November 
1992-February 1993) embedded into a yearlong period of 
enhanced monitoring. Twelve research vessels, seven research 
aircrafts, numerous ground-based stations, and additional 
moored and drifting buoys have collected a unique set of data. 
The plans for the TOGA Coupled Ocean-Atmosphere 
Response Experiment (COARE) are listed in Webster and 
Lukas [1992], and the results are summarized in Godfrey et al. 
[1998]. 


2.2. Lessons From the ENSO Observing System and 
Further Needs 


The biggest achievement of TOGA was the installation for 
the first time of an ocean observing system. It improved the 
understanding and modeling of ENSO, and proved its pre- 
diction capability through the evidence of subsurface memory 
[Latif et al., 1998]. It provided since 1985 a set of high-qual- 
ity data, which associated with older and less reliable data 
showed that El Nifio behaves differently over the last decades 
(Plate 2). The warm SST anomalies associated with El Nifio 
events between 1950 and 1976 first peaked along the South 
American coast in the boreal spring of the El Nifio year and 
then propagated westward [Rasmusson and Carpenter, 1982]. 
The El Nifio events between 1976 and 1996 seemed to start 
from the equatorial western and central Pacific, and the coastal 
warming occurred in the boreal spring subsequent to the E] 
Niio year rather than in the boreal spring of the El Nifio year 
[Wang, 1995a; Wang and An, 2002]. The 1997-98 El] Nifio 
started in both the central Pacific and the South American 
coast during the spring of 1997 and the 2002-03 El Nifio 
started and remained in the equatorial central Pacific. Why El 
Nijfios started differently in the last five decades is not under- 
stood yet. Being the most likely factor, the role of high- and 
low-frequency variabilities will be discussed in the follow- 
ing sections. 

The duration of TOGA-COARE was not sufficient to under- 
stand the link between the intraseasonal westerly winds, such 
as the Madden-Julian Oscillation (MJO) and Westerly Wind 
Bursts (WWBs), and El Nifio [Lengaigne et al., this volume]. 
With the discovery of the salinity stratified barrier-layer in 
the western Pacific warm pool [Lukas and Lindstrom, 1991] 
and the possibility that it influences the development of El 
Nifio [Maes et al., 2002], there is a strong need for more salin- 
ity measurements and in particular sea surface salinity (SSS). 
The end of TOGA was marked by the progressive replace- 
ment of bucket samples on VOS routes by thermosalinograph. 
Together with satellite missions such as SMOS and Aquarius, 
these in situ SSS measurements will undeniably improve the 
ENSO observing system [Lagerloef and Delcroix, 2001]. 
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As compared to the western Pacific warm pool, the eastern 
tropical Pacific was somewhat neglected during TOGA, and 
the 5-year experiment EPIC (Eastern Pacific Investigation of 
Climate processes) was launched in 1999. This experiment 
was designed to improve the understanding of the intertrop- 
ical convergence zone (ITCZ), its interaction with the cold 
water originating from the equatorial upwelling, and the 
physics of the stratus cloud deck that forms over the cold 
water off South America [Cronin et al., 2002]. 

As discussed in Section 5, understanding of the low-fre- 
quency variations of ENSO requires an expansion of the pres- 
ent ENSO observing system and its extension toward the 
western boundary and beyond the tropics. A main goal of the 
Pacific Basin Extended Climate Study (PBECS) is to pro- 
vide sufficient additional in situ and satellite observations to 
constrain data-assimilating models well enough that the 
processes affecting decadal modulation of ENSO can be stud- 
ied in detail [Kessler et al., 2001]. This will require a whole 
set of additional measurements, such as repeated high-reso- 
lution expendable and hydrographic sections, several process 
experiments, and the integration with the Argo program of 
profiling floats [Roemmich et al., 2001] and the Global Ocean 
Data Experiment (GODAE) [Smith et al., 2001]. All these 
efforts are part of the CLIVAR (Climate Variability and Pre- 
dictability) program. 

It will be long before these observing systems and experi- 
ments produce sufficient high-quality observations to explain 
the decadal modulation of ENSO. This strengthens the need 
for historical and paleoclimate records of ENSO, with coral, 
tree-ring, tropical ice core, sediment or other proxies [e.g., 
Ortlieb, 2000; Mann et al., 2000; Markgraf and Diaz, 2000; 
Tudhope et al., 2001]. Associated with specific model stud- 
ies, these records will help understand the evolution of ENSO 
in the past, present, and future. 


3. ENSO MECHANISMS 


The theoretical explanations of ENSO can be loosely 
grouped into two frameworks. First, El Nifio is one phase of 
a self-sustained, unstable, and naturally oscillatory mode of the 
coupled ocean-atmosphere system. Second, El Nifio is a sta- 
ble (or damped) mode triggered by atmospheric random 
“noise” forcing. Whatever the case, ENSO involves the pos- 
itive ocean-atmosphere feedback of Bjerknes [1969]. The 
early idea of Wyrtki’s [1975] sea level “buildup” in the west- 
ern Pacific warm pool treats El Nifio as an isolated event. 
Wyrtki suggested that prior to El Nifio, the easterly trade 
winds strengthened, and there was a “buildup” in sea level in 
the western Pacific warm pool. A “trigger” is a rapid collapse 
of the easterly trade winds. When this happens, the accumu- 
lated warm water in the western Pacific would surge east- 


ward in the form of equatorial downwelling Kelvin waves to 
initiate an El Nifio event. The recent studies have suggested 
atmospheric stochastic forcing as important “triggers” of El 
Nifio. On the other hand, numerical models with tunable model 
parameters suggest that ENSO is a self-sustained mode of 
the coupled ocean-atmosphere system in some parameter 
regimes. Additionally, many studies have shown that the ocean- 
atmosphere coupling can produce slow modes that can explain 
both eastward and westward propagating events. 


3.1. ENSO Oscillator Models 


Bjerknes [1969] was the first to hypothesize that a positive 
ocean-atmosphere feedback causes El Nifio. Although the 
starting point is arbitrary, an initial positive SST anomaly in the 
equatorial eastern Pacific reduces the east-west SST gradient 
and hence the strength of the Walker circulation, resulting in 
weaker trade winds along the equator. The weaker trade winds 
in turn drive the ocean circulation changes that further reinforce 
SST anomaly. This positive feedback leads the equatorial 
Pacific to a warm state. For the coupled system to oscillate, a 
negative feedback is needed to turn the warm state around. 
Since the 1980s, four major negative feedbacks have been pro- 
posed: (1) wave reflection at the western boundary, (2) a dis- 
charge process, (3) a western Pacific wind-forced Kelvin wave, 
and (4) anomalous zonal advection. These negative feedbacks 
correspond to the delayed oscillator [Suarez and Schopf, 1988; 
Battisti and Hirst, 1989], the recharge oscillator [Jin, 1997], the 
western Pacific oscillator [Weisberg and Wang, 1997a; Wang 
et al., 1999b], and the advective-reflective oscillator [Picaut et 
al., 1997]. Since these models also operate for initial negative 
SST, they can produce ENSO-like oscillations. 

With the different conceptual oscillator models capable 
of producing ENSO-like oscillations, more than one may 
operate in nature. Motivated by the existence of different 
oscillator models, Wang [2001a, b] formulated and derived 
a unified ENSO oscillator from the dynamics and thermo- 
dynamics of the coupled ocean-atmosphere system that is 
similar to the Zebiak and Cane [1987] coupled model. The 
unified oscillator includes the physics of all ENSO oscilla- 
tor models (Figure 1). As suggested by the unified oscilla- 
tor, ENSO may be a multi-mechanism phenomenon (see 
Picaut et al. [2002] for observational evidence) and the rel- 
ative importance of different mechanisms may be time- 
dependent. Observations show that ENSO displays both 
eastern and western Pacific interannual anomaly patterns 
[e.g., Rasmusson and Carpenter, 1982; Weisberg and Wang, 
1997b; Mayer and Weisberg, 1998; Wang et al., 1999b; 
McPhaden, 1999; Wang and Weisberg, 2000; Vialard et al., 
2001]. Thus, the unified oscillator considers both eastern 
and western Pacific anomaly variations: 
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ENSO Observing System 


Plate 1. In situ components of the ENSO observing system. The four major elements are the TAO/TRITON array of 
moored buoys (red diamonds), an island tide-gauge network (yellow circles), surface drifters (arrows), and the volunteer 
ship program (blue lines). Various satellites are intensively used to complement the in situ network. This ensemble of 
instruments delivers in near-real time data on surface and subsurface temperature and salinity, wind speed and direction, 
sea level, and current velocity (Courtesy of Michael J. McPhaden, TAO Project Office). 


Differences in the Onset of El Nino Events 
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Plate 2. SST anomaly composites showing the differences in the onset of E] Nifio over the last five decades. (a) El Nifio 
between 1950 and 1976, (b) El Nifio between 1977 and 1996, (c) the 1997-98 El Nifio, and (d) the 2002-03 El Nifio. The 
composites are calculated by averaging the SST anomalies during March—May of the El Nifio year. Since the 2002-03 El 
Nifio started earlier, its composite used the SST anomalies of December 2001 to February 2002. 
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The Unified Oscillator for ENSO 
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Figure 1. Schematic diagram of the unified oscillator for ENSO. Bjerknes positive ocean-atmosphere feedback leads the 
equatorial central/eastern Pacific to a warm state (El Nifio). Four negative feedbacks, required to turn the warm state 
around, are (1) reflected Kelvin wave at the ocean western boundary, (2) discharge process due to Sverdrup transport, (3) 
western Pacific wind-forced Kelvin wave, and (4) reflected Rossby wave at the ocean eastern boundary. These negative feed- 
backs correspond to the delayed oscillator, the recharge oscillator, the western Pacific oscillator, and the advective-reflec- 
tive oscillator. The unified oscillator suggests that all of the four negative feedbacks may work together in terminating E] 
Nifio warming. The four ENSO oscillators are special cases of the unified oscillator. 
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where 7 is SST anomaly in the equatorial eastern Pacific, / is 
thermocline depth anomaly in the off-equatorial western 
Pacific, and t, and t, are zonal wind stress anomalies in the 
equatorial central Pacific and in the equatorial western Pacific, 
respectively. The parameters a, b,, b, b,, c, d, and e are con- 
stants. The parameters 77, 6, U, and A represent the delay times. 
The parameters €, R,, R.,, and R,, are damping coefficients. 

The first term on the right-hand side (RHS) of equation (1a) 
represents the positive feedback in the coupled system. The 
second term represents the negative feedback due to wave 
reflection at the western boundary. The third term represents 
the negative feedback due to the wind-forced wave contribu- 
tion in the equatorial western Pacific. The fourth term repre- 
sents the effect of wave reflection at the eastern boundary. The 
last term is a cubic damping term that does not affect oscilla- 
tory behavior, but it limits anomaly growth [Battisti and Hirst, 
1989; Wang, 2001a]. Equation (1b) states that the off-equato- 


rial western Pacific thermocline anomaly is controlled by the 
wind stress in the equatorial central Pacific, with a damping rate 
of R,. Equation (1c) shows that zonal wind stress anomaly in 
the equatorial central Pacific is related to the eastern Pacific 
SST anomaly, and equation (1d) states that the zonal wind 
stress anomaly in the equatorial western Pacific is related to the 
off-equatorial western Pacific thermocline anomaly. By further 
simplifications and assumptions, the unified oscillator can 
reduce to the different ENSO oscillators. 


3.1.1. The delayed oscillator. The delayed oscillator (Fig- 
ure 2) does not consider the coupled role of the western Pacific 
in ENSO and wave reflection at the eastern boundary. By set- 
ting b, = 0 and 6, = 0 in equation (1a), the western Pacific 
variables T, and h are decoupled from the coupled system. If we 
further drop the time derivative of equation (1c), the unified 
oscillator reduces to: 


aT _ad,_bd 
dt Ry, Ry 
Equation (2) is the delayed oscillator of Suarez and Schopf 
[1988] and Battisti and Hirst [1989]. The first term on RHS 
of equation (2) represents the positive feedback by ocean- 


atmosphere coupling in the equatorial eastern Pacific, 1.e., 
the Bjerknes feedback. The second term is the delayed nega- 
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Figure 2. Schematic diagram of the delayed oscillator for ENSO. 
Positive SST anomalies in the equatorial eastern Pacific cause west- 
erly wind anomalies that drive Kelvin waves eastward and act to 
increase the positive SST anomalies. The westerly wind anomalies 
also generate oceanic equatorial Rossby waves, which propagate 
westward and eventually reflect from the western boundary as equa- 
torial Kelvin waves. Since the thermocline anomalies for the reflected 
Kelvin waves have an opposite sign to those of the directly forced 
Kelvin waves, they provide a negative feedback for the coupled sys- 
tem to oscillate. 


tive feedback by free equatorial Rossby waves generated in the 
eastern Pacific coupling region that propagate to and reflect 
from the western boundary, returning as equatorial Kelvin 
waves to reverse the anomalies in the eastern Pacific cou- 
pling region. 

The earliest idea of explaining the oscillatory nature of 
ENSO was proposed by McCreary [1983], based on the reflec- 
tion of subtropical oceanic Rossby waves at the western bound- 
ary. McCreary [1983] and McCreary and Anderson [1984] 
explored shallow water ocean dynamics coupled to wind stress 
patterns that are changed by a discontinuous switch depend- 
ing on thermocline depth. They showed how oceanic Rossby 
waves might be involved in generating the interannual oscil- 
lations associated with ENSO. In spite of the use of a dis- 
continuous switch in their atmosphere and of reflection of 
subtropical Rossby waves, the idea of basin adjustment 
processes has been incorporated by later work. Suarez and 
Schopf [1988] introduced the delayed oscillator model of 
equation (2) as a candidate mechanism for ENSO. Based on 
the coupled model of Zebiak and Cane [1987], Battisti and 
Hirst [1989] formulated and derived a version of the Suarez 
and Schopf [1988] delayed oscillator model. 

Graham and White [1988] presented sparse evidence of 
off-equatorial Rossby waves and their reflection at the west- 
ern boundary and then empirically constructed a conceptual 
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oscillator model for ENSO. As shown in McCreary and Ander- 
son [1991], the conceptual equations of the Graham and White 
model can be reduced to a single equation that is similar to 
equation (2) (also see the comments of Neelin et al. [1998]). 

The work of McCreary [1983], McCreary and Anderson 
[1984], and Graham and White [1988] emphasized the reflec- 
tion of off-equatorial Rossby waves at the western boundary 
whose importance for ENSO has been debated. Kessler [1991] 
and Battisti [1989, 1991] argue that the equatorial Kelvin 
wave results primarily from the reflection of the gravest Rossby 
wave mode and that off-equator (poleward of +8°) variations 
should not be a major factor in ENSO. In contrast, Graham and 
White [1991] contend that coupled model simulations of 
ENSO are greatly altered if effects poleward of +8° are neg- 
lected. However, all of these studies recognized that wave 
reflection at the western boundary is important in terminating 
El Nifio. Li and Clarke [1994] challenged the validation of 
the delayed oscillator by noting a low lag correlation between 
the western Pacific equatorial Kelvin wave amplitude and 
zonal wind forcing that is inconsistent with the delayed oscil- 
lator theory. Mantua and Battisti [1994] argued that wave 
reflection at the western boundary did account for the termi- 
nation of El Nifio and that the low lag correlation is due to 
irregularity of ENSO. In any case, the reflection efficiency 
of the western boundary is disrupted by the presence of the 
throughflow and numerous islands. Its estimation from sim- 
ple models or observations [e.g., Clarke, 1991; Zang et al., 
2002; Boulanger et al., 2003] is complicated by the coupled 
nature of the equatorial western Pacific and not enough obser- 
vations. 


3.1.2. The recharge oscillator. The recharge oscillator (Fig- 
ure 3) considers variations of eastern Pacific SST and west- 
ern Pacific thermocline anomalies. As argued by Jin [1997], 
equatorial wave dynamics are important in the adjustment of 
equatorial ocean, but wave propagations are not explicit in 
the recharge model. If the time derivatives in equations (1c) 
and (1d) are dropped and all delay parameters are set to zero 
(i.e., 7 = 0, 6= 0, and A = 0) and 6, = 0, the unified oscilla- 
tor reduces to: — 


aE ad Oh OOP a | a” a) 
dt phe 4 Rio 
Ih Cc 
—=-—T-R)h. 3b 
fa rp, Bb) 


The mathematical form of equation (3) is the same as the 
recharge oscillator of Jin [1997]. In the Jin’s recharge oscil- 
lator model, h is the thermocline anomaly in the equatorial 
western Pacific. 

Wyrtki [1975] first suggested a buildup in the western Pacific 
warm water as a necessary precondition to the development 
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The Recharge Oscillator 
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Figure 3. Schematic diagram of the recharge oscillator for ENSO. (a) The four phases of the recharge oscillation: (I) the 
warm phase, (II) the warm to cold transition phase, (III) the cold phase, and (IV) the cold to warm transition phase. Dur- 
ing the warm phase of ENSO, the divergence of Sverdrup transport associated with equatorial central Pacific westerly wind 
anomalies and equatorial eastern Pacific warm SST anomalies results in the discharge of equatorial heat content. The dis- 
charge of equatorial heat content leads to a transition phase in which the entire equatorial Pacific thermocline depth is anom- 
alously shallow due to the discharge of equatorial heat content. This anomalous shallow thermocline at the transition 
phase allows anomalous cold waters to be pumped into the surface layer by climatological upwelling and then leads to the 
cold phase. The converse occurs during the cold phase of ENSO. (b) Time series of the Nifio3 SST anomalies (dashed; °C) 
and warm water volume anomalies (solid; 10!4 m?) over the entire equatorial tropical Pacific Ocean (5°S—S°N, 120°E-80°W) 
(courtesy of Christopher S. Meinen). 


of El Nifio. This concept was later modified by covering the 
entire tropical Pacific Ocean between 15°S and 15°N [Wyrthi, 
1985]. Prior to El Nifio, upper ocean heat content or warm 
water volume over the entire tropical Pacific tends to build up 
(or recharge) gradually, and during El Nifio the accumulated 
warm water is flushed toward (or discharged to) higher lati- 
tudes. After the discharge, the eastern tropical Pacific becomes 
cold (La Nifia) with the shallowing of the thermocline and 
then warm water slowly builds up again (recharge) before the 
occurrence of the next El Nifio (see Figure 3). The recharge 
and discharge processes have been also examined by Zebiak 
[1989a], Miller and Cheney [1990], and Springer et al. [1990]. 
The concept of the recharge and discharge processes is further 
emphasized by Jin [1997]. Based on a coupled system that 
is similar to the coupled model of Zebiak and Cane [1987], Jin 
[1997] formulated and derived the recharge oscillator model. 

Many studies have recently attempted to test the validity 
of the recharge oscillator model by using observational data 
[e.g., Meinen and McPhaden, 2000, 2001; Hasegawa and 
Hanawa, 2003a; Holland and Mitchum, 2003; Sun, 2003). 
These observational studies basically demonstrate the recharge 
and discharge of the equatorial Pacific warm water during 
the evolution of ENSO. However, the more appropriate vari- 
able in equation (3) may be one that represents the warm 
water over the entire equatorial Pacific rather than the one 
only in the equatorial western Pacific. These studies show 
that the warm water in the entire equatorial Pacific band (for 
example, 5°S—5°N) highly correlates with the Nifio3 SST 
anomalies, with the former leading the latter by about two 
seasons (Figure 3b). The correlation between the equatorial 
western Pacific warm water and the Nifio3 SST anomalies is 
lower but still significant, with the western Pacific warm 
water leading by five seasons. Mechoso et al. [2003] tested the 
validity of the recharge oscillator model by fitting their cou- 
pled GCM output into this model. They suggested that the 
recharge oscillator could provide a plausible representation 
of their ENSO simulation. Misfits between the recharge oscil- 
lator and the coupled GCM oscillatory mode may be attributed 
to additional physics that are not included in the recharge 
oscillator. 

There is a debate on the latitudinal bands of the recharge and 
discharge of warm water. Wyrtki [1985] defined the warm 
water in the tropical Pacific between 15°S and 15°N. Miller 
and Cheney [1990] and Springer et al. [1990] showed that, dur- 
ing El Nifio, the warm water volume is decreased near the 
equatorial band (8°S—8°N and 5°S—S°N, respectively), whereas 
the volume of the tropical Pacific is not affected by ENSO 
due to water recirculation in the tropical North Pacific. 
Recently, Holland and Mitchum [2003] seem to reconcile this 
conflict by demonstrating that warm water is indeed lost from 
the tropical Pacific as a whole over the course of an El Nifio 
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event, as suggested by Wyrtki [1985]. This loss, however, is rel- 
atively small compared to the redistribution within the trop- 
ics. Kug and Kang [2003] showed that during El Nifio 
meridional transport in the Northern Hemisphere is larger 
than that into the Southern Hemisphere, and that the asym- 
metric characteristics are mainly due to a southward shift of 
the maximum westerly wind anomalies during the mature 
phase of El Nifio [Harrison and Vecchi, 1999]. 

Sun [2003, this volume] presented a “heat pump” hypoth- 
esis for ENSO. An increase in the warm pool SST increases 
the zonal SST contrast that strengthens the easterly trade wind 
and then helps the ocean to store more heat to the subsurface 
ocean. Because of the stronger wind and the resulting steeper 
tilt of the equatorial thermocline, the coupled system is poten- 
tially unstable and is poised to release its energy through a 
stronger warming (i.e., a larger amplitude of El Nifio). The 
occurrence of El Nifio pushes the accumulated heat poleward 
and prevents the further heat buildup in the western Pacific, 
thereby stabilizing the coupled system. This ENSO “heat 
pump” hypothesis is conceptually similar to the physics of 
the recharge oscillator. 


3.1.3. The western Pacific oscillator. The western Pacific 
oscillator (Figure 4) emphasizes the coupled role of the west- 
ern Pacific anomaly patterns in ENSO. This oscillator model 
does not necessarily require wave reflections at the western and 
eastern boundaries. Neglecting the feedbacks due to wave 
reflections at the western and eastern boundaries in the uni- 
fied oscillator by setting b, = 0 and b, = 0, equations (1a}{1d) 
reduce to: 


< = at, +b,t,(t-5)~—eT”, (4a) 
dh 
nae (t—A)-R,h, (4b) 
at 
oa =dT - Rit, (4c) 
at. 
ae =eh—-R,yT, - (4d) 


Equation (4) is the western Pacific oscillator of Weisberg and 
Wang [1997a]. 

Arguing from the vantage point of a Gill [1980] atmos- 
phere, condensational heating due to convection in the equa- 
torial central Pacific [Deser and Wallace, 1990; Zebiak, 1990] 
induces a pair of off-equatorial cyclones with westerly wind 
anomalies on the equator. These equatorial westerly wind 
anomalies act to deepen the thermocline and increase SST in 
the equatorial eastern Pacific, thereby providing a positive 
feedback for anomaly growth [represented by the first term of 
RHS of equation (4a)]. On the other hand, the off-equatorial 
cyclones raise the thermocline there via Ekman pumping. 
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The Western Pacific Oscillator 
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Figure 4. Schematic diagram of the western Pacific oscillator for ENSO. Condensational heating in the central Pacific induces 
a pair of off-equatorial cyclones with westerly wind anomalies in the Nifio4 region. The Nifio4 westerly wind anomalies 
act to deepen the thermocline and increase SST in the Nifio3 region. On the other hand, the off-equatorial cyclones raise 
the thermocline there via Ekman pumping. Thus, a shallow off-equatorial thermocline anomaly expands over the western 
Pacific leading to a decrease in SST and an increase in SLP in the Nifio6 region. During the mature phase of El Nifio, the 
Nifio6 anomalous anticyclone initiates equatorial easterly wind anomalies in the NifioS region. The NifioS easterly wind 
anomalies cause upwelling and cooling that proceed eastward as a forced Kelvin wave response providing a negative feed- 


back for the coupled system to oscillate. 


Thus, a shallow off-equatorial thermocline anomaly expands 
over the western Pacific [represented by equation (4b)], lead- 
ing to a decrease in SST and an increase in sea level pressure 
in the off-equatorial western Pacific. This results in off-equa- 
torial anomalous anticyclones during the mature phase of El 
Nifio, which initiate equatorial easterly wind anomalies in the 
western Pacific [Wang et al., 1999b; Wang, 2000]. These equa- 
torial easterly wind anomalies cause upwelling and cooling that 
proceed eastward as a forced ocean response providing a neg- 
ative feedback [represented by the second term on RHS of 
equation (4a)]. Equations (4c) and (4d) relate the zonal wind 
stress anomalies in the equatorial central Pacific to the equa- 
torial eastern Pacific SST anomalies, and the zonal wind stress 
anomalies in the equatorial western Pacific to the off-equatorial 
western Pacific thermocline anomalies, respectively. The west- 
ern Pacific oscillator is also consistent with the onset of El 
Nifio. During the onset and development phases of an El Nijio, 
twin anomalous cyclones in the off-equatorial western Pacific 
initiate equatorial westerly wind anomalies [e.g., Wang and 
Weisberg, 2000] that produce downwelling Kelvin waves to 
warm the equatorial central and eastern Pacific. 

Earlier studies have shown that the equatorial easterly wind 
anomalies in the western Pacific can force upwelling Kelvin 
waves that raise the thermocline in the east [e.g., Zang and 
Weisberg, 1984; Philander, 1985]. Recently, McPhaden and 
Yu [1999], Delcroix et al. [2000], Boulanger and Menkes 
[2001], Vialard et al. [2001], Picaut et al. [2002], Boulanger 
et al. [2003], and Hasegawa and Hanawa [2003a] have shown 
that the western Pacific oscillator operates in nature. The 
western Pacific wind-forced Kelvin waves play an important 


role in terminating ENSO. For example, Boulanger and 
Menkes [2001] and Boulanger et al. [2003] demonstrated 
that, for the 1997-98 El Nijfio, about two-thirds of the Kelvin 
wave amplitude is actually forced by easterly wind in the 
western Pacific and the other one-third is due to wave reflec- 
tion at the western boundary. In nature, the equatorial easterly 
wind anomalies in the western Pacific are observed to become 
larger and larger (both amplitude and fetch) and move eastward 
after the mature phase of El Nifio. The impact of the easterly 
wind-forced upwelling Kelvin waves is thus gradually strength- 
ened by the increasing fetch and eastward migration of the 
easterly wind anomalies [e.g., Picaut et al., 2002]. 


3.1.4. The advective-reflective oscillator. Picaut et al. [1996] 
found an oceanic convergence zone at the eastern edge of the 
warm pool, which is advected in phase with the Southern 
Oscillation Index over thousands of kilometers, eastward dur- 
ing El Nifio, westward during La Nifia. Based on this finding, 
the study of Picaut and Delcroix [1995] regarding zonal advec- 
tion and wave reflection, and the fact that westerly (easterly) 
winds penetrate into the central (western) equatorial Pacific 
during El Nifio (La Nifia), Picaut et al. [1997] proposed a 
conceptual advective-reflective oscillator for ENSO (Figure 5). 
In this concept, they emphasize a positive feedback of zonal 
currents that advect the western Pacific warm pool toward 
the east during El Nifio. Three negative feedbacks tending to 
push the warm pool back to its original position and then into 
the western Pacific are: anomalous zonal current associated 
with wave reflection at the western boundary, anomalous 
zonal current associated with wave reflection at the eastern 


The Advective-Reflective Oscillator 


(a) 
es 


currents 


< 


La Nifia 
Easterlies 


130°E 180° 80°W 


(b) Mean currents (cm s*) 


130°E 180° 80°W 


Figure 5. Schematic diagram of the advective-reflective oscillator for 
ENSO. This oscillator emphasizes a positive feedback of zonal cur- 
rents that advect the western Pacific warm pool toward the east dur- 
ing El Nifio. Three negative feedbacks tending to push the warm 
pool back to the western Pacific are: anomalous zonal current asso- 
ciated with wave reflection at the western boundary; anomalous 
zonal current associated with wave reflection at the eastern bound- 
ary; and mean zonal current converging at the eastern edge of the 
warm pool. 


boundary, and mean zonal current converging at the eastern 
edge of the warm pool. During the warm phase of ENSO, 
equatorial westerly wind anomalies in the central Pacific pro- 
duce equatorial upwelling Rossby and downwelling Kelvin 
waves that propagate westward and eastward, respectively. 
The westward propagating upwelling Rossby waves reflect 
into upwelling Kelvin waves after they reach the western 
boundary, whereas the eastward propagating downwelling 
Kelvin waves reflect into downwelling Rossby waves at the 
eastern boundary. Since both upwelling Kelvin and down- 
welling Rossby waves have westward zonal currents in the 
equatorial band, they tend to push the warm pool back to its 
original position and then into the western Pacific. These neg- 
ative feedbacks along with the negative feedback of the mean 
zonal current make the coupled system to oscillate. Recent 
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observational and modeling support of the advective-reflec- 
tive oscillator can be found in Delcroix et al. [2000], Clarke 
et al., [2000], An and Jin [2001], Picaut et al. [2001, 2002], 
and Dewitte et al. [2003]. 

The advective-reflective oscillator of Picaut et al. [1997] can 
also be represented by a set of simple and heuristic equations. 
By setting b, = 0 in equation (1a), the unified oscillator model 
is reduced to: 


aT 


at = at, —bt,(t -N) —b7,(¢ - w) -eT’, (Sa) 
dt 
ae =dT - Rt, - (5b) 


In derivation and formulation of the unified oscillator model 
[Wang, 2001a], it is shown that two advection terms of udT /dx 
and wdT /dx are included in the first term of at, in equation 
(5a) (also see Battisti and Hirst [1989]). Thus, the effects of 
zonal current are included in the term of at,. The effect of 
anomalous zonal current associated with wave reflection at the 
western boundary can be explained by the term of —b,7,(7-) 
in equation (5a) (also see Clarke et al. [2000]). The negative 
feedback of wave reflection at the eastern boundary is repre- 
sented by the third term of RHS of equation (5a). 


3.2. Slow (SST) Modes 


Interaction between the tropical Pacific Ocean and atmos- 
phere can produce coupled slow modes. The simple coupled 
system (with constant mean states) displays a slow westward 
propagating unstable mode [Gil/, 1985; Hirst, 1986] and a 
slow eastward propagating unstable mode [Philander et al., 
1984; Yamagata, 1985; Hirst, 1986]. These two modes are 
further investigated numerically by Hirst [1988] and analyt- 
ically by Wang and Weisberg [1996], showing that they can 
propagate and continuously regenerate on interannual 
timescales. The delayed oscillator is not relevant to these 
unstable modes. For example, Wang and Weisberg [1994] 
showed that the evolution of the eastward propagating mode 
is nearly identical for the closed and open ocean western 
boundary conditions (the open western boundary does not 
allow waves to be reflected). 

Neelin [1991] introduced a slow SST mode theory by 
emphasizing physical processes in the oceanic surface layer 
(not related to wave dynamics). Whether the coupled system 
favors the SST modes or the ocean-dynamics modes (associ- 
ated to the delayed oscillator) is determined by the ocean 
adjustment process. For the ENSO timescale, there are two key 
adjustments: one associated with the dynamical adjustment of 
the equatorial ocean, and the other associated with the ther- 
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modynamical changes in SST due to air-sea coupling. When 
the dynamical adjustment of the ocean is fast compared with 
the changes in SST, the behavior of the coupled ocean-atmos- 
phere system depends critically on the time evolution of the 
SST, but is less influenced by the ocean-wave dynamics. On 
the other hand, if the dynamical adjustment of the ocean is 
slow, the coupled ocean-atmosphere system is dominated by 
the equatorial wave dynamics that provide the “memory” for 
an interannual oscillation. Jin and Neelin [1993] and Neelin 
and Jin [1993] provided a unified view between the slow SST 
mode and the ocean-dynamics modes, by arguing that in most 
of the parameter space the coupled modes will have a mixed 
nature, i.e., the mixed SST/ocean-dynamics modes. An advan- 
tage of the slow modes is that they can explain the propagat- 
ing property of interannual anomalies whereas the delayed 
oscillator mode produces a standing oscillation. 

A number of physical processes compete in terms of the 
direction of modes’ propagation (eastward and westward). 
Propagation is first discussed by considering a region with 
a positive SST anomaly in the equatorial eastern/central 
Pacific. The wind responses to the west of the region are 
anomalous westerly, whereas they are easterly to the east 
[Gill, 1980]. This wind distribution drives anomalous zonal 
currents that advect warm water to the west of the region 
and cold water to the east. At the same time, the anomalous 
westerly (easterly) winds to the west (east) induce local 
anomalous downwelling (upwelling). As a result of both 
zonal advection and downwelling, the region of positive SST 
anomaly expands on its western side and the SST anomaly 
then propagates westward. On the other hand, the anom- 
alous westerly winds induce a deepening of the thermocline 
in the east, which warms SST in the east through mean 
upwelling. Additionally, the nonlinearity of the anomalous 
vertical temperature gradient by the anomalous upwelling 
can also warm SST in the east [Jin et al., 2003]. Thus, both 
can make the SST anomaly propagate eastward. Second, 
propagation of interannual anomalies is considered in the 
western Pacific Ocean from both dynamical and thermody- 
namical air-sea coupling [Wang, 1995b; Philander and 
Fedorov, 2003]. From the dynamical point of view, a mod- 
est disturbance in the form of a brief burst of westerly winds 
(or the Madden-Julian Oscillation) in the western Pacific 
will generate currents that transport some of the warm water 
eastward, thus decreasing the zonal temperature gradient. 
The resultant weakening of the trade winds will cause more 
warm water to flow eastward, causing even weaker winds. 
From the thermodynamical point of view, during the boreal 
winter and spring, the climatological zonal wind in the equa- 
torial western Pacific varies from a weak westerly at 
130°E-—150°E to an easterly near the date line, with a direc- 
tion reversal around 150°E. Superposition of an equatorial 


westerly anomaly in the above mean zonal wind in the west- 
ern Pacific will have different effects on SST. In the region 
of a weak mean easterly between 160E°—170°E, a westerly 
anomaly implies a reduction in the total wind speed, result- 
ing in an increase in SST due to reduced evaporation. How- 
ever, in the region of a weak mean westerly at west of 150°E, 
a westerly wind anomaly increases the total wind speed, 
inducing the cooling of SST through enhanced evaporation. 
Therefore, an eastward SST gradient is produced, which in 
turn reinforces the equatorial westerly wind anomalies 
[Lindzen and Nigam, 1987]. The feedback between the east- 
ward SST gradient and westerly anomalies promotes the 
eastward propagation of the equatorial westerly anomalies 
observed during an El Nifio event. 


3.3, A Stable Mode Triggered by Stochastic Forcing 


In the ENSO views of Sections 3.1 and 3.2, the coupled 
tropical Pacific Ocean-atmosphere system is dynamically 
unstable. However, as model parameters are changed, the 
oscillatory and slow modes can become stable (e.g., see 
model parameter studies of Battisti and Hirst [1989]; Hirst 
{1988]; Neelin and Jin [1993]; Wang and Weisberg [1996]; 
Jin [1997]; Wang [2001a}). In this case, a stochastic trigger 
(forcing term) must be added to an oscillator model to excite 
an irregular oscillation [e.g., Graham and White, 1988; Jin, 
1997]. ENSO as a stable mode triggered by stochastic force- 
ing (or noise) has been suggested by many authors [e.g., 
McWilliams and Gent, 1978; Lau, 1985; Penland and 
Sardeshmukh, 1995; Blanke et al., 1997; Kleeman and 
Moore, 1997; Eckert and Latif, 1997; Moore and Kleeman, 
1999a, b; Thompson and Battisti, 2001; Dijkstra and Burg- 
ers, 2002; Larkin and Harrison, 2002; Kessler, 2002; Zavala- 
Garay et al., 2003]. This hypothesis proposes that 
disturbances, unrelated to internal ENSO dynamics, are the 
source of stochastic forcing that drives ENSO. It should be 
pointed out that stochastic forcing might also have a low-fre- 
quency spectral tail (as a result of cumulative effect of strong 
or extended series of random events) that can directly drive 
ENSO [Moore and Kleeman, 1999a]. An attractive feature of 
this hypothesis is that it offers a natural explanation in terms 
of noise for the irregular behavior of ENSO variability. Since 
this view of ENSO requires the presence of atmospheric 
“noise”, it easily explains why each El Nifio is distinct and 
EI Nifio is so difficult to predict [e.g., Landsea and Knaff, 
2000; Fedorov et al., 2003]. 

No matter whether El Nifio is a self-sustained mode or a 
stable mode triggered by stochastic forcing, El Nifio matures 
with warm SST anomalies in the equatorial central and east- 
ern Pacific. After an El Nifio reaches its mature phase, nega- 
tive feedbacks are required to terminate the growth of the 


mature El Nifio anomalies in the central and eastern Pacific. 
In other words, the negative feedbacks associated with the 
delayed oscillator, the recharge oscillator, the western Pacific 
oscillator, and the advective-reflective oscillator may be still 
valid for demise of an El Nifio even if El Nifio is regarded as 
a stable mode triggered by stochastic forcing. 

A stable mode can be either oscillatory or non-oscillatory 
(highly damped). For a non-oscillatory mode, there is no 
necessary connection between one El Nifio event and the 
next, i.e., El Nifio is sporadic, not cyclic [e.g., Larkin and 
Harrison, 2002; Kessler, 2002; Philander and Fedorov, 
2003], and a random disturbance is needed to initiate each 
new event. For an oscillatory mode, each El Nijfio is related 
to the ensuing ENSO phases. Mantua and Battistti [1994] dis- 
cussed three simple ENSO scenarios: (1) periodic ENSO 
cycle, (2) non-periodic ENSO cycle, and (3) non-periodic, 
non-cyclic ENSO event. In the latter two cases, the warm 
SST anomalies in the eastern and central Pacific are initiated 
by something other than a reflected Kelvin wave issued by 
the preceding cold event. However, the reflected upwelling 
Kelvin waves can be responsible for shutting down the grow- 
ing instability in the equatorial central and eastern Pacific. 
A sequence of independent warm events can still be con- 
sistent with delayed oscillator physics since the termination 
of individual El Nifio can occur as a result of wave reflection 
at the western boundary. 


4, EFFECTS OF HIGH-FREQUENCY VARIABILITY 
ON ENSO 


Variability with frequency higher than the ENSO frequency 
includes the seasonal cycle and the intraseasonal variability 
(ISV). Both seasonal cycle and ISV play roles in ENSO. 


4.1, Seasonal Cycle 


The seasonal cycle can contribute to the irregularity of 
ENSO and the ENSO phase-locking [e.g., Jin et al., 1994; 
Tziperman et al., 1995; Chang et al., 1995]. Using numeri- 
cal models, these studies showed that interannual variabil- 
ity is periodic without seasonal cycle forcing, but as model 
parameters (related to the seasonal cycle and the ocean-atmos- 
phere coupling) are increased the interannual model solu- 
tion undergoes a transition from periodic to irregular (or 
chaotic) through a sequence of rational fractions of the sea- 
sonal cycle: ENSO remains phase-locked to the seasonal 
cycle. In models, the seasonal cycle is influenced through 
mean background states of atmospheric wind divergence, 
oceanic upwelling, and so on. Mantua and Battisti [1995] 
hypothesized that interaction between ENSO and the “mobile” 
mode (a near-annual and westward propagating mode) is the 
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cause for irregular variability in the Zebiak and Cane [1987] 
model simulations. The transition to chaos of a model system 
can occur in any of three universally recognized scenarios: the 
period doubling route [Chang et al, 1995], the quasi-perio- 
dicity route [7ziperman et al., 1995], and the intermittency 
route [Wang et al., 1999a]. 


4.2. Intraseasonal Variability (ISV) 


The prominent ISV in the western and central Pacific 
includes westerly wind bursts (WWB) and the Madden- 
Julian Oscillation (MJO). Although both the WWB and MJO 
show westerly winds over the western Pacific, they differ 
temporally and spatially. Based on the region of maximum 
zonal wind anomalies, Harrison and Vecchi [1997] and Vec- 
chi and Harrison [2000] identified eight different types of 
WWB event. On average, WWB has zonal width between 30° 
and 40° longitude, meridional width between 10° and 15° lat- 
itude, and duration between 7 and 10 days. The MJO, a wave- 
like atmospheric phenomenon, has a time-scale of between 
30-90 days and has a much larger structure than the WWB 
[Madden and Julian, 1994; Slingo et al., 1999]. The MJO 
propagates eastward and the WWB does not necessarily. 
The WWB tends to develop during active phases of the MJO 
(also tends to form from paired tropical cyclones and cold 
surges from mid-latitude), but the exact relationship between 
the WWB and MJO is not clear. They both have an influence 
on oceanic variability. However, the quantitative differences 
between the effects on the ocean by the WWB and MJO 
have not yet been determined. Therefore, we herein collec- 
tively review their roles in the ocean and ENSO, while 
Lengaigne et al. [this volume] provide a detailed review of 
the WWBs and their influence on the tropical Pacific Ocean- 
atmosphere system. 

The ISV, associated with WWB and MJO, has a local effect 
on the western Pacific and a remote effect on the eastern 
Pacific. The local effect includes a change in mixed layer depth, 
surface jets, and an oceanic cooling in the western Pacific that 
can be explained by varying both shortwave radiation and 
latent heat flux. Convective activity associated with ISV 
increases atmospheric cloudiness that reduces shortwave radi- 
ation and then cools the western Pacific Ocean [e.g., Weller and 
Anderson, 1996]. During the boreal winter and spring, the cli- 
matological zonal wind in the equatorial western Pacific west 
of 150°E is a weak westerly. Thus, a westerly wind anomaly 
(associated with ISV) increases the total wind speed, inducing 
the cooling of SST through enhanced evaporation. 

The remote effect of ISV on the eastern Pacific is via down- 
welling Kelvin waves generated by westerly wind anomalies 
in the western Pacific [e.g., Kessler et al., 1995; Hendon et al., 
1998; Zhang, 2001; Zhang and Gottschalck, 2002; Kutsuwada 
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and McPhaden, 2002; Cravatte et al., 2003]. The generated 
downwelling Kelvin waves propagate eastward along the ther- 
mocline to the central and eastern Pacific. The resulting rises 
in sea level along the South American coast are observed to 
occur approximately 6—7 weeks following the WWB events 
that generate them. Along the equator the Kelvin waves are also 
accompanied by anomalous surface currents that induce an 
eastward displacement of the eastern edge of the western 
Pacific warm pool [Matsuura and Tizuka, 2000; Picaut et al., 
2002; Lengaigne et al., 2002]. The combined effects of zonal 
advection and thermocline depression increase the SST in the 
central and eastern Pacific and thus decrease the zonal SST 
gradient and weaken the trade winds [Lindzen and Nigam, 
1987]. The weakening of the trade winds will cause more 
warm water to flow eastward, causing even weaker trade 
winds. This positive feedback can result in the onset of an El 
Nifio event, as hypothesized by Bjerknes [1969]. As an exam- 
ple, both observations and numerical models have shown that 
the westerly wind anomalies in the western Pacific during the 
boreal winter and spring of 1996-97 played an important role 
in the onset of the 1997-98 El Nifio fe.g., McPhaden, 1999; 
McPhaden and Yu, 1999; Wang and Weisberg, 2000; van Old- 
enborgh, 2000; Boulanger et al., 2001; Bergman et al., 2001; 
Picaut et al., 2002]. Cravatte et al. [2003] recently noticed an 
oscillation in the surface winds over the warm pool with an 
approximate 120-day period. This oscillation, of unknown 
origin, generates equatorial Kelvin waves as strong as those 
excited by the MJO. The two sets of downwelling Kelvin 
waves induced by the MJO and the 120-day wind oscillation 
seem to be stronger during the onset of El Nifio and may inter- 
fere in its development. Note that easterly winds associated 
with the MJO generate upwelling Kelvin waves that can par- 
ticipate in the demise of El Nifio [Takayabu et al., 1999]. 
As discussed in Section 3.3, the ISV has been treated as 
noise or disturbances that can drive or sustain ENSO. Con- 
sidering the ENSO oscillator models discussed in Section 3.1, 
noise terms can be incorporated through equations that con- 
trol the variations of atmospheric winds [e.g., Graham and 
White, 1988; Jin, 1997]. If the ISV is acting on a self-sus- 
tained oscillatory system, then it is a source of the irregular- 
ity of ENSO. On the other hand, if the ISV is acting on a 
stable system, then it is the source of both its variability and 
irregularity. In addition to the stability of the coupled system, 
the temporal and spatial structures of noise may also determine 
the impact of noise on ENSO [e.g., Bergman et al., 2001; 
Fedorov, 2002]. For example, strong MJO activity was also evi- 
dent during the boreal winter of 1989-90 and the early stage 
of development was similar to that of 1996-97. However, the 
development of El Nifio was aborted in May 1990. The MJO 
was relatively quiescent during the boreal winter of 1981-82. 
A strong El Nifio developed during 1982, but not as rapidly as 


it did during 1997. All of these suggest a complex relationship 
between MJO and ENSO. 

A more theoretical approach to El Nifio as a stable mode 
driven by stochastic forcing has been provided in the frame- 
work of generalized stability theory [Farrell and Ioannou, 
1996a, b]. It is argued that the coupled tropical Pacific Ocean- 
atmosphere system is non-normal (i.e., its low-frequency 
eigenvectors are non-orthogonal) [e.g., Moore and Kleeman, 
1996; Moore and Kleeman, 1999a, b]. In a non-normal ENSO 
system, a perturbation can still experience transient growth 
(grow to a finite amplitude and then decay) even if the system 
is asymptotically stable. This is because the low-frequency 
eigenvectors can interfere constructively with one another 
since they are non-orthogonal. The spatial structure of sto- 
chastic forcing is important if it is to increase variability on sea- 
sonal-to-interannual timescales. The stochastic optimals are the 
spatial patterns that stochastic forcing must have in order to 
produce large response in a coupled model, and the optimal 
perturbations represent the fastest growing perturbations that 
can exist in the coupled system [Moore et al., 2003]. Using an 
intermediate coupled ocean-atmosphere model, Moore and 
Kleeman [1999a, b] showed that when the coupled model is 
subjected to stochastic noise forcing that projects on the sto- 
chastic optimals, perturbations with initial structures that are 
similar to the optimal perturbations are excited and subse- 
quently grow rapidly. The stochastic component of the 
NCEP/NCAR reanalysis has been shown to possess such opti- 
mal structures [Zavala-Garay et al., 2003]. The idea is also 
supported by Penland and Sardeshmukh [1995] and Penland 
[1996] who analyzed the optimal perturbations of observed 
SST in the tropical Pacific and Indian Oceans. 

Some studies have argued that ISV does not play a critical 
role in ENSO [e.g., Zebiak, 1989b; Slingo et al., 1999; Syu and 
Neelin, 2000; Kessler and Kleeman, 2000]. Zebiak [1989b] 
showed that, in his intermediate model, the atmospheric ISV 
does not seem to affect ENSO. Syu and Neelin [2000] demon- 
strated that a noisier signal with shorter timescales does not 
appear to have an obvious relation to the ENSO cycle in their 
model. Kessler and Kleeman [2000] concluded that the MJO 
can interact constructively with the onset of El Nifio to amplify 
a developing warm event, however, the MJO on its own does 
not appear to be the cause of El Nifio. Slingo et al. [1999] 
could not find an interannual relationship or linkage between 
the MJO and EI Nifio, based on the MJO index defined from 
global winds and convection. When the MJO index was based 
on local signals of the MJO in the Pacific, Zhang and 
Gottschack [2002] found a relation between Kelvin wave ISV 
forcing and SST anomalies in the eastern equatorial Pacific 
during El Nifio, at least for the 1980-99 period. Obviously, the 
MJO-ENSO relationship depends on indices that measure 
variations of the MJO. 


5. LOW-FREQUENCY VARIABILITY OF ENSO 


In this section, the observational evidence of decadal-mul- 
tidecadal variability and warming trends in both the tropical 
and mid-latitude Pacific are first discussed. The mechanisms 
proposed for tropical Pacific decadal-multidecadal variability 
are summarized, and the interpretation of tropical Pacific 
warming trends, global warming, and ENSO are reviewed. 
The difficulties and uncertainties of the studies of low-fre- 
quency variability are finally discussed. Seager et al., in this 
volume, discuss predictability of Pacific decadal variability. 


5.1. Observational Evidence of Decadal-Multidecadal 
Variability and Warming Trends in the Tropical and 
Mid-latitude Pacific 


Decadal and multidecadal variability in the North Pacific has 
been analyzed for more than a decade [e.g., Nitta and Yamada, 
1989; Trenberth, 1990; Minobe, 2000]. Although this low- 
frequency variability is relatively well documented, it is still 
unclear if one major mode or several co-equal decadal modes 
of variability affect this region. For example, there is some 
evidence of four decadal ocean-atmosphere statistical modes 
that occupy a thick layer of the North Pacific Ocean [Luo and 
Yamagata, 2002]. The most studied signal has been called the 
PDO for Pacific (inter) Decadal Oscillation [Mantua et al., 
1997] or NPO for North Pacific decadal-multidecadal Oscil- 
lation [Gershunov and Barnett, 1998]. Both correspond to 
the leading EOF of SST North of 20°N. The PDO appears as 
a recurring pattern of ocean-atmosphere variability centered 
over the mid-latitudes of the North Pacific. Cold PDO regimes 
prevailed in 1880-1924, and in 1947-1976, while warm 
regimes prevailed in 1925—1946 and from 1977 to the mid- 
1990s. Despite sparse data coverage, there is evidence of 
decadal variability in the mid-latitudes and subtropics of the 
Southern Pacific [Garreaud and Battisti, 1999, Linsley et al., 
2000; Chang et al., 2001; Mantua and Hare, 2002). In par- 
ticular, the position of the South Pacific convergence zone is 
subject to an interdecadal oscillation, in addition to an ENSO 
oscillation. Both oscillations have similar amplitudes, but 
they appear independent [Folland et al., 2002]. The inter- 
decadal variability in the South Pacific can be regarded as 
the quasi-symmetric manifestation of the PDO. 

The tropics and in particular the tropical Pacific are marked 
by several decadal-multidecadal coupled modes [Goswami 
and Thomas, 2000; White et al., 2003]. Examination of the 
PDO over the entire Pacific basin reveals that its spatial sig- 
nature in SST, SLP, and wind stress is somewhat similar to 
the “horse shoe” signature of ENSO [Mantua et al., 1997; 
Zhang et al., 1997; Garreaud and Battisti, 1999; Mestas- 
Nunez and Enfield, 2001; Salinger et al., 2001]. It is marked 
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by an equator-straddling SST anomaly in the eastern tropi- 
cal Pacific less confined than those of ENSO, and by a rela- 
tively greater SST anomaly of opposite sign in the North 
Pacific (Plate 3). However, the PDO may also be distinct from 
the ENSO-like Pacific-wide decadal oscillation, as they appear 
dominated by 50 years and 20-30 years oscillations, respec- 
tively [Minobe, 2000; Liu et al., 2002]. On the other hand, 
Tourre et al. [2001] found two distinct decadal (9-12 years) 
and interdecadal (12—25 years) signals in the Pacific basin. 
Excepting this last study, the spectral peaks found on decadal 
and interdecadal timescales are not significantly different 
from red noise, and it is proper to refer to variability rather than 
oscillation for these timescales. In any case, the links between 
these tropical and/or Pacific-wide decadal-multidecadal vari- 
ability and ENSO may be crucial, either through the modu- 
lation of the basic ENSO oscillation in the tropical Pacific or 
through their teleconnections [Gershunov and Barnett, 1998; 
Alexander et al., this volume]. 

Decadal-multidecadal variability is difficult to comprehend 
from temporally limited data, and several authors have thus 
focused on the recent 1976 global climate shift [Guilderson and 
Schrag, 1998; Zhang et al., 1998; Karspec and Cane, 2002; 
Giese et al., 2002]. Its signature in the tropical Pacific is par- 
ticularly important with a rapid increase of SST over the span 
of a year. This warming is associated with an increase in the 
amplitude and period of ENSO, and an eastward displacement 
along the equator of the maximum anomalies of SST gradient, 
westerly wind, and thermocline slope [Wang and An, 2002]. The 
origin of this warming and climate shift is still unclear. Zhang 
et al. [1998] suggest that subducted warm-water issued from 
the North Pacific perturbed the tropical thermocline (a hypoth- 
esis refuted by Guilderson and Schrag [1998]), while Giese 
et al. [2002] consider also a subsurface bridge but originat- 
ing from the subtropical South Pacific. Note that other SST 
shifts in the last century may have occurred around 1924—25, 
1941-42 and 1957-58 [Chao et al., 2000], most probably as 
phase transitions of several decadal-multidecadal oscillations 
[Minobe, 2000]. The dominance of the 1976 shift may be 
related to the acceleration of the 20th century warming trend 
observed in the tropical Pacific. Knutson and Manabe [1998] 
noted that this warming trend in a broad tnangular region of the 
eastern tropical and subtropical Pacific increases from 0.41°C 
(100 yry! since 1900 to 2.9°C (100 years)! since 1971. Like 
the Pacific-wide decadal mode, this warming trend has an El 
Niiio-like structure. 


5.2. Mechanisms of Tropical Pacific Decadal-Multidecadal 
Variability 


As discussed above, both the tropical and mid-latitude 
Pacific show decadal-multidecadal variability. Latif [1998], 
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Plate 3. The two leading modes of Nifio4 SST anomalies extracted through singular spectrum analysis. The upper panels 
represent the reconstruction of the Nifio4 SST anomaly index using the two leading modes (20% of variance for ENSO 
mode and 25% for decadal mode); units are in [K]. The lower panels represent the regression patterns of SST anomalies 
using the upper two time-series as indices; units are [K]/standard deviation (courtesy of Mojib Latif). 


Miller and Schneider [2000], Minobe [2000], and Mantua 
and Hare [2002] review mechanisms of North Pacific decadal- 
multidecadal variability. This subsection reviews the mecha- 
nisms of tropical Pacific decadal-multidecadal variability that 
can be divided into two categories: (1) tropical origins and 
(2) tropical-extratropical connections. 


5.2.1, Tropical origins. Tropical Pacific decadal-multi- 
decadal variability can be generated in the tropics only, with- 
out involving extratropical processes. Stochastic atmospheric 
forcing can lead to decadal-multidecadal variability in the 
tropical Pacific [e.g., Kirtman and Schopf, 1998; Latif et al., 
1998; Burgers, 1999; Thompson and Battisti, 2001]. Using a 
simple model, Wang et al. [1999a] showed that tropical Pacific 
decadal-multidecadal variability might result from the non- 
linear interactions between the seasonal and interannual cycles. 
Timmermann et al. [2003] hypothesized that ENSO varia- 
tions can grow until they reach the maximum intensity of El 
Nifio, then a quick reset takes place and small ENSO variations 
grow again. Due to the asymmetry of El Nifio and La Nifia, 
the decadal amplitude modulation of ENSO is translated into 
decadal background changes. Such nonlinear behaviors were 
found in coupled model simulations by Timmermann [2003] 
and Rodgers et al. [2004]. 

Linear dynamics and local ocean-atmosphere interaction 
can be at the origin of decadal variability in the tropical Pacific 
Ocean. Tropical local wind may force the decadal variability 
in the tropical Pacific Ocean [Schneider et al., 1999a; Karspeck 
and Cane, 2002]. The decadal changes in the background 
wind, before and after the 1976 climate shift, qualitatively 
reproduce the observed changes in ENSO properties noted 
above [Wang and An, 2002]. The origin of the changes in the 
winds is unclear, with a mid-latitude SST influence suggested 
by Pierce et al. [2000] and tropical ocean-atmosphere coupling 
proposed by Liu et al. [2002]. Yet, these last authors suggest 
that the decadal variability in the tropical Pacific can be 
enhanced by extratropical oceanic teleconnection. Using a 
coupled GCM, Schneider [2000] suggests an interesting 
decadal mode effective within the tropical Pacific, in which 
advection of salinity compensated temperature along isopyc- 
nals (termed spiciness anomalies) sets the decadal timescale. 

Several authors have considered the inclusion of higher ver- 
tical and horizontal modes in the oceanic part of the ENSO 
delayed action oscillator to tentatively explain the decadal trop- 
ical variability, through wider ocean-atmosphere coupling, 
longer time in Rossby wave propagation and a reflected slow 
equatorial coupled wave. Using coupled models, Knutson and 
Manabe [1998], Yukimoto et al. [2000], and Jin et al. [2001] note 
westward phase propagations of decadal upper ocean temper- 
ature or thermocline depth around 9-12°N, 20°N and 15—25°N, 
respectively. Similar decadal propagating signals appear in 
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observations [White et al., 2003] and in a model forced over the 
1958-97 period [Capotondi and Alexander, 2001]. Similarly, the 
ENSO recharge oscillator has been amended to include off 
equatorial Rossby waves and eastern subtropical wind vari- 
ability [Jin, 2001; Wang et al., 2003]. This amendment is sup- 
ported by the observation and simulation of decadal variability 
in upper-heat content in the tropical Pacific [Hasegawa and 
Hanawa, 2003b; Alory and Delcroix, 2002]. 


3.2.2. Tropical-extratropical connections. Gu and Philan- 
der [1997] consider an oceanic bridge that subducts and 
advects, in about 10 years, mid-latitude surface waters of 
anomalous temperature all the way to the Equatorial Under- 
current (EUC) via shallow subtropical cells (STCs) [Schott 
et al., this volume]. The anomalous waters are subsequently 
brought to the surface by equatorial upwelling and finally 
moved poleward by Ekman divergence [Johnson, 2001]. The 
circuit can be closed through this poleward. surface oceanic 
bridge. It can also be closed through the upwelling-induced 
changes in eastern equatorial SST that influence the tropical 
and extratropical winds, which in turn affect the initial mid- 
latitude surface water anomalies. There is some evidence that 
anomalous surface water masses may subduct from the North- 
ern and Southern Hemispheres toward the equator, using 
observations [Deser et al., 1996; Zhang et al., 1998; John- 
son and McPhaden, 1999] and using models [McCreary and 
Lu, 1994; Liu, 1994; Rothstein et al., 1998; Harper, 2000; 
Solomon et al., 2003]. However, the detailed data analysis of 
Schneider et al. [1999a] does not find any significant decadal 
link between the North Pacific and the equator through anom- 
alous subduction. Moreover, the temperature advected by the 
EUC is subject to strong seasonal and interannual variations 
that probably blur any remaining decadal signal [/zumo et al., 
2002]. Finally, model studies [Schneider et al., 1999b; 
Hazeleger et al., 2001] indicate that decadal variability in the 
tropics is largely independent of the arrival of water anomalies 
subducted from the mid-latitudes. While Gu and Philander 
[1997] suggested anomalous temperature transported by STCs 
as a mechanism of tropical decadal variability, Kleeman et 
al. [1999] proposed that changes in STC strength vary the 
amount of cold water transported into the equatorial thermo- 
cline. This mechanism is supported by the observation of a 
slowdown of STCs from the PDO related regime shift of mid- 
1970s to the late 1990s together with a decrease in equatorial 
upwelling [MfcPhaden and Zhang, 2002]. The results of an 
OGCM forced by observed winds are also consistent with the 
mechanism of STC strength [Nonaka et al., 2002]. However, 
the two-year lag, found by these last authors between STC- 
induced and wind-forced equatorial SSTs, suggests that STC 
strength is not dominant in generating tropical decadal oscil- 
lations, acting more to amplify than to initiate them. 
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A number of the previous studies have focused on adia- 
batic oceanic processes. For example, in Gu and Philander 
[1997] the oceanic bridge is assured adiabatically through the 
subduction and advection of temperature anomalies. On the 
other hand, the surface forcing in the subduction region of 
the central North Pacific seems predominately diabatic [Schnei- 
der et al., 1999a}. The theoretical study of Boccaletti et al. 
[2004] indicates that basin-wide diabatic processes may con- 
trol the tropical thermocline on decadal timescales, without 
involving explicit connection between the tropics and mid- 
latitudes. The relative importance of diabatic and adiabatic 
processes may depend on timescales. In a Pacific study using 
expendable bathythermograph data and an oceanic model over 
1970-88, Auad et al. [1998] found that the 10-year variabil- 
ity is strongly influenced by adiabatic heat changes, while 
20-year variability is more influenced by diabatic processes, 
such as direct thermal forcing by the atmosphere. 

Another mechanism involves a wave signal exchanged 
between mid-latitude and the tropics. Jacobs et al. [1994] 
suggested that the 1982—83 El Nifio could have decadal effects 
on the northwestern Pacific circulation, through mid-latitude 
Rossby waves reflected from equatorial Kelvin waves imping- 
ing on the American coasts. Lysne et al. [1997] found a weak 
decadal signal in their search for an oceanic bridge driven by 
wave dynamics: anomalous temperature is propagated by mid- 
latitude Rossby waves to the western boundary, then equa- 
torward by coastal Kelvin waves, and finally modifies 
equatorial SST via equatorial Kelvin waves. 

Since the PDO is one of the most important oscillations 
of decadal-multidecadal timescales on earth, it is an obvi- 
ous candidate for forcing the tropical decadal variability 
through an atmospheric bridge. Moreover, on decadal 
timescale the largest SST anomalies and ocean heat content 
occur at the mid-latitude not in the tropics [Giese and Car- 
ton, 1999]. The decadal change in the northern atmosphere 
is wide enough to alter the wind stress over the equatorial 
Pacific, hence the mean state of the equatorial thermocline and 
upwelling, and ultimately ENSO activity [Barnett et al., 1999; 
Pierce et al., 2000; Wang and An, 2002]. The atmospheric 
bridge between the decadal variability of the North Pacific and 
ENSO may well be the imprint of a common internal vari- 
ability in the atmosphere [Pierce, 2002]. In fact, Wang and 
Weisberg [1998] found that the out-of-phase SST decadal 
signal in the mid-latitudes and the tropics (Plate 3) is the 
result of a tropical-extratropical oscillation that involves feed- 
backs from the atmospheric Hadley and Walker circulations. 
As noted above, the PDO has a notable signature in the South- 
ern Hemisphere, and the studies of Luo and Yamagata [2001] 
and Luo et al. [2003] illustrate the role of the South Pacific 
in sustaining tropical decadal variability through anomalous 
cyclonic or anticyclonic atmospheric circulation. The recent 


study of Yu and Boer [2004] on heat content anomalies forced 
in the western South Pacific by surface heat forcing and in the 
western North Pacific by ocean dynamics, underlines the 
combined role of the two hemispheres in generating Pacific 
decadal variability. 


5.3. Interpretation of Tropical Pacific Warming Trends, 
Global Warming, and ENSO 


Despite the observational difficulties in separating decadal 
variability from long-term trends, there is an undeniable accel- 
eration of the warming trend over the last 50 years in the east- 
ern tropical and subtropical Pacific [e.g., Knutson and Manabe, 
1998] but its origins remain uncertain. Using SST and several 
atmospheric parameters, Curtis and Hastenrath [1999] find 
long-term trends in the tropical Pacific compatible with the 
radiative but not with the wind forcing. They also note the 
resemblance of these trends to El Nifio patterns. Liu and 
Huang [2000] attribute the SST warming trend to the weak- 
ening trade wind, which reduces the vertical and zonal advec- 
tion of cold water in the eastern and western equatorial Pacific, 
respectively. Cane et al. [1997] argue that the eastern equatorial 
Pacific has instead cooled since 1900, under increasing trade 
winds (difficulties in building historical surface fields and in 
particular correcting wind products are briefly discussed in the 
next sub-section). In fact, Lau and Weng [1999] found a sec- 
ondary cooling trend centered near the Nifio3 region, super- 
imposed on a general warming trend. 

Using global coupled ocean-atmosphere models, Knutson 
and Manabe [1998] did not find that the observed warming 
trends are quantitatively consistent in magnitude and dura- 
tion with internal climate variability alone. They conclude 
that part of the warming trend may be attributed to sustained 
thermal forcing, such as greenhouse warming. In the same 
way, statistics on the Southern Oscillation behavior by Tren- 
berth and Hoar (1996, 1997] open the possibility, challenged 
by Harrison and Larkin [1997] and Rajagopalan et al. [1997], 
that greenhouse gas is involved in the tendency for more fre- 
quent El Nifio since the late 1970s. Meehl and Washington 
[1986] was one of the first model studies that looked at the 
changes within the tropics under an increase of atmospheric 
CO,. Most coupled models in the late 1990s [e.g., Meehl and 
Washington, 1996; Knutson and Manabe, 1998; Timmermann 
et al., 1999] suggested that the eastern equatorial Pacific 
would warm more rapidly than the west. The SST gradient 
along the equator slackened together with the easterlies, and 
this results in an El Nifio-like pattern of changes. Another 
school of studies suggests that the CO, warming response 
should be La Nifia-like, with an increase of the equatorial 
SST gradient [Cane et al., 1997; Seager and Murtugudde, 
1997] and maximum warming in mid-latitudes. There are a 


number of arguments for an El Nifio-like pattern in response 
to global warming. Under this scenario the cloud-shielding 
thermostat over the warm pool [Ramanathan and Collins, 
1991; Meehl and Washington, 1996] or the evaporative surface 
cooling [Knutson and Manabe, 1995] will make the warming 
less efficient in the west than the east, and the SST equatorial 
gradient will decrease. The warm pool can also expand toward 
the east, thus increasing the overlying atmospheric convec- 
tion and westerly winds [Yu and Boer, 2002]. In the absence 
of ocean dynamics, the atmospheric response to global warm- 
ing over the equatorial Pacific is a decrease of easterlies 
[Vavrus and Liu, 2002]. On the contrary, the La Nifia-like pat- 
tern is due to equatorial upwelling that reduces the surface 
warming in the east, leading to an increased SST gradient 
along the equator and thus stronger easterlies. A coupled 
model forced by historical (1880-1990) and future green- 
house gas concentrations results in a warming trend, which ini- 
tially is larger in the extra-tropics and has a La Nifia-like 
pattern in the tropics [Cai and Whetton, 2000]. The pattern 
becomes El Nifio-like after the 1960s and remains in this state 
during the 21st century. In this simulation, the shift (analogous 
to the observed. 1976 shift) is explained by the delayed arrival 
of warm waters from the initial extra-tropical warming by 
STCs in the equatorial thermocline [Cai and Whetton, 2001b]. 
As noted by Liu [1998], any global warming study of the 
equatorial SST gradient must consider both the relatively 
rapid air-sea interaction process and the long-term thermo- 
cline process. 

The plausible tendency for an El Nifio-like pattern under 
global warming does not mean that the tropical Pacific will stay 
in a permanent El Nifio. Superimposed on the new mean warm 
state, ENSO oscillations may continue but with probable 
changes in its behavior (possibly due to the change of the 
mean state). Using a low-resolution coupled model, Knutson 
and Manabe [1997] found a slight decrease in ENSO ampli- 
tude, no significant change in ENSO frequency and more 
pronounced multidecadal modulation of ENSO, in response 
to doubling or quadrupling of CO,. With a finer model reso- 
lution, Timmermann et al. [1999] found more frequent El 
Nifios and stronger La Nifias. Collins [2000a] had to quadru- 
ple the concentration of greenhouse gas in order to see ENSO 
changes. More frequent El Nifios and La Nifias occur with 
20% larger amplitude for both. Increases in meridional tem- 
perature gradients on either side of the equator and in the ver- 
tical gradient of temperature in the thermocline are respectively 
responsible for the increases of ENSO frequency and ampli- 
tude. The recent coupled model study of Hu et al. [2001] also 
results in an El Nifio-like mean pattern but with stronger La 
Nifias and weaker El Nifios. These incoherent results, which 
underline the complexity of coupled model behavior under 
greenhouse warming, are discussed briefly in the following. 
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35.4, Difficulties and Uncertainties of Studies of Low- 
Frequency Variability 


A number of studies of low-frequency modulation of ENSO 
rely on the analyses of historical surface data (mostly SST, 
SLP, surface winds) that have been interpolated in time and 
space in a drastic way. It is recognized that global data coverage 
is adequate after 1950, if not after 1980 with the satellite era. 
Several research groups have built global products on a 
monthly basis and on a latitude-longitude grid that varies 
from 5° down to 1°. Most have extended the 1950 limit back 
to 100 years where volunteer observing ships were very rare, 
particularly in their journey through the equatorial and south- 
ern Pacific. For example, Kaplan et al. [1998] pointed out 
the discrepancies that arise from using several interpolated 
fields in the search of warming or cooling trends in the east- 
ern tropical Pacific since 1900 (from — 0.3°C/100 years to + 
0.3°C/100 years). A disputable assumption for building these 
products is the stability of their structural relations over the last 
one and a half century, i.e., stationarity. While these research 
groups are very aware of the errors associated with these 
fields, other (internet) users may forget to consider such errors 
in their analyses. Other articles on the low-frequency modu- 
lation of ENSO have been written solely on the Southern 
Oscillation Index that is extended to 1866. However, it appears 
difficult to imagine that decadal or multidecadal oscillations 
have not displaced the centers of action of the Southern Oscil- 
lation from Tahiti and/or Darwin. 

Similarly, several articles discussing decadal variations 
of ENSO during the last millennium rely on either a single 
set of paleoclimate proxies over an extended period of time 
[e.g., Linsley et al., 2000] or several sets of proxies in the 
same location over separate periods of time [e.g., Cobb et al., 
2003]. Paleoclimate proxies are typically diverse, involving 
tropical corals, mid-latitude tree rings and tropical or 
polar/subpolar ice cores. The labor, time and cost involved 
in data collection and processing render multi-proxy analy- 
ses of ENSO decadal variability uncommon as yet [e.g., 
Evans et al., 2001]. Multi-proxy reconstruction of ENSO 
time series suffers from technical and stability problems but 
also from assumptions about climate influence. For example, 
ice cores from tropical ice caps in Peru were originally 
thought to reflect ENSO variability, but recently they have 
been shown to be more affected by the large-scale atmos- 
pheric variability over Amazonian and the western tropical 
Atlantic than over the eastern tropical Pacific [Thompson 
et al., 2000]. In any case, the potential of paleoclimate indi- 
cators is tremendous for understanding the decadal vari- 
ability and long-term trend of ENSO and thus for separating 
the natural contributions from the anthropogenic contribu- 
tion [e.g., Cole, 2001]. 
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Statistical tools are sometimes not adequate in extracting and 
explaining decadal and multidecadal ENSO signals, because 
of the shortness and uncertainty of the data and products or the 
difficulty in separating signals that have similar patterns (e.g., 
ENSO and ENSO-like), or the skewed nature of the signals. 
As noted by Liu et al. [2002], these tools are important for the 
diagnosis of decadal variability, but they may not be able to 
identify the true physical modes of variability (see also the 
series of papers pursuant to the article “A cautionary note on 
the interpretation of EOFs” by Dommenget and Latif [2002)). 

Other difficulties in the search for decadal mechanisms 
arise from the use of observations. Oceanic bridges between 
the mid-latitudes and the equator are so far impossible to 
prove given the reduced number of hydrographical or CTDs 
observations in these regions over the last four decades. 
Delayed-type decadal oscillators cannot be truly established 
due to the complexity of extracting propagating signals from 
sparse data near the Swiss-cheese western boundary. As a 
consequence, many of the previous studies have used simpli- 
fied or sophisticated models. Simplified models, such as those 
used by McCreary and collaborators (see Schott et al. [this 
volume]), have the great advantage of pinpointing mecha- 
nisms. Sophisticated ocean models suffer less from insufficient 
physics, but they are still unable to reproduce subsurface equa- 
torial countercurrents and thus complete STC patterns. In any 
case, the use of variable forcing instead of seasonal forcing in 
models that simulate STCs may result in an open circuit rather 
than a closed circuit [Fukumori et al., 2004], hence making 
STC-induced decadal variability difficult or impossible to 
prove. Wind-forced models with or without data assimilation 
are also subject to spurious decadal variability and long-term 
trends due to unrealistic flux corrections, changes in the den- 
sity and quality of data or measurement methods. 

Coupled models have their own flaws. Many of them suffer 
from climate drifts, which are often corrected in dubious ways, 
and hardly reproduce realistic ENSO and annual cycles 
[AchuaRao and Sperber, 2002; Davey et al., 2002; Latif et al., 
2001]. Most of the simulated ENSOs are too close to a bien- 
nial cycle, or have weak amplitudes, or cannot reproduce the 
well-known horseshoe pattern of SST anomalies over the trop- 
ical Pacific (Plate 3). Hence, their ability to reproduce realis- 
tic decadal variability or warming trends in the tropical Pacific 
must be questioned. As a result, the projections of coupled 
models into the 21st century with and without CO, are as yet 
hard to believe. As an example, using version 2 of the Hadley 
Centre coupled model, Collins [2000a] found that the ampli- 
tude and frequency of ENSO increase with a quadrupling of 
CO,,. In version 3, Collins [2000b] attributed the lack of sig- 
nificant modification of ENSO behavior to subtle non-linear 
changes in the physical parametrization schemes, rather than 
the main differences between the two versions of the model 


(horizontal resolution and flux adjustments). A promising way 
to infer ENSO response to global warming is through inter- 
national multi-model intercomparison projects such as CMIP 
{AchutaRao and Sperber, 2002], which use a quantitative prob- 
abilistic approach that takes into account model errors. 


6. DISCUSSIONS AND THE FUTURE 


As detailed above, significant advances have been made in 
understanding ENSO, especially during and after the TOGA 
decade. However, there are many issues or topics that that are 
still under debate and/or need to be further investigated. This 
section discusses some issues and questions that should prob- 
ably be resolved and addressed in the near future. 

In addition to the different origins and development of El 
Nifio events as discussed in Section 2, El Nifio events show 
some property changes during the last five decades. The 
changes include an increase of ENSO period and amplitude, 
changes in the propagation of interannual anomalies, and a 
zonal shift of maximum equatorial westerly wind anomalies 
[e.g., Wang and An, 2002; Wittenberg, 2004]. In spite of these 
differences, the equatorial westerly wind anomalies in the 
western Pacific preceding the warm SST anomalies in the 
eastern Pacific by 3-4 months is a common characteristic for 
all El Nifio events. Some studies have attempted to under- 
stand some changes of El Nifio characteristics or properties 
[e.g., Fedorov and Philander, 2001; Wang and An, 2002]. 
However, our understanding of El Nifio property changes is 
poor. In particular, why El Nifio events originate differently in 
the last five decades is not known yet. 

The issue of ENSO as a self-sustained oscillation mode or 
a stable mode triggered by random forcing is not settled. Phi- 
lander and Fedorov [2003] showed that the stability and period 
of ENSO depend on the mean states of the tropical Pacific 
Ocean-atmosphere system. It is possible that ENSO is a self- 
sustained mode during some periods, a stable mode during 
others, or a mode that is intermediate or mixed between the for- 
mer and the latter. The predictability of ENSO is more limited 
if ENSO is a stable mode triggered by stochastic forcing than 
if ENSO is a self-sustained mode, because then its irregular- 
ity depends on random disturbances. 

Since 1988, four concepts have been proposed for the oscil- 
latory and self-sustained nature of ENSO. They also repre- 
sent the negative feedbacks of a growing ENSO stable mode 
triggered by stochastic forcing, and are unified in a single 
concept. More data and model diagnoses are needed to test 
these concepts or to discover others. Several authors have 
extended three concepts of ENSO to explain the decadal vari- 
ability in the tropical Pacific. Off-equatorial Rossby waves 
are at the root of the modified delayed action oscillator of 
White et al. [2003] and the recharge oscillator of Jin [2001] 


for decadal variability. Yu and Boer [2004] note the resem- 
blance of the ENSO western Pacific oscillator of Weisberg 
and Wang [1997a] with their findings on decadal variability 
and heat content anomalies in the western North and South 
Pacific. A unified concept of decadal oscillator in the tropi- 
cal Pacific has yet to be determined. 

Since the seasonal cycle can greatly affect interannual vari- 
ations, a critical feature for coupled ocean-atmosphere mod- 
els is the ability to simulate both seasonal and interannual 
variations. The El Nifio simulation intercomparison project 
(ENSIP) showed that almost all twenty-four coupled ocean- 
atmosphere models still have problems in simulating the SST 
climatology [Latif et al., 2001]. No model is able to simulate 
realistically all aspects of the interannual SST variability. 
Therefore, coupled model development and improvement are 
still major issues. 

Interactions among intraseasonal variability (e.g., WWBs 
and MJO), interannual ENSO variability, and decadal-multi- 
decadal variability have recently received considerable atten- 
tion. The unexpected intensity of the 1997-98 El Nifio 
underlines the role of intraseasonal variability in the trigger- 
ing and growth of El Nifio. On the other hand, the two major 
El Nifio events over the last two decades of the 20th century 
may be the signature of decadal variability or global warming. 
Research on these topics is still in an early stage, and it will 
likely need additions to the ENSO observing system. Intrasea- 
sonal studies will demand finer resolution (in time and space) 
and improved sampling aloft (in the atmosphere) over the 
tropical Indo-Pacific region, while decadal ENSO variabil- 
ity will demand wider (in latitude) and deeper (in the ocean) 
extensions together with better and more comprehensive pale- 
oclimate proxies. 

The relationship between ENSO and global warming is 
largely unknown. We are not even sure if greenhouse warm- 
ing will result in an El Nifio-like or La Nifia-like pattern in the 
tropical Pacific. To understand the relationship between anthro- 
pogenic and natural climate variability, global coupled ocean- 
atmosphere models must be greatly improved and simulate 
both ENSO and the response to greenhouse warming. 

Although it is an important topic of the CLIVAR-GOALS 
(Global Ocean Atmosphere Land System) program, ENSO 
is no longer the focus of major international process studies. 
Keeping in mind that one of the major successes of TOGA was 
the synergy among observationalists, theoreticians and mod- 
elers, every effort should be made to keep this synergy alive. 

Despite great progress since the beginning of TOGA, under- 
standing the mechanisms of ENSO is far from completed. In 
view of the rate of advancement in modeling and assimila- 
tion over the same time, it is expected that realistic simulation 
of ENSO will be feasible by the end of CLIVAR. This goal is 
linked for obvious socio-economic reasons to the improve- 
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ment of ENSO prediction. However, one should never forget 
that understanding a fascinating puzzle of nature, like ENSO, 
must remain a key driver of future research. 
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Observational and modeling aspects about Westerly Wind Events (WWEs) and their 
influence on the tropical Pacific ocean-atmosphere system are reviewed. WWEs 
are a large part of the intraseasonal zonal wind activity over the warm pool. They have 
typical amplitudes of 7 ms", zonal width of 20° longitude and duration of about 8 
days. Their root causes are often a combination of various factors including the 
Madden-Julian Oscillation, cold surges from mid-latitudes, tropical cyclones and other 
mesoscale phenomena. The relationship between WWEs and the ENSO cycle is 
complex, involving among others the equatorial characteristics of the WWEs, the 
oceanic background state and the internal atmospheric variability. Both observa- 
tional and modeling studies demonstrate that WWEs tend to cool the far western 
Pacific, shift the warm pool eastward and warm the central-eastern Pacific through 
the generation of Kelvin waves. They are therefore important processes for the cen- 
tral and eastern Pacific warming during the onset and development phase of El 
Nifio. The strong atmospheric feedbacks that are likely to be generated by the ocean 
response to WWEs even suggest that a single WWE is capable of establishing the 
conditions under which El Nifio can occur. The important role played by WWEs in 
the evolution and amplitude of recent El Nifio events may therefore strongly limit 
the predictability of El Nifio. 


1. INTRODUCTION 


The tropical Pacific coupled ocean-atmosphere system 
exhibits large-scale variability on both the seasonal and inter- 


'Now at Center for Global Modelling, University of Reading, annual timescales. The strongest climate variation on inter- 
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Earth’s Climate: The Ocean-Atmosphere Interaction phenomenon [Cane, 1983]. The air-sea interactions that bring 
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Picaut, this volume]. At present, there are two main para- 
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digms of the evolution of the coupled ENSO system. The first 
paradigm considers ENSO as a cyclic quasi-periodic self-sus- 
tained phenomenon [see Neelin et al., 1998 for a review], 
which implies El Nifio predictability up to one year or so in 
advance [Latif et al., 1998]. The second views ENSO as a 
damped phenomenon excited by sub-seasonal atmospheric 
forcing, in which each El Nijfio is a relatively independent 
event [Kessler, 2002]. During the past two decades, high-fre- 
quency wind variability has indeed been suggested to play a 
leading role in the evolution and amplitude of the observed 
warm ENSO events [Lau and Chan, 1988; Kleeman and 
Moore, 1997; Fedorov, 2002]. Support for this hypothesis has 
increased following the intense 1997-1998 El Nifio, whose 
growing phase was particularly rapid. This event was charac- 
terized by exceptionally strong high-frequency wind variabil- 
ity during the 1996-1997 winter and spring, leading McPhaden 
and Yu [1999] to speculate that this high-frequency wind activ- 
ity was responsible for the timing and amplitude of the event. 
To improve our understanding and prediction of El Nifio, it is 
thus necessary to better understand to what extent each of 
these paradigms controls the variability of ENSO. 

At the high frequency end of the sub-seasonal wind band, 
pulses of westerly wind anomalies, referred to as westerly 
wind events (WWEs) or westerly wind bursts (WWBs), are 
prominent features of the western Pacific warm pool. Such 
episodes are marked by temporally well-defined shifts in wind 
direction, with speeds exceeding the magnitude of the pre- 
vailing trade winds [Luther and Harrison, 1984; Harrison 
and Vecchi, 1997]. WWEs are usually associated with con- 
vective features [Fasullo and Webster, 2000], although they are 
not the surface expression of any single mode of atmospheric 
variability and have been observed with a variety of atmos- 
pheric circulation phenomena [Yu and Rienecker, 1998]. 

WWEs are of primary interest because they can force sub- 
stantial local and remote oceanic responses in a region of the 
world known to be very sensitive to ocean-atmosphere inter- 
actions [Webster and Lukas, 1992]. However, even if on some 
occasions WWEs have been potentially implicated in the onset 
and development of El Nifio events (e.g., 1982-83, 1997-98), 
on other occasions, the bursts appear to have little or no effect 
(e.g., 1967, 1989-90). Such a variation in the response of the 
tropical Pacific to WWEs illustrates the complex relationship 
between high frequency wind variability and the ENSO phe- 
nomenon, involving among others the equatorial characteris- 
tics (amplitude, duration and fetch) of the WWEs, the oceanic 
background state (warm pool location, salinity structure, 
strength of the equatorial SST gradient, depth of the thermo- 
cline) and the internal atmospheric variability. 

In this paper, the discussion concentrates on WWEs and 
their impact on the ocean-atmosphere coupled system. This 
review deals with observational studies, as well as modeling 


works. Section 2 briefly summarizes our knowledge on the 
WWEs horizontal and vertical structures, the way they can 
be classified and their root causes. Section 3 focuses on the 
remote and local oceanic impact of WWEs, with special atten- 
tion devoted to the SST response that is likely to modify the 
atmospheric circulation. The role of high-frequency wind 
variability on the ENSO phenomenon is discussed in Section 
4. This section focuses on the role of high-frequency wind 
variability as a source of stochastic forcing on the coupled 
system, as well as the specific impact of WWEs and the MJO 
on the coupled system trough complex scale interactions. 
Finally, Section 5 offers a summary and conclusion. 


2. MAIN CHARACTERISTICS 


The existence of anomalous, short-lived, but strong west- 
erlies in the western equatorial Pacific has been known to 
meteorologists since the middle of the century [Palmer, 1952]. 
However, detailed studies of the spatial and temporal char- 
acteristics of WWEs have for a long time been hindered by a 
lack of high-quality data and a limited number of observa- 
tions. First analyses focused on case-studies of individual 
WWEs, such as those observed during the Winter Monsoon 
Experiment [Chang et al., 1979], at the onset of the 1982/83 
El Nifio [Chu and Fredericks, 1990] or of the 1986/87 El 
Nifio [Nitta, 1989]. Some others, based on short-term obser- 
vations [Nitta and Motoki, 1987; Kindle and Phoebus, 1995] 
or even long-term data records [Keen, 1982; Chu et al., 1991; 
Verbickas, 1998], revealed the highly variable characteristics 
of WWEs. The first more systematic study has been carried 
out by Harrison and Giese [1991], who used a 30-year long 
island network of near-dateline surface wind observations 
(1950-1980) to characterize meridional and temporal scales 
of WWEs in that area. They suggested that near-dateline 
WWEs could be classified into four relatively distinct types 
according to distance from the equator of the strongest WWEs 
anomalies. However, the limited spatial coverage of the island 
dataset was inadequate to provide a full characterization of 
the events. 

Based on the examination of 10 years of 10-meter winds 
from the European Center for Medium-Range Weather Fore- 
casts (ECMWF) analyses, Haarten [1996] proposed a sub- 
jective classification based on large-scale aspects of the 
circulation associated with periods of WWEs. According to her 
classification, nine typical patterns can represent the near- 
surface flow during 90% of the synoptic westerly wind vari- 
ability. A single cyclone or a series of cyclones and several 
different types of cross-equatorial flow are the major com- 
ponents of the patterns. Using the same dataset, Harrison and 
Vecchi [1997] (hereafter HV97) extended Harrison and Giese’s 
[1991] previous analysis to the entire Tropical Pacific. They 
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identified eight different types of events depending on the 
region where the maximum zonal wind anomalies are reached 
(Figure 1). Using this classifying scheme, HV97 generated 
composites of surface wind anomaly for each of the WWE 
types, and found that the wind anomalies of each type were 
compact and almost stationary during the lifetime of the event. 
They therefore modeled the WWE zonal wind anomalies 
using gaussian structures in space and time with e-folding 
scales fitted to each observed class. Typical zonal scales are 
between 10° and 30° longitude, meridional scales between 
10° and 15° latitude, duration between 5 and 10 days and 
amplitude of about 6-7 m s!. HV97 also suggested WWEs to 
be highly variable on seasonal and interannual time-scales. 
Moderate to strong WWEs occurrence frequencies are indeed 
suggested to be influenced by the seasonal cycle: for example, 
type C events tend to occur preferentially in boreal winter, 
coinciding with the wet season of the Australian monsoon. 
Moreover, WWEs occur less often during cold ENSO condi- 
tions and are displaced eastward during warm ENSO condi- 
tions. Additionally, the vertical structure of these WWEs has 
been observed to vary significantly, and their coincidence 
with enhanced clouds and precipitation, whilst evident, can 
vary in phase, magnitude and duration [Gutzler et al., 1994]. 
A recent analysis by Fasullo and Webster [2000] of 44 WWEs 
that occurred from 1979 to 1995 in the Intensive Flux Array 
(151°E-158°E, 5°S—2°N) in the western Pacific enabled a 
description of their vertical structure. Based on earlier find- 
ings by Kiladis et al. [1994], this study distinguishes brief 
(5—25 days) and sustained (30--90 days) WWEs. While brief 
WWEs have a deep tropospheric structure, sustained WWEs 
are more baroclinic, with westerlies below and strong east- 
erlies aloft of ~300 hPa. Due to their larger size and duration, 
Fasullo and Webster [2000] suggest that sustained WWEs 
may be more effective in generating a large-scale coherent 
oceanic response. 

If the basic spatial and temporal characteristics of the WWEs 
in the Tropical Pacific have been relatively well documented 
and classified, attempts to explain the existence of WWEs 
are more problematic. The root cause of convective blowups 
and WWEs over Pacific warm waters was initially attributed 
to propagation of cold surges from the northern hemisphere 
into the tropics [Chang and Lau, 1980; Arkin and Webster, 
1985; Love, 1985a; Chu, 1988]. In fact, pressure surges espe- 
cially from eastern Asia are frequently initiating near equatorial 
surface pressure gradients, surface convergence, enhanced 
deep convection over the maritime continent and the western 
Pacific and therefore subsequent WWEs. Modeling and diag- 
nostic studies of extratropical-tropical interactions suggest 
that such interactions do exist and that they may be an impor- 
tant cause of WWEs [Lim and Chang, 1981; Kiladis et al., 
1994; Slingo, 1998]. 


However, other bursts appear to be independent of higher lat- 
itude forcing [Compo et al., 1999]. Twin or individual tropi- 
cal cyclones have also been identified as a major atmospheric 
condition leading to WWEs [Keen, 1982; Love, 1985b; Nitta, 
1989; Lander, 1990]. The majority (>60%) of the WWEs that 
are west of the dateline are in fact related to tropical cyclone 
activity [Vecchi, 2001], and the strongest, longer lasting, and 
more horizontally extensive WWEs are often those related to 
nearby twin tropical cyclones [Harrison and Giese, 1991; 
Haarten, 1996]. It has been suggested that these cyclones 
pairs could result from vorticity intrusions into the tropical east- 
ern Pacific associated with upper level mid-latitude Rossby 
wave activity [Kiladis and Wheeler, 1995; Numaguti, 1995]. 

In the western and central Pacific, subseasonal wind and 
convective variability is also an integral part of the Madden- 
Julian Oscillation [MJO; Madden and Julian, 1994], which is 
the dominant mode of oscillation of the tropical troposphere 
at intraseasonal timescales. The MJO is characterized by spec- 
tral peak in the 30—90 day range in global tropical 850 hPa and 
150 hPa zonal wind divergence. This tropics-wide phenome- 
non is associated with large-scale (wave number 1| and 2) vari- 
ations in wind and atmospheric convection, which propagate 
eastward with a characteristics timescale of 40-50 days. As 
WWEs are associated with atmospheric convection, it has 
been suggested that the reduction and enhancement of con- 
vection associated with MJO over the western Pacific warm 
waters modulate the intensity and frequency of WWEs [Lau 
et al., 1989; Gutzler, 1991; Sui and Lau, 1992; Godfrey et 
al., 1998] but the exact connection between WWEs and the 
MJO is still unclear. WWEs commonly occur during the active 
phase of the MJO but are not characteristic of this oscillation 
[Vecchi, 2001], and none of the equatorial WWEs in HV97 
classification shows eastward translation as would be expected 
from a surface expression of the MJO envelope. However, 
there are considerable time and space scales that play a role 
in the MJO. For instance, this oscillation is composed of con- 
vective synoptic systems of smaller time and space scales 
embedded within its eastward moving envelop [Nakazawa, 
1988] and WWEs could be one surface manifestation of these 
smaller scale processes. To cope with this issue, Fasullo and 
Webster [2000] examined the relationship between the phase 
of the MJO and WWEs in the TOGA-COARE IFA (Intensive 
Flux Array) region, centered south of the equator. Their results 
support the finding that brief WWEs (6—30 days) occur fre- 
quently, independently of the MJO, while sustained WWEs are 
strongly associated with the MJO active phase. This result is 
consistent with the baroclinic vertical structure of sustained 
WWEs, typical of a convectively coupled phenomenon such 
as the MJO. This suggests, in agreement with Vecchi [2001], 
that the strongest southern hemisphere WWEs might be related 
to the MJO. 


a) INDIAN OCEAN CONVECTION 


Figure 2. Schematic diagram of time and space scale interactions in 
the transition of a maximum of convective activity (stippled area) from 
(a) the eastern Indian ocean, (b) the Maritime Continent and (c) into 
the western equatorial Pacific. The H and L in ellipses indicate upper 
tropospheric circulation anomalies depicting major features of 
intraseasonal timescales. The L in dashed circles near the equator 
denotes westward moving equatorial Rossby waves. L in solid circles 
indicates surface low-pressure areas. Thick solid arrows represent 
major features of anomalous upper tropospheric winds. Thin dashed 
lines near Australia and eastern Asia denote pressure surges. [from 
Meehl et al., 1996] 


The WWEs characteristics therefore result from complex 
interactions between MJO, tropical mid-latitude interaction, 
equatorial waves, tropical cyclones and convective ‘blowups’ 
in the western Pacific [Kiladis and Wheeler, 1995; Yu and 
Rienecker, 1998]. The schematic diagram on Figure 2 illus- 
trates these interactions during northern winter [MeeAl et al., 
1996]. As the MJO envelope develops over the Indian Ocean, 
an extratropical wave train is excited over the northern hemi- 
sphere. This propagates eastward and re-enters the upper tro- 
posphere of the eastern Pacific in the region of upper level 
westerlies, the so-called Pacific waveguide [Webster and 
Holton, 1982]. This upper tropospheric incursion can excite 
equatorial Rossby waves, which propagate westward, inter- 
acting with the convectively active envelope of the MJO, as it 
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moves over the West Pacific. At the same time, the perturba- 
tion to the extratropics produced by enhanced convection over 
the Indian Ocean, can excite a cold surge down to the South 
China sea which further amplifies the western Pacific con- 
vective activity and therefore the characteristics of the asso- 
ciated WWEs. The linkages described in Figure 2 have also 
been described in GCM experiments by Slingo [1998]. It 
should however be kept in mind that the real system contains 
considerable noise and other possible outcomes for WWEs 
formation mechanisms. 


3. THE FORCED OCEAN RESPONSE 


The ocean response to WWEs has been analyzed in many 
studies using observations [McPhaden et al., 1992; Delcroix 
et al., 1993; Feng et al., 1998] or ocean models [Giese and 
Harrison, 1991; Kindle and Phoebus, 1995; Richardson et 
al., 1999]. In fact, WWEs are of major interest as they can 
force substantial oceanic thermodynamical and dynamical 
response, both locally and remotely. First, they force east- 
ward propagating downwelling equatorial Kelvin waves, which 
increase the sea surface height, deepen the thermocline and 
induce eastward surface current anomalies along their paths. 
Under certain circumstances, downwelling Kelvin waves can 
also favor the development of positive intense SST anomalies 
mainly in the central and eastern Pacific. Locally, WWEs 
affect the structure of the western Pacific warm-pool because 
they significantly alter surface heat, fresh and momentum 
fluxes. The local oceanic response to WWEs involves a sur- 
face cooling and freshening, a deepening of the mixed layer, 
and a tightening of the thermocline, along with an eastward sur- 
face and westward subsurface current jet. In this section, each 
aspect of the ocean response to WWEs is detailed. 


3.1, Remote Kelvin Wave Response 


Linear theory predicts that WWEs will drive current and 
thermocline depth changes across the tropical Pacific through 
the excitation of Kelvin and Rossby waves packet [Matsuno, 
1966; McCreary, 1976]. The predicted eastward propagating 
Kelvin wave will lead to a thermocline deepening and anom- 
alous eastward zonal currents, which amplitude depends on the 
wind patch properties. Observed evidence for first baroclinic 
mode Kelvin waves has been first documented through in situ 
observations [Ripa and Hayes, 1981; Knox and Halpern, 
1982; Eriksen et al., 1983; Hayes and Halpern, 1984; Lukas 
et al., 1984; Enfield, 1987]. Then, the unprecedented spatio- 
temporal sea level coverage provided by satellites such as 
GEOSAT and TOPEX/POSEIDON allowed to describe the 
propagation, the reflection and the role of the equatorial waves 
in the sea-level variability [Miller et al., 1988; Delcroix et 
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al., 1994; Boulanger and Menkes, 1995; Boulanger et al., 
2003] as well as to identify their contribution to equatorial 
zonal currents [Picaut and Delcroix, 1995; Boulanger and 
Menkes, 1999; Delcroix et al., 2000]. Observational studies 
also allowed to estimate the phase speed of the Kelvin wave 
to be around 2.82 +/- 0.96 ms! [Delcroix et al., 1991] sug- 
gesting the first baroclinic mode to travel 10-30% faster than 
predicted by the linear theory. Numerical studies have sug- 
gested such a large phase speed to be either due to a Doppler 
shifting by the equatorial undercurrent [McPhaden et al., 
1986] or to non-linear auto advection [Ripa, 1982; Fedorov and 
Melville, 2000]. Several studies also noted evidence for a sec- 
ond baroclinic mode excited by the observed wind forcing 
[Busalacchi and Cane, 1985; Cravatte et al., 2003] and its 
significant contribution in the oceanic variability has been 
underlined in numerical studies [Giese and Harrison, 1990; 
Kindle and Phoebus, 1995]. 

Then, the development of the TOGA-TAO mooring array 
allowed to elucidate the vertical structure of the Kelvin baro- 
clinic modes [McPhaden and Taft, 1988]. Johnson and 
McPhaden [1993a] extracted the zonal velocity and temper- 
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Figure 3. The first frequency domain empirical orthogonal func- 
tion analysis of zonal velocity and temperature at 140°W (solid line) 
and 110°W (dashed line) over the 4-year study period (1983-87). 
The analysis includes 13 frequencies (period from 59 to 125 days) 
and accounts for a large fraction of the intraseasonal variance, effec- 
tively extracting the coherent Kelvin wave signal. Error bars repre- 
sent one standard error. [from Johnson and McPhaden, 1993a] 


ature signals of intraseasonal Kelvin waves in central and 
eastern Pacific (Figure 3). The observed Kelvin wave signal 
displays a thermocline downwelling and an eastward surge 
of zonal current. However, this signal shows significant depar- 
tures from the first-mode theoretical vertical structures due to 
interactions of the waves with the mean flow. Indeed, zonal 
velocity shows a maximum at the surface and a second max- 
imum in and below the core of the EUC, while the observed 
temperature amplitudes are more than twice as large as 
expected for a first vertical mode Kelvin wave in an otherwise 
motionless ocean. Linear waves interacting with a zonally 
invariant zonal mean flow explain some of these features. 
However, Johnson and McPhaden [1993b] suggested that the 
increased temperature amplitudes induced by the wave in the 
eastern Pacific are actually largely produced by the effects of 
mean vertical advection of temperature anomalies associated 
to the wave induced thermocline displacement. They simi- 
larly attributed the second maximum in zonal velocity verti- 
cal profile to be mainly due to the vertical advection of the 
wave-induced signal. 

At surface, observations show a significantly nonzero 
temperature signal associated to the propagating Kelvin 
wave (Figure 3). This effect of Kelvin waves on SST in the 
central and eastern Pacific has been noticed and quantified 
in several observational studies [Kessler et al., 1995; Zhang, 
2001]. Using a composite technique for the 1986-98 period, 
a recent observational study [Vecchi and Harrison, 2000] 
examined statistical relationships between three particular 
WWE types (cases W, C and E such as defined in VH97 
classification; Fig. 1) and SST anomaly variability. Their 
results demonstrate that equatorial WWEs substantially alter 
the SST field over the entire equatorial Pacific (Plate 1). 
They show that, on average, when the tropical Pacific has 
near-normal eastern equatorial Pacific SST (Plate 1a), all 
equatorial WWE types are followed by a substantial equa- 
torial waveguide warming (up to 1°C) in the central and 
eastern Pacific 80 days after the WWE (Plate 1c). More- 
over, when the eastern equatorial Pacific is initially warmer 
than usual (Plate 1b), warm conditions are maintained in 
presence of WWEs (Plate 1d), whereas they tend to disap- 
pear in absence of such WWEs. They also underlined that 
more than 50% of large amplitude WWEs are followed by 
Nifio3 SST warming in excess of 0.5°C. Different mecha- 
nisms have been suggested to be responsible for these equa- 
torial SST variations induced by the intraseasonal 
atmospheric variability. Johnson and McPhaden [1993b] 
and Kessler and McPhaden [1995] have pointed out the 
importance of zonal advection in the SST variations east of 
the dateline and Zhang [2001] related these intraseasonal 
SST variations to Kelvin wave induced vertical processes. 
However, Zhang [2001] noted that, whereas thermocline 
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Plate 1. Composite associated with a W-type WWE when -0.75°C <Nifio3<+0.75°C: (a) SST anomaly 20 days before the 
WWE (SSTA(-20)) and (c) difference between SSTA(+80) and SSTA(-20). Composite associated with a W-type WWE when 
Nifio3>+0.75°C: (b) SSTA(-20) and (d) difference between SSTA(+80) and SSTA(-20). Values significantly different 
from zero are highlighted by color shading. Units (°C). The contour interval is 0.25°C. The shading interval is 0.5°C. The 
classifying region is indicated by the purple box in each plate. [from Vecchi and Harrison, 2000] 
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depth variations associated with Kelvin waves propagate 
eastward, SST on intraseasonal timescales tends to be more 
zonally stationary. McPhaden [2002] explained this contrast 
in behaviour by arguing that the combination of Kelvin wave 
induced advection in the central Pacific plus vertical advec- 
tion and entrainment in the eastern Pacific can plausibly 
produce SST variations that are nearly in phase across a 
wide range of longitudes. 

Modeling studies of the oceanic response to WWEs con- 
firmed that WWEs can indeed induce large oceanic changes 
by modifying the zonal current and temperature structure in 
the central and eastern Pacific [Harrison and Giese, 1988; 
Giese and Harrison, 1990, 1991; Kindle and Phoebus, 1995]. 
Although all types of WWEs excite a western Pacific response, 
the results of Giese and Harrison [1991] indicate that equa- 
torial WWEs (W, C, and E WWEs types in HV97 classifica- 
tion) are the most efficient in exciting a strong eastern Pacific 
ocean response. A description of the WWE impact in a model 
study using an ocean GCM can be illustrated from Lengaigne 
et al. [2002] who analyzed the oceanic response to a strong 
WWE in March 1997, suggested to have played an important 
role in the onset of the 1997-98 El Nifio [Boulanger and 
Menkes, 1999]. As shown in Figure 4, this WWE is associated 
with an eastward propagating signal in zonal current (Figure 
4c; dashed line) at a speed of about 2.8 m s”! that crosses the 
basin in about two months. In agreement with other primi- 
tive equation ocean models [Harrison and Giese, 1988; Giese 
and Harrison, 1990, 1991; Boulanger et al., 2001; Vecchi, 
2001], the remote modeled response to WWEs involves SST 
changes of about 0.5°C along the Kelvin wave path (Figure 4a), 
in qualitative agreement but substantially smaller than the 
observed one (0.5°C vs. 1°C). 
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Figure 4. Time-longitude evolution averaged over 1°N—1°S of (a) SST, (b) SSS and (c) surface zonal current differences 
between the reference experiment (REF) that is forced with the observed ERS1-2 wind stresses and the perturbed exper- 
iment (NEW) which has been forced with modified ERS wind in which the March 1997 WWE has been eliminated. The 
contour interval is 0.5°C for temperature, 0.2 psu for salinity and 0.2 ms"! for currents. The thick line represents the east- 
ern of the warm-pool simulated in the REF experiment. The dashed line represents the path of the Kelvin wave. The arrow 
indicates the March 1997 WWE. [from Lengaigne et al., 2002] 
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Several numerical studies confirmed that zonal advection 
by the eastward propagating current pulses of the background 
temperature gradient in the central Pacific [e.g., Schopf and 
Harrison, 1983; Giese and Harrison, 1990; Lengaigne et al., 
2002] and reduction of the entrainment cooling through the 
downwelling associated with the Kelvin waves in the eastern 
Pacific [Vialard et al., 2001; Belamari et al., 2003] was the 
main mechanisms responsible for the raise of the equatorial 
SST. In addition, another unexpected contribution to this 
warming has been proposed by Harrison and Giese [1988]: 
they suggested that anomalous meridional advection of heat 
through the interaction of the Kelvin pulse with the back- 
ground tropical instability waves (TIWs) can lead to enhanced 
wave guide warming. They suggested that the increased merid- 
ional shear of zonal current on both side of the equator due to 
the Kelvin pulse enhances the TIWs activity [Weidman et al., 
1999]. As TIWs act to transport heat equatorward, an increased 
instability wave field will therefore cause anomalous warm- 
ing. Recently, Vecchi [2001] tempered these results by show- 
ing that the TTW/WWE interactions contributes to warm the 
central Pacific (155°W) but also to cool the central-eastern 
Pacific (140°W, 125°W). In fact, in the observations, WWEs 
(and more generally subseasonal winds) are suggested to 
strongly control the TIWs phase [Allen et al., 1995; Benestad 
et al., 2001] but their impact on the amplitude of the TIWs 
activity is however more controversial. Contrary to the numer- 
ical results of Harrison and Giese [1988], the observational 
analysis of Qiao and Weisberg [1995] suggested that a down- 
welling Kelvin pulse could result in a reduction of TIWs activ- 
ity by temporally halting the SEC whose shear may be a source 
for TIWs. Overall, these results suggest that the response of 
TIWSs activity (and thus their heat induced action) to high fre- 
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quency wind variability strongly depends on the oceanic back- 
ground conditions. 

Such a strong influence of the ocean background state (e.g., 
the magnitude of the zonal equatorial temperature gradient 
and the mean thermocline depth) on the characteristics of 
Kelvin waves has been noticed in several modeling studies 
[Schopf and Harrison, 1983; Harrison and Schopf, 1984]. In 
particular, Benestad et al. [2002] have found that Kelvin waves 
excited by identical intraseasonal wind variations are strongly 
damped during La Nifia compared to El Nifio, such that little 
wave energy reaches the eastern coast when the mean condi- 
tions are cold. They attributed this effect to an enhanced vis- 
cous dissipation in La Nifia conditions, primarily due to an 
increase of the vertical current shear but also to the interaction 
of the wave with the enhanced TIW field observed during La 
Nifia. This strong influence of the ENSO cycle on the ocean 
response to WWEs could therefore be a significant source of 
non-linearity that could partially explain the diversity of the 
tropical Pacific response to WWEs observed during the past 
two decades. 


3.2. Local Response 


WWEs have also been identified as playing a leading role 
in the momentum and heat balances of the warm pool [Mey- 
ers et al., 1986; Feng et al., 1998]. During WWE conditions, 
observations show that the thermocline is depressed (by 10 to 
40m) due to locally wind-forced downwelling signal and the 
SST over the western Pacific warm-pool is characterized by 
a local cooling [McPhaden et al., 1988, 1992; Delcroix et al., 
1993; Eldin et al., 1994; Cronin and McPhaden, 1997; Vecchi 
and Harrison, 2000; see Plate 1b—d]. The amplitude of this 
local cooling under individual or series of WWEs ranges from 
0.2° to 1°C. 

Many mechanisms have been suggested to explain such a 
local SST cooling under westerly wind conditions in the west- 
ern Pacific. During the TOGA-COARE Intensive Observa- 
tion Period (IOP; November 1992~February 1993), 
microstructure measurements designed to yield estimates of 
the turbulent heat flux were made in concert with measure- 
ments of various components of the surface heat flux. It 
allowed observing the SST evolution during a series of WWEs 
more thoroughly than ever before [Smyth et al., 1996a; Cronin 
and McPhaden, 1997; Feng et al., 1998; Richards and Inall, 
2000]. Numerous studies in the western Pacific indicated that 
one-dimensional processes, mostly latent heat flux and short- 
wave radiation, are of greatest importance in generating 
intraseasonal SST variations [Anderson et al., 1996; Cronin 
and McPhaden, 1997; Shinoda and Hendon, 1998, Zhang 
and McPhaden, 2000]. Smyth et al. [1996a] indeed observed 
that turbulent entrainment at the base at the base of the mixed 
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layer caused cooling but also heating due to the reversal of the 
vertical temperature gradient during rain events, minimizing 
the effect of turbulent entrainment. However, Feng et al. [2000] 
also underlined the strong episodic role of 3-D heat advection 
oceanic processes in modulating SST variability during their 
3 months study and even argue that heat advection may be as 
important as net air-sea fluxes during WWESs period [see also 
Ralph et al., 1997]. It is worth noting that all these observa- 
tional studies are conducted at one location over the warm 
pool and therefore do not allow to study the spatial variabil- 
ity of the results. Numerical experiments allowed such an 
investigation. Hence, by using a regional ocean GCM over 
the COARE domain, Dourado and Caniaux [2000] confirmed 
that all the terms of heat budget contribute to the tempera- 
ture variations in the oceanic mixed layer during WWEs 
episodes and underlined the strong spatial inhomogeneity of 
the results mainly because of advective processes. In conclu- 
sion, if local cooling is a robust feature of the far-western 
Pacific under WWE conditions and air-sea heat fluxes have a 
crucial role in controlling this SST decrease, other processes 
can contribute to this cooling, depending on both the WWE 
temporal and spatial characteristics and the warm pool struc- 
ture at the time of the WWE. 

Compared to temperature, the salinity evolution under 
WWE conditions is even more complex. McPhaden et al. 
[1992] noticed a salinity drop of 1 psu in November 1989, 
mainly attributed to meridional advection. In contrast, Del- 
croix et al. [1993] only observed weak SSS variations during 
February 1991. During the TOGA-COARE IOP, Feng et ai. 
[1998] even observed a salinity increase during the Decem- 
ber 1992 WWE. In order to explain the ocean freshwater bal- 
ance, 1-D processes are not adequate. Horizontal advection 
terms, as well as freshwater fluxes, have been both identi- 
fied to be important to the long term fresh water balance 
near the equator [Cronin and McPhaden, 1998; Feng, 2000] 
but there is, for the moment, too few observational studies on 
the salinity variability under WWEs conditions to draw defin- 
itive conclusions on this topics. 

The dynamical response to a westerly wind burst over the 
warm-pool is mainly observed above the thermocline. The 
first hydrographic measurements under strong westerly winds 
were made by Hisard et al. [1970]. They reported a vertical 
profile consisting of three currents: an eastward surface cur- 
rent in the direction of the winds, a preexisting eastward EUC, 
and a subsurface westward jet (SSWJ) between the two east- 
ward currents. Subsequent observational studies provided 
more information on the temporal evolution of this vertical 
structure of alternated jets under WWEs conditions [Lind- 
strom et al., 1987; McPhaden et al., 1988, 1990, 1992; Kuroda 
and McPhaden, 1993; Delcroix et al., 1992, 1993; Eldin et al., 
1994; Weisberg and Hayes, 1995; Smith et al., 1996b]. For 
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Figure 5. Daily average of (a) zonal wind, (b) 10-m zonal currents, 
(c) 10-to 300-m zonal currents and (d) 0- to 300-m temperatures 
from the current meter mooring at 0°, 165°E, for November 1989 to 
January 1990. The contour interval in Figure 5c is 20 cm s" with west- 
ward flow shaded and eastward flow >40 cm s"! hatched. The con- 
tour interval in Figure 5d is 2°C, except for the 29°C isotherm which 
is indicated by a dashed contour. [from McPhaden et al., 1992] 


instance, observations by McPhaden et al. [1992] obtained 
from the TOGA-TAO Array mooring present simultaneous 
measurements of zonal surface wind, zonal velocity, and tem- 
perature during a period that encompasses several WWEs 
(Figure 5). As the first WWE began in late November 1989 
(Figure 5a), an eastward jet developed with a 1.0 m s"! max- 
imum amplitude (Figure 5b). Meanwhile, a SSWJ developed 
in the upper thermocline (Figure 5c) as a local response to 
the WWE. This SSWJ developed 8-10 days after the WWE 
peak and persisted after the WWE end. The observational 
analysis of Cronin et al. [2000] mainly attributed these currents 
to be resulting from the interplay between wind forcing and 
compensating pressure gradients. Below the surface layer, 
these pressure gradients tend to accelerate the upper-thermo- 
cline flow in a direction opposite to the local winds. Using a 
primitive equation model, Zhang and Rothstein [1998] and 


Richarson et al. [1999] elucidated the principal features and 
the mechanism behind the SSWJ, in agreement with Cronin 
et al.’s [2000] observational results. 

The surface jet, the so-called “Yoshida jet” [ Yoshida, 1959], 
which is trapped in the first 100 meters and is confined around 
the equator (3°N—3°S), is also a common feature associated 
with WWEs. It has long been recognized that strong westerly 
wind forcing on the equator leads to the rapid development of 
these eastward surface jets, nearly in phase with the wind 
[McPhaden et al., 1988; Ralph et al., 1997; Cronin et al., 
2000]. In addition, salinity can play a decisive role in inten- 
sifying and prolonging these jets over the warm pool through 
the existence of a zonal salinity gradient accelerating the sur- 
face layers eastward [Roemmich et al., 1994] and through the 
formation of barrier layers trapping the zonal momentum into 
the upper layer [Cronin and McPhaden, 2002]. Barrier layers 
are indeed climatological features of the western equatorial 
Pacific [Sprintall and Tomczak, 1992] even if there was not any 
barrier layer present during the TOGA-COARE IOP. Figure 6 
illustrates mechanisms of barrier layer formation and growth. 
Under WWE conditions, the presence of the barrier layer pre- 
vents upward mixing of cold thermocline water although the 
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Figure 6. Mechanisms by which barrier layer can form and grow, i.e. 
(a) uniform horizontal advection in the direction from which the 
water flows, (b) tilting of a vertical salinity front into the horizontal 
by a vertically sheared horizontal flow, (c) vertical streching by a 
nonuniform vertical advection and (d) rain-formed fresh surface 
lense. The initial halocline and thermocline are indicated in by a 
black solid line and a black dashed line. The resulting halocline and 
thermocline are indicated by a grey solid line and grey dashed line, 
respectively. Stippling indicates the resulting barrier layer. [from 
Cronin and McPhaden, 2002] 


very energetic turbulent mixing produced by the wind tends 
to gradually destroy it in the region of the forcing. However 
even if WWEs occurrence leads locally to a barrier layer ero- 
sion, they can sometimes effectively contribute at forming 
thick barrier layers to the east of the forcing region. If local sur- 
face processes (e.g., rain) are suggested to be the main for- 
mation mechanism for salinity barrier over the far western 
Pacific, subduction and horizontal advection processes are 
the dominant processes responsible for the formation of bar- 
rier layer at the Eastern Edge of the Warm Pool (EEWP; Fig- 
ure 6). In this case, the vertically sheared horizontal flow 
generated by the WWE advects the horizontal salinity gradi- 
ent within the isothermal surface layers. Near-vertical salin- 
ity contours tend to tilt into the horizontal and therefore 
generate a shallow halocline above the top of the thermocline. 
This barrier layer, by trapping the zonal momentum and heat 
input into the ocean upper layer, acts to intensify the local 
ocean response to WWEs, and particularly the surface eastward 
jet at the EEWP [Cronin and McPhaden, 2002]. 

Some numerical studies allowed confirming and complet- 
ing these observational studies focusing on the local dynam- 
ical response of the ocean surface to WWEs. If the Yoshida jets 
are strongly wind-driven, modelling studies suggests that two 
other processes contribute are suggested to contribute to inten- 
sify and/or prolong these eastward surface currents: the exis- 
tence of a barrier layer [Vialard and Delecluse, 1998] and 
non-linear processes [Harrison et al., 2000; Boulanger et al., 
2001]. An example of such processes is provided by the mod- 
elling study of Lengaigne et al. [2002] who detailed the mech- 
anisms responsible for the intensity and structure of the surface 
Yoshida jet generated by the March 1997 WWE, during the 
onset of the 1997-98 El Nifio. As displayed in Figure 4, this 
jet is divided in two dynamically different regions. A first 
strong intensification is located west of 160°E which is essen- 
tially a direct response to the westerly wind forcing and a sec- 
ond intensification up to 0.8 ms occurs along the EEWP. This 
zonal current signal in the eastern portion of the Pacific warm 
pool is concomitant with a strong SST (Figure 4a) and SSS sig- 
nal (Figure 4b). The eastern part of the jet is not a direct local 
response to the March WWE since it is in fact developing 
east of the WWE maximum. This eastward moving jet is 
driven by a non-linear interaction between the wind forcing and 
the thermohaline front that results in a strong negative zonal 
gradient of surface currents at this location, allowing the 
momentum zonal advection terms to develop. This non-linear 
acceleration strongly contributes to the intensity and persist- 
ence of the zonal current front at the EEWP. 

Similar intense surface jets during ENSO periods have 
already been studied in previous modeling works. In fact, Har- 
rison and Craig [1993] reported the existence of such strong 
surface jets during November—December 1982 and in early 
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1983. Through the use of a primitive equation ocean model, they 
underlined the important contribution of zonal momentum 
advection in the jet formation and their impact on the tem- 
perature changes. Similarly, Harrison et al. [2000] pointed 
out the strong contribution of zonal momentum as well as 
zonal pressure gradient in the formation and duration of the 
intense jets (up to 1.2 ms") that were observed during Novem- 
ber1991—January 1992. These long-lasting eastward jets devel- 
oping in the eastern part of the Pacific warm pool are likely to 
be important features of the El Nifio onset and development 
phase as they contribute to the eastward zonal advection of 
warm waters, which is the dominant mechanism in determin- 
ing the zonal migration of the EEWP [Picaut et al., 1996]. 


4. THE RELATION BETWEEN WWES AND THE ENSO 
PHENOMENON 


WWEs are therefore responsible for significant SST mod- 
ifications to which the atmosphere is likely to respond. Over 
the western Pacific, WWEs are associated with a cooling of the 
far western Pacific and a displacement of the eastern edge of 
the warm pool. Moreover, the downwelling Kelvin waves 
excited by the WWE promote a substantial surface warming in 
the central and eastern Pacific. Air-sea interactions involving 
WWEs, oceanic Kelvin waves and western Pacific warm pool 
have therefore been suggested to be instrumental to the fast 
growth of El Nifio events and the modulation of ENSO char- 
acteristics in the observations [Kessler et al., 1995; McPhaden, 
1999; Boulanger and Menkes, 1999; Bergman et al., 2001] as 
in models [Moore and Kleeman, 1999; Kessler and Kleeman, 
2000; Fedorov, 2002; Lengaigne et al., 2003, 2004]. This sec- 
tion will therefore highlight the impact of WWEs on the ENSO 
phenomenon in both observations and models. 


4.1, Observational Results 


The substantial surface warming often induced by WWEs 
[Vecchi and Harrison, 2000] raises the question of the WWEs 
abilities to trigger and/or amplify El Nifio events. McPhaden 
et al. [1988] discussed the role of a western Pacific WWE 
during May 1986, at the onset of the 1986/1987 El Nifio. This 
event generated an eastward propagating current pulse that 
was associated with a 1°C warming at 0°, 110°W in mid-June 
1986. According to McPhaden et al. [1988], the warming 
pulse following the WWE had little effect on the evolution 
of the subsequent 1986/87 El Nifio event. However, Harri- 
son and Giese [1989] offer another interpretation of the same 
event. They agree that the June 1986 warming at 110°W result- 
ing from the WWE wind-forced first baroclinic mode Kelvin 
pulse is short-lived, but they argue that a second warming 
occurring in mid-July 1986 resulted from the WWE wind- 
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forced second baroclinic mode. According to them, this event 
induced a warming larger than 2°C at the onset of the 
1986/1987 El Nifio. However, local wind forcing in the east- 
ern Pacific could also have contributed to such a warming, 
making the actual impact of the first two baroclinic wind- 
forced Kelvin waves difficult to quantify accurately. Then, 
the frequent observations of enhanced tropical convection 
associated with WWEs activity observed prior and/or during 
the 1982-83, the 1991-92 and 1997-98 El Nifio events [Har- 
rison, 1984; Lau and Chan, 1988; Kessler et al., 1995; 
McPhaden, 1999; Bergman et al., 2001; Kutsuwada and 
McPhaden, 2002] supported the hypothesis that WWEs could 
be key ingredient for both El Nifio timing and amplitude. 
Confirmation of the potential for WWEs to influence the 
onset and development stage of El Nifio has been provided, 
indirectly, by the predictions of the 1997-1998 El Nifio. Most 
of the forecasts failed to capture the onset of the El Nifio prior 
to the March 1997 WWE, and it was not until after June that 
the forecasts managed to represent the intensity of the event 
at a time when the El Nifio was already very strong [Barnston 
et al., 1999]. In particular, no model predicted the extremely 
steep rise of the central and eastern Pacific SSTs that took 
place in March—June 1997. These shortcomings may be attrib- 
uted to the fact that most of these models do not simulate 
well, if at all, WWEs and their associated atmospheric causes 
(e.g., MJO, tropical cyclones; see Section 2). 

Using surface winds from islands near the dateline, Luther 
et al. [1983], Gutzler [1991] and Harrison and Giese [1991] 
also noted significant tendency for near dateline WWEs to 
be associated preferentially with warm ENSO periods. These 
results have been further confirmed and detailed through the 
analysis of Harrison and Vecchi [1997]. Based on their WWEs 
classification, they found that some WWEs type were signif- 
icantly correlated with the Southern Oscillation Index (nor- 
malized sea level pressure difference at Darwin minus Tahiti), 
adding to the suggestion of a relationship between equatorial 
WWE types and El Nijio. 

As MJO is one of the major mechanisms in generating 
WWEs, the connection between MJO activity and ENSO could 
also be indicative for the possible links between WWEs and 
ENSO. Significant correlations can hardly be found between 
ENSO indices and conventional MJO indices based on global 
winds and convection [Slingo et al., 1999; Hendon et al., 1999]. 
From a global index based on the modulation of the upper- 
tropospheric equatorial zonal mean of the zonal wind, Slingo 
et al. [1999] could not find significant correlations between the 
interannual variation of the MJO and ENSO signals. How- 
ever, these empirical relationships strongly depend on the MJO 
indices used. Global indices measure the global activity of the 
MJO well, but do not necessarily depict local effects of the 
MJO in the Pacific ocean. Several studies have shown that 


MJO envelope and surface zonal winds shift eastward during 
El Nifio events over the tropical Pacific, following the EEWP 
displacement [Gutzler, 1991; Hendon et al., 1999; Kessler, 
2001]. Also MJO effects on ENSO, if any, must take place 
through air-sea interactions in the Pacific, such as the gener- 
ation of WWEs over the warm pool warm waters. In fact, based 
on an MJO index derived from fields that directly represent 
physical air-sea interactions in the equatorial Pacific, Zhang and 
Gottschalck [2002] suggested that stronger Kelvin wave forc- 
ing in the western Pacific associated with intraseasonal sig- 
nal precedes greater SST anomalies in the eastern Pacific by 
6-12 months for the 1980-1999 period (Figure 7). This result 
suggests that the surface signature of the MJO can accelerate 
the growth and amplify the strength of an ENSO warm event. 
Although this work indicated a statistical relationship between 
intraseasonal and interannual timescales, it should be noticed 
that strong MJO and WWEs activities are also regularly seen 
during non-El Nifio years (e.g., 1989/1990), suggesting com- 
plex WWEs/ENSO relationship. 


4.2. Modeling Results 


WWEs can be considered as part of a high-frequency tran- 
sient atmospheric forcing. Hasselmann (1976) first suggested 
that stochastic forcing could act to modulate the low-fre- 
quency component of the climate system. Then, simple mod- 
els confirm that addition of noise modify a regular modelled 
ENSO structure into an irregular ENSO behaviour that is con- 
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Figure 7. Coefficients (contours) and confidence levels (shading) of 
the lag correlation between the interannual anomaly in seasonal vari- 
ance of Kelvin wave forcing by the MJO (AOxqyjo)) and interannual 
SST anomaly in Nifio3 region (ASST) for the time period from 1980 
to 1999. Dashed contours are for negative correlation coefficients. 
Positive lags indicate ASST leading Ao 439). Maximum correlation 
is located at 152.5°E and lag —9. [from Zhang and Gottschalck, 2002] 
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siderably richer in spatial and temporal structures [Penland and 
Sardeshmukh, 1995; Blanke et al., 1997; Kestin et al., 1998; 
Roulston and Neelin, 2000]. Using an intermediate coupled 
model, Moore and Kleeman [1999] explore this point farther 
by calculating the stochastic optimals of the coupled system 
growth, i.e. the spatial structure of stochastic noise forcing 
that produces the largest response in the variability of the 
coupled system on seasonal-interannual timescales. The SST 
and wind stress patterns of a typical optimal perturbation of 
their coupled system is shown in Figure 8. This structure bears 
a remarkable resemblance with the observed characteristics of 
WWEs and MJO structures (duration, longitudinal extent, 
associated cyclone activity; see Section 2). This suggests that 
MJO/WWE type structures are the part of the stochastic forc- 
ing that is the most important for influencing ENSO vari- 
ability. Based on their findings, they concurred with the view 
that ENSO may be explained, at least partially, as a stochas- 
tically forced phenomenon, the source of noise in the tropics 
being mainly MJOs and WWEs. They further underlined that 
the ability of these noise-induced perturbations to impact the 
coupled system depends on various factors, including the 
phase of the seasonal cycle, the presence of non-linearities 
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Figure 8. (a) SST and (b) surface wind stress structures associated. 
with a typical optimal perturbation of the coupled model over the trop- 
ical Pacific. [from Moore and Kleeman, 1999] 
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in the system, the past history of the stochastic noise forcing 
and the stability of the coupled ocean-atmosphere system. 
However, their results do not allow concluding whether ENSO 
is a self-sustained oscillating phenomenon partially perturbed 
by stochastic atmospheric noise or whether it is a naturally 
damped phenomenon excited by westerly wind events or other 
specific atmospheric high-frequency wind variability. 

If these studies indicate a strong influence of high frequency 
wind forcing on the low frequency SST evolution, the recti- 
fying mechanisms still need to be explain. Several attempts 
have tried to elucidate these interactions [Harrison and Schopf, 
1984; Kessler et al., 1995; Kessler and Kleeman, 2000]. One 
example of such suggested non-linear mechanism has been 
proposed by Kessler et al. [1995] using a simple model. The 
key dynamics of this process is that the atmosphere responds 
rapidly to the state of the ocean, but the ocean response is 
lagged because it is an integral of the wind forcing. This 
process could result in a slow progression of warm waters 
and westerly winds to the east as observed during the 1991-92 
El Nifio. Kessler and Kleeman [2000] suggested other 
processes by which a forcing at intraseasonal frequencies can 
force a net nonzero low-frequency ocean signal. By forcing an 
OGCM with idealized oscillating wind stresses over the west- 
ern Pacific, they demonstrated that a rectified low-frequency 
anomaly in SST develops. This rectification resulted, among 
other things, from stronger zonal wind speeds, and therefore 
higher evaporation. This flattening of the zonal SST gradient 
results in an hindcast El Nifio about 30% stronger, suggesting 
that intraseasonal forcing can interact constructively with the 
ENSO cycle. 

The effect of a single WWE (i.e. a short-term positive zonal 
wind stress anomaly) on the coupled system in models has 
first been explored from a state of rest and served to kick 
ENSO-like oscillations in simple coupled ocean-atmosphere 
models [Zebiak and Cane, 1987; Battisti, 1988]. The coupled 
response to a WWE over the western Pacific has then been 
assessed with intermediate coupled models using more realistic 
mean states [Chen et al., 1999; Fedorov, 2002; Boulanger et al., 
2004]. For example, Perigaud and Cassou [2000] demon- 
strated that WWEs have an impact on the coupled system in El 
Nifio forecasting. Adding westerly wind anomalies in boreal 
winter 1981-82 and 1996-97 greatly improved the prediction 
of the 1982-83 and 1997-98 El] Nifio (Figure 9). Moreover, as 
suggested by Boulanger et al. [2004], WWEs may favor an 
increase in the warming growth rate leading to a shift in the 
peak of El Nifio occurring earlier than in the absence of WWEs 
and therefore interfere with the regular phase-locking of El 
Nifio. Overall, all these results obtained with intermediate cou- 
pled models strongly suggest that WWEs can significantly 
impact the coupled system and amplify/trigger El Nifio events. 
However, complex coupled processes that occur over the warm- 
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Figure 9. Time series of SST Nifio3 indices derived from observa- 
tions (solid), model initial conditions (dashed) or predictions (dotted) 
over various two-year long periods for (a) the 1981-83 and (b) the 
1996-98 cases. (c) and (d) correspond to forecasts where a westerly 
wind anomaly is introduced as described in the text. [from Perigaud 
and Cassou, 2000] 


pool following a WWE have been suggested to be important 
features of the El Nifio onset and growth rate [Picaut et al., 
1996; McPhaden et al., 1999]. Recently, Lengaigne et al. 
[2003] using a atmospheric general circulation model sug- 
gested that the eastward shift of warm waters induced by the 
March 1997 WWE was responsible for the eastward migra- 
tion of the main convective area and the persistence of a strong 
WWE activity over the western Pacific in the following months, 
that is likely to be responsible for the rapid growth and the 
exceptional intensity of the 1997-98 El Nifio event [Van Old- 
enbourgh, 2000]. These coupled interactions that strongly con- 
strain the El Nifio characteristics are not represented by the 
simple physics of intermediate coupled models and a more 


accurate representation of these coupled processes requires 
the use of coupled general circulation models. 

A first attempt to study the response of a coupled ocean- 
atmosphere general circulation model to a westerly wind event 
was made by Latif et al. [1988]. To that end, they introduced 
a westerly wind stress anomaly over the western Pacific for a 
month and compared the results to their control run without 
wind stress perturbation (Figure 10). They demonstrated that 
the WWE promoted an eastward shift of the warm-pool per- 
sisting for about 12 months due to the feedback of the atmos- 
phere (Figure 10a—b). This eastward shift was accompanied 
by westerly surface winds in the western Pacific (Figure 10c) 
and by a displacement of the convective rainfall zone (Figure 
10d). An interesting result was the occurrence of spontaneous 
WWEs in the western Pacific, induced by the introduction of 
the initial disturbance. This result suggest that the coupled sys- 
tem is capable of rectifying short-term wind anomalies into 
low-frequency changes as the atmospheric response to the SST 
anomalies act to reinforce the initial oceanic response. Nev- 
ertheless, their SST and zonal wind stress anomalies did not 
propagate and there was not any warming in the eastern Pacific 
(Figure 10b). They associated this weak eastern Pacific response 
to their model biases (coarse atmospheric resolution, weak 
atmospheric response to SST anomalies). Moreover, the flux 
correction method they used to avoid climate drift within the 
coupled model could act to damp the SST anomalies. 

A recent study using a fully coupled model with a reason- 
able mean climate and seasonal cycle [Lengaigne et al., 2004] 
further pursued this investigation. In that study, two ten-mem- 
ber ensemble experiments were performed to study the dynam- 
ical response to a strong WWE. In the reference ensemble, 
no wind perturbation were applied, whereas a strong west- 
erly wind event anomaly were introduced in boreal winter 
over the western Pacific in the perturbed ensemble. As shown 
in Figure 11, 4 members develop into strong El Nifio warm- 
ing in the perturbed ensemble (up to 3°C anomaly in the Nifio3 
region at the end of the year; gray curves in Figure 11). This 
result suggests that a strong WWE is able to create the con- 
ditions under which a strong El Nifio event can occur. First, it 
generates a strong downwelling Kelvin wave that induces a 
positive SST anomaly in the central-eastern Pacific and a 
weakening of the trade winds, as suggested by Lengaigne et 
al, [2003]. Secondly, the inserted WWE also initiates an east- 
ward displacement of the warm-pool that promotes the occur- 
rence of subsequent WWEs in the following months. These 
events reinforce the initial warming through the generation 
of additional Kelvin waves and generate intense surface jets 
at the eastern edge of the warm-pool, similar to those already 
described in forced ocean models [Harrison and Craig, 1993; 
Harrison et al., 2000; Lengaigne et al., 2002]. However, the 
use of an ensemble strategy in this study reveals substantial dif- 
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Figure 10. Time-longitude evolution along the equator of (a) SST, (b) SSTA, (c) zonal wind stress and (d) convective 
precipitation. Contour interval is 1°C for (a) and (b), 40 mPa for (c) and 10 mm day”! for (d). [from Latif et al., 1988] 


ferences in the coupled ocean-atmosphere response to a WWE 
(Figure 11). Over the ten members, 4 other members only 
display a moderate warming (gray dashed curves) and 2 remain 
in neutral conditions (black curves). This diversity between the 
members appears to be due to the internal atmospheric vari- 
ability during and following the inserted WWE (intensity of 
the trade winds, intensity of the WWEs activity following the 
insertion of the strong WWE. . .). This study therefore suggests 
that the occurrence of an intense WWE in the early year there- 
fore favors a stronger subsequent WWE activity by shifting 
warm waters eastwards in the following months, but does not 
seem to totally constrain it. In addition, another recent study 
with the ECMWEF coupled model [Vitart et al., 2003] also 
suggested that addition of the observed wind stress anom- 
alies in May—June 1997 produces significantly better fore- 
casts for the 1997-98 El Nifio, whereas Maes et al. [2002] 
underlined the importance of the barrier layer in coupled mode 
to amplify ocean-atmosphere response to WWEs during the 
onset of El Nifio events. 

However, if WWEs strongly contributed to the onset and 
development of El Nifio events on some occasions (e.g., 
1982-83, 1997-98), WWEs failed to generate El Nifio on 
other occasions (e.g., in 1967 and in 1989-90). In fact, as 
suggested by Lengaigne et al. [2004] study, the response of 
the coupled system to a strong WWE is complex and strongly 
depends on the internal atmospheric variability. In addition, 
this response also depends on the mean background condi- 
tions in the tropical Pacific. Using an intermediate coupled 
model, Perigaud and Cassou [2000] suggested that the 
impact of WWEs depends on the ocean heat content at the 


time of the WWE: adding a WWE when the ocean heat con- 
tent is low does not modify the coupled system evolution, 
whereas the high ocean heat content in winter 1981-82 and 
1996-97 allowed WWEs to onset the corresponding EI Nifio 
events. A recent study [Fedorov, 2002] using a simple cou- 
pled tropical ocean-atmosphere model showed that adding a 
WWE in the coupled system impacts the magnitude and 
other characteristics of ENSO by modifying the energetics 
of the ocean-atmosphere interactions. They suggest that this 
impact depends crucially on two factors: the background 
state of the system as described by the mean depth of the 
thermocline and the intensity of the mean winds, and the 
timing of the event with respect to the ENSO phase. The 
sensitivity to this timing is illustrated in Figure 12. The 
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Figure 11. Time series of Nifio3 SST anomalies for the members 
of the perturbed ensemble where a WWE is introduced, compared to 
the reference ensemble mean. The grey lines correspond to the strong 
warming cases, the grey dashed ones to moderate warming cases 
and the black ones to neutral cases. The arrow denotes the artifi- 
cially introduced WWE. [from Lengaigne et al., 2004] 
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Figure 12. (a) The impact, on the magnitude of El Nifio, of WWEs 
that happen at different times of one cycle of a pre-existing South- 
ern Oscillation. the vertical axis displays the strength of the warm- 
ing of the eastern Pacific ocean (in °C); while the horizontal axis 
shows the timing of the bursts within this cycle. Time zero corre- 
sponds to the instance when El Nifio would have its peak in the 
absence of the wind bursts. Negative/positive times correspond to the 
times before/after such peak. The magnitude of El Nifio is shown 
by the shaded line. Shading indicates times when the burst occurs dur- 
ing the cold phase of the cycle, ie. La Nifia. (b) The impact, on the 
timing of El Nifio, of WWEs that happen at different times of a pre- 
existing southern oscillation. The vertical axis displays the shift of 
the peak of El Nifio in time, i.e. its delay (positive values) or its 
advancement in time (negative values); while the horizontal axis is 
as in (a). In the absence of WWEs, El Nifio would have peaked at time 
0. Shading indicates times when the WWE occurs during the cold 
phase of the cycle, i.e. La Nifia. [from Fedorov, 2002] 


results in Figure 12a indicate that WWEs can significantly 
amplify the strength of El Nifio if it occurs approximately 6 
to 10 months in advance of the upcoming El Nifo (as in 
1997-98 and 1982-83). In contrast, the WWE that happens 
during the cold phase of the cycle have either negligible or 
negative impact of the upcoming El Nifio, by decreasing the 


available potential energy of the system. Another important 
effect of WWEs is to shift the peak of El Nifio in time (Fig- 
ure 12b). Depending on the ENSO phase, a WWE can either 
delay the following El Nijfio (region I), accelerate the onset 
of the warming (region II) or generate a second peak (region 
III). Even if the model used is too crude to describe the real 
system in its full complexity, this study therefore suggests 
that WWEs impact strongly depend on the ocean state at the 
time the WWE occurs. 


5. CONCLUSION 


In this paper, observational and modeling aspects about 
Westerly Wind Events (WWEs) and their influence on the 
tropical Pacific ocean-atmosphere system are reviewed. WWEs 
are a large part of the intraseasonal zonal wind activity over 
the warm pool. They have a significant seasonality, typical 
amplitudes of 7 m s"!, zonal widths of 20° longitude and dura- 
tions of about 8 days. Their root causes are often suggested to 
be a combination of various factors including the Madden- 
Julian Oscillation, cold surges from extra-tropical regions, 
tropical cyclones and other mesoscale phenomena. However, 
the exact relationships between these atmospheric phenomena 
and WWEs remain often unclear. Future work is therefore 
needed to better understand, for instance, the relationship 
between the MJO and WWEs, to further document the role of 
mid-latitude pressure surges in forcing tropical convection, 
to examine the role of atmospheric equatorial Rossby wave dis- 
turbances (associated with the intrusion of upper level mid-lat- 
itude Rossby wave activity into the tropical eastern Pacific) that 
can play a role in the subsequent western Pacific activity. 

The ocean response to WWEs is complex, involving among 
other processes the equatorial characteristics of the WWEs, the 
oceanic background state and the internal atmospheric vari- 
ability. Both observational and modeling studies however 
reveal systematic ocean evolution under WWEs conditions. As 
a remote response, they force eastward propagating down- 
welling equatorial Kelvin waves that favor the development of 
positive intense SST anomalies in the central and eastern 
Pacific through zonal advection of the SST gradient in the 
central Pacific and/or thermocline deepening in the eastern 
Pacific. Locally, WWEs affect the structure of the western 
Pacific warm-pool because they significantly alter surface 
heat, fresh and momentum fluxes. The local oceanic response 
to WWEs shows a surface cooling over the far-western Pacific 
and the generation of a westward subsurface and an eastward 
surface jets. Under certain circumstances, the eastward jet 
advects warm waters to the central Pacific. 

As both observational and modeling studies demonstrate 
that equatorial WWEs are associated with the appearance and 
maintenance of warm SST conditions, it has therefore been 


assumed that WWEs might influence ENSO. Observational 
studies suggest a link between the WWEs activity and El Nifio 
occurrences but the lack of long-term reliable data records 
prevents to draw definitive conclusions on this topics. How- 
ever, modelling studies suggest that WWEs can significantly 
contribute to the irregularity of ENSO as atmospheric feed- 
backs are suggested to amplify the initial ocean response to a 
WWE, allowing a strong WWE to establish the conditions 
under which El Nifio can occur. In fact, WWEs act to shift 
warm waters eastward promoting the occurrence of further 
WWE activity, which can generate other downwelling Kelvin 
waves and therefore further amplify the initial warming. It is 
therefore likely that WWE activity during the development 
phase of an El Nifio event strongly influence its evolution and 
amplitude but the impact of WWEs on the coupled system 
has been shown to crucially depend on the oceanic back- 
ground state and the internal atmospheric variability. How- 
ever, whether ENSO is a self-sustained oscillating phenomenon 
perturbed by stochastic atmospheric noise or whether it is a 
damped phenomenon excited by WWEs is still an open ques- 
tion and no consensus has thus far been reached on this sub- 
ject. Future work is therefore needed to better understand the 
influence of the mean state on the coupled response to WWEs 
and to precise to what extend high frequency wind variabil- 
ity influences ENSO. 

The strong sensitivity of the coupled system response to 
WWEs raises the question of the predictability of the tropi- 
cal Pacific evolution. Our inability to predict WWE occur- 
rences and intensities are a strong limitation to El Nifio 
predictability. Indeed, the leading role played by high fre- 
quency wind in determining the evolution and intensity of 
the 1997-98 El Nifio suggests that the exceptionally large 
amplitude of this El Nifio, as well as the 1982—83’s, could 
not have been anticipated far in advance because it depended 
on the occurrence of successive westerly wind bursts 
[McPhaden and Yu, 1999; Lengaigne et al., 2004]. This led 
Fedorov et al. [2003] to argue that the use of probabilistic 
forecast is necessary to cope with such high frequency wind 
variability. In fact, high frequency wind variability is cur- 
rently unpredictable, even at short lead time. However, whether 
such a high-frequency wind activity can be considered as 
purely stochastic is an open question as it is likely to be, at 
least partially, influenced by large-scale conditions. It is evi- 
dent that the predictability of synoptic features such as indi- 
vidual WWEs is very limited and very complex as not only 
the WWE occurrences should be predicted, but also their 
equatorial characteristics (fetch, duration, intensity). However, 
even if individual WWEs remain unpredictable beyond a few 
days, one can certainly improve the probabilistic predictability 
of the seasonal WWEs activity as its characteristics are par- 
tially controlled by large-scale atmospheric and oceanic vari- 
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ability. Preliminary results by Yu et al. [2003] suggest for 
instance that the WWEs activity over the western Pacific 
could be partially controlled by the equatorial sea level pres- 
sure gradient in the far western Pacific, which is correlated 
with the location of the warm pool. This means that the char- 
acteristics of the western Pacific warm pool could modulate 
the WWEs activity. Improved understanding and prediction 
of El Nifio SST changes likely depends on a better under- 
standing and prediction of the entire range of oceanic and 
atmospheric variability, which brings about WWEs. 
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Numerical experiments with a coupled model have been carried out to test the heat-pump 
hypothesis for ENSO. The hypothesis states that the level of ENSO activity is controlled by 
the meridional differential surface heating over the Pacific: either an enhanced surface heat- 
ing over the equatorial region or an enhanced cooling over the subtropical/extratropical 
ocean may result in a regime with stronger ENSO events. Moreover, ENSO may be a mech- 
anism that regulates the long-term stability of the coupled equatorial ocean-atmosphere sys- 
tem. The results from the numerical experiments are shown to be consistent with this 
hypothesis. A stronger tropical heating or a stronger subtropical/extratropical cooling tends 
to increase the contrast between the SST in the tropical western Pacific warm-pool and the 
temperature of the equatorial thermocline water and thereby destabilize the coupled equa- 
torial ocean-atmosphere system. In response, a regime with stronger ENSO events sets in. 
The stronger ENSO events transport more heat downward and poleward, cooling the warm- 
pool SST and warming the equatorial thermocline water. In the presence of ENSO, the dif- 
ference between the time-mean warm-pool SST and the time-mean temperature of the 
equatorial thermocline water is found to be insensitive to changes in the external forcing. 


1. INTRODUCTION 


The level of the ENSO activity has varied over the past 
[Tudhope et al., 2001; Cobb et al., 2003], suggesting it may 
vary in the future. What controls the level of ENSO activity, 
however, has not been well understood [Wang and Picaut, 
this volume]. For example, there is no consensus on the causes 
of the strengthening of the ENSO activity during the last 20 
years relative to the previous two decades. At least three dif- 
ferent explanations for this change in the level of ENSO activ- 
ity have been put forward. Wang and An [2001] have suggested 
that the strengthening of ENSO activity during the last 20 
years is due to a change in the background winds. Jin et al. 
[2003] attributes this strengthening of ENSO activity to non- 
linear dynamic heating. Sun [2003] suggests that the strength- 
ening of ENSO may be a consequence of an increase in the 
equatorial radiative heating or equivalently an increase in the 


Earth’s Climate: The Ocean-Atmosphere Interaction 
Geophysical Monograph Series 147 

Copyright 2004 by the American Geophysical Union 
10.1029/147GM04 


71 


tropical maximum SST. The understanding of the changes in 
the level of ENSO activity on the longer time-scales is not 
better. For example, there is also no agreement on the causes 
of the suppression of ENSO activity during the mid Holocene 
[Rondel et al., 1999; Sandweiss et al., 1996]. Sun [2000] sug- 
gests that the warmer equatorial thermocline water could be 
a cause—the reduced difference between the tropical maxi- 
mum SST and the temperature of the equatorial thermocline 
water makes the coupled system more stable. Liu et al. [2000] 
did find warmer equatorial thermocline water in their model 
simulation of the mid-Holocene, but suggest a role of the 
Asian summer monsoon. Clement et al. [2000] proposed 
another mechanism: orbitally driven changes in the seasonal 
cycle of solar radiation in the tropics. Because of the differ- 
ences in the models used, whether these proposed mecha- 
nisms are really independent of each other or overlapping is 
not known. 

The inadequacy in our understanding of what controls the 
level of ENSO activity is also reflected in the lack of consis- 
tency in the predictions by coupled GCMs. Some early mod- 
els suggest that the level of ENSO activity may reduce in 
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response to global warming [MeeAl et al., 1993; Tett, 1995; 
Knutson et al., 1997]. The more recent experiments by Tim- 
merman et al. [1999] suggest the opposite effect: the level of 
ENSO activity will increase in response to global warming. 
Collins [2001] even found different responses of ENSO to 
global warming in two different versions of the same model. 
The credibility of the predictions of the response to global 
warming by these coupled GCMs is also undermined by the 
lack of confidence in their simulation of cloud feedbacks 
[Cess et al., 1989; Sun et al., 2003]. 

The rather scattered results concerning the causes of the 
variability in the level of ENSO highlight a need for a better 
delineation of the fundamental forces controlling the level of 
ENSO activity. The purpose of this article is to highlight recent 
progress in understanding the influence of surface heating over 
the level of ENSO activity, specifically, the heat-pump hypoth- 
esis [Sun, 2003; Sun et al., 2004]. The hypothesis states that 
ENSO amplitude is proportional to the meridional differen- 
tial surface heating over the Pacific: either an enhanced surface 
heating over the equatorial region or an enhanced cooling over 
the subtropical/extratropical ocean may result in a regime with 
stronger El Nifio events. Moreover, El Nifio may be a mecha- 
nism that regulates the stability of the time-mean state of the 
equatorial Pacific. This hypothesis, if proved to be true, could 
become a step stone to better understand why the level of 
ENSO activity has varied over the past and how it may change 
in the future as the CO, concentration in the atmosphere 
increases. The heat-pump hypothesis deals with the question 
of what controls the amplitude of ENSO. Therefore, it com- 
plements existing theories of ENSO as these theories mainly 
provide an explanation for the phase transition of ENSO. 

The paper is organized as follows. The observational back- 
ground for the conception of the heat-pump hypothesis is 
introduced in Section 2. The numerical experiments that have 
been carried out to test this hypothesis are highlighted in Sec- 
tion 3. The implications of the heat-pump hypothesis are dis- 
cussed in Section 4. 


2. OBSERVATIONAL BACKGROUND 


The distribution of the net surface heat flux over the Pacific 
is characterized by heating in the equatorial region and cool- 
ing in the higher latitudes (Figure 1a). This implies that the 
ocean has to remove heat away from the equatorial Pacific to 
the higher latitudes. Extending previous calculations by Wyrtki 
[1985], Meinen and McPhaden [2000, 2001], Sun and Tren- 
berth [1998], and Sun [2000], Sun [2003] calculated the pole- 
ward heat transport in the tropical Pacific over the last 20 
years using a single ocean data set. The calculation showed that 
the required poleward heat removal is achieved episodically 
and those episodes correspond with the occurrence of El Nifio 


events (see Figure 5 in Sun [2003]). A basin-wide view of the 
anomalous heat transfer during El Nifio is shown in Figure1b. 
Shown is the divergent component of the heat transport ver- 
tically averaged over the upper ocean. As there is anomalous 
eastward heat transport to feed the El Nifio warming, the pole- 
ward heat transport is enhanced across the equatorial Pacific. 
The center of the divergence in the transport occurs slightly 
west to the dateline while the surface heating is peaked in the 
far eastern Pacific. This indicates that the heat also has to be 
first transported westward, consistent with the observation 
that heat is transported to the subsurface ocean of the western 
Pacific during the quiescent periods—the La Nifia events 
[Wrrtki, 1985; Sun, 2000; Sun, 2003]. Therefore, both phases 
of ENSO are fundamentally involved in the planetary heat 
transport in the tropical Pacific. The fact that El Nifio corre- 
sponds to an elevated poleward heat transport has been noted 
earlier [Wyrtki, 1985; Meinen and McPhaden, 2000, 2001; 
Sun 2001]. Jin [1997a, b] has suggested that this elevated 
poleward heat transport provides the negative feedback that ter- 
minates the anomalous surface warming. Therefore, the 
extended calculation by Sun [2003] may be viewed as evi- 
dence for the relevance of Jin’s theory for the phase transi- 
tion of ENSO. The key point in Sun [2003], however, is the 
connection between ENSO and the surface heating over the 
tropical Pacific and the implied long-term heat balance of the 
tropical Pacific. 

Sun [2003] has also noted in his heat budget analysis that 
the two strongest El Nifio events, the 1982-83 El Nifio event 
and the 1997-98 El Nifio event, are also accompanied by the 
strongest poleward heat transport. The peak value of the heat 
transport out of the equatorial Pacific (5°S—5°N) associated 
with the 1997-98 El Nifio event almost doubles the mean 
peak value associated with the 4 weaker El Nifio events 
(1986-87, 1991-92, 1993, and 1994-95). Figure 2a, b contrasts 
the heat transport during the two strongest El Nifio events 
with a more moderate one, the 1991—92 El Nifio event. As 
there is more heat transport from the equatorial western Pacific 
to the equatorial eastern Pacific, the poleward heat transport 
is enhanced across the bulk of the tropical Pacific. 

If all the El Nifio events in the record were as strong as the 
1997-98 E] Nifio event, we would have seen a stronger pole- 
ward heat transport in the time-mean. Conversely, if the time 
mean poleward heat transport is forced to increase for some 
reason, the mean level of ENSO activity may have to increase 
to maintain the time-mean heat balance. This consideration led 
to the conception that the meridional differential surface heat- 
ing may act as a fundamental factor influencing the level of 
ENSO activity. 

Admittedly, the above consideration only points to a pos- 
sibility, not a necessity. For example, to achieve a higher pole- 
ward heat transport in the mean, the system could increase 
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Figure 1. (a) Distribution of annual mean surface heating over the Pacific Ocean (from Sun 2003). (b) A basin-wide view 
of the anomalous heat transport during El Nifio. Shown are the average differences in the divergent component of the 
ocean transport in the upper ocean between El Nifio and non-El Nifio periods. The divergent component of the ocean 
transport in the upper ocean is obtained by solving a Laplace equation using the heat divergence data (D,) calculated by 
Sun (2003) (see Equation (1) in that paper). Realistic topography is used for the lateral boundary conditions. The merid- 
ional domain is from 35°S to 45°N. The model outside the analysis model domain is fixed to the climatology over the 1980-98 
period. The definition of El Nifio and La Nifia periods follows Trenberth (1997). 


the poleward transport during the relative quiescent periods— 
the La Nifia events. This scenario, however, is unlikely, because 
heat has to be pumped to the subsurface ocean for a substan- 
tial poleward ocean heat transport. Note that the tropical 
Pacific is stablely stratified in the vertical except the shallow 
surface mixed layer. It needs Ekman pumping to do the work 
to pump heat down to the subsurface ocean. The pattern of 


transport during El Nifio shown in Figure 2 also indicates that 
heat has to be transported from the eastern Pacific to the west- 
ern Pacific. Pumping heat down to the subsurface ocean of the 
western Pacific appears to occur primarily during La Nifia 
events [Sn 2001, 2003]. To put these arguments and inferences 
from observations on a firmer ground, experiments with a 
coupled model have been carried out. 
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Figure 2. A basin-wide view of the anomalous heat transport during the two exceptionally strong El Nifio events: the 
1997-98 (a) and the 1982-83 (b) events. Shown are the divergent component of the mean upper ocean heat transport dur- 
ing these two events relative to that during the 1991-92 El Nifio event (the 97-98 event minus the 91-92 event and the 82-83 
event minus the 91-92 event respectively). The 1991-92 EI Nifio event has a similar life cycle to the two strongest El 


Nifio events. 


3.1. The Model 


The model is described in Sun [2003] and Sun et al. [2004]. 
The atmospheric model is an empirical one. The surface heat 


3. NUMERICAL RESULTS 


flux is parameterized in the same way as previous theoretical 
studies of ENSO: it is proportional to the difference between 
a prescribed radiative convective equilibrium SST (SST, a) and 
the actual SST predicted by the coupled model, 


F,(A,9) = C ,pcHl (SST ,() ~ SST (An) (1) 


where F’ is the net surface heat flux into the ocean, / is the lon- 
gitude, @ is the latitude, C_ is the specific heat, p is the den- 
sity, c is the restoring coefficient, and H,, is the depth of the 
mixed layer (50 m). The SST_ in the equation is prescribed 
empirically such that the model ocean is heated in the equa- 
torial region and cooled in the higher latitudes (see Equation 
(5) in Sun [2003] for the exact form of the prescribed SST_). 
The treatment of the coupling of winds is also in line with 
what has been done previously: the equatorial zonal wind 
stress is proportional to the equatorial zonal SST contrast, 


T°(A,9) = Trey (A,0) — MAT -AT.,) (2) 


where 7* is the zonal wind stress, 7, of is the zonal wind stress 
that is used to spin up the ocean model to obtain a reference 
state. AT_is a measure of the equatorial zonal SST contrast 
of the reference state. It is defined as the area averaged SST 
difference between (5°S—S°N, 130°E-180°E) and (5°S—S°N, 
230°E—280°E). AT is the same measure of the actual equato- 
rial zonal SST contrast predicted by the model. {4 measures the 
coupling strength and has a prescribed meridional profile. 

The ocean component of the coupled model is the NCAR 
Pacific Basin model—the model of Gent and Cane [1989]. 
This ocean model, though less used so far for ENSO studies 
than the phenomenally successful model of Zebiak and Cane 
[1987], explicitly calculates the heat budget of the entire upper 
ocean. The ocean component of the model of Zebiak and 
Cane [1987], in contrast, has the mean temperature structure 
of the subsurface ocean fixed. For our present purpose, which 
is to examine how the coupled ENSO system responds to an 
increase in the radiative heating, it is crucially important to 
explicitly calculate the heat budget of the entire upper ocean. 
The NCAR Pacific basin model also features a fine spatial res- 
olution in the equatorial waveguide (about 0.25°) and there- 
fore ensures accurate simulation of the equatorial waves. 

The model simulates the major observed characteristics of 
ENSO and the mean climate [Sun, 2003]. As in many other 
models, ENSO in this model is more regular than in the real 
world. With instantaneous coupling, the model does have 
some internal variability on multi-decadal time-scales appar- 
ently because of the presence of noise in the SST field and the 
resulting noisy winds. In the experiments we report in the 
present article, weekly mean SST is used to compute the winds 
in the coupling and this largely suppresses the internal vari- 
ability of ENSO on multi-decadal time-scales. The lack of 
decadal variability in the amplitude of ENSO in the model 
helps to identify the effect of an external forcing, such as an 
increase in the tropical heating or subtropical cooling, on the 
amplitude of ENSO. The goal here is limited to isolating the 
mechanisms for further tests using observations or more 
sophisticated models. 
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3.2. Tropical Heating Experiments 


A typical response of the Nifio3 SST variability to an 
increase in the tropical heating is shown in Figure 3. Figure 3a 
shows the Nifio3 SST time series from a control run and a 
perturbed run. The increase in the tropical heating is intro- 
duced through an increase in the SST, in that region. The 
exact form of the increase in the SST, in the perturbed run is 
shown in Figure 3b. (The heating in this particular case is 
confined to the equatorial region (5°S—S°N). Extending to a 
broader region (10°S—10°N) has essentially the same results), 
Figure 3c shows the corresponding time series of the transport. 
The numerical results apparently support the hypothesis: 
ENSO becomes more energetic—the amplitude has become 
considerably larger—and the poleward heat transport becomes 
more episodical. The ENSO events are stronger and have a 
longer duration. 

To understand the response of ENSO to the tropical heat- 
ing, we have conducted experiments in which the equatorial 
coupling is turned off—setting the coupling strength param- 
eter in Equation (2) to zero—so that the tendency created by 
the imposed surface heating can be isolated. Figure 4a, b 
shows the response of the upper ocean temperature to an 
increase in the tropical heating from such experiments. There 
is a considerable increase in the warm-pool SST. but there is 
little change in the temperature of the equatorial thermocline 
water. The effect of the imposed surface heating is confined 
to the surface mixed layer. As we will see later, this confine- 
ment is due to the absence of the coupling between the atmos- 
phere and the ocean. The increase in the SST in the eastern 
equatorial Pacific is less than in the western Pacific. This is 
because the thermocline in the eastern Pacific is shallower 
and consequently the upwelling has more influence over the 
SST in that region. As the temperature of the source water 
for the equatorial upwelling—the temperature of the equato- 
rial thermocline water—remains unaffected by the imposed 
surface heating, the upwelling reduces the sensitivity of the 
SST in the eastern Pacific to the increase in the surface heat- 
ing. The resulting increase in the zonal SST contrast, measured 
by in Equation (2), is about 0.50°C. It should be emphasized 
that such an increase in the zonal SST contrast is fundamen- 
tally linked to the increase in the contrast between the warm- 
pool SST and the temperature of the equatorial thermocline 
water that feeds the equatorial upwelling. The difference 
between the western Pacific warm-pool SST and the charac- 
teristic temperature of the equatorial thermocline water is a fun- 
damental parameter in determining the stability of the coupled 
equatorial ocean-atmosphere [Sun 2000; Sun, 1997; Jin, 1996; 
Sun, 1996]. We use the mean SST over the region (5°S—5S°N, 
120°E—160°E) Tw to measure the warm-pool SST and the 
core temperature of the equatorial undercurrent Tc [Sun et 
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al., 2004] to represent the characteristic temperature of the 
equatorial thermocline water. The perturbation from the 
enhanced tropical heating to the value of Tw—Tc without equa- 
torial coupling is about 1.0°C (Figure 4a). Thus, the imposed 


tropical heating tends to reduce the stability of the coupled 
equatorial ocean-atmosphere system. 

In the presence of coupling, the perturbation to the zonal 
SST contrast by the increase in the difference between Tw 
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Figure 3. (a) Response of ENSO in the coupled model to an increase in the tropical heating. Shown are time series of Nifio3 
SST from a control run (solid line) and a perturbed run (dashed line). (b) The differences in the radiative convective equi- 
librium SST between the perturbed run and the control run (the perturbed run minus the control run). (c) Response in the 
poleward heat transport out of the equatorial region (5°S—S°N) to an increase in the tropical heating. The solid line is for 


the control run; the dashed line is for the perturbed run. 
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Figure 4. The equilibrium response in the upper ocean temperature to an increase in the tropical heating in the absence of 
ENSO. Shown are the differences between a control run and a perturbed run in which there is no equatorial ocean-atmos- 
phere coupling. The perturbed run is subject to the same tropical heating as the coupled perturbed run (Figure 3b). Both 
the control run and the perturbed run are 27 years long. Shown are the mean differences over the last 3 years. The dashed 
lines are the mean isentropes of the control run. (a) A zonal section for the equatorial Pacific (averaged over 5S°S—S°N). (b) A 
meridional section for the central Pacific (averaged over 160°E—210°E). 


and Tc is expected to be amplified by the Bjerknes feedback phase; namely, this perturbation will result in stronger La Nifia. 


loop: stronger zonal SST contrast results in stronger winds Indeed, the zonal SST contrast during the cold phase of the cou- 
and stronger upwelling which in turn enhances the zonal SST pled run with the enhanced tropical heating is muchlarger than 
contrast. Moreover, because this perturbation depends on the the control run. Measured by AT in Equation (2), the zonal SST 


equatorial upwelling, it has more effect during the La Nifia contrast has increased by 2.0°C during the cold phase (Figure Sa). 
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Because of the effect of the enhanced upwelling and the 
enhanced zonal advection during the cold phase, the eastern 
equatorial Pacific is colder in the perturbed run than in the 
control run despite the increase in the surface heating (Fig- 
ure 5a). This regulatory effect has been noted before [Clement 
et al., 1996; Sun and Liu, 1996]. The SST in the far western 
Pacific does increase significantly during the cold phase. 
The stronger La Nifia in the perturbed run results in a higher 
upper ocean heat content in the western Pacific apparently 
because of a stronger equatorial zonal wind and a stronger 
Ekman pumping in the off-equatorial region. This higher 
heat content further leads to stronger El Nifio. Sun [2003] 
noted in the observations that stronger El Nifio tends to be pre- 
ceded by a higher heat content in the western Pacific. The 
stronger El Nifio then transports the accumulated heat in the 
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Figure 5. Response during the cold phase (a) and the warm phase 
(b) in the equatorial upper ocean temperature (5°S—5°N) to an increase 
in the tropical heating when the equatorial ocean atmosphere is 
allowed to produce ENSO. The definition of the cold and warm 
phase of the ENSO in the model is the same as in Sun (2003). Shown 
are the differences of the phase-averaged temperature between the 
control run and the perturbed run whose Nifio3 SST time series are 
shown in Figure 3a. The last 4 cycles of ENSO in the time series 
are used for the calculation. 


western Pacific subsurface ocean eastward and largely 
reverses the large increase in the zonal SST contrast during 
the cold-phase (Figure 5b). During and immediately flow- 
ing this zonal redistribution of heat, more heat is also trans- 
ported poleward (Figure 3c). 

Figure 6a, b further shows the time-mean upper ocean tem- 
perature differences between the coupled perturbed run and the 
coupled control run. By comparing Figure 6 with Figure 4, one 
sees the effect of the equatorial ocean-atmosphere coupling on 
the response of the equatorial upper ocean temperature to the 
enhanced surface heating. In the uncoupled case, the effect of 
heating is confined to the mixed layer. There is a significant 
increase in the warm-pool SST. In the coupled case, heat is 
transported downward all the way to the thermocline. The 
temperature of the thermocline water is increased considerably. 
The core temperature of the equatorial undercurrent Tc is 
increased by 0.80°C. At the same time, the increase in Tw is 
reduced by 0.20°C. The change in the value of Tw-Tc in the 
coupled case is thus negligibly small. Therefore allowing 
ocean-atmosphere to couple—allowing the presence of 
ENSO—reduces the sensitivity of the difference between Tw 
and Tc in the time-mean state to the increase in the surface 
heating, offering evidence for a stabilizing role of ENSO in 
maintaining the mean climate. Comparing Figure 6b with 
Figure 4b, it further reveals that heat is not only transported 
to a deeper depth, but also to higher latitudes in the coupled 
case than in the uncoupled case. 


3.3. Subtropical Cooling Experiments 


A typical response of ENSO to an increase in the subtrop- 
ical cooling is shown in Figure 7. There is a considerable 
delay in the response of the ENSO amplitude (about 15 years), 
but eventually a regime with stronger ENSO develops. In the 
regime with strong ENSO, the poleward heat transport is also 
more episodical. The duration of El Nifio events appears to 
become longer also. 

To understand the response of the amplitude of ENSO to 
subtropical surface cooling, we have also conducted runs in 
which the coupling between the surface winds and the zonal 
SST gradients is turned off so that the tendency created by 
the subtropical surface cooling can be isolated. Figure 8 
shows the effect of the subtropical surface cooling on the 
equatorial upper ocean temperature. Shown are differences 
in the upper ocean temperature between a control run and a 
perturbed run. The perturbed run is subject to the cooling 
shown in Figure 7b. The temperature of the equatorial ther- 
mocline water is considerably colder (The core temperature 
of the equatorial undercurrent Tc is about 0.75°C colder). The 
cooling of the equatorial thermocline is through the sub- 
tropical cell or the “ocean tunnel” [Sun et al., 2004]. The 
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Figure 6. The response in the time-mean upper ocean temperature to an increase in the tropical heating in the presence of 
ENSO. Shown are the time-mean differences between the control run and the perturbed run whose Nifio3 SST time series 
are shown in Figure 3a. The entire run (27 years) is used for computing the time-mean. The dashed lines are the mean isen- 
tropes of the control run. (a) A zonal section for the equatorial Pacific (averaged over 5°S—5°N). (b) A meridional section 


for the central Pacific (averaged over 160°E—210°E). 


cooling is largely confined to the thermocline water. The 
change in the warm-pool SST Tw is small (about —0.13°C). 
Therefore, the subtropical cooling increases the difference 
between Tw and Tc and has the same effect on the stability 
of the coupled equatorial ocean atmosphere as the tropical 
heating. The subsequent upwelling of the colder thermo- 


cline water perturbs the zonal SST contrast and triggers 
stronger coupled instability—ENSO. Figure 9a, b shows 
respectively the equatorial upper ocean temperature differ- 
ences during the cold phase and the warm phase. Again, the 
zonal SST contrast is much enhanced during the cold phase— 
is increased by about 2.1°C. The cold phase AT in the per- 
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Figure 7. (a) Response of ENSO in the coupled model to an increase 
in the subtropical cooling. Shown are time series of Nifio3 SST from 
a control run (solid line) and a perturbed run (dashed line). (b) The 
differences in the radiative convective equilibrium SST between the 
perturbed run and the control run (the perturbed run minus the con- 
trol run). (c) Response in the poleward heat transport out of the equa- 
torial region (5°S—5°N). The solid line is for the control run; the 
dashed line is for the perturbed run. 


turbed run is also accompanied with greater upper ocean 
heat content in the western Pacific, which is responsible for 
stronger El Nifio events. 

Figure 10 further shows the time-mean upper ocean tem- 
perature differences between the coupled perturbed run and the 
coupled control run. By comparing Figure 10 with Figure 8, 
one sees the effect of equatorial ocean-atmosphere coupling— 
the presence of ENSO—on the response of the upper ocean 


temperature to the enhanced subtropical cooling. In the 
uncoupled case, the effect of cooling to the equatorial upper 
ocean is confined to the thermocline. There is little change 
in the warm-pool SST. In the coupled case, however, the 
cooling effect is commuted upward all the way to the surface. 
Consequently, there is a significant decrease in the warm-pool 
SST. (The value of Tw is lowered by about 0.67°C.) The 
cooling to the temperature of the equatorial thermocline 
water is at the same time reduced (the cooling to Tc is 
reduced from about 0.75°C to 0.45°C). Therefore, the equa- 
torial ocean-atmosphere coupling or the presence of ENSO 
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Figure 8. The equilibrium response in the upper ocean temperature 
to an increase in the subtropical cooling in the absence of ENSO. 
Shown are the differences between a control run and a perturbed 
run in which there is no equatorial ocean-atmosphere coupling. The 
perturbed run is subject to the same subtropical cooling as the cou- 
pled perturbed run (Figure 7b). Both the control run and the per- 
turbed run are 27 years long. Show are the mean differences over 
the last 3 years. The dashed lines are the mean isentopes of the con- 
trol run. (a) A zonal section for the equatorial Pacific (averaged over 
5°S—5°N). (b) A meridional section for the central Pacific (averaged 
over 160°E-—210°E). 


reduces the sensitivity of the difference between Tw and Tc 
to an external forcing. Therefore in response to either an 
increase in the equatorial surface heating or an increase in 
the subtropical surface cooling, the onset of the coupled 
instability—ENSO—plays as a negative feedback mecha- 
nism, preventing increases in the value of Tw-Tc in the time- 
mean state. Comparing Figure 10b with Figure 8b, it further 
reveals that the subsurface cooling in the off-equatorial 
region is also significant reduced by the coupling. 
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4. DISCUSSION 


We have presented numerical evidence supporting the heat- 
pump hypothesis. Due to limited space, we only reported two 
cases. We have done more experiments and found that the 
results do not qualitatively depend on the details of the heat- 
ing profile used. ENSO become stronger so long as the heat- 
ing or cooling increases the contrast between the warm-pool 
SST and the temperature of the equatorial thermocline water. 
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Figure 9. Response during the cold phase (a) and the warm phase (b) in the equatorial upper ocean temperature (5°S—5°N) 
to an increase in the subtropical cooling when the equatorial ocean-atmosphere is allowed to couple to produce ENSO. Shown 
are the differences of the phase-averaged temperature between the control run and the perturbed run whose Nifio3 SST time 
series are shown in Figure 7a. The last 4 cycles of ENSO in time series are used for the calculation. 
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Figure 10. The response in the time-mean upper ocean temperature 
to an increase in the subtropical cooling in the presence of ENSO. 
Shown are the time-mean differences between the control run and the 
perturbed run whose Nifio3 SST time series are shown in Figure 7a. 
The last 20 years of the 32 year long run are used to compute the time 
mean. The dashed lines are the mean isentropes of the control run. 
(a) A zonal section for the equatorial Pacific (averaged over 5°S—5°N). 
(b) A meridional section for the central Pacific (averaged over 
160°E-210°E). 


Conversely, we have also found that a decrease in the equatorial 
heating or a decrease in the subtropical cooling reduces the 
amplitude of ENSO. 

This article is motivated to further delineate the role of sur- 
face heating in controlling the level of ENSO activity. It is 
also motivated to highlight some potential inaccuracies in 
some popular notions about ENSO. For example, ENSO has 
been largely regarded as an adiabatic phenomenon—1t results 
from an adiabatic redistribution of warm water in the ocean 
(see review by Neelin et al., 1998). In light of the present 
results, this notion about an adiabatic ENSO only has ground 
in a model with a prescribed mean climate. The present results 
suggest that ENSO is in fact fundamentally diabatic: it is a cou- 


pled instability in response to the destabilizing effect of the 
meridional differential surface heating. 

The present results also challenges describing ENSO as an 
oscillator about an independent mean climate. We see evi- 
dence from the numerical experiments for a regulatory role of 
ENSO in determining the long-term stability of the coupled 
equatorial ocean-atmosphere, specifically, the difference 
between the warm-pool SST and the temperature of the water 
feeding the equatorial undercurrent (the value of Tw—Tc). 

The present results have significant implications for the 
response of ENSO to global warming. Since the heating in 
the higher latitudes may have the opposite effect on the level 
of ENSO activity from the effect of a local heating over the 
equatorial ocean, the response of the level of ENSO activity 
to global warming could be complicated, but should depend 
strongly on the effect of global warming on the meridional 
differential surface heating over the Pacific ocean. In the same 
vein, in understanding why different coupled GCMs give dif- 
ferent predictions of the response of ENSO activity to global 
warming, one may need to pay attention to the change in the 
meridional differential surface heating over the Pacific due 
to global warming in the models. Because the surface heating 
distribution is greatly affected by clouds that are a major 
uncertainty in the GCMs [Cess et al., 1989], the response in 
the meridional differential surface heating to global warm- 
ing may be significantly different in the GCMs, causing dif- 
ferent response of ENSO to global warming in different 
models. 

It has to be mentioned that the coupled model used for the 
numerical experiments presented in this article is still very 
idealized. The parameterization of the surface heating and 
the wind-SST coupling particularly need improvement. There- 
fore, the results presented in this article are only suggestive at 
present. Further experiments are needed to further substanti- 
ate them. In particular, future experiments need to take into 
account the feedback from the Hadley circulation in the atmos- 
phere as its strength also depends strongly on the meridional 
differential heating. The focus of the present analysis is also 
limited—t is on the changes in the amplitude of ENSO. More 
analysis is also needed to understand the changes in the period 
of ENSO in response to changes in the meridional differential 
heating. In both the tropical heating and subtropical cooling 
experiments, we find that the period of ENSO increases. 

The ultimate test of the heat-pump hypothesis has to come 
from observations. In this connection, it may be worth noting 
the recent data from Cobb et al. [2003]. Their coral records 
appear to suggest that ENSO during the little ice age was 
stronger than in the medieval warm period. They have also 
noted in the same record that the equatorial time-mean cli- 
mate has little change from periods with strong ENSO activ- 
ity to periods with weak ENSO activity. 
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During El Nifio—Southern Oscillation (ENSO) events, atmospheric teleconnections 
associated with sea surface temperature (SST) anomalies in the equatorial Pacific 
can influence the ocean thousands of kilometers away. We use several data sets to 
delineate this “atmospheric bridge” between ocean basins, focusing on two emerg- 
ing research areas: 1) the evolution of atmosphere—ocean interactions in the tropi- 
cal Indian—Western Pacific Oceans over the full ENSO cycle and 2) the formation 
of large amplitude SST anomalies in North Pacific in the summer before ENSO 
peaks. In ENSO composites [where events peak near the end of Yr(0)], an east-west 
SST dipole develops in the Indian Ocean during the summer-fall of Yr(0), followed 
by basin-wide warming through spring of Yr(1). The SST anomalies over most of 
the tropical west Pacific also reverse sign, from negative in summer of Yr(0) to 
positive in the following summer. Local air-sea interactions influence the evolution 
of these ENSO-induced SST anomalies and related sea level pressure (SLP) and 
precipitation anomalies. Over the western North Pacific, the southward displacement 
of the jet stream and storm track in the summer of Yr(0) changes the solar radiation 
and latent heat flux at the surface, which results in anomalous cooling (and deep- 
ening) of the oceanic mixed layer at ~40°N. The potential impact of both the trop- 
ical and North Pacific SST anomalies on the broader climate is discussed. 


1. INTRODUCTION 


85 


While the essential atmospheric and oceanic processes 
responsible for El Nifio and the Southern Oscillation (ENSO) 
are contained within the tropical Pacific, ENSO impacts the 
global climate system. Some of the ENSO signal is commu- 
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nicated to remote locations via coastally trapped ocean waves 
that propagate poleward along the west coast of North and 
South America [Enfield and Allen, 1980; Pares-Sierra and 
O’Brien, 1989], but most of the teleconnections are through 
the atmosphere [Alexander 1992; Lau and Nath, 1996; Alexan- 
der et al., 2002; Lau and Nath 2003]. The global atmospheric 
response to SST anomalies in the equatorial Pacific includes 
changes in the wind, temperature, moisture and cloud cover, 
which then alter the fluxes of heat, momentum and fresh water 
into the ocean. Through this “atmospheric bridge”, changes in 
the central and eastern equatorial Pacific Ocean are commu- 
nicated to the global oceans via atmospheric teleconnections 
associated with ENSO. 

In general, ENSO begins in boreal spring, peaks in late 
fall/early winter and decays in the following spring. In addition, 
the extratropical atmospheric circulation anomalies associated 
with ENSO are strongest in northern winter. As a result, most 
studies of the atmospheric bridge have focused on boreal win- 
ter through the following spring. The roughly one season lag 
in the SST response to the atmospheric forcing is due to the 
large thermal inertia of the ocean. However, significant bridge- 
related changes in the climate system also occur in other sea- 
sons, including both the previous and following summers. 

The evolution of the atmospheric bridge is illustrated in 
Plate 1 by the difference in sea surface temperature (SST) 
between composites of El Nifio and La Nifia events for five 
two-month periods during the ENSO cycle: July-August 
[JA(0)], October-November [ON(0)], January—February 
[JF(1)], April-May [AM(1)] and July-August [JA(1)], where 
0 denotes the year ENSO peaks and 1 the following year. 
Composites are constructed from ten El Nifio (warm) events: 
1957, 1965, 1969, 1972, 1976, 1982, 1987, 1991, 1997, and 
2002; and ten La Nifia (cold) events: 1950, 1954, 1955, 1964, 
1970, 1973, 1975, 1988, 1998, and 1999 during 1950-2003. 

If we first focus on boreal fall and winter (Plate 1b—c), 
the ENSO-related signal is strong with positive SSTs 
(>2.0°C) over the eastern half of the tropical Pacific. Beyond 
the ENSO region, a reduction in the strength of the trade 
winds and the amount of cloud cover contribute to abnor- 
mally warm water in the tropical Atlantic by AM(1) [e.g., 
Covey and Hastenrath, 1978; Alexander and Scott, 2002; 
Wu et al., this volume] and over most of the Indian Ocean 
from ON(0) to AM(1) [e.g., Cadet, 1985; Nicholson, 1997; 
Klein et al., 1999]. In the North Pacific, strong cyclonic 
flow around an anomalously deep Aleutian low during El 
Nifio events cools the central North Pacific and warms the 
water along the west coast of North America [e.g., Alexan- 
der, 1992; Luksch, 1992; Lau and Nath, 1996; Alexander 
et al., 2002; our Plates 1 and 2 b—d]. 

El Nifio events, however, are already well established by 
JA(O), when warm water covers the equatorial Pacific (Plate 


1a) and positive sea level pressure (SLP) anomalies are located 
over the eastern hemisphere and negative anomalies over the 
western hemisphere, characteristic of the negative phase of 
the Southern Oscillation [e.g. Wang and Picaut, this volume; 
our Plate 2a]. Unlike JF(1), SST anomalies are negative to 
the south of Indonesia in JA(0), but like the subsequent win- 
ter, they are positive over the western part of the tropical 
Indian Ocean, leading to an east-west dipole across the basin. 
The negative anomalies near Indonesia are part of an inter- 
hemispheric “horseshoe” pattern that extends from the North 
Pacific to the south-central Pacific. Large amplitude nega- 
tive SST anomalies have already begun to form in the west- 
ern North Pacific by JA(0); indeed, one of the largest 
bridge-related signals occurs during late summer/early fall 
along ~40°N (Plate 1a and 1b). The composite El Nifio minus 
La Nifia SSTs normalized by the monthly standard deviation, 
shown in Figure 1, indicates the SST anomaly in the western 
North Pacific region reaches a minimum in September(0) of 
approximately —1.5 times the standard deviation (a non-nor- 
malized value of ~—1.5°C). 

By JA(1) ENSO has all but disappeared with negative SST 
anomalies along the equator in the eastern Pacific (Plate 1e). 
Nevertheless, many of the SST anomalies created by the 
atmospheric bridge, including those in the Indian Ocean, 
South China Sea and eastern North Pacific, peak in late win- 
ter or spring and then persist into early summer, albeit at a 
smaller amplitude (Plate 1 and Figure 1). 

Plate | and Figure 1 indicate that the bridge-related SST 
anomalies vary greatly depending on the region and the 
phase of the ENSO cycle. Some of these features are fairly 
well understood, such as the atmospheric teleconnections to 
the North Pacific Ocean during boreal winter [as reviewed 
by Alexander et al., 2002] and the bridge to the tropical 
Atlantic [Wu et al., this volume, and references therein]. In 
this article, we examine two emerging research foci of the 
atmospheric bridge phenomena. First, we review recent lit- 
erature concerning the evolution of the atmosphere—ocean 
system in the tropical Indian and western Pacific Oceans 
over the course of the ENSO cycle. Second, we perform new 
analyses of processes that cause large-amplitude SST anom- 
alies in the western North Pacific during the summer of 
Yr1(0). In both regions, air-sea interactions in seasons other 
than boreal winter have the potential to feedback on the 
broader climate system. 


2. INDIAN AND SUBTROPICAL WESTERN PACIFIC 
OCEANS 


To delineate the role of the atmosphere in communicating 
ENSO’s effect on the Indo-Pacific sector, the composite pro- 
cedure adopted in Plate 1 has been applied to selected mete- 
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Figure 1. (a) Indo—Pacific regions where the ENSO SST signal is 
strong. (b) El Nifio—La Nifia composite SST from Feb(0) to Aug(1) 
normalized by the SST standard deviation in each calendar month for 
the regions shown in (a). The regions are located in the central equa- 
torial Pacific (ENSO; 5°S—S°N, 172°E-120°W), Western North Pacific 
(WNP; 35°N-45°N, 150°E-180°), Central North Pacific (28°N-42°N, 
170°W-150°W), northwest Indian Ocean (0°-15°N, 50°E-80°E), 
southeast Indian Ocean (0°-20°S, 100°E--130°E), and the South China 
Sea (10°N-20°N, 110°E—120°E). While the magnitude of the ENSO 
anomalies is much larger in winter than in summer, the weak sum- 
mer variability results in nearly uniform normalized ENSO SST 
anomalies from August(0) to January(1). 


orological fields. The results for various stages of the ENSO 
life cycle are displayed in Figure 2 for surface wind vectors and 
Plate 2 for SLP (contours) and precipitation (shading). The pat- 
terns in Figure 2 are based on NCEP reanalysis data for the 10 
warm and 10 cold events. The SLP and precipitation com- 
posites in Plate 2 are computed with NCEP reanalysis and 
Climate Prediction Center (CPC) Merged Analyses of Pre- 
cipitation [CMAP, Xie and Arkin, 1997] data, respectively, for 
the ENSO events occurring in 1982-2002. We use the CMAP 
data as they are considered more reliable than the precipita- 
tion estimates from NCEP reanalysis. Similar ENSO-related 
anomalies were found using precipitation and SLP for the 
composite of the 10 warm and 10 cold ENSO events from 
reanalysis (not shown). 

The tropical atmospheric response to ENSO, the first ele- 
ment in the atmospheric bridge, is well established even dur- 
ing the very early stages of the ENSO cycle: surface 
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convergence and precipitation are enhanced across the trop- 
ical Pacific from the South American coast to 160°E between 
0°-10°N in JA(0) (Figure 2a and Plate 2a). These anomalies 
increase in magnitude and meridional extent through JF(1), 
then weaken by AM(1) and dissipate by JA(1). Changes in 
diabatic heating associated with the precipitation anomalies 
over the equatorial Pacific drive atmospheric circulation 
changes connecting the ENSO region to the tropical portion 
(25°N—25°S) of the Indian and West Pacific Oceans, as dis- 
cussed in the following subsections. 


2.1. Indian Ocean 


The most notable development in the SLP pattern during the 
JA(0)—JF(1) period is the emergence of a high anomaly cen- 
ter (denoted as S1 in Plate 2a—c) off the northwestern Aus- 
tralian coast. Stationary wave modeling [e.g., Wang et al. 
2000, 2003; Lau et al., 2004a] indicates that this feature is a 
Rossby wave response to the reduced latent heating over the 
equatorial western Pacific and Indonesia (mainly due to the 
reduction in precipitation seen in Plate 2a—c), where the sub- 
siding branch of the anomalous Walker Circulation resides 
during El Nifio events. In the northern summer and early 
autumn, the climatological flow is directed northwestward 
over much of the Indian Ocean (IO) basin south of the Equa- 
tor, and eastward just north of the Equator [e.g., Figure 1 in 
Schott and McCreary, 2001]. Hence the anomalous circulation 
in the vicinity of S1 from June to October (Figure 2a—b) is 
associated with above-normal wind speeds (not shown) over 
the waters off the Sumatra/Java coasts, which enhance heat loss 
from the ocean as well as coastal upwelling [e.g. Murtugudde 
et al., 2000; lizuka and Matsura, 2000; Li et al., 2002; Lau and 
Nath, 2004]. These processes contribute to the occurrence of 
cold SST anomalies forming off the southern coasts of Java 
and Sumatra, and the northwestern coast of Australia (Plate 
la—b and Figure 1). Conversely, the below-normal wind speeds 
on the western flank of S1 as well as over the central equato- 
rial IO during austral spring are accompanied by decreases 
in the oceanic heat loss and SST warming. This east-west 
SST contrast peaks in boreal fall, as indicated by the differ- 
ence between the composite SST anomalies in the northwest 
and southeast IO regions (Plate 1b and Figure 1). 

The overall SST, wind circulation, SLP and precipitation 
patterns in Plate 1b, Figure 2b and Plate 2b bear a strong 
resemblance to those associated with a prominent “dipole 
mode” of atmosphere—ocean variability in the IO basin, as 
described by Saji et al. [1999] and Webster et al. [1999]. The 
appearance of this characteristic mode in the ENSO-based 
composites presented here suggests that ENSO events could 
play a considerable role in the zonally asymmetric SST anom- 
aly pattern occurring in the IO during boreal summer and 
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Figure 2. El Nifio—La Nifia composite surface vector winds (scale vector upper left corner of each panel), for (a) JA(0), 
(b) ON(0), (c) JF(1), (d) AM(1), and (e) JA(1). Values are from NCEP/NCAR reanalysis data for the period 1950-2003. 
Note that scale vector in (a)-(c) differs from that in (d)-(e). 
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Plate 1. Anomalous SST is constructed by subtracting the composite of 10 El Nifio events from the composite of 10 La 
Nifia events in the 1950-2003 period, for (a) July-August [JA(0)], (b) October-November [ON(0)], (c) January—February 
[JF(1)], (d) April-May [AM(1)] and (e) July-August [JA(1)], where 0 indicates the ENSO year and 1 the following year. 
The shading (contour) interval is 0.25 (1.0) °C. The values are obtained from the National Center for Environmental Pre- 
diction (NCEP) reanalysis [Kalnay et al., 1996; Klister et al., 2001]. 
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Plate 2. El Nifio—La Nifia composite sea level pressure (contours, base interval: 1.0 mb; with additional contours for +0.5 
and +1.5 mb) and precipitation (shading, see scale at side), based on ENSO events in the 1982-2003 period, for (a) JA(0), 
(b) ON(0), (c) JF(1), (d) AM(1), (e) JA(1). The subtropical high pressure anomaly centers are identified by the labels N, 
S, and S,. Results for the pressure and precipitation fields are obtained using NCEP/NCAR reanalysis and CMAP data, 
respectively. 
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autumn. The influence of ENSO on atmosphere—ocean vari- 
ability in the IO sector have been emphasized in the obser- 
vational analysis of Allan et al. [2001] and Hendon [2003], and 
the modeling studies of Lau and Nath [2004] and Shinoda et 
al. [2004]. There exists, however, empirical and model evidence 
for the occurrence of anomalous events with an east-west 
SST contrast when ENSO is absent in the tropical Pacific 
[Saji and Yamagata, 2003; Lau and Nath, 2004; Yamagata et 
al., this volume]. 

With the approach of the summer monsoon season over 
northern Australia, the climatological flow above the waters 
south of Sumatra/Java switches from easterly to westerly by 
November and remains westerly through February [e.g., Shin- 
oda et al., 2004]. The southeasterly wind anomaly occurring 
at this time and location (Figure 2b—c) is therefore directed 
against the time mean circulation. The resulting decrease of the 
local wind speed reduces both oceanic heat loss and upwelling, 
reversing the cold SST anomaly in the eastern IO south of 
the Equator [Zi et al., 2003; Lau and Nath, 2004]. The north- 
westerly wind anomalies situated to the west of S1, suppress 
the wind speed over the south central IO through JF(1), and 
thus enhance the warm SST anomaly in that region. The con- 
tributions of surface latent heat fluxes to SST changes in var- 
ious parts of the IO during ENSO have previously been 
emphasized in the observational analyses of Yu and Rienecker 
[1999] and modeling studies of Behera et al. [2000] and Ven- 
zke et al. [2000]. Rossby waves generated by anomalous winds 
in the southwestern IO may also lead to basin-wide warming 
by JF(0) [Chambers et al., 1999]. 

During ON(0), below normal precipitation prevails over 
the cold SST anomaly in the eastern tropical IO, whereas wet 
conditions occur over the warm anomaly off the eastern African 
coast (Plates 1b and 2b). The dryness over the eastern IO is 
accompanied by reduced cloud cover and enhanced short- 
wave heating of the ocean surface, resulting in the dissipa- 
tion of the cold SST anomaly in that region [K/ein et al., 1999; 
Li et al., 2002; Shinoda et al., 2004]. 

In the boreal winter and spring of Yr(1), a broad positive 
precipitation anomaly extends across the IO south of the 
Equator (Plate 2c—d), where above-normal SST prevails 
(Plate 1c—d). During the AM(1) period (Figure 2d), both the 
orientation of the anomalous cross-equatorial flow from the 
northern IO towards this rainbelt, and the development of 
cyclonic circulation in the surface wind field over 0°-30°S, 
60°E-90°E, situated to the west of the precipitation maxi- 
mum, suggest that these atmospheric circulation features 
are the response to the underlying SST anomaly pattern 
and the associated condensational heating aloft [e.g., see 
discussions in Hoskins and Karoly, 1981; Xie et al., 2002]. 
Hence the SST changes in the IO basin, which were 
partially driven by the atmospheric bridge mechanism in 
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the previous seasons, influence the atmospheric circu- 
lation in AM(1). 


2.2. Subtropical Western Pacific 


The atmospheric pattern over the South China and Philip- 
pine Seas during the summer of Yr(0) is characterized by 
cyclonic wind anomalies (westward winds near 20°N and 
eastward winds near 10°N in Figure 2a) and more intense 
rainfall (Plate 2a). These features are indicative of a more 
eastward extension of the summer monsoon trough to the sub- 
tropical western North Pacific, and are probably associated 
with the Rossby wave response to the latent heat release 
accompanying the enhanced precipitation near the dateline 
during El Nifio events (Plate 2a). The attendant increase in 
surface wind speed is conducive to below normal SST along 
the Chinese coast and the Philippine Sea. 

High pressure anomalies, denoted by S2 and N, appear 
over the northeastern Australian coast and the South China 
Sea in JA(0) and ON(0), respectively (Plates 2a and 2b), 
these features migrate eastward in the following months 
(Plates 2c—2d). Results from mechanistic models [Wang et 
al., 2003; Lau et al., 2004a] indicate that, in analogy with the 
forcing of S1, the high centers in the western Pacific are 
also Rossby-wave responses to the below-normal conden- 
sational heating in the Indonesian sector. Over the subtrop- 
ical northwestern Pacific, the time mean circulation in the 
northern autumn and winter seasons is dominated by the 
northeasterly monsoon off the eastern Asian seaboard [e.g., 
Lau and Nath, 2000]. The southwesterly anomalous flow on 
the northwestern flank of the anticyclonic center N impedes 
the strength of the climatological monsoon (Figures 2b and 
2c), thereby warming the waters in the South China and East 
China Seas in ON(0) and JF(1) [Plate 1, also see Wang et al., 
2000; Lau et al., 2004a]. On the other hand, the northwesterly 
anomalous circulation located southeast of N in ON(0) is 
coincident with increased wind speeds and SST cooling; as 
discussed in greater detail by Wang et al. [2000]. An analo- 
gous set of local relationships between the mean circulation 
and the anomalies in the wind and SST fields is discernible 
among the features associated with S2. The superposition 
of the anomalous counterclockwise circulation on the cli- 
matological southeasterly flow in that region results in below 
normal wind speeds and warm SSTs off the southeast Aus- 
tralian coast. 

The anomalous precipitation pattern over the northwestern 
subtropical Pacific in ON(O)-JF(1) (Plate 2b—2c) is charac- 
terized by dryness in the vicinity of N. Due to weakening of 
the dry winter monsoon over East Asia [Wang et al., 2000], 
above-normal precipitation amounts are seen over the East 
China Sea. 
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In AM(1), the anomalous anticyclonic circulation around the 
high pressure anomaly N remains clearly evident (Figure 2d 
and Plate 2d), with the center of N extending slightly farther 
to the northeast relative to its locations in the previous autumn 
and winter. The observational and model evidence presented 
by Wang and Zhang [2002], Wang et al. [2003] and Lau et 
al. [2004a] imply that local air-sea thermodynamic feedbacks 
play a crucial role in the sustenance and eastward migration 
of N. Anomalous high pressure and dry conditions are still 
evident in JA(1) over much of the subtropical western North 
Pacific from the Chinese coast to ~170°E (Plate 2e). 


2.3. Discussion 


Comparison of the composite patterns over both the Indian 
and the subtropical western Pacific Oceans for JA(0) and 
JA(1) reveals interesting differences between anomalies occur- 
ring during northern summer in the two consecutive years. 
Of particular note is the transition to the east of the Phillipines 
from cyclonic circulation and enhanced rainfall in Yr(0) to 
anticyclonic circulation and reduced rainfall in Yr(1). The 
switch in polarity (from cold to warm) of the SST anomaly in 
the eastern portion of the IO basin is related to a local reduc- 
tion in precipitation in Yr(0) and enhanced precipitation in 
Yr(1). The tendency for the anomalies in the above locations 
to change their polarities from one year to the next is one 
facet of the Tropospheric Biennial Oscillation (TBO) of 
Asian—Australian monsoon system [see the review by MeehI, 
1997]. The results and discussions presented in this section sug- 
gest that the seasonal dependence of local air-sea coupling as 
well as responses of the atmosphere—ocean system in the 
Indo-Pacific to remote ENSO forcing is an important factor 
for understanding the origin of some of the phenomena asso- 
ciated with the TBO. 

Tropical SST anomalies associated with the atmospheric 
bridge influence the large-scale atmospheric circulation well 
after ENSO has peaked. The persistence of tropical SST 
anomalies outside the equatorial east Pacific contributes to 
the delayed atmospheric response to ENSO: e.g. the zonal 
mean 200 mb height anomalies between 30°N—30°S are three 
times stronger in the summer of Yr(1) than the summer of 
Yr(0), despite stronger SST anomalies in the Nifio region 
in Y1(0) [Kumar and Hoerling, 2003]. ENSO-induced SST 
anomalies in the Indo—Western Pacific sector also exert a 
strong influence on the Asian monsoon system, where the 
accompanying redistribution of condensational heat sources 
and sinks leads to marked changes in the strength and posi- 
tion of the Asian jet stream [Lau et al., 2004b]. The effects 
of these atmospheric perturbations are extended eastward 
across the extratropical North Pacific through dynamical 
interactions between the quasi-stationary flow and synop- 
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Figure 3. Scatter diagram of the SST anomalies (°C) in AS(0) rela- 
tive to the 1950-2003 mean, in the ENSO and WNP regions (domains 
shown in Figure 1a). The values of the ten individual El Nifio (La 
Nifia) events are enclosed in circles (squares) and the composite 
average is denoted by a W (C). 


tic-scale transient eddies, such as those described in Sec- 
tion 3.1. Lau et al. [2004b] further noted that this chain of 
processes contributes to summertime anomalies in the zon- 
ally averaged circulation in midlatitudes, as well as the 
regional climate over North America (e.g., occurrence of 
droughts and prolonged heat waves). 


3. NORTH PACIFIC IN SUMMER OF YR(0) 
3.1, SST 


In overviews of the SST and atmospheric surface changes 
that typically occur during ENSO periods, Harrison and 
Larkin [1998], Wang [2002], and Park and Leovy [2004] 
found that cold SST anomalies are centered along ~40°N in 
the western half of the North Pacific in summer and fall of 
Y1(0). These negative summertime SST anomalies are also 
readily apparent from the leading mode of SST variability 
based on rotated empirical orthogonal functions (EOFs) of 
Pacific SST variability in all calendar months [Barlow et al., 
2001]. We examine the association between SST anomalies 
in the central—eastern equatorial Pacific and the western 
North Pacific (the ENSO and WNP regions shown in Fig- 
ure la) via a scatter diagram of the departures of SSTs in 


Aug-Sep in the years 1950-2002 from their long-term mean 
over this period in Figure 3. The relationship between SSTs 
in the ENSO and WNP regions is quite strong: i) the corre- 
lation between the two regions over all 52 summers is —0.49 
(significant at the 99% level), ii) the composite difference 
between the warm and cold phases of ENSO is about —1.45°C 
in the northwest Pacific (significant at the 99% level), and iii) 
the SST anomalies in the northwest region are negative in 9 
of 10 El Nifio events and positive in 8 of 10 La Nifia events. 
While the negative SST anomalies in the northwest Pacific 
region are somewhat larger in amplitude and exhibit less 
scatter then the positive anomalies, it is unclear whether this 
represents a non-linear difference in the remote oceanic 
response to the warm and cold phases of ENSO, or is merely 
due to the limited number of samples. The atmospheric and 
oceanic processes that contribute to the formation of North 
Pacific SST anomalies during the summer of ENSO events 
are examined in the following subsections. 


3.2. Atmospheric Circulation 


The atmospheric response to ENSO is not confined to the 
tropics, and teleconnections to the Pacific North American 
sector occur during much of the ENSO cycle. The dynamical 
link between the tropics and extratropics [as reviewed by Tren- 
berth et al., 1998] are complex involving the excitation of 
Rossby waves by tropical convection, the propagation of these 
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waves to midlatitudes and their subsequent interaction with 
asymmetries in the zonal mean flow and with midlatitude 
storm tracks. 

While most studies of the atmospheric processes linking 
the tropics and extratropics were based on conditions during 
boreal winter, the few investigations that considered other 
seasons found that there could be strong teleconnections in 
summer as well. The initial analyses of ENSO-related tele- 
connections in summer were motivated by the severe drought 
in the central United States during the summer of 1988 [Tren- 
berth et al., 1988; Mo et al., 1991; Palmer and Brankovic, 
1989; Trenberth and Branstator, 1992]. Several factors may 
enable ENSO to influence the extratropical circulation in sum- 
mer despite the broad latitudinal extent of the mean easterlies 
in the tropical troposphere that act as a barrier to Rossby wave 
propagation. These include SST and precipitation (heating) 
anomalies in the subtropics (e.g. see Plates 1a and 2a), Rossby 
waves created by local divergent circulations, and longitudi- 
nal and/or height variations in the mean zonal wind that allow 
Rossby waves to propagate to the midlatitudes [Nitta 1986, 
1987; Lau and Peng, 1992; Chen and Yen, 1993; Trenberth and 
Branstator, 1992; Grimm and Silva Dias, 1995; Newman and 
Sardeshmukh, 1998]. Heating anomalies associated with the 
Asian monsoon [Lau and Weng, 2002] and ENSO induced 
changes in extratropical transients [Kok and Opsteegh, 1985] 
may also contribute to the height anomalies over the North 
Pacific in summer. 
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Figure 4. The climatological mean zonal wind (contours, interval: 5 m s“!) during July-August and composite El Nifio—La 
Nifia zonal wind (shading, scale at bottom; regions >3 m s™ enclosed by a dot-dash line) during JA(0) from NCEP reanaly- 


sis for ENSO events between 1950-2003. 
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Figure 5. The climatological mean eddy meridional heat transport (v’T’) (contours, interval: 0.5°Cm s“') during July-August 
and El Nifio—La Nifia composite v’T’ (shading, scale at bottom; regions >0.5°Cm s"! enclosed by a dot-dash line) at 850 
mb during JA(0). The prime indicates the band pass (2-8 day) filtered anomaly and an overbar denotes the time average 
over JA. The values were obtained from NCEP reanalysis for ENSO events between 1950-2003. 


Here we examine the circulation and storm track anom- 
alies over the North Pacific in summer of Yr(0). During JA(0), 
positive (negative) zonal wind anomalies form to the south 
(north) of the climatological mean jet axis at ~40°N over east- 
ern Asia and the western half of the North Pacific (Figure 4). 
The anomalies are approximately 25—50% of the mean winds, 
representing a substantial southward shift in the Asian—Pacific 
jet. (The mean jet is about 1/2 as strong and ~15° farther north 
in summer than in midwinter). The El Nifio—La Nifia com- 
posite difference in the Pacific storm track, as measured by the 
band pass (2-8 day) filtered meridional heat transport at 850 
mb (v'T'), is shown in Figure 5. Like the seasonal mean 
changes in the jet stream, the anomalous eddy heat transport 
also indicates a southward shift in the storm track over much 
of the North Pacific. 

Following previous studies of the relationship between 
the low frequency circulation anomalies and synoptic eddies 
in winter [e.g. Lau and Holopainen, 1984; Lau, 1988], we 
compare the anomalous geopotential height (z) and eddy 
induced height tendency (z,) in the upper troposphere in 
summer, presented here as the difference between El Nifio 
and La Nifia composites of both quantities at 200 mb aver- 
aged over JA(0). The synoptic forcing is derived from the 
contribution of the band pass filtered eddy vorticity flux 
divergence ( V+v’C’ ) to the vorticity tendency at the 200 
mb level, and then converting the vorticity tendency to height 


tendency by assuming geostrophy, e.g. 
7 sys (V-5''), (1) 
4 


where f the Coriolis parameter, g the acceleration due to 
gravity, V the horizontal wind vector, € the vorticity. The 
changes in the jet (Figure 4) are consistent with geostrophic 
flow around a negative z anomaly that extends from central 
Asia to the central Pacific along 45°N and positive anomaly 
over eastern Siberia (contours in Figure 6); this pair of anom- 
alies resembles the Pacific—Japan pattern [Nitta, 1987] and 
the North Pacific teleconnection pattern [Barnston and 
Livezey, 1987]. The synoptic forcing (shading) is large (z, >5 
m d’!) and nearly collocated with the height anomalies, sug- 
gesting that the synoptic eddies strongly contribute to the 
seasonal circulation anomalies. The anomalies, however, are 
displaced slightly to the west of the z, anomalies. The time 
scale of the eddy forcing, z/z,, is ~10 days, indicating that 
horizontal eddy forcing in the upper troposphere is rapid 
enough to generate the observed summer height anomalies. 
Results from previous studies [e.g. Ting and Lau, 1993] 
indicate that other processes, such as eddy heat flux forcing, 
diffusion, etc., somewhat compensate the height changes 
initiated by z,. 
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Figure 6. The El Nifio—La Nifia composite geopotential height (contours, interval: 10 m) and the eddy induced height ten- 
dency (shading, scale at bottom; regions >2m d"! enclosed by a dot-dash line) at 200 mb during JA(0). The height tendency, 
is given by equation (1). The values were obtained from NCEP reanalysis for ENSO events between 1950-2003. 


In addition to interacting with the large-scale circulation 
patterns, synoptic eddies also influence clouds. Low clouds 
associated with traveling cyclones are prevalent over the North 
Pacific during summer, where the cloud fraction exceeds 60% 
north of ~40°N and rapidly decreases towards the subtropics 
[Weaver and Ramanathan, 1996; Norris and Leovy, 1994]. 
The leading interannual pattern of stratus cloud variability in 
summer is located where the gradient in the mean cloud 
amount is strongest, i.e. the central and west Pacific between 
about 30°N-45°N, and is associated with meridional dis- 
placements in the storm track and the underlying SST [Nor- 
ris, 2000]. Recently, Park and Leovy [2004] found that much 
of the interannual fluctuations in the storm track, cloud amount 
and SST over the North Pacific in summer are associated 
with ENSO variability. The changes in the storm track and 
cloud amount (not shown) are consistent with enhanced pre- 
cipitation and reduced SLP in the vicinity of 40°N, 170°W 
during El Nifio relative to La Nifia events (Plate 2a). The pas- 
sage of more and/or stronger synoptic disturbances cools the 
ocean by increasing cloudiness, pach Penlees the solar radi- 
ation reaching the surface. : : 


3.3. Surface Fluxes 


The ENSO-driven atmospheric circulation changes over 
the North Pacific influence the SST directly via the net heat 


flux and indirectly via momentum and fresh water fluxes that 
subsequently affect ocean currents and turbulent mixing. Here 
we consider two key factors that influence SST anomalies on 


interannual time scales: the net surface heat flux (Q,,,,) and the 
Ekman heat transport in flux form: 
c re) rs) 
=— — SST +7, — SST 2, 
0. rik aw ans | (2) 


where c is the specific heat of seawater, and t,, T, are the 
zonal and meridional components of the surface wind stress. 

The net surface heat flux depends on four components: the 
short wave (Q,,,) and long wave (Q,,,) radiation, and the sen- 
sible (Q,,) and latent (Q,,) heat flux. The Q,, and Q,, values used 
here are from NCEP reanalysis. However, the Q,,, values from 
reanalysis have been shown to have large errors [e.g. Scott and 
Alexander, 1999], so we use the Q,, and Q,,, estimates derived 
from the International Satellite Cloud Climatology Project 
[ISCCP; Zhang et al., 1995; Rossow and Zhang, 1995; Zhang 
and Rossow, 2004]. The flux composites presented in Figures 
7 and 8 are based on ENSO events from 1983-2000, the period 
when radiative fluxes derived from ISSCP data are available. 
The El Nifio—La Nifia composites of QO, and Q., for JA(0) 
are displayed in Figure 7, when the SST decreases rapidly in 
the western North Pacific (WNP) region (Plate 1 and Figure 1). 
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Figure 7. Composite El Nifio—La Nifia (a) net heat flux into the 


ocean (Q,_,,) and b) Ekman heat transport in flux form (Q,,) in JA(0) 
during ENSO events from 1983-2000. In (a) the contour interval is 
10 W m” and shading transitions occur at —10, -20 and 40 W m®, 
in (b) the shading and contour intervals are both 5 W m~. The radia- 
tive fluxes used in Q,,, are derived from satellite data [Zhang and 
Rossow; 2003], while the sensible and latent fluxes used to compute 
Q,,- are derived from NCEP reanalysis. Reanalysis is also used to 
compute Q,,,in equation (2). 

The WNP region is strongly cooled by Q,,,, as indicated by 
negative values (< -40 W m”) between approximately 
150°E-180°, 35°N—42°N. The Q., anomalies, while much 
smaller, also cool the ocean between 30°N—45°N from Japan 
to the dateline (Figure 7b). This anomalous cooling is located 
about 5° further south in the ENSO compo-site based on all 
events between 1950-2003 (not shown), which is consistent 
with the anomalous westerly winds between approximately 
25°N-38°N (Figure 2a) that enhance the southward transport 
of cold water in the western North Pacific. 

The ENSO composite anomalies for each of the four 
flux components are presented in Figure 8. Unlike winter, 
when Q,,, anomalies are negligible, the ENSO-related short- 
wave radiation anomalies during JA(0) have the largest 
magnitude of the four components. Q,,, cools the ocean in 
the vicinity of 35°N, 170°E, consistent with the ENSO-induced 
increase in low-level clouds [Park and Leovy, 2004] and pre- 
cipitation over the northwest Pacific (Plate 2a). The Q,,, and 
Q,,, radiation anomalies tend to be of opposite sign but the for- 
mer are of modest amplitude. The anomalous Q,, and to a 
lesser degree Q,, also cool the WNP region, although they 
are located slightly west of the main Q,,, anomaly center. 


3.4. Mixed Layer Depth 


The surface layer of the ocean is generally well mixed, and 


as a result, the temperature and salinity is nearly uniform 
over this layer. In winter, the climatological MLD over the 
North Pacific ranges from approximately 100 m along the 
west coast of the United States to 250 m to the east of Japan 
{e.g. White, 1995; Monterey and Levitus, 1997], and the 
mixed layer depth (MLD) anomalies associated with El Nifio 
events exceed 15 m in the central North Pacific [Alexander 
et al., 2002]. As the wind stirring and negative buoyancy 
forcing (surface cooling) decrease from winter to spring, the 
climatological mixed layer shoals rapidly and is on the order 
of 15—20 m during the summer over the North Pacific Ocean 
[Monterey and Levitus, 1997; our Figure 9]. During El Nifio 
events, the southward shift in the storm track, and the asso- 
ciated changes in surface winds and heat flux, act to deepen 
(shoal) the mixed layer from 35°N-46°N (48°N—55°N) across 
much of the Pacific in JA(0) (Figure 9). While the ampli- 
tude of the ENSO-related mixed layer depth anomalies is 
smaller in summer compared to winter, the MLD is approx- 
imately 10-30% greater during El Nifio than La Nifia events 
during late summer/early fall in the WNP region and 30-50% 
in a sub-region centered slightly to the east (Figures 9 and 10), 
comparable to or even larger than the fractional change in 
MLD during winter. 


3.5. SST Tendency 


The vertical distribution of the temperature anomalies in 
the WNP region as a function of the ENSO cycle is shown 
in Figure 10a, based on output from the NCEP Ocean assim- 
ilation system [Derber and Rosati, 1989; Ji et al., 1995] dur- 
ing 1982-2003. Clearly, the ENSO-induced temperature 
anomalies in the WNP region are confined to the mixed layer 
through the first year of the ENSO cycle. The mixed layer 
temperature is influenced by the surface heat flux, Ekman 
and geostrophic transports, penetrating solar radiation, and 
entrainment of water through the base of the mixed layer [e.g. 
Frankignoul, 1985]. For well-mixed surface layers the SST 
tendency is determined by the fluxes into the mixed layer inte- 
grated over the MLD. As a result, the ENSO-induced SST 
response to the same forcing is much greater in AS(0) com- 
pared to JF(1), since the mean MLD in the northwest Pacific 
is approximately an order of magnitude smaller during sum- 
mer compared to winter. 

The ENSO-related ocean temperature anomalies are likely 
driven by local processes, since they develop rapidly and are 
confined to the thin surface layer; advection by geostrophic 
currents is a relatively slow process and operates over depths 
that are much greater than the MLD. We examine the extent 
to which the North Pacific SST anomalies are driven by sur- 
face fluxes and Ekman transport by comparing the inferred 
SST tendency, given by 
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Figure 8. Composite El Nifio—La Nifia surface (a) shortwave (Q,,,), 
(b) longwave (Q,,,) (c) sensible (Q,,) and (d) latent (Q,,), fluxes in 
JA(0) during ENSO events from 1983-2000. The contour interval is 
5 Wm”. Shading interval indicated by scale at bottom. 


Or = [Qner + Oxr | pcMLD, -  -() 


where p is the density of seawater, to the actual SST tendency 
(SST,). O, is computed using three data sets: QO, and Q,, are 
from NCEP reanalysis [Kistler et al., 2001], O,,, and Q,,, are 
derived from ISCCP data [Zhang and Rossow, 2003] and the 
MLD is based on ocean temperature profiles [White, 1995]. 
The composite ENSO anomalies of Q, (contours) and SST, 
(shaded) are shown over the North Pacific during JA(0) in 
Plate 3. Both Q, and SST, indicate rapid cooling in the west- 
ern North Pacific (32°N-45°N, 150°E—180°), with smaller 
areas of anomalous warming and cooling in the central and 
eastern parts of the basin, respectively. In the WNP, the deeper 
MLD during El Nifio compared to La Nifia events (Figures 9 
and 10) acts to amplify the anomalous SST tendency in the lat- 
ter, since the forcing is integrated over a thinner layer. During 
JA(O) the anomalous Q, and SST,, are —2.4°C and —2.2°C, 
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respectively, when averaged over the northwest Pacific region. 
The agreement between the observed forcing and the SST 
response is surprisingly good, given the errors inherent in 
observations (especially considering that three independent 
data sources were used to compute Q,) and that several forc- 
ing terms were neglected in equation (3). 


3.6. Discussion = 


The atmospheric teleconnections associated with ENSO 
appear to strongly influence North Pacific SST anomalies in 
the summer of Yr(0), but do these anomalies have a broader 
impact on climate variability? In other words, does the sum- 
mertime bridge influence the basin-wide SST characteristics 
and to what extent does the ENSO-generated SsT changes 
feedback on the atmosphere? 

Zhang et al. [1998] examined the seasonal persistence of 
North Pacific SST anomalies based on EOF and singular 
value decomposition (SVD) analyses. They found the lead- 
ing pattern in summer was similar to that in winter, but with 
the largest signal located along 40°N between 160°E-—180°, 
approximately 30° west of its wintertime position. In addition, 
the summer and winter patterns were highly correlated, which 
led them to conclude that the SST anomalies persisted from 
one season to the next, possibly due to SST-stratus cloud 
interactions [Norris et al., 1998]. However, the leading EOF 
of North Pacific SSTs in summer and winter [Figures 4 and 
6 in Zhang et al., 1998] closely resembles the SST anom- 
alies induced by the atmospheric bridge (Plate 1), including 
the westward displacement of the anomaly center in summer 
relative to winter. The rapid decorrelation time of summer- 
time SST anomalies [Deser et al., 2003] and the strong rela- 
tionship between tropical and North Pacific SST anomalies 
in all seasons suggests that the connection between summer 
and winter SSTs in the North Pacific is not primarily due to 
local persistence, but rather to atmospheric forcing associated 
with ENSO, a conclusion reached by Newman et al. [2003] 
as well. 

Once SST anomalies form in the North Pacific, they can 
influence the atmosphere both locally and perhaps remotely 
as well. The basic local atmospheric response to extratropical 
SST anomalies, is such that the near-surface air temperature 
and underlying ocean will adjust to each other, reducing the 
ocean-to-atmosphere damping of surface air temperature 
anomalies by Q,,, Q,,, and Q,,,, which all depend on the air-sea 
temperature difference [e.g., Barsugli and Battisti, 1998; 
Bladé, 1999]. The effect of this “reduced thermal damping” 
is to enhance air temperature variance at interannual and 
longer time scales in coupled atmosphere—ocean models rel- 
ative to atmospheric GCM simulations in which climatolog- 
ical SSTs are specified as boundary conditions. 
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Figure 9. The climatological mean mixed layer depth (contours: interval 3 m) during Jul-Aug and composite El Nifio—La 
Nifia mixed layer depth (shading: scale at bottom; values >2 m are enclosed by a dot—dash line) during JA(0). The mean 
and ENSO MLD values, derived from ocean temperature observations as described by White [1995] for the period 
1955-2001, have been spatially smoothed using a 9-point filter. 


An additional atmosphere—ocean interaction process in the 
North Pacific during summer involves positive feedbacks 
between stratus clouds and SSTs [e.g., Klein and Hartmann, 
1993; and Norris and Leovy, 1994]. An increase in low clouds 
reduces Q,,,, thereby cooling the SST, while colder SSTs 
enhance the atmosphere’s static stability, which increases the 
strength of the surface inversion trapping the moisture that 
forms stratus clouds. In addition to the direct generation of 
clouds by atmospheric processes associated with storms, 
enhanced cloudiness over the North Pacific in summer may be 
due in part to the advection of warm air over cold SSTs in 
the regions of southerly flow between storms. Thus, the initial 
ENSO-driven increase in clouds and decrease in SSTs over the 
northwest Pacific in summer may be enhanced by positive 
stratus cloud—SST feedbacks. 

Another local sea—air feedback involves the influence of 
static stability in the atmospheric boundary layer on vertical 
mixing of momentum. As the SST—air temperature difference 
increases, the static stability decreases, which enhances the ver- 
tical mixing of strong upper-level winds down to the surface. 
Recent satellite data indicates, that while this process is 
strongest in winter, it also operates in the western North Pacific 
during summer [Nonaka and Xie, 2003]. Thus, surface wind 
speeds tend to be higher (lower) above warm (cold) SSTs, 
which would tend to reduce the wind speed in the WNP dur- 
ing El Nifio events. The negative ENSO-related SST anomalies 
also enhance (reduce) the strong mean meridional SST gradient 


from 140°E-—180° to the south (north) of ~40°N (not shown). 
In regions where ocean temperature gradients are strong, SST- 
induced changes in static stability can influence the diver- 
gence and curl of the near-surface winds [Chelton et al., 2001], 
which in turn can drive circulation changes beyond the bound- 
ary layer in both the atmosphere and ocean. 

Several recent studies of extratropical atmosphere—ocean 
interaction in summer have investigated the relationships 
between, rainfall over Asia and/or North America, the large- 
scale atmospheric circulation and Pacific SST anomalies. Of 
the two leading patterns of precipitation and circulation vari- 
ability, one involves a wave train that extends from eastern 
Asia to North America that is primarily associated with North 
Pacific SST anomalies, while the other resembles the ENSO- 
signal with zonally elongated height anomalies over the west- 
ern North Pacific and SST anomalies of opposite sign in the 
tropical and North Pacific Ocean [Ting and Wang, 1997; Lau 
and Weng, 2002; Lau et al., 2003]. Both patterns affect the 
North Pacific SST gradients, which in turn, may influence 
the near surface baroclinicity and thus the strength/position of 
the storm track and jet stream [Tanimoto et al., 2003]. 


4. CONCLUSIONS 
While the atmospheric circulation anomalies associated 


with ENSO are strongest in boreal winter, significant SST 
anomalies develop outside the equatorial Pacific in summer 
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Figure 10. (a) Composite El Nifio—La Nifia ocean temperature (shad- 
ing scale at bottom; values <-0.5°C are enclosed by a dot-dash line) 
from May(0) to Dec(0) and the composite MLD (m) during El Nifio 
and La Nijfia events in the western North Pacific region (see Figure 
1). (b) The percent change in the composite MLD during El Nifo rel- 
ative to La Nifia events in the Western North Pacific region (black 
squares) and the north eastern portion of that region (170°E—180°, 
39°N-43°N; open squares). The temperatures are from the NCEP 
Ocean Analyses [Derber and Rosati, 1989; Ji et al., 1995] and the 
MLD from [White, 1995] for the period 1980-2001, the period when 
the ocean analyses are available. 


soon after ENSO events begin, while others persist into the fol- 
lowing summer, well after ENSO has dissipated. Here we 
have focused on two aspects of the remote atmosphere and 
ocean processes during ENSO: air-sea interaction in the trop- 
ical Indian and West Pacific Oceans over the seasonal cycle 
and the atmospheric bridge to the North Pacific in the sum- 
mer of the ENSO year. 

Anomalous cold (warm) water forms on the eastern (west- 
ern) side of the tropical Indian Ocean, suggesting that ENSO 
contributes to the Indian Ocean SST dipole, the leading pat- 
tern of variability in boreal summer and fall. The eastern side 
of the basin warms rapidly in late fall and early winter result- 
ing in positive SST anomalies across the entire Indian Ocean 
by the following spring. The SST anomalies in the tropical 
west Pacific also reverse sign, from negative in summer of 
Yr(0) to positive in the summer of Yr(1). The evolution of 
SST, SLP and precipitation anomalies shown here, and addi- 
tional observational and modeling studies by Wang et al. 
[2003], Lau and Nath [2004] and Lau et al. [2004a], suggest 
that local air-sea interactions play an important role in the 
progression of ENSO-related anomalies over the tropical 
Indian and west Pacific Oceans. 

During the summer of Yr(0), the atmospheric response to 
ENSO includes a southward shift in the Pacific storm track and 
jet stream, where the changes in synoptic eddy activity appear 
to strongly influence the large-scale circulation. An increase 
in cloudiness along 40°N, to the west of the dateline, accom- 
panies the bridge-induced circulation anomalies. While the 
atmospheric surface circulation anomalies are much weaker 
than in winter, SST anomalies can develop rapidly in the west- 
ern North Pacific during summer as the solar radiation and 
latent heat flux anomalies are large and this surface forcing is 
integrated over the relatively shallow mixed layer. ENSO 
likely influences the large-scale upper-ocean variability in the 
North Pacific, as the bridge-related SST anomaly pattern in 
AS(0) is very similar to the leading EOF of SST poleward of 
20°N in summer. 
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The case is advanced that decadal variability of climate in the Pacific sector is driven 
by tropical atmosphere-ocean interactions and communicated to the extratropics. It 
is shown that tropical decadal variations in the last century could arise as a conse- 
quence of the regional subset of physics contained within an intermediate model of 
the El Nifio-Southern Oscillation. These decadal changes in ENSO and tropical 
mean climate are more predictable than chance years in advance but even in these 
idealized experiments forecast skill is probably too small to be useful. Nonethe- 
less, forecasts of the next two decades indicate that, according to this model, the 1998 
El Nifio marked the end of the post 1976 tropical Pacific warm period. 

Observations and atmosphere general circulation models are interpreted to sug- 
gest that decadal variations of the atmosphere circulation over the North Pacific 
between the 1960s and the 1980s are explained by a mix of tropical forcing and 
internal atmospheric variability. This places a limit on their predictability. The ocean 
response to extratropical atmosphere variability consists of a local response that is 
instantaneous and a delayed response of the subtropical and subpolar gyres that is 
predictable a few years in advance. 

It is shown that the wintertime internal variability of the Aleutian Low can weakly 
impact the ENSO system but its impact on decadal predictability is barely discernible. 


1. INTRODUCTION 


For four years prior to fall 2002 the mid-latitudes of both the 
Northern and Southern Hemisphere experienced substantially 
less rain than usual. In the United States and across Southern 
Europe into Central Asia wells ran dry, crops failed and forests 
caught fire. The causes of this dry period have been linked to 
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variations of the tropical atmosphere-ocean system in the 
Indo-Pacific region [Hoerling and Kumar, 2003]. After the 
enormous E] Nifio of winter 1997/98 the equatorial Pacific 
remained cooler than usual until early 2002 when a weak El 
Nifio developed. It could be that this cold period marks the end 
of the most celebrated decadal variation in the Pacific sec- 
tor: the warm shift in 1976 [Zhang et al., 1997]. 

After 1976 the tropical Pacific Ocean has been warmer 
than in the preceding decades while the central and western 
North Pacific Ocean have been colder and atmospheric pres- 
sure has been lower over the mid-latitude North and South 
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Pacific Oceans. In the early 1940s the climate of the Pacific 
went through a shift in the opposite direction. These charac- 
teristics of Pacific Decadal Variability (PDV) have been 
described by, among others, Graham [1994], Trenberth and 
Hurrell [1994], Zhang et al. [1997], Mantua et al. [1997] and 
Garreaud and Battisti [1999]. 

Decadal variations of the Pacific climate have important 
consequences for climate over land analogous, but not iden- 
tical, to the impacts of the El Nifio-Southern Oscillation 
(ENSO) on interannual timescales. For example Mantua et 
al. [1997] show that when the tropical Pacific is warm (e.g., 
after 1976) winters are warm across most of North America 
but cold in the southeastern United States. Winters are dry 
across mid-latitude North America but are wet in the south- 
western United States and Mexico. The persistent anomalies 
in atmosphere and ocean exert an impact on energy usage, 
power generation, agriculture, water resources, North Pacific 
fish stocks and marine ecosystems [Mantua et al., 1997; 
Miller and Schneider, 2000]. Decadal variations of ENSO 
have also been associated with decadal variations in Aus- 
tralian climate [Power et al., 1999] and the strength of the 
Indian monsoon [Krishnamurthy and Goswami, 2000; Kumar 
et al., 1999]. Predictions of the state of the Pacific climate 
on timescales of years to a decade or more could have sig- 
nificant human benefits. 

Most work has been motivated by the idea that the adjust- 
ment time for the tropical Pacific Ocean is on the order of 
years and explains interannual variability and that, analo- 
gously, PDV must be associated with a different, decadal 
timescale, ocean process. This led to explanations that PDV 
originated in the mid-latitude ocean-atmosphere system [Latif 
and Barnett, 1994, 1996]. It was then postulated that changes 
in the mid-latitude ocean were communicated through the 
ocean to the tropics, introducing a delay of several years and 
coupling together mid-latitude and tropical variability [Gu 
and Philander, 1997]. This has been shown, quite conclu- 
sively, not to work because the subsurface temperature signal 
becomes too weak [Schneider et al., 1999]. In contrast, it has 
been shown that decadal variations of the tropical Pacific 
Ocean can be accounted for by tropical and subtropical wind 
forcing alone [Schneider et al., 1999; Karspeck and Cane, 
2002; McPhaden and Zhang, 2002; Nonaka et al., 2002; 
Schott et al. this volume]. Many proposed mechanisms are 
reviewed in this volume by Wang and Picaut. 

To go with the idea that PDV can originate in the tropics, 
there is ample evidence that extratropical climate variabil- 
ity in the Pacific can be explained in terms of tropical forc- 
ing. Trenberth and Hurrell [1994] made this case on the basis 
of observational analysis while Alexander et al. [2002] used 
coupled climate models to demonstrate that much of the 
North Pacific SST variability on both interannual and decadal 


timescales can be explained as a remote response to tropical 
forcing. 

Here we will continue the argument that PDV originates in 
the tropics. Section 2 will examine whether decadal changes 
of the tropical Pacific atmosphere and ocean are predictable. 
Section 3 will examine whether the extratropical atmospheric 
response to decadal variations of tropical SST can be simu- 
lated. Section 4 will examine whether the response of the 
extratropical oceans to wind stress variations forced from 
the tropics can be predicted some years in advance. 

This leaves one interesting stone unturned. Pierce et al. 
[2000], Vimont et al. [2001] and Vimont et al. [2003b] have 
argued that variability of the North Pacific atmosphere cir- 
culation can cause trade wind variability that changes sub- 
tropical SSTs and impacts ENSO. Consequently, in Section 
5, we will examine the impact on coupled tropical Pacific 
climate variability of that part of trade wind variability that 
is associated with the internal, unforced, variability of the 
extratropical atmosphere. 


2, TROPICALLY GENERATED PACIFIC DECADAL 
VARIABILITY AND ITS PREDICTABILITY 


Until proven otherwise, a valid hypothesis for the origin of 
PDV is that it originates in the tangle of coupled atmosphere- 
ocean processes within the tropical Pacific that also give rise 
to interannual ENSO variability. This could arise in two ways. 
First, the longer timescale modes may arise deterministically 
(albeit chaotically) from nonlinear interactions among com- 
ponents of interannual variability or via very low frequency 
modes in the ocean dynamics [Jin, 2001]. Second, the appli- 
cation of noise to a system that can only oscillate on interan- 
nual timescales will generate variability on decadal timescales. 
The second method is by definition not predictable on decadal 
timescales while the first may be if the slow evolution of the 
ocean state can be predicted. 


2.1, Decadal Variability in the Zebiak-Cane Model 


Karspeck et al. [2004] (KSC hereafter) considered the first 
possibility and examined decadal variations within the Zebiak- 
Cane (ZC) model and their predictability. The ZC model is a 
geophysical model of the tropical Pacific Ocean and the atmos- 
phere above that is used for studies of ENSO and ENSO pre- 
diction (see Zebiak and Cane [1987], Cane et al. [1986] for 
a complete model description). 

KSC demonstrated that the model is capable of creating 
realistic decadal variability by searching 150,000 years of 
simulated unforced natural variability for periods that matched 
observations. Figure 1 (top) shows one of dozens of 30 year 
model segments that resemble the observed NINO3 record 
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Figure 1. Time series of NINO3 from observations (gray) and the Zebiak-Cane model (black). The model segments were 
chosen from the long run to match the observed interannual variability and the decadal shifts. The first has a warm shift 
across 1976 with the 15 years after being warmer than the 15 years before by 0.38°C (observed) and 0.41°C (model), the 
third has a cold shift across 1943 of —0.32°C (model) and —0.36°C and, for comparison, the second has no shift at all. Taken 


from KSC. 


(the SST anomaly averaged over 5°S—5°N and 90°W-—150°W) 
for the 1961 to 1991 period containing the 1976 warm shift, 
the unquestioned star of tropical decadal variability. This 
example has a correlation coefficient with the observed record 
of 0.59 (using unfiltered monthly data) and has a post 1976 
warming (relative to the 15 years before) of 0.41°C compared 
to the observed 0.38°C. The other two examples shown have 
equally high correlation to observations and are the 1942 
‘cold shift’ (-0.36°C shift in the model compared to the 
observed —0.32°C) and, for comparison, a ‘neutral shift’ cen- 
tered on 1903 (neither model nor observations had a notice- 


able shift). Each of these decadal variations can be mimicked 
by the model. The lesson is that the regional subset of tropi- 
cal climate physics contained within the ZC model may be 
sufficient to generate the decadal variations that have occurred 
in the last 150 years. 


2.2. Predictability of Decadal Variability in the Zebiak- 
Cane Model 


KSC identified twenty-four 30 year segments (hereafter 
called model analogs) for each of the three observed segments 
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(i.e., those centered on 1976, 1942 and 1903). The twenty-four 
chosen were those with the highest correlation coefficient with 
the observed record (all >0.5) and with an appropriate size shift 
in the average temperature between the last and first 15 years 
of the record (0.3°C for warm shift, —0.3°C for the cold shift and 
absolute value <0.1°C for the neutral shift). 

To assess the predictability of these events an ensemble 
of 100 forecasts was run for each of the model analogs. 
Each forecast was initialized 5 years prior to the shift and 
integrated for the subsequent 20 years. The initial condi- 
tion was the exact state of the model analog at the beginning 
of the forecast plus a random perturbation in the SST anom- 
aly field. The SST perturbation at each grid point equals a 
random number sampled from a uniform distribution with 
zero mean and a standard deviation equal to that at the same 
place of the 150,000 year model integration. Hence per- 
turbations are uncorrelated in space and between ensem- 
ble members. 

The criteria for evaluating the forecasts are shown in Fig- 
ure 2. A forecast of the warm shift analogs would be ‘cor- 
rect’ if the later 15 years were warmer than the earlier 15 years 
by more than 0.21°C, ‘weakly correct’ if they were between 
0.06°C and 0.2°C warmer and ‘wrong’ if they were less than 
0.06°C warmer. These numbers were taken by dividing the 
statistical distribution of shifts in the mean NINO3 value 
between concurrent 15 year segments in the 150,000 year run 
into quintiles with equal numbers of shifts in each. The ‘wrong’ 


category covers three quintiles. The success of forecasts of 
the cold and neutral shifts are defined analogously and also 
illustrated in Figure 2. 

Table 1 shows the percentage of correct, weakly correct 
and wrong forecasts for the warm, cold and neutral shifts. 
The model has definite skill at predicting warm shifts: less than 
20% of the forecasts are wrong while almost 60% are cor- 
rect. The model seems to have less skill at predicting cold or 
neutral shifts but still two thirds of the forecasts shift in at 
least the right sense. 


2.3. Comparing Decadal Predictability in the Zebiak- 
Cane Model With That From Statistical Forecasting 
Strategies 


We know that the irregularity in the ZC model arises not 
from noise but from its internal, deterministic dynamics 
[Tziperman et al., 1995]. Do these dynamics provide any pre- 
dictability beyond what is expected by chance? 

Two statistical prediction schemes were used as strawman 
null hypotheses. One uses the distribution of 20 year means 
of NINO3 
after a forecast start from this distribution. Forecast skill in this 
scheme rests on a statistical tendency to shift away from 
extreme states toward the model mean. The second scheme 
uses a noise-forced, seasonal, second order autoregressive 
[AR(2)] model (which allows an oscillation) fitted to the ZC 
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Figure 2. Schematic showing how forecasts are divided into ‘correct’, ‘weakly correct’ and ‘wrong’. 
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Table 1. Performance of the dynamical model and two naive forecasting strategies presented as a 
function of the sense of the shift (warm, neutral or cold). Results for the dynamical model are based on 
100 member ensembles for each of the 72 analog series (24 each of warm, neutral and cold shifts). 
Ensembles of size 500,000 were used for the naive forecasts. Taken from KSC. 


ZC Dynamical Forecasts 


ZC-Long distribution 


Naive Reference Forecasts 
AR(2) 


correct weak wrong correct weak wrong correct weak wrong 
warm shift 59% 23% 18% 26% 32% 47% 16% 37% 
neutral shift 21% 45% 34% 39% 43% 14% 30% 56% 
cold shift 41% 23% 36% 22% 48% 34% 14% 52% 


model. The first ten years were identical to the model analogs 
and ensemble forecasts were then performed using different 
sequences of noise forcing for the 20 years after the forecast 
initialization. 

~ As shown in Table 1 the ZC model outperforms the two 
statistical forecasting schemes for all shifts by a modest 
amount. To assess by how much the ZC model skill exceeds 
what would be expected by chance we used the Ranked Prob- 
ability Score (RPS, Wilks [1995]), which accounts for how 
far the forecast is from what actually happened. For each fore- 
cast system we compute the fraction correct (f,), weakly cor- 
rect (f,,.) and wrong (f,.) with f. +f. +f, = 1. Then the RPS 
is given by: 


RPS = (f,- 1° +(,+h,.~ 1. 


If the forecasts are all correct then RPS = 0 and if they are 
all wrong then RPS = 2. In between the RPS will get less (2.¢. 
the forecast is better) even when f, remains the same iff, 
increases, thus measuring that the forecasts became closer to 
the observed state. 

The statistical distributions of the RPSs from 5000 100- 
member ensemble forecasts with each statistical schemes for 
the warm shift, cold shift and neutral shift are shown in 
Figure 3. The ZC model forecasts are more skillful than 
could be accounted for by chance, albeit by a modest 
amount. The excess predictability of the ZC model must 
arise from deterministic large scale and coherent evolution 
of the coupled system. 

Instead the statistical model predictive skill, when it arises, 
comes from knowing at forecast initialization time that con- 
ditions have been unusual and that the subsequent 20 years are, 
statistically speaking, likely to be more akin to climatology 
(KSC). With only 150 years of observed ENSO variations it 
is impossible to know the true statistical distribution of decadal 
shifts and a statistical model based on only that data would 
probably be a poor tool for decadal prediction, notably worse 
than the ZC model. 


2.4. Forecasting the Future 


Extending the work of KSC, we performed a 1000 member 
ensemble of 30-year ZC model forecasts initialized in Decem- 
ber 2002 using the operational data assimilation method out- 
lined in Chen et al. [2000]. The initial state of each ensemble 
member differed by the addition of a random (uncorrelated in 
space) perturbation of the SST and the sea level height fields 
with standard deviation of 3°C and 3 cm respectively. Of most 
interest was the difference in NINO3 for the 15 year period 
after 1998 minus the 15 year period. Using the same division 
of shifts into quintiles as before, none of the 1000 forecasts 
went warm or weakly warm, 2.2% showed no shift, 56.8% 
went weakly cold and 41% went cold. The model, at least, is 
convinced that the 1997/8 El Nifio marked the end of the post- 
1976 warm period. 


3. PREDICTING DECADAL VARIATIONS OF 
EXTRATROPICAL ATMOSPHERE CIRCULATION 
FROM KNOWN SSTS 


If decadal variations of tropical Pacific climate are pre- 
dictable to a modest degree years in advance does this allow 
prediction of decadal climate variations outside of the tropi- 
cal Pacific? On interannual timescales the movement of regions 
of deep convection that occurs within the ENSO cycle forces 
changes in the tropospheric stationary and transient eddies 
that create climate anomalies worldwide [Horel and Wallace, 
1981; Ropelewski and Halpert, 1987, 1989; Sardeshmukh 
and Hoskins, 1988; Held et al., 1989; Hoerling and Ting, 
1994]. It is not so well established that decadal variations of 
tropical SSTs have an analogous impact. 


3.1. Observed Decadal Variations of Atmospheric 
Circulation 


In Figure 4 we show the differences in SST and 500 mb 
geopotential height during November to March (the season 
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Figure 3. Ranked probability score for the warm shift (top panel), neutral shift (middle panel) and cold shift (bottom 
panel) forecasts by the ZC model, the AR model (gray) and the naive strategy (black). The RPS scores for the two statis- 
tical methods are shown as a distribution of 5000 scores. The ZC scores are shown as a single vertical line. In each case 
the ZC forecasts are unambiguously more skillful (i.e. RPS closer to 0) than the statistical forecasts. Taken from KSC. 


when ENSO-related SST anomalies peak and the one in which After 1977 the Aleutian Low was anomalously deep (and 
the influence of the tropics on the Northern Hemisphere extra- slightly further south). This was a typical equivalent barotropic 
tropical atmosphere circulation is most marked) for the decade signal as evidenced by anomalously low sea level pressure 


1977/1978 to 1986/1987 minus the decade 1966/1967 to (SLP) below and shifted to the east (not shown). There was 
1975/1976. anomalous high geopotential height over North America cen- 


tered in the northwest. Associated with this circulation shift 
there was cold water stretching from the coast of Japan to the 
central North Pacific while the tropics were warm, especially 
in the east. 

This pattern of decadal variability of atmosphere circulation 
could arise from either internal variability or boundary forc- 
ing by variations in SST. A useful first step is to compare the 
decadal variations with the interannual ones. Figure 5 shows 
the 500 mb height anomaly for the November through March 
season regressed onto the NINO3 index, using data from the 
NCEP-NCAR Reanalysis for 1959 to 1999 thus providing an 
estimate of the ENSO-forced 500mb variability. It is quite 
similar to the pattern of decadal variability. Both have low 
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geopotential over the North Pacific (although the decadal low 
is 20° west of the interannual low) and both have high geopo- 
tential over North America and in the tropics. The propor- 
tionality between the tropical and mid-latitude height anomalies 
is similar for both patterns which is strong circumstantial evi- 
dence for tropical forcing of each. 


3.2. Causes of Decadal Variations of the Atmospheric 
Circulation 


To further examine whether the observed decadal varia- 
tions of the extratropical atmosphere are caused by internal 
variability or are boundary forced we performed an ensemble 
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Figure 4. The difference in SST (top panel, contours in Kelvin) and 500mb height (lower panel, contours in meters) for the 
November to March season for the average of winters from 1977/78 to 1986/87 minus the average of winters from 1966/67 


to 1975/76. The data are from the NCEP Reanalysis. 


112 PREDICTING PACIFIC DECADAL VARIABILITY 


of 16 simulations with the National Center for Atmospheric 
Research Community Climate Model version 3 (NCAR 
CCM3, Kiehl et al. [1998]). Each ensemble member had dif- 
ferent initial conditions but each used the same history of 
observed SSTs as a lower boundary condition from 1959 to 
2000 [Rayner et al., 2003]. 

For a sufficiently large ensemble, taking the ensemble mean 
removes the internal variability leaving behind the boundary- 
forced component. This was confirmed in that two subse- 
quent 16 member ensembles contained temporal and spatial 
patterns of variability in the ensemble mean that were nearly 
identical to those shown here. The pattern of modeled inter- 
annual variability is shown in Figure 6a and is very similar to 
that observed (Figure 5) both in terms of the spatial location 
of principal features and in their amplitude. This confirms 
that the observed pattern is boundary-forced and that the 
model has some skill at reproducing this signal. On the other 
hand, the model decadal difference of 500mb height over the 
tropical and North Pacific (Figure 6b) is only about one half 
of that observed (Figure 4b) even though the spatial patterns 
are very similar. Three explanations for why the modeled shift 
is weak come to mind. 

First, the observed decadal difference could be the sum of a 
small SST-forced component and a much larger component 
due to internal atmosphere variability. Individual members of 
the ensemble do capture the pattern and magnitude of the 
extratropical decadal shift (Figure 7 shows an example). How- 
ever, in these, as in every ensemble member, the amplitude of 
the associated tropical shift remains weak. This suggests that 
the extratropical decadal shift in these ensemble members is the 
sum of large internal variability and a small SST-forced shift. 


Latitude 


Second, the weak tropical 500mb height shift in the model 
may itself cause the weak extratropical response along the 
lines proposed by Seager et al. [2003b]. The weak tropical 
shift is caused, primarily, by the model’s failure to capture the 
increase in surface to 500mb thickness temperature that occured 
in 1977 and persisted through 1984 (Figure 8a) and, secondly, 
by the model’s failure to simulate the high surface pressure in 
the seven years following 1976 (Figure 8b)!. Both model fail- 
ures were reproduced in a similarly-forced 24 member ensem- 
ble using the ECHAM4.5 atmosphere model conducted by the 
International Research Institute for Climate Prediction. 

The third possibility for why the decadal shift in the mod- 
eled height anomalies over the North Pacific is smaller than 
observed involves the post 1976 warming of the Indian Ocean. 
Deser et al. [2004] have shown that the post 1976 period had 
less cloud cover, and therefore presumably less precipitation, 
in the North Indian Ocean where the SST was warmer. This 
is the same relationship as occurs on interannual timescales 
[Klein et al., 1999]. In the model, however, specifying the 
warm SST anomalies in the Indian Ocean caused increased 
precipitation after 1976 (not shown). Barsugli and Sardesmukh 
[2002] have shown that increased atmospheric heating in this 
region should cause higher 500 mb heights over the North 


'The observed increase in surface pressure at this time appears real 
as it is found in the Reanalysis, the recent Hadley Centre SLP analy- 
sis [Basnett and Parker, 1977] and the analysis (following the pro- 
cedure of Kaplan et al. [2000]) of the most recent release, in 2001, 
of the COADS surface pressure data from ships and buoys [Woodruff 
et al., 1998] (also shown in Figure 8b) 


Longitude 


Figure 5. The 500mb height for the November to March season regressed onto the NINO3 index. Contours are meters and 


the data are from the NCEP Reanalysis. 
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Figure 6. Top panel, same as Figure 5 but for the ensemble mean of 16 integrations of the CCM3 atmosphere model using 
observed SST in the surface boundary conditions and, lower panel, same as Figure 4b but for the model ensemble mean. 


Pacific, opposing the impact of the increased heating over 
the central tropical Pacific Ocean. 

This idea gains some support from a comparison of two 5 
member ensembles conducted with CCM3 at the National 
Center for Atmospheric Research (not shown). One ensem- 
ble was forced with observed SSTs everywhere and, akin to 
our ensemble, had increased precipitation over the Indian 
Ocean after 1976. The other was forced with observed SSTs 
in the tropical Pacific Ocean and computed the SST anom- 
alies with a mixed layer ocean elsewhere. This one had no 
increase in precipitation over the Indian Ocean after 1976 and, 
consistent with the reasoning above, had a larger drop in 
500 mb height over the North Pacific. However, a larger 
ensemble is needed to prove that imposing Indian Ocean 
SST anomalies can lead to a mis-estimate of the extratrop- 
ical response to tropical forcing. 


4. PREDICTING THE RESPONSE OF THE NORTH 
PACIFIC OCEAN TO DECADALLY VARYING WINDS 


Tropically-forced wind anomalies over the North Pacific 
will generate an ocean response. For example, if the tropics 
force a deeper Aleutian Low, stronger westerlies on the south- 
ern side of the Low drive an anomalous southward Ekman 
flow that cools the SST [Miller et al., 1994; Seager et al., 
2001b]. To the east, along the North American coast, southerly 
wind anomalies warm the SST by warm, moist advection and 
in the western North Pacific cold, dry advection cools the 
SST [Cayan, 1992a, 1992b]. If the anomalous winds over the 
North Pacific can be predicted so can these local and instan- 
taneous components of the SST response. 

Non-local ocean dynamics also come into play [Seager et 
al., 2001b; Schneider and Latif, 2004]. The shift south of the 
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Figure 7. The decadal shift (for the same time period as in Figure 4) in 500mb height for a single CCM3 ensemble mem- 
ber. Units are meters. This member was chosen for its reasonable match in the extratropics to observations in amplitude 
and pattern and indicates that a mix of internal and boundary-forced variability could create decadal shifts in the extrat- 


ropics of the observed size. 


Aleutian Low after 1976 caused the latitude separating the 
subtropical and subpolar gyres, marked by the Kuroshio- 
Oyashio Extension (KOE), to also shift south. Since this sep- 
arates warm subtropical waters from cool subpolar waters to 
the north, a potent cold SST anomaly developed in the region 
it had evacuated as the latitudinal distribution of ocean heat 
transport altered. This was well captured in the ocean hindcasts 
of Seager et al. [2001b]. 

The KOE SST anomalies developed a few years after those 
in the central Pacific, consistent with the time for westward 
propagation of oceanic Rossby waves from the region of wind 
stress forcing. Thus SST variability in the North Pacific 
involves a response to wind variations that is instantaneous and 
local in the central Pacific and is delayed and remote in the 
KOE region (cf. Nakamura et al. [1997]). 

The delayed response of the gyre circulation has been 
exploited by Schneider and Miller [2001] to attempt hind- 
casts of SST anomalies east of Japan. They used a simple 
time dependent model of thermocline depth in which anom- 
alies at any longitude and time are related to the anomalous 
wind stress forcing to the east by integrating back in time 
along Rossby wave characteristics. Hindcasts were per- 
formed by integrating the model forward with observed wind 
stress forcing to the time of the beginning of the hindcast and 
then continuing with zero wind stress anomaly. As the now 
unforced Rossby waves continued to propagate west they 
created thermocline and, by implication, SST anomalies. 
Schneider and Miller [2001] validated the hindcast SST 


anomalies against observations to show that the hindcasts 
have modest skill out to a few years ahead. 


5. THE IMPACT OF INTERNAL VARIABILITY OF THE 
NORTH PACIFIC ATMOSPHERE ON THE TROPICS 
AND TROPICAL DECADAL VARIABILITY 


Vimont et al. [2001, 2003b] have proposed that internal 
variability of the atmosphere over the North Pacific is asso- 
ciated with variations of the northeast trade wind strength 
during winter and forces subtropical SST anomalies. They 
argue that the SST anomalies persist into spring and summer 
and are damped by anomalous surface fluxes forcing an atmos- 
phere response that includes zonal wind anomalies on the 
Equator that excite the coupled ocean-atmosphere dynamics 
familiar in ENSO. 

It is difficult to use the observational record to separate 
between the patterns of internal and boundary-forced vari- 
ability in the atmosphere. Hence we use the same 16 member 
SST-forced atmosphere model ensemble as before. Removing 
the ensemble mean—the boundary-forced component—leaves 
behind 16 40-year long records of variability generated by 
internal atmosphere processes alone. We concatenated these 
records and performed a singular value decomposition (SVD) 
analysis on the fields of surface wind speed and stress over the 
subtropical and tropical North Pacific (0°-30°N, to match 
the tropics-only extent of the ZC model) for the December 
through February mid winter period. The patterns are shown 


in Figure 9 and represent a strengthening and weakening of the 
northeast trades. These are associated with variations of the 
Aleutian Low (not shown). 

Stronger (weaker) trade winds will tend to cool (warm) the 
subtropical SSTs via an SST tendency due to increased 
(decreased) latent heat flux (Q,,,) as approximated by 
P,C,LAqU'/p,,c, H where p, and p,, are the surface air and 
water densities, Aq is the mean air-sea humidity difference, H 
is the ocean mixed layer depth, U’ is the surface wind speed 
anomaly and other terms have their usual meaning. To first 
order wind-forced Q, ,, variations will be balanced by a com- 
pensating change in Q,,, due to the SST change (Seager et 
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al, [2000b]). In the ZC model that we will use this latter term 
is represented by —o.7”, where T” is the SST anomaly and o is 
an inverse timescale (Zebiak and Cane [1987]). 

If U’is varying in mid-winter, 7” will develop into spring 
and then decrease as U’ goes to zero and the SST anomaly is 
damped provoking an atmospheric response. First we com- 
puted a Q,,, anomaly equal to p,C,LAqU’ using U’ derived 
from the SVD analysis (Figure 9) and climatological mean 
winter values of Ag. We then imposed this flux anomaly as an 
initial condition in the Zebiak-Cane model and examined the 
response and the subsequent evolution of the coupled model 
over the next several months. 
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Figure 8. The time history of seasonal means of the tropical mean (20°N to 20°S) anomalies of the thickness temperature (K) 
between the surface and 500mb from the NCEP Reanalysis and the CCM3 model ensemble mean (top panel) and the SLP 
(mb) from NCEP Reanalysis, the CCM3 model ensemble mean and a new analysis of COADS ship data (lower panel). 
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Figure 9. The pattern associated with the first singular vector of an analysis of wind stress (arrows) and wind speed (contours) 
within an SST-forced ensemble of atmosphere GCM integrations. Before the analysis was performed the ensemble mean, repre- 
senting the SST anomaly-forced component of variability, was removed. The pattern therefore represents the dominant pattern in 
the model of internal atmosphere variability over the subtropical North Pacific. It accounts for 28% of the total variance in the 
fields. The maximum anomalous wind speeds are about Ims~! and the maximum stress anomalies, corresponding to the longest 
arrows, are of magnitude about 0.02 Nm. 


As shown in Figure 10, the Q,,, anomaly induced a sub- tion of planetary vorticity, requiring southerly flow, and the 
tropical warming. Heating north of the Equator forces ascent westerly component arising from conservation of angular 
with the vortex stretching being balanced by meridional advec- momentum [Gill, 1980]. Zebiak [1982] shows that, when the 
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Figure 10. The response of the Zebiak-Cane model to a subtropical SST anomaly. The SST anomaly was originally generated by 
an imposed wind speed anomaly that begins in November and lasts through March. The figures are for January. The top panel shows 
the initial wind response of the model and the SST anomaly (°C) which has already begun to evolve according to the model 
physics. The middle panel shows the associated zonal wind speed response (ms~') in the model and the lower panel shows the sea 
level height response (cm). The arrow length of the wind vector is indicated in (a), the contour intervals are 0.03K for the SST 
anomaly, 0.02ms™! for the zonal wind speed anomaly, 0.3cm for the sea level height anomaly and the zero contours are supressed. 


heating north of the Equator is localized in longitude, the south- 
westerly anomaly extends onto the Equator. The initial ocean 
response has higher sea level height (SLH), or deeper thermo- 
cline, in the central Pacific. As the ocean response evolves (Fig- 
ure 11), the equatorial southwesterlies force a downwelling 
oceanic Kelvin wave that propagates east raising SLH and 
depressing the thermocline in the eastern equatorial Pacific. 
This immediately causes SST warming in the east and a few 
months later a classic El Nifio pattern develops (Figure 12), 
albeit with small amplitude, ~0.3°C. Is this impact potent enough 
to influence ENSO evolution and decadal predictability? 

To examine this we add a Q, ,, anomaly proportional to U’ 
to the SST equation of the Zebiak-Cane model: 


7 + dynamics =—-aT’, + bUF (t). 


The term ‘dynamics’ is standing in for the three dimensional 
advection processes within the model mixed layer. The coef- 
ficient b is, for simplicity, taken to be a constant. The function 
JS) accounts for the time dependence of the wind speed forc- 


May 
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ing. It is zero between April and October and then increases 
to a maximum absolute value in January before declining. It 
has the same sign throughout each winter season to represent 
low frequency variability of the trade winds but its value varies 
randomly from year to year according to a white noise process. 
Forcing is only imposed in the Northern Hemisphere. 

A long run of the ZC model with the subtropical wind forc- 
ing imposed was generated and searched for analogs of the 
observed decadal variability. Hindcasts of these were con- 
ducted as before except that, rather than imposing SST per- 
turbations at the start of the forecast, each forecast was 
continued with a different sequence of subtropical wind speed 
forcing. Forecast skill was assessed as before and is shown 
in Table 2 along with the performance of the two statistical 
forecasting strategies, both of which were regenerated using 
the data from the long, subtropical forced, model run. 

The percentage in each forecast category is very similar to that 
in the forecasts without noise forcing (Table 1) and the ZC 
model skill remains modestly higher than that of the statistical 
schemes. These experiments demonstrate that the skill of the ZC 
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Figure 11. Same as Figure 10 but for the following May. 
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Figure 12. Same as Figure 10 but for the following November 
model, such as it is, is retained when realistic noise is contin- Pacific climate and its potential predictability. The conclu- 
ually applied during the forecast. That is, the continual noise is sions are as follows: 
ano more disruptive process than the initial condition pertur- 
bations considered in Section 2 and does not alter the mecha- - Decadal variations resembling observations in the trop- 


ical Pacific over the last 150 years or so can be generated 


nisms in the model that generate decadal variability. 
by the regional subset of climate physics contained within 


6. CONCLUSIONS a familiar intermediate model of the tropical Pacific 
alone (KSC). This does not prove that this physics is the 
We have investigated the causes of decadal variability of cause of tropical Pacific decadal variability in the real 


Table 2. Same as Table 1, with a subtropical wind forcing imposed on the dynamical model. 


ZC Dynamical Forecasts Naive Reference Forecasts 
ZC -Long distribution AR(2) 
correct weak wrong correct weak wrong correct weak wrong 
warm shift 54% 27% 19% 43% 24% 33% 48% 17% 35% 
neutral shift 23% 42% 35% 20% 37% 43% 14% 30% 56% 


cold shift 40% 24% 36% 31% 21% 48% 33% 16% 51% 


world but it does make a case that it is not immediately 
necessary to invoke processes in other regions of the 
world. 


- The model analogs of observed decadal variations, such as 
the 1976 warm shift, are predictable years in advance. The 
skill of the geophysical model significantly exceeds that 
of statistical schemes but is too modest to hold out much 
hope for useful decadal forecasts (KSC). For what it is 
worth the model predicts that the 1998 El Nifio ended the 
post-1976 tropical Pacific warm period. 


‘ Decadal variations of tropical Pacific climate drive decadal 
variations of extratropical climate that could be predicted 
if the changes in tropical SST were known. Unpredictable 
internal atmospheric processes can cause equivalent size 
decadal variations of extratropical climate over the North 
Pacific. Furthermore, atmosphere models forced by 
observed SSTs everywhere poorly simulate the tropical 
response to decadal variations of SST. 


- Part of the response of the extratropical North Pacific 
ocean to decadal variations of the winds involves a delayed 
adjustment of the subtropical and subpolar gyres. This 
component causes SST anomalies in the Kuroshio-Oyashio 
Extension region and is predictable on the timescale it 
takes for Rossby waves to propagate west to the Asian 
coast, that is, years [Seager et al., 2001b; Schneider and 
Miller, 2001]. 


- Internal wintertime variability of the atmosphere over the 
North Pacific is capable of generating a coupled dynam- 
ical response that is ENSO-like but it is weak and does 
not significantly perturb the decadal predictability of the 
ZC model. 


In summary, a case can be made that Pacific Decadal Vari- 
ability arises through coupled interactions in the tropics and 
is communicated to the extratropics. Aspects of this vari- 
ability are predictable years in advance but the skill is so 
low that the prospects for useful operational prediction are 
poor. 
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This chapter reviews the progress made in the past decade in understanding trop- 
ical Atlantic climate variability. In addition to an equatorially anti-symmetric sea- 
sonal cycle forced directly by the seasonal march of the sun, Atlantic sea surface 
temperature (SST) displays a pronounced annual cycle on the equator that results from 
continental monsoon forcing and air—sea interaction. This cycle interacts with and 
regulates the meridional excursions of the Atlantic intertropical convergence zone 
(ITCZ). On interannual timescales, there is an equatorial mode of variability that is 
similar to El Nifio/Southern Oscillation (ENSO) in the Pacific. This Atlantic Nifio 
is most pronounced in boreal summer coinciding with the seasonal development 
of the equatorial cold tongue. In boreal winter, both ENSO and the North Atlantic 
Oscillation exert a strong influence on the northeast trades and SST over the north- 
ern tropical Atlantic. In boreal spring when the equatorial Atlantic is uniformly 
warm, anomalies of cross-equatorial SST gradient and the ITCZ are closely coupled, 
resulting in anomalous rainfall over northeastern Brazil. There is evidence for a 
positive air-sea feedback through wind-induced surface evaporation that organizes 
off-equatorial SST anomalies to maximize their cross-equatorial gradient. The result- 
ant anomalous shift of the ITCZ may affect the North Atlantic Oscillation, helping 
to organize ocean-atmospheric anomalies into a pan-Atlantic pattern. 


1, INTRODUCTION 


The Atlantic Ocean is flanked by two large tropical conti- 
nents, which host major centers of atmospheric convection. As 
early as 320 years ago, Halley [1686] recognized the impor- 
tant influence of these continents on climate in the Atlantic sec- 
tor and suggested that the intense surface heating over North 
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Africa drives the southerly winds in the Gulf of Guinea. It 
was not until 1970s, however, that the influence of the tropi- 
cal Atlantic Ocean on continental climate variability began 
to come to light. The studies that followed showed that inter- 
annual variability in rainfall over the semi-arid regions of 
South America and Africa is associated with well-organized, 
repeating patterns of sea surface temperature (SST) and trade 
wind anomalies over the tropical Atlantic. Furthermore, these 
patterns of ocean and atmospheric anomalies are so arranged 
that their interaction gives rise to positive feedback acting to 
amplify each other. Rapid progress has been achieved in the 
past decade in understanding these air-sea interaction mech- 
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anisms and modeling the resulting variability in climate over 
the tropical Atlantic and beyond. This chapter reviews the 
progress in describing the patterns and understanding the 
mechanisms for tropical Atlantic variability (TAV). 

We begin with a brief overview of the seasonal cycle, which 
dominates tropical Atlantic variability. This is followed by a 
survey in Section 3 of interannual variability in the equatorial 
Atlantic, which is akin to the El Nifio and Southern Oscilla- 
tion (ENSO) phenomenon in the Pacific. Section 4 concerns 
off-equatorial SST variability regarding which opposing views 
exist. We review recent efforts to understand air—sea interac- 
tion from the oceanic, atmospheric, and coupled points of 
view. The tropical Atlantic is not isolated, but is influenced by, 
and may influence climate variability in other regions, in par- 
ticular ENSO and the North Atlantic Oscillation (NAO). The 
NAO is of central importance for climate variability in the 
extratropical North Atlantic and Europe. Extensive literature 
on NAO research exists, recently summarized in an American 
Geophysical Union monograph by Hurrell et al. [2003]. Sec- 
tions 5 and 6 discuss how the NAO and ENSO influence TAV, 
respectively. Section 7 is a summary and includes discussion 
of the challenges ahead. . 


2. SEASONAL CYCLE 


SST in the eastern equatorial Atlantic is dominated by the 
annual cycle. Temperatures reach their maximum in boreal 
spring when the equatorial winds are weakest and the ther- 
mocline is deepest in the east. During this season the sun is 
directly overhead, providing maximum incident solar radiation. 
The band of high SSTs exceeding 27°C occupies an equato- 
rial region extending from 8°S to 5°N (Figure 1a). As the year 
progresses the trade winds along the equator intensify. The 
resulting zonal pressure gradient in the ocean and associated 
uplifting thermocline leads to seasonal cooling of SSTs in 
the eastern equatorial Atlantic. The SSTs reach their mini- 
mum along the eastern coast of Africa in July as a result of 
intensified coastal upwelling (Figure 2a), and then in the 
southeastern Gulf of Guinea a month later. In July and August, 
a distinct cold tongue forms across the basin, centered slightly 
south of the equator (Figure 1b). 

The northeast and southeast trade wind systems meet at the 
narrow, roughly zonally oriented intertropical convergence 
zone (ITCZ). The time—mean latitude of the ITCZ and the 
collocated rain band, often called the thermal equator or cli- 
matic axis of symmetry, is displaced 5—10 degrees north of the 
geographical equator over the Atlantic [Hastenrath, 1991; 
Mitchell and Wallace, 1992; references therein], despite the fact 
that solar radiation at the top of the atmosphere is nearly sym- 
metric about the equator on annual mean (see Xie [2004] for 
the latest review of research on this climatic asymmetry over 
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Figure 1. Climatological distributions of rainfall (light shade >2 
mm/day; dark shade >6 mm/day), SST (contours in °C) and surface 
wind velocity (vectors in m/s) for March-April (upper) and July- 
August (lower panel), based on the Climate Prediction Center 
Merged Analysis of Precipitation (CMAP; Xie and Arkin 1996) 
and Comprehensive Ocean-Atmospheric Data Set (COADS; 
Woodruff et al. 1987). 


the Atlantic and eastern Pacific). The ITCZ is also associated 
with the latitude of minimum seasonal variance of SST and the 
latitude of maximum vertical displacement of the thermo- 
cline [Houghton, 1991]. 

The ITCZ and its associated band of continental convection 
display large seasonal excursions over the Atlantic sector. 
Over the continents, the rain band largely follows the sea- 
sonal march of the sun, reaching its northernmost (southern- 
most) position in July-September (December—February) 
[Mitchell and Wallace, 1992; Biasutti et al., 2003]. Since dry 
soil has a negligible heat capacity, the apparent lag in the 
meridional excursion of the continental rain band behind the 
sun may result from other heat reservoirs such as soil mois- 
ture and oceanic influences. For example, northeastern Brazil 
is in its wet season at the spring equinox (March) but is kept 
dry at the fall equinox (September) as strong northward SST 
gradients prevent the oceanic ITCZ from moving south of the 
equator [Fu et al., 2001]. 
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Figure 2. Left: longitude-time sections of COADS SST (black contours in °C) and surface wind velocity (vectors in m/s) 
at 1°S, and CMAP rainfall in 1.25°S-1.25°N. Right: time-latitude section of SST, surface wind velocity, and rainfall, aver- 
aged in 30-25°W. Rainfall are in white contours at 2.5 mm/day intervals with shade >5 and 2.5 mm/day in the left and right 


panels, respectively. 


’ Over the ocean, patterns of SST and the position of the 
ITCZ are tightly coupled, with major rainfall confined to a 
band of high SSTs above 27°C. In March-April, the rain 
band is located nearly on the equator onto which the trades 
converge from both hemispheres. SST is uniformly warm 
in the equatorial zone of 10°S—5°N, making March—April 
the time when the Atlantic ITCZ is very sensitive to even 
small changes in interhemispheric SST gradient (Section 
4). As the equatorial cold tongue develops in June and per- 
sists through September, the ITCZ is kept north of the equa- 
tor following the northward movement of the high-SST band 
while a second, smaller, convective zone develops south of 
the equator west of 30°W [Grodsky and Carton, 2003]. The 
oceanic ITCZ reaches its northernmost position in Septem- 
ber, lagging its northward movement over the continents 
because of the large heat capacity of the ocean mixed layer. 
In July—August, rainfall in the ITCZ is considerably stronger 
than in March-April, despite a 1°C drop in SSTs beneath 
the ITCZ (Figure 2). This strengthening of ITCZ convec- 
tion may be due to the abundance of strong westward prop- 
agating easterly wave disturbances that help trigger 
convection over the ocean. These disturbances originate from 
the African rain band [e.g., Thorncroft et al., 2003] and grow 
in the tropical Atlantic, some into tropical storms and hur- 
ricanes that devastate the Caribbean and southern United 
States [Gray and Landsea, 1992]. In addition to the 3-9 day 
African easterly waves the tropics also support a nearly 
stationary pattern of summer winds and precipitation with 
periods of two weeks that appears to result from land— 
atmosphere interaction [Janicot and Sultan, 2001; Grodsky 
and Carton, 2001]. 


Along the equator SST varies with a strong annual cycle 
despite the primarily semiannual nature of solar heating 
(this is also true of the eastern Pacific). At 10°W, equator, 
SST reaches 28°C in March—April and drops to below 23°C 
in July-August. This seasonal warming and cooling is highly 
asymmetric, with the latter taking only three months and 
the former taking seven months. From the oceanic point of 
view the rapid cooling is attributed to the sudden onset of 
the West African monsoon and the rapid intensification of 
the southerly winds in May—June in the Gulf of Guinea. 
These southerly winds cause upwelling slightly south and 
downwelling slightly north of the equator, and this upwelling 
cools the equatorial ocean [Philander and Pacanowski, 
1981]. They also have strong convergence/divergence, decel- 
erating over the cold tongue and then accelerating again 
over the warmer water a few degrees north of the equator. 
Equatorial zonal wind variations also play an important role 
in the equatorial SST annual cycle by inducing upwelling 
(through zonal and meridional divergence) and tilting the 
thermocline depth on the equator. From April to August, 
the thermocline shoals more than 60 m in the equatorial 
Gulf of Guinea [Houghton, 1983; Philander and 
Pacanowski, 1986]. Changes in zonal wind strength also 
affect wind-induced evaporation. 

From the coupled point of view, Xie [1994] shows that 
the northward displacement of the climatological ITCZ is 
the ultimate cause of the annual cycle in equatorial SST in 
both the Pacific and Atlantic by maintaining southerly cross- 
equatorial winds that intensify in boreal summer/fall and 
relax in boreal spring [see also Giese and Carton, 1994]. 
Mitchell and Wallace’s [1992] observational analysis sug- 
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Figure 3. Anomalies associated with the Atlantic Nifio principal component from a five-variable rotated principal com- 
ponent analysis: (a) observed heat content (108 J m’), (b) vector wind stress (dyn cm”), (c) SST (°C), and (d) diabatic heat- 
ing at 500 mb (°C day"!). Dark (light) shading denotes positive (negative) anomalies, with the zero contours omitted. 
Contour intervals (CI) are shown at the upper right corner. From Ruiz-Barradas et al. [2000]. 


gests that the annual cycle in the equatorial Pacific is initi- 
ated in the east by the seasonal monsoonal winds and prop- 
agates westward as the result of air—sea interactions. In 
contrast to the equatorial Pacific where air—sea interaction 
is the leading mechanism for the annual cycle, the narrow 
width of the tropical Atlantic and the presence of strong 
continental convective zones mean that continental mon- 
soons play a much more important role. Atmospheric gen- 
eral circulation model (GCM) experiments show that the 
seasonal variations in the cross-equatorial winds in the Gulf 
of Guinea are mostly due to the continental monsoon [Li 
and Philander, 1997]. The annual cycle in equatorial zonal 
wind is driven both by the continental monsoon and by the 
interaction with equatorial SST, mechanisms that are impor- 
tant in the eastern and western half of the basin, respectively 
[Okumura and Xie, 2004]. In an experiment that removes 
the seasonal development of the equatorial cold tongue, 
anomalous easterlies still appear in May and June in the 
eastern equatorial Atlantic as a result of the increased cross- 
equatorial advection of zonal momentum and a redistribution 
of monsoonal rainfall. 


3. EQUATORIAL VARIABILITY 


Superimposed on these primarily annual variations of SST 
are anomalies during the boreal summer months (JJA) that 
frequently exceed 1°C during the peak month. The warm 
anomalies are generally maximum in the zone of the boreal 
summer cold tongue between 6°S and 2°N, and between 20°W 


and 5°E (corresponding cool anomalies are less geographi- 
cally oriented and less limited to the boreal summer). During 
some years, but not all, the warm anomalies appear along 
the southwestern coast of Africa as well. The period of the 
warm events appears to be approximately 30 months with 
13 such warm events having occurred in the 40-year period 
since 1961 (‘63, ‘66, ‘68, ‘73, ‘74, ‘81, ‘84, ’87, ‘88, ‘93, 
“96, ‘97, ‘99). This past summer of 2003 provides just the 
most recent example. 

The first well-documented event in 1963 received atten- 
tion partly because of its magnitude, and partly because it 
coincided with the EQUALANT observational program [Katz 
et al., 1977; Merle, 1980]. The coincidence of warming sea sur- 
face temperatures, a relaxation of the trade winds and shifts 
in convection during that summer caused Merle [1980] and 
Hisard [1980] to dub this phenomenon the ‘Atlantic Nifio’. 
Further observational results by Servain et al. [1982] made 
clear the connection between changes in the trade winds and 
changes in SST. 

The 1984 event occurred during another observational 
program called SEQUAL/FOCAL (summarized in the 1984 
SEQUAL/FOCAL issue of Geophysical Research Letters) 
and just after the massive 1982-83 Nifio. The extensive array 
of subsurface observations showed that the warming of the 
mixed layer occurred in conjunction with an anomalous 
deepening of the oceanic thermocline in the eastern basin 
[Philander, 1986], which resulted from an eastward shift of 
anomalous heat within the equatorial waveguide [Carton 
and Huang, 1994]. 


Associated with the warming SSTs are changes in the over- 
lying atmosphere. The equatorial trade winds relax west of 
20°W while further eastward the meridional winds associ- 
ated with the North African summer monsoon also weaken 
[Horel et al., 1986; Zebiak, 1993]. Figure 3 shows the anom- 
aly pattern during Atlantic Nifios based on a recent joint 
ocean—atmospheric analysis [Ruiz-Barradas et al., 2000]. 
Corresponding increases in diabatic heating in the mid-tro- 
posphere occur along with a southward shift of tropical con- 
vection [Wagner and da Silva, 1994; Carton et al., 1996]. In 
particular, rainfall tends to increase on the Guinea coast dur- 
ing an Atlantic Nifio [Hirst and Hastenrath, 1983]. These 
anomalous shifts in tropical convection and equatorial winds 
are well captured by a number of atmospheric GCMs that 
are forced by Atlantic Nifio SST anomalies [Chang et al., 
2000; Sutton et al., 2000; Okumura and Xie, 2004], con- 
firming that they result from air-sea interaction much like 
their El Nifio counterparts in the Pacific [Zebiak 1993]. This 
success is not shared by all the GCMs, however, which led 
Vizy and Cook (2002) to explore the use of a regional atmos- 
pheric model to simulate the atmospheric response to Atlantic 
Nifio SST anomalies. 

The periodicity of the Atlantic Nifio seems to vary consid- 
erably. The decade beginning in 1974 had few warm events rel- 
ative to the surrounding decades of the 1960s and 1980s. The 
reasons for these changes are still poorly understood. Key 
parameters such as the heat content of the tropical thermo- 
cline have only recently come to be measured regularly, while 
theoretical attention seems to be focusing on changes in the 
rates of subduction within the tropical thermocline. 

As in the case of the eastern Pacific, eastward surges of 
warm water have important consequences along the south- 
eastern boundary. During ‘normal’ austral winters the inten- 
sification of the North African monsoon as well as the tilting 
of the equatorial thermocline induces upwelling of cool nutri- 
ent-rich water along the coast. The result is a highly produc- 
tive commercial fishery [Crawford et al., 1990; Boyd et al., 
1992]. Relaxation of the equatorial trade winds and the merid- 
ional winds of the North African monsoon causes a south- 
ward surge of warm, saline tropical water at least as far south 
as Namibia, raising sea level at Walvis Bay (23°S) by an 
observable 5 cm [Brundrit, 1995]. During the years of the 
Benguela Nifio, the length of the upwelling season may be 
reduced by a factor of two [Hagen et al., 2001]. 


4. OFF-EQUATORIAL VARIABILITY 
4.1. Empirical Studies 


Early interest in the relationship between tropical rainfall and 
SST anomalies was motivated by observational studies of 
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rainfall fluctuations in Northeast Brazil [Markham and 
McLain, 1977; Hastenrath and Heller, 1977; Moura and 
Shukla, 1981]. The Nordeste, a part of Brazil dependent on 
agriculture, has a strongly seasonal cycle in which much of the 
annual rainfall occurs in the months of March through May 
when the ITCZ is at its southernmost position. The great 
drought of 1958 forced 10 million people to emigrate from the 
Nordeste [Namias, 1972]. By matching wet and dry years in 
the Nordeste with patterns of SST, these studies found that 
drought associated with an anomalous northward shift of the 
ITCZ occurred in conjunction with an anomalous northward 
gradient of SST, an association often referred to as the Atlantic 
dipole. A second intense example of this circumstance occurred 
in 1993 [Rao et al., 1995] (this dipole pattern maximizes 
cross-equatorial gradient but does not necessarily imply strong 
correlations between its centers of action). Somewhat weaker 
relationships have also been identified between the north- 
ward gradient of SST and rainfall anomalies in West Africa 
[Folland et al., 1986; Lough, 1986; Hastenrath, 1990; Lamb 
and Pepper, 1992]. Nordeste rainfall is also influenced by 
Pacific El Nifio, as in 1958. Section 6 discusses such El] Nifio 
effects in more detail. 

Many observational studies that followed can be roughly 
divided into those limited to examining oceanic variables and 
those looking for covariability between the atmosphere and 
ocean. Early principal component analyses of SST variability 
that followed [Weare, 1977; Servain, 1991] seemed to con- 
firm the presence of a pattern of variability in SST that was 
geographically stationary, with decadal time-scales. However, 
it was pointed out by Houghton and Tourre [1992] and con- 
firmed by Mehta [1998] that when the assumption of spatial 
orthogonality of the principal components is dropped the 
Northern and Southern Hemispheres appear to act independ- 
ently. However in observational studies in which both atmos- 
pheric and oceanic variables were included such as Nobre 
and Shukla [1996], Chang et al. [1997] and Ruiz-Barradas et 
al. [2000], the results again indicated the presence of a stable 
pattern of variability across the equator. 

The pattern identified by Ruiz-Barradas et al. [2000] and 
presented in Figure 4 appears in five variables, anomalous 
wind stress components, diabatic heating, SST and thermocline 
heat content. The pattern is most pronounced in spring when 
it is the primary principal component. The SST pattern is 
most pronounced in the Northern Hemisphere and is accom- 
panied by meridional wind anomalies along the equator head- 
ing down the pressure gradient and thus into the warmer 
hemisphere. Away from the equator the pattern of anomalous 
wind stress corresponds to an increase in surface winds in 
the cool hemisphere and a decrease in the warm hemisphere. 
A dipole pattern of diabatic heating is in its positive phase, 
reflecting enhanced convection, in the warm hemisphere, also 
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Figure 4. Same as Figure 3 except for the meridional mode. From Ruiz-Barradas et al. [2000]. 


associated with anomalous deepening of the mixed layer. Heat 
content anomalies seem to follow the thermocline across the 
equator leading to hemispheric symmetry [see Ruiz-Barradas 
et al., 2000, their Figure 7]. The nodal line of SST anomalies 
is displaced north of the equator, roughly coinciding with the 
mean ITCZ. There are considerable anomalies of wind and 
thermocline depth on the equator associated with this merid- 
ional mode. Servain et al. (1999) found significant correlation 
between the meridional and equatorial modes in certain fre- 
quency bands. ae 


4.2. Ocean Response 


While observational studies disagree on how to character- 
ize TAV in terms of empirical modes, they agree on the fol- 
lowing points: i) the meridional position of the Atlantic ITCZ 
is sensitive to the anomalous cross-equatorial SST gradient 
(CESG), especially in February—April when the ITCZ is at 
its southernmost position and the climatological CESG is 
weak; ii) a meridional dipole configuration of SST anom- 
alies, although it rarely occurs, maximizes the anomalous 
CESG; iii) off-equatorial SST anomalies are associated with 
changes in the strength of the easterly trades on either side 
of the equator/ITCZ. 

The third point is addressed by Carton et al. [1996] who 
present several experiments to examine the relative impor- 
tance of the mechanical effects of wind stress, surface heat- 
ing, and internal dynamics in controlling the model CESG. 
They find that wind-induced changes in surface turbulence 
heat flux are the dominant mechanism for off-equatorial 
SST variability. When the effect of wind variability on sur- 
face latent heat flux is artificially suppressed, the model 
CESG variability is substantially reduced (Figure 5). By 


contrast, when Carton et al. remove interannual variability 
in wind stress but not in wind effect on latent heat flux, the 
model reproduces CESG variability despite a marked reduc- 
tion in variability in ocean dynamic fields such as the ther- 
mocline depth. These results show that surface heat flux is 
the leading order process there, in contrast to the equatorial 
region where ocean dynamics are important [e.g. Carton 
and Huang 1994]. Subsequent calculations using ocean 
mixed layer models [Xie and Tanimoto, 1998; Czaja et al., 
2002; Kushnir et al., 2002a] and a different ocean GCM 
[Seager et al. 2001] confirm the major role of wind-induced 
evaporation in off-equatorial SST variability, a result con- 
sistent with the ocean mixed layer heat budget analysis based 
on observations [Wagner, 1996]. 

The situation in the South Atlantic is less clear. Hakkinen 
and Mo [2002] suggest that ocean circulation changes 
may be important for southern tropical Atlantic SST vari- 
ability. But lack of observations may also be responsible 
for the apparent weakening of the trade wind—SST relation 
there. Tanimoto and Xie [2002] point out that south of 10°S, 
anomalies of surface wind velocity and sea level pressure 
based on historical ship observations are often not even 
in geostrophic balance indicating that the data coverage 
may be insufficient to draw meaningful conclusions 
there. Wu et al. [this volume] offer further evidence for the 
effect of anomalous vertical heat advection on southern 
tropical Atlantic SST variability. 

All the above model studies are based on coarse-resolution 
simulations that do not resolve mesoscale ocean eddies. 
Jochum et al. [this volume] suggest that these eddies due to 
hydrodynamic instabilities of equatorial currents be a signif- 
icant source of interannual variability in SST, especially in 
boreal spring when the ITCZ is sensitive to SST anomalies. 


XIE AND CARTON 127 


-0.1 
60 62 64 66 68 70 72 74 #76 78 80 82 8 86 88 90 
0.5 


0.25 


-0.5 
60 62 64 66 68 70 72 74 #76 78 80 82 84 86 88 90 

Figure 5. Time series of 12-month smoothed interhemispheric differences in surface wind stress (upper panel in 10°! N 

mr’) and SST (lower in °C). In the lower panel, results from the full simulation are shown as a thick solid line; from runs 

removing wind variability in latent heat and momentum fluxes are in dashed and thin solid lines, respectively. From Car- 


ton et al. [1996]. 


4.3. Air-Sea Feedback 


Chang et al. [1997] combined the wind-induced evapo- 
ration mechanism (point iii) with the direct CESG—atmos- 
pheric pressure gradient mechanism of driving 
cross-equatorial winds (point i) to provide an air—sea inter- 
action scenario for Atlantic CESG variability. They hypoth- 
esize that the trade wind anomalies such as those in Figure 
4 are forced by SST anomalies with a strong CESG, an 
assumption supported to various degrees by Moura and 
Shukla [1981] and subsequent atmospheric GCM studies 
(the atmospheric response to off-equatorial SST anomalies 
is a complex issue by its own and will be discussed in detail 
in Subsection 4.5). A positive anomalous CESG sets up an 
anomalous southward pressure gradient in the atmospheric 
boundary layer [e.g., Lindzen and Nigam, 1987], inducing 
southerly cross-equatorial winds that decelerate the easterly 
trades north of the equator because of the Coriolis effect. 
Chang et al. [1997] suggest that these weakened trades north 
of the equator reduce surface evaporation, thereby acting to 
strengthen the initial CESG. South of the equator, the south- 
easterly trades accelerate, increasing surface evaporative 
cooling and the northward CESG. This positive thermody- 
namic wind-evaporation-SST (WES) feedback was origi- 
nally proposed to explain the northward displacement of the 
climatological ITCZ over the eastern Pacific and Atlantic 
[Xie and Philander, 1994]. 

Besides WES, there seem to be additional feedback mech- 
anisms that act between SST and clouds. In a composite analy- 
sis of historical ship observations based on a CESG index, a 


quadrupole banded structure emerges from the cloudiness 
field [Tanimoto and Xie, 2002]. Near the equator, a dipole of 
cloudiness anomaly appears in association with the shift of con- 
vective clouds in the ITCZ, acting as a negative feedback onto 
SST as more clouds form over the warmer side of the SST 
dipole. In the subtropics, more low-level clouds form over 
negative SST anomalies, reducing net radiation into the oceanic 
mixed layer causing more cooling and more clouds, etc. South 
of the equator, the positive feedback resulting from the neg- 
ative SST-low cloud correlation results in roughly a 10% 
increase in cloud cover or a 20 W m”® reduction in incoming 
solar radiation at the surface for each 1°C increase in SST. 
This SST-low cloud feedback mechanism is significantly 
weaker in the northern tropical Atlantic. 

While the mechanisms underlying air—sea interaction have 
emerged only recently, their potential for maintaining CESG 
anomalies was recognized much earlier. For example, Has- 
tenrath and Greischar [1993] state “the SST pattern—itself 
affected by the surface wind field—...is conducive to a 
steeper meridional pressure gradient, which in turn favors a 
stronger southerly wind component.” Our expectation is that 
improved understanding of the physical mechanisms under- 
lying air—sea interaction will lead to improved physically 
based numerical models, which may then have benefit for 
prediction systems. 


4.4, Free Mode Analysis 


Linear stability analysis of the coupled equatorial 
ocean-atmosphere system has yielded useful insights into the 
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Figure 6. SST regression (upper panel) against a CESG index (lower 
panel) in Chang et al.’s [1997] intermediate coupled model. 


dynamics of ENSO [Neelin et al., 1998]. By including the 
effect of wind-induced evaporation on SST, Zhou and Carton 
[1998] and Xie et al. [1999] extend such stability analyses 
with a more sophisticated surface heat flux formulation includ- 
ing latent heat loss. Two types of coupled modes emerge from 
the latter extended analysis: one arising from the Bjerknes 
[1969] feedback involving interaction of the thermocline 
depth, upwelling, SST and zonal winds along the equator; 
and one due to the thermodynamic WES feedback involving 
air—sea interaction in the meridional direction. The zonal and 
meridional modes differ not only in spatial structure—the 
former with maximum amplitude at the equator while the lat- 
ter off the equator—but also in the growth rate dependence on 
zonal wavenumber. The zonal mode favors a zonal wavelength 
about the size of the Pacific, the meridional mode grows 
fastest at zonal wavenumber zero, a property consistent with 
the fact that off-equatorial anomalies of Atlantic SST and 
wind are nearly zonally uniform in phase. In Xie et al.’s [1999] 
calculations, the growth rate of the equatorial mode at the 
size of the Atlantic basin is comparable to that of the zonally 
uniform meridional mode, being 0.6 and 0.8 year™!, respec- 
tively, in the absence of SST damping. (The equatorial mode’s 
growth rate is 1.5 year"! at the Pacific basin size.) The wind- 
induced evaporation anomalies are about 10-20 Wm” in 
amplitude in the deep tropics and thus the WES feedback is 
only weakly positive. In fact, the net feedback from the latent 
heat flux may even be negative when the dependence of SST 
on surface evaporation is considered. 


Chang et al. [1997] were the first to demonstrate the role of 
WES in CESG variability in a coupled model. Their atmos- 
pheric model is empirically constructed based on a singular 
value decomposition analysis of surface momentum/heat 
fluxes and SST over the tropical Atlantic. The coupling of 
this atmospheric model with either an intermediate ocean 
model of Zebiak and Cane [1987] or an ocean GCM yields 
oscillations on decadal timescales, in which SST anomalies are 
organized to maximize CESG with opposite polarities on 
either side of the equator (Figure 6). Chang et al. show that the 
growth rate of this meridional mode is highly sensitive to the 
coupling of surface heat flux with SST but not so to the cou- 
pling with momentum flux, a result consistent with Carton et 
al.’s [1996] ocean GCM experiments. In the Chang et al. 
model the CESG feedback is limited by cross-equatorial advec- 
tion by the northward flowing North Brazil Current, which 
helps switch phase of the coupled oscillation, thus setting the 
timescale of reversal. 

The SST advection by surface Ekman flow acts to dampen 
the growth caused by the positive WES feedback, an effect 
evident in Xie’s [1999] energy equation analysis and in a 
recent coupled model study of Kushnir et al. [2002a]. Sea- 
ger et al.’s [2001] ocean GCM calculations also show that the 
advection by the mean ocean currents acts as a damping on 
CESG variability. 

One important feature of the observed SST “dipole” pattern 
is the nodal line’s displacement north of the equator along 
the mean ITCZ. Okajima et al. [2003] explore the importance 
of this asymmetry with an atmospheric GCM coupled to a 
Zebiak—Cane-type ocean model modified to allow the ther- 
mocline depth to vary in space but not in time. This modifi- 
cation suppresses the thermocline feedback and virtually 
eliminates the ENSO mode in the system, allowing a close 
look into air-sea interaction in the meridional direction. In a 
run of this hybrid coupled GCM with a perfectly symmetric 
land-sea distribution, SST variability in the tropics organizes 
itself into a distinct dipole pattern with its nodal line on the 
equator (Figure 7a). The corresponding SST—wind speed rela- 
tionship is consistent with positive WES feedback. When 
Okajima et al. perturb the shape of continents to force the 
mean position of the ITCZ into the Northern Hemisphere, 
the line of minimum SST variance shifts northward as well 
(Figure 7b). Furthermore, SST variability becomes much less 
coherent across the mean ITCZ/SST nodal line with the SST 
correlation decreasing from 0.7 when the mean ITCZ is sym- 
metric about the equator to 0.2 when the mean ITCZ is dis- 
placed a realistic distance off the equator. 

The WES feedback owes its positive sign to the sign change 
in the Coriolis parameter across the equator. Okajima et al. 
[2003] suggest that the departure of the climatic equator from 
the geographical equator weakens the WES feedback and 
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Figure 7. Time-latitude sections of zonal-mean SST anomaly (contours at 0.3°C interval, with negative values shaded) in 
a coupled model. The thick dashed line indicates the latitude of the climatological ITCZ, which is symmetric about and 
displaced north of the equator in the upper and lower panels, respectively. From Okajima et al. [2003]. 


reduces the coherence between variability north and south of 
the ITCZ. This impact of the shift of the mean ITCZ may 
explain the lack of significant interhemispheric coherence in 
TAV [Houghton and Tourre, 1992; Enfield et al., 1999; Mehta, 
1998] and why CESG variability and associated atmospheric 
anomalies are strongest in March—April, the time when the 
climatological ITCZ is nearly symmetric about the equator. 


4.5. Atmospheric Response 


In the extratropics, a negative correlation between anomalies 
of SST and wind speed is now recognized as evidence for 
atmospheric forcing of the ocean mixed layer rather than the 
other way around [Frankignoul, 1985; Kushnir et al., 2002b]. 
In the tropical Atlantic, however, the shift in dynamics toward 
a direct atmospheric response to SST suggests that the 
observed negative SST—wind speed correlation may support 
the hypothesis of a positive WES feedback that organizes SST 
and wind anomalies into a dipole pattern that maximizes 
CESG, as discussed in the previous two subsections. 

To prove this hypothesis of the existence of a coupled 
meridional mode, it still needs to be shown that the atmos- 
phere responds to CESG anomalies (rather than causes them) 
and that the sign of the response is such that it leads to pos- 
itive WES feedback. The basic physics of the atmospheric 
response was originally examined by Moura and Shukla 
[1981] who explored the response of an atmospheric GCM to 
an imposed CESG. They report a decrease in sea level pres- 
sure over the hemisphere with positive SST and an anom- 
alous shift of the ITCZ in the direction of the imposed CESG. 
Recent studies conduct an ensemble of multi-decade hindcasts 


forced by observed SST and use a signal-to-noise maximiz- 
ing EOF technique to extract SST-forced signals [Venzke et 
al., 1999; Chang et al., 2000; Sutton et al., 2000; Terray and 
Cassou, 2002]. Some other studies impose time-invariant 
SST anomalies and integrate models for a long period of 
time to increase the sample size and thereby reduce the noise 
due to atmospheric internal variability [Dommenget and Latif, 
2000; Okumura et al., 2001; Sutton et al., 2001; Terray and 
Cassou, 2002]. The difficulty of the current atmospheric 
GCMs in reproducing the WES feedback is discussed in 
Wang and Carton [2003]. 

Nearly all the GCMs agree in their response in the deep 
tropics within 10° latitude [Chang et al., 2000; Sutton et al., 
2000; Okumura et al., 2001; Terray and Cassou, 2002]. In 
response to an SST dipole and the associated changes in 
CESG, these models generate cross-equatorial winds directed 
from the colder to the warmer hemisphere. The resultant low- 
level convergence causes the Atlantic ITCZ to move toward 
the warmer side of the SST dipole. The change in precipita- 
tion is not limited to the ocean but extends considerably 
inland over South America, probably as a result of the west- 
ward propagation of baroclinic Rossby waves forced over 
the ocean. The presence of substantial diabatic heating over 
the Amazon basin indicates a possible role for interactions 
with land surface processes. 

In the deep tropics, the atmospheric response is baroclinic 
with wind anomalies being out of phase in the lower and upper 
troposphere. The easterly trade winds tend to weaken on the 
equatorward side of positive SST anomalies and strengthen on 
the equatorward side of negative SST anomalies. This trade 
wind response supports the WES feedback as envisioned by 
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Chang et al. [1997]. While Chang et al. [2000] find the sig- 
nificant response confined to 10°S—10°N in their model, other 
models show a broader response in latitude. Based on a sin- 
gle multi-decadal integration, results of Robertson et al. [2000] 
and Watanabe and Kimoto [1999] hint at a response of the 
NAO to tropical Atlantic SST anomalies. Model studies with 
large ensemble members/long integrations seem to support 
this extratropical response [Okumura et al., 2001; Sutton et al., 
2001; Terray and Cassou, 2002]. In response to a positive 
CESG, a barotropic low develops in the mid-latitude North 
Atlantic centered around 45°N, in addition to a baroclinic 
response in the deep tropics [Okumura et al., 2001]. This 
barotropic response is strongest in boreal winter and spring 
[Venzke et al., 1999; Okumura et al., 2001; Sutton et al., 2001; 
Terray and Cassou, 2002] and allows the relaxed trades and 
hence the positive WES feedback to cover the entire northern 
tropical Atlantic. 

Intermediate baroclinic models of the atmosphere are very 
useful in studying ENSO over the tropical Pacific but they are 
much less successful in reproducing the surface wind response 
to tropical Atlantic SST variations, especially in the sub- 
tropics [Chiang et al., 2001; Chung et al., 2002]. One likely 
explanation is because the barotropic response in the sub- 
tropical/midlatitude Atlantic modulates the trade winds. The 
exact mechanism for this barotropic response needs further 
study. One example is barotropic Rossby wave excitation by 
upper-tropospheric convergence/divergence associated with 
the anomalous shift of the ITCZ. Much as in the extratropi- 
cal response to ENSO, the North Atlantic storm track varies 
in such a way as to reinforce barotropic stationary eddies 
[Watanabe and Kimoto, 1999; Okumura et al., 2001]. Another 
important factor may be diabatic heating over the surround- 
ing continents that alters the zonal pressure gradient and 
preferentially affects the zonal component of the near-equa- 
torial winds. 

A related line of research is the use of atmospheric GCMs 
to investigate the relationship between the NAO and a pat- 
tern of anomalous SST in the form of a tripole (the tropical 
extension of which represents the CESG), which are the dom- 
inant modes of the atmosphere and ocean over the North 
Atlantic, respectively. Several studies show that the observed 
NAO time series can be reproduced, albeit at reduced ampli- 
tudes, in atmospheric GCMs forced by observed SST [Venzke 
et al., 1999; Rodwell et al., 1999; Mehta et al., 2000; Peng et 
al., 2002; Lin and Derome, 2003], a result that Bretherton 
and Battisti [2000] suggest is consistent with the null hypoth- 
esis of atmospheric stochastic forcing of the ocean. It is also 
likely, as GCM experiments of Sutton et al. [2001] and Terray 
and Cassou [2002] show, that the tropical part of the SST tn- 
pole is what forces the NAO-like response in the extratropics, 
perhaps by shifting the ITCZ. Indeed, Watanabe and Kimoto 


[1999] and Okumura et al. [2001] show that the extratropical 
part of the SST tripole can be reproduced in an ocean mixed 
layer coupled with an atmospheric GCM that is forced by a 
tropical SST dipole. To the extent that this tropical forcing 
scenario holds and that the tropical Atlantic anomalies result 
from local air—sea interaction, a certain degree of predictability 
may be achieved for the NAO-tripole pair. In ensemble atmos- 
pheric GCM experiments, percentage of SLP variance due to 
imposed SST variability generally decreases poleward, being 
30-60% in the subtropics and 10-30% in the mid-latitudes 
[Kushnir et al., 2002b; Rodwell, 2003]. 

Figure 8 shows the regressions of observed SST, surface 
wind velocity and net surface heat flux upon a northern trop- 
ical Atlantic SST index for March—May [see also Kushnir et 
al., 2002a]. Large anomalies of trade winds take place dur- 
ing January—March, preceding the large SST anomalies dur- 
ing March—May. Czaja et al. [2002] attribute these trade 
wind anomalies in January—March exclusively to external 
forcing but the atmospheric GCM studies mentioned above 
suggest that these wind anomalies may partly result from the 
mid-latitude barotropic response to a northward shift of the 
ITCZ. A quantitative estimate of the importance of tropical 
SST forcing is difficult to make from observations. Czaja et 
al, [2002] note that wind anomalies in the deep tropics are 
likely a response to the northern tropical Atlantic SST anom- 
alies, which appear beginning in January and persist into 
boreal summer. Despite an SST regression pattern confined 
north of the equator, the wind regression extends well into the 
Southern Hemisphere and is consistent with the phase rela- 
tionship expected from WES feedback. Such a cross-equa- 
torial response is seen in atmospheric GCM results when 
SST anomalies are imposed only on one side of the equator 
[Sutton et al., 2001]. 


5. INTERACTION WITH THE EXTRATROPICS 


In the tropics SST variations are important in shaping the 
spatial pattern of variations in convection and hence other 
atmospheric fields. In the extratropics, on the other hand, the 
atmospheric dynamics organize low-frequency variability into 
large-scale patterns, even without feedback from the ocean. The 
NAO is such a preferred pattern that dominates the month-to- 
month atmospheric variability over the North Atlantic [Hur- 
rell et al., 2003]. Atmospheric GCM simulations with 
climatological SST as the surface boundary condition con- 
firm that the NAO is a dominant mode of atmospheric inter- 
nal variability but that in the absence of SST variability its 
spectrum is likely white in time. The observed NAO shows 
enhanced power at decadal timescales, which may result from 
air-sea interaction within the extratropical North Atlantic 
[Marshall et al., 2001] or from teleconnections excited by 
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Figure 8. Regression map of surface wind stress (arrows, scale in the top-right corner); net surface heat flux (contoured 
every 5 W m®%, positive into the ocean, dashed when negative, zero contour thickened); and SST (shaded, in K) onto the 
NTA SST index time series in MAM. From Czaja et al. [2002]. 


anomalous shifts in the Atlantic ITCZ [Okumura et al., 2001; 
Sutton et al., 2001; Terry and Cassou, 2002], or both. 


5.1. A Pan-Atlantic Pattern 


The NAO is correlated with the SST tripole over the North 
Atlantic in boreal winter/spring, with the tropical/subtropi- 
cal lobe of the latter centered at 10—-20°N. Rajagopalan et al. 
[1998] find that the NAO is also correlated with both south- 
ern tropical Atlantic SST and CESG variability at decadal 
timescales. In fact, Xie and Tanimoto’s [1998] composite 
analysis based on a CESG index reveals a pan-Atlantic pattern, 
with bands of SST anomalies of alternating signs that span 
from the South Atlantic to Greenland (Figure 9). This so- 
called pan-Atlantic decadal oscillation pattern features anom- 
alous wind/sea level pressure (SLP) patterns similar to the 
NAO and a SST tripole over the North Atlantic [Tanimoto 
and Xie, 1999], and is captured in a joint analysis of SST and 
SLP over the whole Atlantic basin using a frequency domain 
method [Tourre et al., 1999]. 

There is some evidence that the above pan-Atlantic pattern 
favors decadal timescales. Enfield et al. [1999] show that 
SST variability in the northern and southern tropical Atlantic 
displays marginally significant coherence with anti-sym- 
metric phase in the 8-12 year band in the boreal 
winter—-spring. Chu (1984) reports a spectral peak in the fre- 
quency band of 12.7—14.9 years in northeast Brazil rainfall. 
Mehta [1998] notes a similar decadal peak in this regional 
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Figure 9. Composite anomalies of SST and surface wind velocity in 
boreal winter based on a pan-Atlantic decadal oscillation index of Tan- 
imoto and Xie [2002]. Global Sea Ice and SST (GISST) dataset 
[Parker et al., 1994] and National Centers for Environmental Pre- 
diction (NCEP) Reanalysis [Kalnay et al., 1996] are used for SST and 
surface wind, respectively. 
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Figure 10. Interhemispheric differences in SST and surface zonal 
wind velocity in COADS observations (thick) and simulated by a 
coupled model (thin). All the time series are normalized by their 
respective standard deviations. From Xie and Tanimoto [1998]. 


rainfall variability as well as in Atlantic CESG. Such a 
decadal (12—13 years) peak is found in an 825-year long 
sediment core in the Cariaco Basin north of the Venezuelan 
coast, which Black et al. [1999] interpret as resulting from 
variability in the northern tropical Atlantic trades. Tourre et 
al’s [1999] joint SST-SLP pattern is associated with a spec- 
tral peak centered at a period of 11.4 years. When the empir- 
ical orthogonal function analysis is performed separately 
for SST and SLP and over the separate northern and south- 
ern tropical Atlantic domains, the four independently obtained 
leading principal components are highly correlated at decadal 
timescales [Tanimoto and Xie, 2002]. Instrumental records, 
however, are too short to test further this hypothesis for a 
pan-Atlantic decadal oscillation. 


5.2. Subtropical High as the Bridge 


This statistical relationship between the CESG and NAO 
suggests an interaction between them. In one direction, as 
atmospheric GCM studies suggest, CESG variability affects 
the NAO through its effect on the Atlantic ITCZ and upper- 
tropospheric divergence (see Subsection 4.5). Xie and Tan- 
imoto [1998], Chang et al. [2000], Czaja et al. [2002], and 
Kushnir et al. [2002a] investigate this interaction from the 
other direction by asking how the NAO affects the CESG? 
The subtropical/mid-latitude center of action of the NAO in 
SLP is located at 40°N, driving changes in the strength of the 
northeasterly trades to the south and hence affecting north- 
ern tropical Atlantic SST. Assuming that the direct NAO 
influence on SST is strongest in the subtropics, Xie and Tan- 
imoto [1998] apply an external forcing that is random in 


time and confined poleward of 20° latitude and show that the 
WES feedback organizes the tropical response into a coher- 
ent dipole structure that favors low-frequency (interannual) 
variability [see also Kushnir et al., 2002a]. In particular, 
when the observed winds are used as the subtropical forcing, 
the coupled model reproduces the observed CESG evolu- 
tion quite well despite the fact that the tropics are free of 
external forcing (Figure 10). Thus, air-sea feedback may 
act to transfer the impact of subtropical anomalies like those 
associated with the NAO into the deep tropics. 

Chang et al. [2001] derive an atmospheric noise field empir- 
ically based on a 145-year atmospheric GCM run that is forced 
by the monthly SST climatology. The dominant noise pattern 
resembles the NAO and features wind anomalies with large 
amplitudes in the subtropics that decay rapidly toward the 
deep tropics (Figure 11, left). They force a hybrid coupled 
ocean GCM with this noise field with a white spectrum in 
time. In the absence of air—sea feedback, SST anomalies are 
confined to the subtropics with little response near the equa- 
tor. When moderate coupling is allowed in the model, regions 
of maximum SST variability shift toward the equator to 10-200 
in latitude, accompanied by large CESG variations reddened 
at interannual and lower frequencies. Associated with the 
change in SST spatial structure, the trade winds on both sides 
of the equator show large variations in the deep tropics, with 
stronger cross-equatorial coherence than in the uncoupled 
run. This result supports the notion that NAO’ influence on 
CESG is rather indirect and requires the bridging effect of 
air—sea interaction to reach the deep tropics. 

Namias [1972] reports a correlation between the North 
Atlantic subtropical high and northeast Brazil rainfall in 
boreal winter and spring. He notes “the northeast trades are 
often regulated by the Atlantic subtropical anticyclone” and 
“these variations alter the intensity of convergence into the 
ITCZ and perhaps change its position”. Czaja et al. [2002] 
construct a simple model for northern tropical Atlantic SST 
and show that subtropical SLP variations—the forcing in 
the model—explain most of the observed SST variability. 
This seems to suggest that air-sea interaction within the 
tropical Atlantic is secondary, but as Xie and Tanimoto 
[1998] and Chang et al. [2001] show, the influence radius 
of subtropical forcing may be a function of local air-sea 
feedback; without the feedback, its effect may well be con- 
fined and not extend into the deep tropics to affect CESG 
and ITCZ. 

The NAO and the SST tripole emerge as the leading mode 
from joint ocean—atmospheric analyses of coupled GCM sim- 
ulations [Grotzner et al., 1998; Delworth and Mehta, 1998]. 
However, different studies disagree on how far the NAO 
influence can penetrate toward the south. Delworth and Mehta 
[1998] report that it is limited to north of the equator but a 
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Figure 11. The leading joint SVD modes of SST (upper panels), surface wind stress (lower), and heat flux in coupled model 
runs forced by atmospheric noise, without (left panels) and with (right) feedbacks onto the atmosphere. From Chang et al. 


[2001], with panels for heat flux omitted. 


pan-Atlantic pattern emerges from Watanabe et al.’s [1999] 
simulation, with an SST dipole in the tropics. 

The interaction of the TAV with the extratropics is much less 
well studied in the Southern than in the Northern Hemisphere. 
Based on a singular value decomposition analysis, Venegas et 
al. [1997] show that there is a meridional SST dipole pattern in 
the South Atlantic and that it is associated with variations in 
subtropical SLP, a co-variation pattern similar to that over the 
North Atlantic. They note that the SST-SLP pattern is most 
pronounced in the southern summer, a result that they suggest 
is indicative of “possible links with major climatic oscillations 
observed in the Northern Hemisphere”. CESG/ITCZ variabil- 
ity and air—sea interaction in the tropical Atlantic may well be 
the mechanism for such interhemispheric links. In fact, the 
South Atlantic SST dipole of Venegas et al. [1997] is part of the 
pan-Atlantic pattern (Figure 9) as documented by Tanimoto 
and Xie (1999; 2002]. Barreiro et al [this volume] investigate 
further the influence of South Atlantic extratropical variabil- 
ity on TAV. 


5.3. Oceanic Pathways 


So far, we have examined the link between TAV and the 
extratropics via the atmosphere. There are also oceanic path- 


ways that link the subtropical with the equatorial Atlantic, via 
so-called subtropical cells [Schott et al., this volume] . These 
pathways carry water subducted in the subtropics during win- 
ter into the equatorial upwelling zones. In the Atlantic, these 
subtropical cells are highly asymmetric about the equator 
because of the deep meridional overturning circulation [MOC; 
Jochum and Malanotte-Rizzoli, 2001] and are sensitive to 
changes in wind stress [/nui et al., 2002]. 

Changes in the deepwater formation in the high-latitude 
North Atlantic can induce changes in cross-equatorial ocean 
heat transport, which Yang [1999] suggests give rise to a 
dipole SST pattern in the tropical Atlantic. Using a coupled 
GCM, Dong and Sutton [2002] show that this MOC-induced 
SST dipole amplifies in the tropical Atlantic by interacting 
with the atmosphere. In particular, in response to a sudden 
weakening of the MOC, a SST dipole develops in year 4—6, 
with a strong cooling over the northern and a weak warming 
over the southern tropical Atlantic. SLP increases over the 
region of sea surface cooling and decreases over warming. 
The resulting anomalous CESG causes the Atlantic ITCZ to 
shift southward, triggering further changes over the tropical 
Pacific in their model. Dong and Sutton [2002] suggest that 
the effect of changes in the high-latitude North Atlantic and 
the MOC can be felt quickly through the globe via such atmos- 
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pheric feedback in the tropical Atlantic, and that this process 
occurs in years instead of the hundreds of years one would 
expect if only ocean processes were involved. 

Analysis of paleo-proxies shows a strong correlation between 
the position of the Atlantic ITCZ and Greenland climate con- 
ditions [Peterson et al., 2000]. Chiang et al. [2003] suggest that 
the pan-Atlantic pattern discussed earlier in this section is a 
useful model, with the interaction and feedback between 
CESG and the position and strength of the ITCZ as a possi- 
ble mechanism for this link between the high-latitude and 
tropical North Atlantic. Using an atmospheric GCM coupled 
with a slab ocean mixed layer, Chiang et al. show that conti- 
nental ice sheets present during the last glacier maximum 
could trigger tropical air-sea interaction, by altering atmos- 
pheric stationary wave patterns, giving rise to pan Atlantic 
scale changes with a large anomalous CESG that is coupled 
with the oceanic ITCZ. Chiang et al. conclude that their model 
prefers the meridional mode in the tropics in response to var- 
ious surface forcing terms during the last glacier maximum. 
Since their ocean model is one-dimensional and does not 
include any dynamics, they suggest that the atmospheric 
response to high-latitude changes in sea and land ice is an 
alternative means of triggering changes in the tropical air—sea 
system, besides the MOC mechanism of Yang [1999] and 
Dong and Sutton [2002]. In both the studies of Dong and Sut- 
ton [2002] and Chiang et al. [2003] the WES feedback seems 
to be a key to communicating the high-latitude changes to 
the deep tropics, leading to changes in CESG and ITCZ. 


6. ENSO INFLUENCE 


It has been known for some time that a basin-wide warm- 
ing takes place in the tropical Atlantic a few months after the 
EI Nifio in the Pacific peaks in December—January. During 
and immediately following an El Nifio event, precipitation 
generally decreases over the equatorial Atlantic. This section 
reviews studies of ENSO influence in the tropical Atlantic. 

The Atlantic response to ENSO shows strong seasonality 
because both ENSO and its influence on the Pacific North 
American (PNA) teleconnection are seasonally phase-locked. 
The Atlantic response to La Nina is similar in spatial pattern 
to that to El Nijio, albeit with anomalies reversing signs. For 
this reason, the following discussion describes the response 
to El Nifio. 


6.1. SST 


In December and January when El Nifio peaks in the Pacific, 
SLP in the subtropical and mid-latitude North Atlantic drops 
while increasing in the equatorial Atlantic [Covey and Has- 
tenrath, 1978; Aceituno, 1988; Giannini et al., 2000; Mes- 


tas-Nunes and Enfield, 2001; Alexander and Scott, 2002]. 
The resultant anomalous pressure gradient drives anomalous 
southwesterlies over the tropical North Atlantic north of 10°N. 
These anomalous winds are particularly strong in the western 
half of the basin, acting to weaken the prevailing northeast 
trades on the background and hence surface latent and sensi- 
ble heat flux [Aceituno, 1988; Curtis and Hastenrath, 1995; 
Lanzante, 1996; Enfield and Mayer, 1997; Klein et al., 1999]. 
This reduced heat release from the ocean gives rise to a delayed 
warming of the ocean mixed layer that peaks in April—June in 
a zonal band between 20°N and the latitude of the climato- 
logical ITCZ (Figure 12). The decrease in surface evapora- 
tion prior to this tropical North Atlantic warming is captured 
in Klein et al.’s [1999] calculations based on ship observa- 
tions. In addition, Klein et al. [1999] report a modest reduc- 
tion in cloud cover south of 20°N that further contributes to 
the ocean warming. 

Based on atmospheric GCM simulations, Saravanan and 
Chang [2000] suggest that in addition to wind-induced evap- 
oration variations, changes in air-sea difference in surface 
temperature and humidity are also important for the sea sur- 
face warming in the tropical North Atlantic in boreal spring 
following an El Nifio event. Chikamoto [2002] confirm this 
air—sea temperature/humidity difference effect by perform- 
ing a heat flux analysis based on historical ship reports. They 
show that much of the decrease in turbulent heat flux over 
the tropical northwestern Atlantic is due to an increase in 
air—sea temperature difference. Normally, SST anomalies are 
slightly higher than surface air temperature anomalies, but in 
this region and in the boreal winter—spring following an El 
Nifio, anomalies of air temperature are larger and lead those 
of SST (Figure 13), thereby suppressing surface heat release 
from the ocean. 

ENSO-induced tropical North Atlantic warming induces 
further air-sea interaction within the tropical Atlantic. In 
April—June when this warming is at its maximum, significant 
southeasterly wind anomalies form in a region between the lat- 
itude of the mean ITCZ and 10-15°S, apparently in response 
to the decrease in SLP over the band of positive SST anom- 
alies to the north (Figure 12). These anomalous southeaster- 
lies are in the general direction of the climatological 
background winds and induce negative SST anomalies south 
of the equator, through the dependence of evaporation on 
wind speed. This cooling increases the northward SST gradient 
and hence the anomalous southeasterly cross-equatorial winds, 
implying a positive WES feedback discussed earlier. Enfield 
and Mayer [1997] discuss this tendency for the tropical Atlantic 
to develop a cross-equatorial SST gradient in the boreal sum- 
mer following an El Nifio [see also Chiang et al., 2002]. The 
SST correlation with ENSO is generally weaker in the South 
than in the North Atlantic. The abovementioned cooling south 
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Figure 12. Sequence of development of SST (T) and surface wind 
(W) correlations in the tropical Atlantic in response to ENSO. The 
zero contours are dashed, and negative values are dark shaded. Con- 
tour intervals are 0.25 (95% significance = 0.25). From Enfield and 
Mayer [1997]. 


of the equator shows a correlation just above 0.25 (vs. well 
above 0.5 in the tropical North Atlantic). A positive correla- 
tion of around 0.5 develops in the subtropical South Atlantic 
southwest of the above cooling region [Enfield and Mayer, 
1997; Klein et al., 1999]. 
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Thus, local air—sea interaction is apparently involved in the 
Atlantic response to Pacific variability, but the feedback is 
not strong enough to sustain the cross-equatorial SST gradi- 
ent anomalies through the boreal summer. In contrast to this 
ENSO influence on cross-equatorial SST variability, the cor- 
relation between the Atlantic Nifio and ENSO is generally 
insignificant [Zebiak, 1993] despite the presence of significant 
southeasterly wind anomalies near the equator (Figure 12; 
see also Latif and Barnett [1995]) that by themselves tend to 
induce a cold event in the equatorial Atlantic by increasing 
equatorial upwelling and shoaling the thermocline in the east. 
(The 1984 Atlantic Nifio is one exception taking place fol- 
lowing the major El Nifio in 1982-83.) Between the anomalous 
southwesterlies north of 10°N and southeasterlies near the 
equator, there is a significant band of negative wind curl dur- 
ing January—March that excites downwelling Rossby waves. 
The opposing effects of these Rossby waves and anomalous 
equatorial easterlies may be responsible for the lack of cor- 
relation between equatorial Pacific and Atlantic SST. 


6.2. Precipitation 


During an El Nifio event, atmospheric convection intensi- 
fies in the central and eastern equatorial Pacific. The increased 
convective heating warms the Pacific troposphere. These pos- 
itive tropospheric temperature anomalies created in the Pacific 
are rapidly spread along the equatorial belt via equatorial 
wave adjustment and occupy the global tropics [Yulaeva and 
Wallace, 1994; Chiang and Sobel, 2002; Su et al., this volume]. 
Outside the tropical Pacific, this tropical tropospheric warm- 
ing is associated by the anomalous descending motion as part 
of the anomalous Walker circulation associated with ENSO. 
This anomalous subsidence, along with the increased static sta- 
bility associated with the tropospheric warming over the global 
tropical belt, suppresses atmospheric convection and reduces 
precipitation over the equatorial Atlantic. During March—-May 
as the tropical North Atlantic warms up, the Atlantic ITCZ 
shows a tendency to shift anomalously northward, with a 
dipole in the precipitation anomaly field. This precipitation 
dipole is not limited to the oceanic sector but extends into the 
South American continent as well, with a large decrease in 
rainfall over the Brazil’s Nordeste region and a modest increase 
over the continent north of the equator. By comparing two 
atmospheric hindcasts with SST forcing prescribed over the 
global tropics and the tropical Atlantic, respectively, Sara- 
vanan and Chang [2000] show that the rainfall reduction over 
the equatorial Atlantic is the direct response to ENSO (via 
anomalous downdraft and tropospheric warming) while the 
northward shift of the ITCZ is an indirect response forced by 
Atlantic SST anomalies (notably the tropical North Atlantic 
warming and the attendant cross-equatorial SST gradient). 
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Figure 13. Composite anomalies of SST and surface air temperature 
averaged in the Caribbean Sea (80°W-60°W, 10°N-20°N), associ- 
ated with an El Nifio in the Pacific. GISST and NCEP reanalysis 
for 1948-99 are used. Courtesy of Y. Chikamoto and Y. Tanimoto. 


Chiang et al. [2002] confirm this sequence of rainfall response 
based on observational analysis. 

March—May rainfall over the Caribbean Sea increases fol- 
lowing El Nifio, while rainfall response over the land sur- 
rounding the Caribbean is also affected by orography [Giannini 
et al., 2000; Taylor et al., 2002]. 


6.3. Teleconnection Mechanism 


Besides the adjustment through an anomalous Walker cir- 
culation, the PNA teleconnection is an additional mechanism 
by which ENSO affects the North Atlantic in boreal winter and 
early spring [Nobre and Shukla, 1996; Klein et al., 1999; Lau 
and Nath, 2001]. In particular, the center of action over Florida 
associated with the barotropic PNA pattern contributes to the 
lowering of SLP there, and to the weakening of the north- 
easterly trades and warming of the ocean mixed layer in the 
tropical North Atlantic. Based on an ensemble hindcast with 
an atmospheric GCM that is forced by tropical Pacific SST 
variations and coupled with a slab ocean mixed layer model, 
Lau and Nath [2001] show that the influence of ENSO is not 
limited to the tropical Atlantic but is also significant in the 
extratropical North Atlantic, a result that further supports the 
idea that the PNA mechanism plays an important role in the 
Atlantic response to ENSO [Alexander et al., 2002]. 


Whereas to first order ENSO is symmetric about the equa- 
tor in the Pacific, the response of the Atlantic is quite equa- 
torially asymmetric, with the strongest anomalies of SST 
and rainfall observed in the northern tropics. The PNA mech- 
anism accounts partly for this asymmetry in the Atlantic 
response. Recently, Chiang and Sobel [2002] suggest that the 
tropical tropospheric warming associated with ENSO—an 
effect of the anomalous Walker circulation mechanism—is 
effectively communicated to the ocean surface through 
vertical mixing by moist convection. Thus, the resultant 
ocean mixed layer warming is confined to the convective 
regions such as the northward-displaced oceanic ITCZ (see 
Figure 13). 


6.4. Coupled Model Studies 


Using a coupled GCM, Huang et al. [2002] carry out an 
experiment in which only the tropical Atlantic between 
30°S—30°N is coupled with the atmosphere and the observed 
SST history is prescribed elsewhere. Huang et al. report 
that the prescribed ENSO exerts a strong influence on the 
tropical North Atlantic and explains up to 50% of the vari- 
ance in their model. Consistent with Enfield and Mayer 
[1997], the model tropical North Atlantic warming subse- 
quently induces southerly cross-equatorial winds, which 
interact further with the ocean, leading to SST anomalies 
south of the equator. In Huang et al.’s [2002] model ENSO’s 
influence is weak on and south of the equator, where most 
of SST variability is due to air-sea interaction local to the 
tropical Atlantic. 

In an independent study with a different coupled GCM, Wu 
and Liu [2002] confirm the importance of local air—sea inter- 
action and in particular the WES feedback in TAV. In a so- 
called partially coupled experiment in which the active 
feedback onto the atmosphere is removed over the northern 
tropical Atlantic, SST variability is reduced more than half 
compared with a control. This leads Wu and Liu to suggest 
that the tropical North Atlantic is not just passively respond- 
ing to external forcing such as ENSO and NAO but posi- 
tive feedback arising from air—sea interaction is necessary to 
produce the right level of variability there [see also Wu et al., 
this volume]. 


7, SUMMARY AND DISCUSSION 


The seasonal cycle is by far the largest source of climate 
variability in the tropical Atlantic. The seasonal cycle con- 
sists of a north-south anti-symmetric annual component that 
is forced directly by the seasonal march of the sun, and a 
north-south symmetric component with a maximum on or 
slightly south of the equator. This air-sea interaction com- 


ponent is triggered by the onset of the West African monsoon 
causing rapid equatorial cooling in May and June, which is 
further amplified by air-sea interaction along the equator 
through a mechanism similar to that Bjerknes [1969] envi- 
sioned for ENSO. 

On interannual and longer timescales, no single mode seems 
to dominate. Instead, several mechanisms are responsible for 
tropical Atlantic variability. On the equator, both observa- 
tional and modeling studies indicate that there is a Bjerknes- 
type air—sea coupled mode arising from the interaction of the 
equatorial zonal SST gradient, ITCZ convection, zonal wind, 
and thermocline depth. The resulting positive feedback here 
in the Atlantic is weaker than the corresponding feedback in 
the Pacific probably because of the smaller zonal width of 
the Atlantic basin. Thus, the anomalous warming on the equa- 
tor, which occurs every few years, is modest in amplitude and 
lasts only for a few months in boreal summer. This warming 
is generally associated with an increase in rainfall along the 
coasts of Guinea and Angola. 

In addition to an equatorial mode, observational and mod- 
eling studies generally support the notion that interannual 
variability in the cross-equatorial SST gradient and the posi- 
tion and strength of the oceanic ITCZ are coupled and that this 
coupling results to some degree from their mutual interac- 
tion. The interaction involves positive WES feedback between 
anomalous trades, wind-induced changes in surface evapo- 
ration, and SST anomalies. The coupled ITCZ/CESG vari- 
ability affects rainfall over the surrounding continents, in 
particular over northeastern Brazil and to a lesser extent over 
the Sahel. 

In addition to local interactions the tropical Atlantic is also 
subject to strong external forcing. ENSO warming in the equa- 
torial Pacific reduces the northeasterly trades and gives rise to 
a delayed warming in the northern tropical Atlantic through 
the PNA teleconnection and subsidence associated with an 
anomalous Walker circulation. The NAO also modulates the 
strength of the northeast trades and hence SST in the sub- 
tropical North Atlantic. Such external forcing of the north- 
east trades explains a large percentage of observed SST 
variability in the northern tropical Atlantic, which subse- 
quently triggers the ITCZ/CESG interaction in the deep trop- 
ics and induces changes on and across the equator. All these 
TAV mechanisms are highly seasonal: ENSO and NAO forc- 
ing is strongest in boreal winter; the ITCZ/CESG interaction 
in March—May when the equator is uniformly warm; and the 
equatorial mode is most pronounced in the boreal summer 
coinciding with the season of the cold tongue and the shallow 
thermocline in the east. 

While the ITCZ/CESG interaction almost certainly exists, 
many uncertainties remain. It is unclear, for example, how 
far the ITCZ/CESG interaction extends toward the poles. 
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There is observational evidence for a positive SST-low cloud 
feedback in the subtropics, indicative of an atmospheric reac- 
tion in the planetary boundary layer to SST anomalies. Some 
modeling studies suggest that the CESG-induced shift of the 
ITCZ and the resultant shift of upper-tropospheric divergence 
force a barotropic response that modulates the strength of the 
North Atlantic subtropical high and the northeast trades. This 
suggests that ITCZ/CESG in the deep tropics might interact 
with the subtropical Atlantic, a mechanism that may give rise 
in turn to the observed pan-Atlantic pattern of anomalies of 
SST, SLP, and surface wind. Interestingly, this pan-Atlantic pat- 
tern has been used to explain a link between the tropical and 
high-latitude North Atlantic observed in paleoclimate records. 

There is a paradox in TAV research. While theoretical stud- 
ies indicate that the WES feedback favors a dipole mode anti- 
symmetric about the mean position of the ITCZ, observed 
SST variability is not significantly correlated across this lat- 
itude. This paradox may be reconciled by considering the 
departure of the position of the climatological ITCZ from the 
geographical equator, which acts to reduce interhemispheric 
coherence of WES-induced variability. Other mechanisms for 
reducing this correlation include interference with other modes 
of variability like the Atlantic Nifio, and disruption by exter- 
nal forcing that is generally not projected optimally onto the 
meridional mode. 

Ocean—atmospheric interaction and feedback, when they 
exist, offer hope for useful predictability, a subject of Sara- 
vanan and Chang’s chapter in this volume. Indeed, Hastenrath 
and Greischar [1993] and Folland et al. [2001] show that 
northeast Brazil rainfall in boreal spring is quite predictable 
in their empirical models using SST in the tropical Pacific 
and Atlantic as predictors. Recent predictability studies using 
dynamical models support this conclusion and show improved 
hindcast skills if they are initialized with SSTs in the eastern 
equatorial Pacific and tropical Atlantic [Chang et al., 1998; 
Penland and Matrosova, 1998; Chang et al., 2003]. Initial 
SST anomalies in these regions allow inclusion of ENSO tele- 
connection and the ITCZ/CESG interaction within the tropi- 
cal Atlantic, respectively. This result is consistent with 
diagnostic/modeling studies showing the importance of both 
ENSO forcing and local air-sea feedback. 

A further prerequisite for successful dynamic prediction is 
the use of an air—sea—land coupled model that is unbiased. 
Unfortunately, strong biases persist in nearly all current climate 
models in the tropical Atlantic sector. Chief among these 
biases are the failure to keep the mean ITCZ north of the 
equator and to maintain the equatorial cold tongue. In most 
models, the ITCZ moves back and forth across the equator 
following the sun, and stays far too long south of the equator. 
The modeled zonal SST gradient on the equator is opposite to 
observations, with higher SSTs in the Gulf of Guinea than 
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east of South America. Peculiarly, this reversal of SST gradi- 
ent occurs despite prevailing easterly winds on the equator 
in some models [Davey et al., 2002]. The seasonal northward- 
displacement of the ITCZ and corresponding development 
of the equatorial cold tongue are features of the seasonal cli- 
mate that are necessary to the development, structure, and 
timing of the interannual/decadal TAV, as has been discussed 
in this review. It is thus a high priority to reduce and remove 
these biases in climate models. 

The tropical Atlantic is a small ocean basin flanked by 
major continents that host major convection centers of the 
global atmosphere. Continents exert a strong influence on the 
annual-mean state and seasonal cycle of the tropical! Atlantic, 
as exemplified by the northward displacement of the clima- 
tological ITCZ and the annual cycle in equatorial SST and 
zonal wind. We also know that interannual variability of the 
tropical Atlantic exerts a significant effect on the rainfall over 
both South America and Africa. Unclear is what role the con- 
tinents play in TAV. Questions that remain to be explored 
include whether variability on continents provides any feed- 
back to the TAV and to what extent internal variability of the 
continental monsoon can affect TAV. An accurate represen- 
tation of the interaction of ocean, atmosphere, and land is 
imperative for a realistic simulation of the mean state and 
variability of the tropical Atlantic Ocean. 
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On the Role of the South Atlantic Atmospheric Circulation 
in Tropical Atlantic Variability 


Marcelo Barreiro,!* Alessandra Giannini,’ Ping Chang,! and R. Saravanan* 


One dominant manifestation of tropical Atlantic variability (TAV) takes place in 
March—April—May in the form of a strong inter-hemispheric sea surface temperature gra- 
dient coupled to a cross-equatorial near surface atmospheric flow. The variability of this cir- 
culation pattern affects the position of the intertropical convergence zone and the regional 
climate in the surrounding areas. In this study, we investigated the effect of the South 
Atlantic atmospheric variability on this phenomenon. We found that southern summer 
atmospheric variability (and to a lesser extent winter variability) can play a pre-condi- 
tioning role in the onset of inter-hemispheric anomalies in the deep tropics during the fol- 
lowing austral fall. It does so by inducing a sea surface temperature anomaly in the southern 
tropics that initiates local thermodynamic air-sea feedbacks. This remote influence of the 
Southern Hemisphere on TAV is contrasted with the remote influence of El Nifio-Southern 
Oscillation (ENSO) and the North Atlantic Oscillation (NAO) during austral summer. The 
results suggest that to fully understand TAV and its predictability it is necessary to consider 
not only the remote influences from ENSO and NAO, but also the influence from the South 


Atlantic atmospheric circulation. 


1, INTRODUCTION 


The coupled variability of an anomalous inter-hemispheric 
sea-surface temperature (SST) gradient and a cross-equatorial 
atmospheric circulation that is associated with a displacement 
of the intertropical convergence zone (ITCZ) during March- 
April-May (MAM) has long been recognized as one of the 
most important components of tropical Atlantic variability 
(TAV) [e.g., Hastenrath, 1985]. This pattern of variability, 
which we will refer to as the “gradient mode”, is known to have 
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a significant impact on rainfall patterns over Northeastern 
Brazil [e.g., Hastenrath and Greischar, 1993]. Understanding 
and predicting the onset of this phenomenon is one of the 
central foci of TAV research. 

The physical mechanism behind the gradient mode was 
first outlined by Hastenrath and Greischar [1993]: an anom- 
alous cross-equatorial SST gradient generates surface winds 
from the cooler to the warmer hemisphere through the hydro- 
static effect of SST on sea level pressure [Lindzen and Nigam, 
1987]. The anomalous cross-equatorial winds influence con- 
vection by changing the position of moisture convergence. 
The observed seasonality of this coupling is argued to be a 
result of the spatially uniform warm climatological SST con- 
ditions in austral fall that make the Atlantic ITCZ highly sen- 
sitive to small perturbations in the meridional direction [Chiang 
et al., 2002]. Since the South Atlantic influence is the focus 
of this work, throughout this paper the seasons refer to those 
of the Southern Hemisphere (SH), unless explicitly noted. 

The genesis and evolution of the gradient mode is shown in 
Figure 1. This figure is constructed by lag-regressing observed 
1000 hPa winds, surface downward heat flux and SST (see sec- 
tion 2) onto an index characterizing the cross-equatorial SST 
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Figure 1. Lag-regression of 1000 hPa winds (left panels), surface downward heat flux (middle panels) and SST (right pan- 
els) anomaly onto the GI for seasons JJAO, SONO, DJF1 and MAM1. The GI index is constructed in MAM1. The regions 
used to construct the index are shown as boxes in the lower right panel. Arrows indicate the scale of 1000 hPa winds. The 
contour interval for heat flux is 3 W m’, and for SST is 0.1 K. Shading indicates the percentage of variance explained in 
intervals of 10%, 30%, 50%, and 70%. Explained variance of 10% is slightly above the 95% significance level. For sur- 
face winds the shading indicates explained variance in wind speed. : 


gradient during MAM. The gradient index used here, GI, is seasons preceding MAMI are denoted as JJAO, SONO and 
constructed as the average of the SST anomaly over 4°-14°S, DJF1 for June—July—August, September—October-November 
40°-10°W minus the average of the SST anomaly over of the previous year, and December—January—February of the 
4°-14°N, 60°-30°W during MAM (hereafter MAM1). The same year. The evolution shows that large cross-equatorial 


gradients are preceded by SST anomalies on both sides of 
the equator in the previous seasons. The maps suggest that 
the initial subtropical SST anomaly is generated through wind- 
induced changes in the surface heat fluxes during JIAO, SONO 
and DJF 1 [Wagner, 1996]. The magnitude of the tropical SST 
anomaly in the SH tends to be larger than that in the North- 
ern Hemisphere (NH) up to DJF1. Also, in the SH the SST 
anomaly does not grow as much as in the NH from DJF1 to 
MAM 1. This suggests that in the NH atmospheric variability 
during boreal winter plays the most important role in pro- 
ducing the northern SST anomaly that forms the gradient, 
while in the SH atmospheric variability during several sea- 
sons plays a role. In MAMI surface winds are concentrated 
in the deep tropics, flowing from the cooler to the warmer 
hemisphere and inducing changes in the surface heat fluxes that 
strengthen the already existing cross-equatorial SST gradi- 
ent. This in turn strengthens the winds, closing the loop of a 
positive feedback. This feedback mechanism was formally 
put forth by Chang et al. [1997] to explain the gradient mode, 
and is also known as Wind-Evaporation-SST (WES) feed- 
back [Xie and Philander, 1994]. Evidence of local air-sea 
feedbacks in the tropical Atlantic comes from observational 
[Chiang et al., 2002] and modeling studies [Carton et al., 
1996; Chang et al., 1997, 2000; Xie, 1999]. The existence of 
this feedback may be fundamental for extending seasonal pre- 
diction beyond persistence. 

From Figure 1, it is clear that identifying and understand- 
ing the sources of the SST anomalies associated with the gra- 
dient mode are important aspects of TAV research. Among 
the known sources of SST anomalies in the tropical North 
Atlantic are ENSO [e.g., Curtis and Hastenrath, 1995; Enfield 
and Mayer, 1997; Saravanan and Chang, 2000], and the NAO 
[e.g., Marshall et al., 2001]. The impact of ENSO on TAV is 
believed to be as follows: During warm ENSO events dia- 
batic heating anomalies in the tropical Pacific cause the north- 
easterly trades in the tropical Atlantic to weaken during 
summer, which coincides with the mature phase of ENSO. 
This reduces the evaporational cooling, and generates a pos- 
itive SST anomaly in the northern tropics. Chiang et al. [2002] 
and Giannini et al. [2001] show that ENSO generally tends to 
aid the development of an SST gradient in the following fall. 
However, the anomalous gradient can also form in the absence 
of ENSO [Chiang et al., 2002]. This latter result underlies 
the importance of local feedbacks. In fact, a recent study by 
Giannini et al. [2004] suggests that the local feedbacks can 
interfere with the remote influence of ENSO. 

The NAO is the dominant mode of internal atmospheric 
variability during boreal winter. The oceanic response to the 
NAO forcing consists of a tripole pattern in SST anomalies, 
extending from the high latitudes of the North Atlantic to the 
northern tropics with decreasing amplitude [Visbeck et al., 
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1998]. Observational and modeling studies show that during 
a strong NAO year northeasterly trade winds strengthen and 
generate a negative SST anomaly in the tropical North Atlantic 
via changes in latent heat flux. The resulting SST anomaly 
has its largest amplitude near the African coast north of 10°N 
[Chang et al., 2001; Czaja et al., 2002]. Studies show that 
NAO plays an important role in initiating local air-sea feed- 
backs in the deep tropical Atlantic region [Halliwell, 1997; 
Xie and Tanimoto, 1998; Chang et al., 2001]. However, Wu and 
Liu [2002] found that although NAO can enhance variability 
in the tropical North Atlantic, its occurrence is not a require- 
ment for the development of the gradient mode. 

Until now, the origin of SST anomalies in the southern trop- 
ical Atlantic has been largely ignored, probably due to the 
lack of reliable observational data. The origin of the southern 
SST anomaly may be tied to the northern SST anomaly through 
the WES feedback. Several authors have argued, however, 
that the two lobes of the gradient in MAMI seen in Figure 1 
are largely independent and that a dipole does not exist as a 
physical mode, but is an artifact of construction [e.g., Enfield 
et al. 1999; Dommenget and Latif, 2000; Czaja et al., 2002]. 
This, however, does not exclude the existence of the WES 
mechanism which may act to strengthen an already existing 
cross-equatorial gradient. 

In a recent observational study, Sterl and Hazeleger [2003] 
found that SST anomalies in the South Atlantic are generated 
mainly through atmosphere-induced latent heat fluxes and 
wind-induced mixed layer deepening, and damped by latent 
heat fluxes. Their results and those of Venegas et al. [1997] 
agree on that the leading mode of observed coupled vari- 
ability in the basin consists of a weakened/strengthened sub- 
tropical anticyclone forcing the ocean, independent of ENSO. 
Venegas et al. [1997] further found that this coupling is 
strongest during summer, and argued this is due to a link 
between the SH atmosphere and climate fluctuations in the 
NH, such as the NAO. On the other hand, the South Atlantic 
anticyclone is most energetic during winter [Satyamurty et 
al., 1998], when it reaches its westernmost and northern- 
most position [Hastenrath, 1985]. Therefore, variability of 
the subtropical high during this season is likely to have an 
influence on TAV. 

In this work, we take a further look at the atmospheric vari- 
ability in the South Atlantic and explore its influence on TAV. 
We show that TAV is influenced not only by ENSO and the 
NAO, but also by atmospheric variability in the South Atlantic 
during austral winter and summer. Moreover, our results sug- 
gest that local air-sea feedbacks play an important role in 
maintaining the tropical SST anomaly and strengthening the 
cross-equatorial gradient. 

The paper is organized as follows. In the next section we 
study the evolution of the SST anomaly generated by the 
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leading mode of winter atmospheric variability in the South 
Atlantic. A mechanism through which this atmospheric pat- 
tern can affect the development of the gradient mode in the fol- 
lowing fall is proposed and tested using a model. Section 3 
investigates the observed evolution of the SST anomaly gen- 
erated by the leading mode of atmospheric variability in SH 
summer, and its influence on TAV. In section 4 we compare the 
relative influence of ENSO, NAO and the South Atlantic 
atmospheric circulation on the development of the gradient 
mode. The last section summarizes the main results. 


2. SOUTH ATLANTIC WINTER ATMOSPHERIC 
VARIABILITY AS EXTERNAL FORCING OF TAV 


Figure 1 suggests that atmospheric variability in SH win- 
ter and summer plays a role in forcing the SST anomaly in the 
southern tropics that later becomes a part of the cross-equa- 
torial gradient. This SST anomaly is created in the subtrop- 
ics and afterward strengthens in the equatorial region, 
particularly from DJF1 to MAM1. In this paper we define 
winter to go from June to September (JJAS), and summer 
from November to February (NDJF). This section considers 
the winter, while section 3 is devoted to the influence of the 
summer season. 

We use the reconstructed SST data set of Smith et al. [1996]. 
We also use 1000 hPa winds, sea level pressure and surface 
heat fluxes from the NCEP/NCAR Reanalysis [Kalnay et al., 
1996]. All data sets have a spatial resolution of approximately 
2.8° (T42) and span from January 1950 to December 1994. 
It should be noted that the quality of the data especially in the 
SH is more reliable after the introduction of satellites in the 


1980s. To diagnose the atmospheric response to oceanic con- 
ditions during MAM we also consider the Xie-Arkin pre- 
cipitation data set [Xie and Arkin, 1997], which is available 
since 1979 on a T42 grid. The regression plots in Figure 4 
below were constructed for the common period, 1979 to 1994. 
Significance levels throughout this study are calculated 
according to a two-sided Student’s t-test, assuming no year- 
to-year correlation. 


2.1. Observed Evolution 


We calculated the Empirical Orthogonal Functions (EOFs) 
of (detrended) 1000 hPa wind speed during JJAS within 
60°W-20°E, 40°-0°S, the region that contains the seasonal 
mean position of the anticyclone. The leading EOF (hereafter 
winter-EOF) explains 31% of the total variance and is well sep- 
arated from the second one. A simultaneous regression of sea 
level pressure shows that the winter-EOF represents a weak- 
ening/strengthening of the subtropical high in the South 
Atlantic with weak correlations outside this basin except in the 
Southern Indian Ocean (Figure 2a). This is consistent with 
Sterl and Hazeleger [2003]. The principal component (PC) 
associated with the winter-EOF (hereafter P1JJAS) presents 
mainly interannual time scales (Figure 2b). This PC has no sig- 
nificant correlations (above the 95% level) with ENSO or 
with equatorial Atlantic SST during winter. In this study we 
use Nifio3.4 (the average of SST anomalies in 120°-170°W, 
5°S-—S°N) to characterize ENSO, and ATL3 (the average of 
SST anomalies in 20°W-0°E, 3°S—3°N) to characterize equa- 
torial Atlantic SST [Zebiak, 1993]. The PIJJAS index has no 
significant correlation with the GI in the next austral fall. 
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Figure 2. (a) Regression of sea level pressure onto the PC time series (P1JJAS) of winter-EOF during JJAS season. The 
box marks the region in which the EOF analysis of 1000 hPa wind speed was performed. Contour interval is 20 Pa, and 
shading indicates significance at the 95% level. (b) Index P1JJAS (solid line) and GI time series (dashed line). P1JJAS is 


shifted 1-year so that it can be compared with GI index. 
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However, it is significantly correlated at r = 0.4 with the south- 
ern tropical index used to construct GI. Thus, it appears that 
the winter atmospheric variability can influence southern trop- 
ical SST and thus TAV three seasons in advance. To investi- 
gate this issue, we regress 1000 hPa winds, surface heat flux 
and SST on PIJJAS for the seasons JJAO, SONO, DJF1 and 
MAMI (“0” indicates the year in which the EOF is calcu- 
lated). This is shown in Figure 3. The maps show, that during 
winter, cyclonic wind anomalies force the ocean through 
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Figure 3. Same as Figure 1, but regressing onto the PC time series of the winter-EOF (P1JJAS) calculated in JJASO. 


changes in the heat fluxes in the subtropical South Atlantic. A 
decomposition into the different heat flux components indi- 
cates that latent heat flux changes dominate. The ocean 
responds with a 2- to 3-month lag in SST change. The sub- 
tropical SST anomaly tends to persist into the next season 
(DJF1) with a noticeable northwestward shift. During this 
season the SST gradient created by the existence of the south- 
ern SST anomaly induces cross-equatorial northerly winds 
which tend to cool the northern deep tropics and warm the 
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southern tropics through changes in the latent heat flux. This 
suggests the possibility of a WES feedback. Changes in the 
solar radiation tend to oppose the creation of SST anomalies 
in the northern tropics, but help maintaining the SST anom- 
aly in the southern tropics. As a result, the SST anomaly south 
of the equator persists into MAM1, when it is accompanied by 
cross-equatorial winds. Subtropical wind anomalies are also 
present south of the maximum SST anomaly. Since Figure 3 
is constructed by regressing onto an index characterizing the 
atmosphere 3 seasons before, these subtropical winds can 
only be interpreted as a response to the SST anomaly unless 
they are a statistical artifact and occur by chance. During 
MAM the tropical atmosphere is so sensitive to ocean con- 
ditions that even the small SST gradient tends to shift the 
ITCZ toward the SH (Figure 4a). 

The persistence of the SST anomaly between 5°S—20°S 
from the coast of Brazil to 20°W may also be attributed to a 
relatively deep mixed layer in the region. The annual mean 
mixed layer depth is larger than 40m, while in the western 
tropical North Atlantic the mixed layer depth is less than 30m 
(see Figure 1 of Saravanan and Chang [this volume]). 


2.2. Simulated Evolution Using an Atmospheric General 
Circulation Model Coupled to a Slab Ocean 


In the previous section we found that the evolution of the 
SST anomaly in the subtropical South Atlantic is mainly gov- 
erned by surface heat flux anomalies. This result is consis- 
tent with Sterl and Hazeleger [2003], although other processes 
like mixed layer deepening or Ekman pumping may also play 
a role. In this section we use an atmospheric general circula- 
tion model coupled to a slab ocean to show that the main 
characteristics of the observed evolution of Figure 3 can indeed 
be ascribed to thermodynamic ocean—atmosphere coupling. We 
use the Community Climate Model 3.6 (CCM3) developed at 
the National Center for Atmospheric Research coupled to a slab 
ocean with an annual mean mixed layer depth. The model has 
been shown to represent TAV realistically [Saravanan and 
Chang, 1999], and is described by Saravanan and Chang [this 
volume]. We use a 100 year control run in which CCM3 is cou- 
pled everywhere to the slab ocean (referred as experiment 
MIXL in Saravanan and Chang [this volume]). This setup 
excludes any dynamical ocean—atmosphere interaction, and 
thus ENSO and the Atlantic zonal mode [Zebiak, 1993] are not 
present. To assure the correct simulation of the annual cycle 
of SST the slab ocean uses a Q-flux correction that accounts 
for the missing climatological ocean dynamics in the model. 
For a detailed model description we refer the readers to the 
above referenced article. 

We applied the same analysis of Figures 2 and 3 to the 
model output. The leading EOF of 1000 hPa wind speed in 


the South Atlantic during JJAS explains 32% of the total 
variance. The anomalous pattern of sea level pressure is sim- 
ilar to the observed one (not shown). It represents a weak- 
ening/strengthening of the South Atlantic anticyclone, and 
is correlated with pressure anomalies in the South Indian 
Ocean. It is also significantly correlated with pressure anom- 
alies over the Pacific Ocean at about 160°E, 20°N that is not 
found in observations. This may be related to the absence of 
ENSO in the model. 

Figure 5 shows the simulated evolution of 1000 hPa winds, 
surface heat flux and SST by regressing these fields onto the 
PC of the leading winter EOF. Clearly, the simulated evolution 
is similar to the observed one. During winter cyclonic winds 
associated with a weakened subtropical high generate a posi- 
tive downward heat flux anomaly in the southern subtropics, 
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Figure 4. Regression of rainfall anomaly during MAM onto (a) 
PIJJAS, (b) PINDJE, and (c) GI indices. The regression is performed 
during the period of 1979 to 1994. Shading indicates statistical sig- 
nificance at the 95% level. Contour interval is 0.5 mm day7!. 
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Figure 5. Same as Figure 3, but regressing onto the PC time series of the leading EOF of simulated wind-speed at 1000 


hPa during JJASO. 


producing the largest response 2 or 3 months later. In DJF1 the 
SST anomaly is damped in the subtropics, but maintained and 
even strengthened in the western deep tropics, presumably 
through a positive feedback involving surface winds, heat flux 
and SST. This results in a shift of the position of maximum 
SST anomaly toward the equator. The cross-equatorial south- 
ward surface flow induces a negative heat flux in the northern 
deep tropics that tends to cool the region. As in observations, 


changes in latent heat flux are opposed by the negative feed- 
back provided by solar radiation changes due to changes in 
cloud cover as the ITCZ shifts toward warm waters. This result 
is also consistent with the observational work of Tanimoto and 
Xie [2002]. The cross-equatorial SST gradient and accompa- 
nied surface winds are strongest in MAM 1. Note that simula- 
tions do not show significant subtropical wind anomalies 
during MAM1, as observations do (see Figure 3). 
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The fact that we are able to reproduce the main character- 
istics of the observed evolution supports the idea that ther- 
modynamic interaction dominates ocean—atmosphere 
coupling, in general agreement with Sterl and Hazeleger 
[2003]. Here, however, we find evidence for local air—sea 
feedbacks in the deep tropics. Results also support that win- 
ter atmospheric variability can influence the development of 
the gradient mode. 

It is worth pointing out that there are some important dif- 
ferences between simulated and observed fields. First, the 
simulated wind anomaly in winter is shifted about 10° west 
compared to observations, hence the maximum in SST anom- 
aly is also shifted to the west. Second, the SST variance 
explained by the atmospheric forcing is larger in the simula- 
tion because SST anomalies in the model ocean only occur 
through surface heat fluxes, while in the real ocean other 
dynamical processes are present. The exaggerated SST 
response in the model may also be attributed to the use of an 
annual mean mixed layer depth which underestimates its value 
during winter (see Figure 1 of Saravanan and Chang [this 
volume]). This effect, together with the absence of ocean 
processes that tend to damp the SST anomaly in the equato- 
rial region [Chang et al., 2001], overestimates the importance 
of the local feedback and exaggerates the simulated cross- 
equatorial SST gradient and winds in the fall. 


3. SOUTH ATLANTIC SUMMER ATMOSPHERIC 
VARIABILITY AS EXTERNAL FORCING OF TAV 


We next consider the summer season. The leading EOF of 
1000 hPa wind speed during NDJF in the South Atlantic 
explains 28% of the total variance and is well separated from 
the second one. We will refer to it as the summer-EOF and to 
its PC as PINDJE. The regression of sea level pressure shows 
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Figure 6. Same as Figure 2, but for the summer-EOF. 


a weakened/strengthened anticyclone in the South Atlantic 
(Figure 6a). The regression map does not show any significant 
correlation with NH anomalies, except maybe over North 
America. On the other hand, the variability of the subtropical 
high seems to be part of a global pattern resembling the south- 
ern annular mode [Thompson and Wallace, 2000]. It also pres- 
ents a wavenumber 4 structure with maximum amplitude at 
about 45°S. Recently, Fauchereau et al. [2003] reported a 
similar wavenumber 4 pattern of sea level pressure variabil- 
ity in the SH. They found that during summer the surface 
winds associated with this structure force the South Atlantic 
and South Indian Ocean simultaneously through changes in the 
latent heat flux. Their analysis indicates that the structure is not 
significantly correlated with the annular mode. Here, we cal- 
culated an index for the annular mode as the first principal 
component of sea level pressure south of 20°S. This time 
series is correlated with PINDJF at r = 0.33 Gust above the 
95% significance level). 

The summer-EOF shows longer time scales than the win- 
ter-EOF (Figure 6b), and PINDJF is not correlated to ENSO 
or the NAO. It is, however, correlated with GI at r = 0.46, 
indicating that this mode influences TAV. Figure 7 shows the 
regression of 1000 hPa winds, surface heat flux and SST onto 
PINDJF for DJF1 and MAM1. As in the winter case, there is 
an eddy-like circulation over the subtropical Atlantic which 
induces changes in the surface heat fluxes, primarily latent 
heat. During summer, however, the ocean responds faster and 
the maximum SST anomaly occurs within the season. The 
initial SST anomaly is created south of 10°S, but in MAM1 it 
has reached the equatorial region. This is a consequence of the 
response of surface winds to the southern SST anomaly, and 
the interplay between heat flux, SST and winds—a charac- 
teristic of the WES feedback: The cross-equatorial gradient 
forces northerly winds that tend to cool the SST in the north- 
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Figure 7. Lag-regression of 1000 hPa winds (left panels), surface downward heat flux (middle panels) and SST (right pan- 
els) anomaly onto the PC time series of summer-EOF (P1NDJF) for seasons DJF1 and MAM1. The PINDJF index is con- 
structed in NDJF1. Arrows indicate the scale of 1000 hPa winds. The contour interval for heat flux is 3 W m7, and for SST 
is 0.1 K. Shading indicates the percentage of variance explained in intervals of 10%, 30%, 50%, and 70%. Explained 
variance of 10% is slightly above the 95% significance level. For surface winds the shading indicates explained variance 


in wind speed. 


ern tropics through changes in latent heat. At the same time 
weakened southerly trades tend to induce positive heat flux 
anomalies in the southern deep tropics that maintain the south- 
ern SST anomaly and strengthen the SST gradient. On the 
other hand, in the southern subtropics the SST anomaly appears 
to be damped. It is interesting to note that Czaja et al. [2002] 
find evidence of WES feedback in the deep northern tropics 
when the tropical North Atlantic is forced by anomalous winds 
during boreal winter. 

Thus, the SST anomalies created in summer follow a sim- 
ilar evolution as the anomalies created during winter. In the 
summer case, however, the SST anomaly in MAM1 is larger 
because it was created just one season before. This generates 
a larger atmospheric response, as can be seen in the regression 
of rainfall onto PINDJF from 1979 to 1994 (Figure 4b). 
Clearly, rainfall anomalies are larger than in the winter case 
(Figure 4a), and are of similar magnitude as those created by 
the cross-equatorial gradient of Figure 1 (Figure 4c). 

Note that the SST anomaly in the southern lobe of the dipole 
in MAM] of Figure 1 can be explained to first order by con- 
sidering the SST anomaly generated by summer atmospheric 
variability. The SST anomaly generated by winter atmospheric 
variability plays a secondary role, and is most important 
between 0 and 10°S. 


One interesting feature is that the summer PC, PINDJF, 
is marginally correlated at the 95% level with the winter PC, 
P1JJAS. Since the atmosphere does not have a long mem- 
ory, this suggests that the SST anomaly created by winter 
atmospheric variability forces an atmospheric response in 
the following summer, and the summer-EOF has a small con- 
tribution of this signal. Modeling studies have suggested the 
existence of an SST-forced response in this region during 
summer [e.g., Barreiro et al., 2002]. We repeated the calcu- 
lation of the summer-EOF after linearly removing the con- 
tribution of the winter-EOF to the 1000 hPa wind speed 
anomaly. The new leading EOF correlates at r = 0.95 with 
P1INDJEF. Also, the evolution of SST, surface winds and heat 
flux does not change significantly from that of Figure 7. 
Thus, in this work we consider the summer-EOF to mainly 
represent internal atmospheric variability. 


4. RELATIONSHIP BETWEEN THE CROSS- 
EQUATORIAL GRADIENT AND ATMOSPHERIC 
VARIABILITY IN BOTH HEMISPHERES 


According to the results of the previous sections, to first 
order the SST anomaly in the tropical North Atlantic is inde- 
pendent of the SST in the tropical South Atlantic. Neverthe- 
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Plate 1. Scatter plots using as coordinates (a) PINDJF and NAO, (b) PIJJAS and NAO, (c) PINDJF and (—1)*Nifio34DJ, 
and (d) P1JJAS and (—1)*Nifio34DJ. In all plots the color of the markers indicates the intensity and sign of the GI: blue 
is negative, red is positive. In (c) and (d) “‘o” indicate El Nifio years, and “+” indicate La Nifia years. Specific ENSO 
events discussed in the text are identified by their years. Indices are normalized. 


less, an SST anomaly generated in the southern tropics tends 
to induce an SST anomaly of opposite sign in the northern 
tropics through changes in the surface heat fluxes, suggesting 
the existence of the WES feedback. 

To further look into this issue we classify the cross-equatorial 
gradient index as a function of indices of southern and north- 
em atmospheric variability. The largest gradients are expected 
when the atmospheric anomalies on both sides of the equator 
are such that they tend to generate SST anomalies of opposite 
sign. If hemispheres are independent, the existence of an SST 
anomaly in one hemisphere would not affect the development 
of the SST anomaly in the other hemisphere. We use GI to 
characterize the cross-equatorial gradient in MAM. Atmos- 
pheric variability in the NH is characterized by the influences 
of ENSO and the NAO. To characterize ENSO we consider the 
Nifio3.4 index during December—January (Nifio34DJ), which 
is correlated with GI at r =—0.5. To characterize the NAO we 
consider the time series calculated as the difference of nor- 
malized sea level pressure between Lisbon, Portugal, and 
Reykjavik, Iceland, from December to March. The time series 
was obtained from the web site http://www.cgd.ucar.edu/~hur- 
rell/nao.stat.winter.html, and was detrended by removing the 
least squares linear fit prior to the analysis. This NAO index 
is not significantly correlated with GI. We use PIJJAS and 
P1NDIJF to characterize winter and summer atmospheric vari- 
ability in the South Atlantic, respectively. These indices are not 
significantly correlated to Nifio34DJ or the NAO index. 

We investigate the relationship among the atmospheric 
indices and the sign and intensity of the gradient in MAM by 
constructing scatter plots (Plate 1). In these plots the color of 
the marker indicates the sign and intensity of GI, while dif- 
ferent pairs of indices are used as coordinate axes. Since the 
atmospheric indices are not correlated the distribution of 
points tends to be circular. The scatter plots show how dif- 
ferent combinations of atmospheric indices determine the 
sign and magnitude of GI. 

We first consider the summer-EOF (PI NDJF) and the NAO 
(Plate 1a). The plot clearly shows that the sign of the gradient 
is mainly given by the sign of the summer-EOF. Most positive 
cross-equatorial gradients correspond to a situation when the 
summer-EOF is positive, that is, when the South Atlantic 
atmospheric variability induces a positive SST anomaly in 
the southern subtropics. The NAO index does not have an 
appreciable influence on GI, consistent with the non-signifi- 
cant correlation between these two indices. This is in part due 
to our choice of GI. The NAO tends to influence SST north of 
10°N [e.g., Ruiz-Barradas et al., 2000, 2003; Czaja et al., 
2002], and the induced SST anomaly has maximum amplitude 
near the African coast. The GI was constructed using SST 
anomalies in the western tropical Atlantic. This is the region 
of maximum seasonal precipitation, where SST anomalies 
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can more easily induce a response, and away from the region 
of maximum NAO influence. Note that the intensity of the 
GI is not clearly related to PINDJF. For positive GI there is a 
tendency for large gradients to occur when PINDIJF is large 
(close to 1), but that is not true for negative GI. An analogous 
scatter plot using NAO and the winter-EOF does not show a 
clear relationship between the indices and GI (Plate 1b). There 
is a tendency, however, for positive gradients to occur when 
both NAO and PIJJAS are positive (upper right quadrant), 
that is, when the NAO (SH winter) cools (warms) the north- 
ern (southern) tropics. 

We now turn to the relationship between GI, ENSO and 
the SH indices. Plate 1c shows the scatter plot using Nifio34DJ 
and PINDJF (summer-EOF) indices. Note that in the plot we 
changed the sign of Nifio3.4, so that El Nifio events corre- 
spond to negative values. We define ENSO events as those 
when Nifio34DJ is larger than 0.75K. This classification leads 
to the following El Nifio events: 1958, 1964, 1966, 1969, 
1970, 1973, 1983, 1987, 1988 and 1992, and the following La 
Nifia events: 1951, 1955, 1956, 1965, 1971, 1972, 1974, 1976, 
1985 and 1989 (years refer to the January month). In Plates 
1c,d El Nifio events are marked with a “o”, while La Nifia 
events are marked with a “+”. El Nifio (La Nifia) events tend 
to warm (cool) the tropical North Atlantic. Thus, El Nifio (La 
Nifia) events are expected to induce negative (positive) GI 
values during MAM. From Plate 1c it is clear that the cross- 
equatorial gradient is strongest when (-1)*Nifio34DJ and the 
summer-EOF (P1NDJF) indices are both of the same sign, 
that is, GI is largest when atmospheric anomalies on both 
sides of the equator induce SST anomalies of opposite sign 
(upper right and lower left quadrants). The largest positive 
values of GI occur when both PINDJF and (-1)*Nifio34DJ are 
large. On the other hand, the largest negative values of GI 
occur for small negative values of PINDJE, but for large (neg- 
ative) values of (-1)*Nifio34DJ. This suggests that the ampli- 
tude of the large negative cross-equatorial gradients is set up 
mainly by the remote signal from El Nifio events. 

When the southern atmosphere in summer generates an 
SST anomaly of the same sign as the SST anomaly to be cre- 
ated by ENSO in the northern tropics (lower right and upper 
left quadrants in Plate 1c), the resulting gradient in MAM is 
usually weak. There are 8 ENSO events in this category: El 
Nifio years 1964, 1969, 1973 and 1988, and La Nifia years 
1951, 1955, 1956 and 1976 (see Plate 1c). Seven of these 
years have GI values close to neutral or of opposite sign as 
those expected from ENSO forcing acting alone. Moreover, 
during most of these years the sign of the cross-equatorial 
gradient is given by the sign of PINDJF. To investigate if the 
pre-existing southern SST anomaly influenced the northern 
tropics, we look at the sign of the northern index used to con- 
struct GI. We found that during El Nifio of 1988 and La Nifia 
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of 1955 and 1976 the sign is as expected from ENSO forcing. 
However, during the ENSO events of 1951, 1956, 1964 and 
1973 the northern tropics have (weak) SST anomalies of the 
opposite sign from the expected ENSO signal. This may be 
explained by the NAO forcing acting against the ENSO forc- 
ing in the northern tropics. However, only 1973 is a strong 
NAO year (> 0.5 standard deviation) that acts against the 
ENSO forcing. Thus, this suggests that during these years the 
hemispheres were not independent, but that local feedbacks ini- 
tiated by the southern tropical SST influenced the northern 
tropics and worked against the remote ENSO forcing. 

These results agree with those of Giannini et al. [2004] 
and Barreiro et al. [2004], who suggest that the WES feed- 
back and the remote influence of ENSO can interfere con- 
structively or destructively. Constructive interference occurs 
when both processes tend to create a cross-equatorial gradi- 
ent of the same sign. Destructive interference occurs when the 
WES feedback and the remote ENSO signal act against each 
other. Our findings suggest that during 1951, 1956, 1964 
and 1973 the WES feedback initiated by the SH summer 
atmospheric variability worked against the remote ENSO 
forcing, changing the gradient to that expected from ENSO 
acting alone. During other years the local feedback can be 
overpowered by ENSO, but may still reduce the SST anom- 
aly in the northern tropics. 

Year 1969 is the only case in which a relatively large negative 
gradient occurs when the South Atlantic summer atmospheric cir- 
culation induces a positive SST anomaly in the southern tropics. 
During this year the remote forcing from El Nifio superposed with 
the weakest NAO on record (see Plate 1a). Thus, the northern 
tropics developed a large positive SST anomaly that overpow- 
ered the local feedbacks and changed the sign of the GI. 

These findings show that the summer-EOF pre-conditions the 
development of the gradient mode in MAM by initiating local 
air-sea feedbacks, which can interfere constructively or destruc- 
tively with the remote ENSO signal. Consequently, although to 
first order the hemispheres are independent, they tend to be 
connected during the time when the local WES feedback is 
important. Plate 1d shows the case using Nifio34DJ and PLJJAS. 
As before, ENSO is a good predictor of GI, and the strongest 
cross-equatorial gradients tend to occur when the indices have 
the same sign. The pre-conditioning of the gradient from the 
winter-EOF is, however, less clear than that from the summer- 
EOF probably because the induced summer SST anomaly is 
weaker. Thus, the results from this section show that Nifio34DJ 
and PINDJF are the best predictors for the GI. 


5. SUMMARY 


We presented an exploratory study of the influence of the 
South Atlantic atmospheric circulation on TAV. We first cal- 


culated the leading patterns of austral winter and summer 
atmospheric variability in the South Atlantic. They consist of 
a weakening/strengthening of the anticyclone forcing the 
ocean below, consistent with the literature [Venegas et al., 
1997; Sterl and Hazeleger, 2003]. Using regression analysis, 
we next studied the evolution of the SST anomalies gener- 
ated, and their possible role in the development of the gradi- 
ent mode. The relative importance of South Atlantic 
atmospheric variability in TAV, and specifically in determin- 
ing the sign of the cross-equatorial SST gradient during fall, 
is addressed by comparing its role versus that of ENSO and 
the NAO. The main results are the following (seasons refer 
to those of the SH): 

* Winter atmospheric variability in the South Atlantic induces 
an SST anomaly that tends to persist until the next fall. Obser- 
vational and modeling studies suggest that ocean and atmos- 
phere interact mainly through surface heat fluxes. This is 
consistent with the literature, although other processes like 
wind-induced mixed layer deepening may also play a role in 
generating the initial SST anomaly [Ster! and Hazeleger, 
2003]. The following scenario is proposed: In winter the weak- 
ened southeasterly trade winds remove less heat from the 
ocean, generating a warm SST anomaly. In the following sea- 
sons the SST anomaly is damped in the subtropics, but not in 
the western deep tropics. The existing SST gradient induces 
southward cross-equatorial winds during summer, which tend 
to cool the SST in the northern deep tropics and maintain the 
SST anomaly in the south through the WES feedback mech- 
anism. The weak SST gradient that persists until MAM favors 
a southward shift of the ITCZ. Although the influence of win- 
ter atmospheric variability on TAV is weaker than that of sum- 
mer, it may be important for enhancing seasonal prediction. 
More research on this subject is clearly needed. But, if this con- 
jecture turns out to be true then knowledge of the atmospheric 
conditions during austral winter would allow prediction of 
the SST anomaly, and thus of the location of the ITCZ, more 
than two seasons in advance. 

¢ Summer atmospheric variability in the South Atlantic also 
forces the ocean below through changes in the latent heat 
fluxes, in agreement with Fauchereau et al. [2003]. In this 
season the ocean responds faster than in winter, perhaps due 
to a shallower mixed layer depth. The SST anomaly is cre- 
ated south of 10°S, but moves northwestward by means of 
the WES feedback mechanism. As a result, the SST anom- 
aly induces a strong atmospheric response in the austral fall, 
shifting the ITCZ toward anomalously warm waters. 

* Summer atmospheric variability (and to a lesser extent 
winter variability) in the South Atlantic pre-conditions the 
development of strong cross-equatorial gradients during the 
next fall. It does so by generating an SST anomaly in the 
southern tropics during summer, which initiates the WES 


feedback in the deep tropics. This mechanism will in turn 
tend to strengthen the cross-equatorial gradient. When the 
ENSO remote influence creates an SST anomaly of opposite 
sign as that already present in the southern tropics the result- 
ing gradient in MAM is strongest. When the ENSO forced 
signal is of the same sign the outcome will depend on the rel- 
ative strengths of ENSO and the WES feedback. An interest- 
ing result, also found in Giannini et al. [2004], is that the 
constructive/destructive interference seems to depend only 
on the southern tropical SST in DJF, and not on the cross- 
equatorial SST gradient on that season. A possibility is that 
ENSO and NAO forcings are so strong that they can wipe out 
any SST anomaly that was present in the northern tropics dur- 
ing DJF. Thus, to first order, the cross-equatorial gradient will 
only be pre-conditioned by the southern tropics. Further study 
is needed to address this issue. 

Results show that atmospheric circulation in the South 
Atlantic is capable of initiating local air-sea feedbacks in the 
tropics, and affecting the development of the gradient mode, 
as previously found for the NH atmosphere [e.g., Xie and 
Tanimoto, 1998]. These findings suggest that to fully under- 
stand TAV it is necessary to consider not only the remote 
influence of ENSO and the NAO, but also of the southern 
atmospheric circulation during winter and summer. These 
remote phenomena, together with the local feedbacks, control 
the evolution of SST in the tropical Atlantic. The existence of 
so many players involved in TAV makes prediction of tropi- 
cal Atlantic climate very challenging, and calls for sustained 
observations in the region. 
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Toward Understanding Tropical Atlantic Variability Using 
Coupled Modeling Surgery 
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The origins of tropical Atlantic variability (TAV) are investigated using a cou- 
pled modeling surgery approach. The coupled global circulation model captures 
the major TAV modes in the observations: the Atlantic Nifio (ATL-Nijio), the North 
Tropical Atlantic (NTA) and the South Tropical Atlantic (STA) modes. With the 
modeling surgery, it is found that these variability modes predominantly originate 
from local tropical Atlantic climate system, while remote ENSO and NAO forcing 
can enhance their variance and modulate their temporal evolution. Specifically, the 
interannual evolution of these modes is dictated predominantly by the remote ENSO, 
while the decadal evolution of these modes is dictated by extratropical-tropical 
interactions. Local ocean-atmosphere coupling is critical for the full development 
of the NTA and the ATL-Nifio, but in general is not necessary for the STA mode. In 
the north tropical Atlantic and the subtropical south Atlantic (poleward of 20°S), the 
model simulated decadal SST anomalies are primarily generated by the surface 
heat flux and damped by the oceanic heat transport, but at the equator and in the south 
tropical Atlantic (equatorward of 20°S), they are primarily associated with oceanic 
heat transport through the anomalous vertical heat advection, and damped by the sur- 


face heat flux. 


1. INTRODUCTION 


Sea surface temperature in the tropical Atlantic Ocean 
exhibits variability on a variety of timescales and in broad 
spatial patterns [e.g., Nobre and Shukla, 1996]. The domi- 
nant patterns of variability are characterized by inter-hemi- 
spheric SST gradients, and modulations in the strength of the 
southeast and northeast trades as well as the position and 
intensity of the Intertropical Convergence Zone (ITCZ). Such 
climatic fluctuations thus have a profound impact on the rain- 
fall in the surrounding landmasses, primarily northeastern 
Brazil and sub-Saharan West Africa [Hastenrath, 1978; Moura 
and Shukla, 1981; Folland et al., 1986]. 
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One of the key issues about the tropical Atlantic variability 
(TAV) concerns its origins [Marshall et al., 2001; Xie and 
Carton, this volume]. Unlike the tropical Pacific, the tropical 
Atlantic is not dominated by any single process such as ENSO, 
rather it is subject to multiple, competing influences from 
both local and remote processes. Several mechanisms have 
been proposed to explain the origins of the TAV. Some stud- 
ies suggest that the interannual to decadal variability in the 
tropical Atlantic arises from local coupled ocean-atmosphere 
interaction, which involves wind-evaporation-SST coupled 
feedback and ocean dynamics [e.g., Chang et al., 1997]. Other 
studies, however, suggest that the TAV can be triggered by 
remote forcing from climate variability outside of the tropical 
Atlantic. Both observations and modeling studies suggest that 
ENSO in the tropical Pacific can exert a significant impact on 
the interannual variability over the tropical Atlantic [Curtis 
and Hastenrath, 1995; Enfield and Mayer, 1997; Elliot et al., 
2001; Saravanan and Chang, 2000; Czaja et al., 2002; Wu 
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et al., 2002; Huang et al., 2002] via the anomalous atmos- 
pheric Walker circulation [e.g. Klein et al., 1999; Chiang et al., 
2000] and the Pacific-North America (PNA) teleconnection 
[e.g., Nobre and Shukla, 1996]. Studies also suggest the ENSO 
can impact the variability in the equatorial Atlantic through 
changes of the equatorial easterlies. Within the Atlantic basin, 
the North Atlantic Oscillation (NAO) has also been found to 
have a significant impact on the tropical north Atlantic through 
oceanic [Hansen and Bezdeck, 1996; Yang, 1999; Malanotte- 
Rizzoli et al., 2000; Wu and Liu, 2002], atmospheric [Nobre 
and Shukla, 1997; Czaja et al., 2002] and coupled ocean- 
atmosphere processes [Xie and Tanimoto, 1998]. 

Key elements related to the origins of the low-frequency 
variability in the tropical Atlantic include how the changes of 
atmospheric circulation in response to local SST anomalies 
in the tropical Atlantic feed back on the ocean, and what role 
ocean dynamics plays. The latter is of particular concern for the 
cause of variability at decadal timescales. A recent study sug- 
gests that the north tropical Atlantic variability is largely a 
response to remote NAO and ENSO forcing without the need 
to invoke local air-sea coupling and oceanic dynamics [Czaja 
et al., 2002]. Other studies, however, suggest that the local air- 
sea coupled feedback is important for the full development of 
the NTA [e.g., Chang et al., 2000; Wu and Liu, 2002]. At 
decadal timescales, modeling studies suggest that the change 
in ocean heat transport and upper-ocean heat content may 
impact SST anomalies, and can potentially allow the coupled 
system to oscillate [Chang et al., 1997; Huang and Shukla, 
1997], but these effects may be model-dependent [e.g., Carton 
et al., 1996; Dommenget and Latif; 2000; Seager et al., 2001]. 
In the south tropical Atlantic, some studies suggest that SST 
anomalies are predominantly generated by wind-driven oceanic 
circulation [Hakkinen and Mo, 2002], while others suggest 
that SST anomalies are associated with the internal atmos- 
pheric variability through changes of surface heat flux [Ster/ 
and Hazeleger, 2003; Barreiro et al., this volume]. 

In this paper, we will explore the origins of the TAV using 
coupled modeling surgery [CMS, Wu et al., 2003] with focus 
on the roles of (1) remote ENSO forcing and extratropical-trop- 
ical interaction in the Atlantic, (2) local ocean-atmosphere 
coupling, and (3) oceanic dynamics. The paper is constructed 
as follows. The observational data and the coupled model 
used in this study will be described in section 2. In section 3, 
we will briefly describe the coupled modeling surgery. We 
then investigate, in section 4, the impacts of both ENSO and 
extratropical-tropical inter-action on the temporal evolution of 
the TAV (changes of SST variance forced by the ENSO and 
NAO have been studied in Liu et al. [2003a]) in section 4. In 
section 5 and 6, the roles of local ocean-atmosphere coupling 
and oceanic dynamics are studied, respectively. Conclusions 
and final discussions are in section 7. 


2. DATA AND MODEL 


The observational data we used in this study are the GISST 
SST [Parker et al., 1995] from 1903 to 1994. All the data, 
including the model output discussed below, are seasonally 
averaged and detrended. 

The model we used is the Fast Ocean-Atmosphere Model 
(FOAM1.0) [Jacob, 1997]. The AGCM is the fully parallel 
R15 version of the NCAR CCM2, but with 19 vertical levels, 
and with the atmospheric physics replaced by those of CCM3; 
the OGCM is developed following the GFDL MOM with a 
horizontal resolution of 2.8° longitude x 1.4° latitude x 16 
vertical levels. The coupled FOAM simulation (the control 
run, CTRL) is integrated for about 350 years from the 456th 
year of a longer control simulation. 

Without flux adjustment, the model captures most major 
features of the observed tropical climatology as in most state- 
of-the-art climate models [Jacob, 1997; Liu et al., 2003b]. 
The most serious deficiency in the simulated tropical Atlantic 
climatology is the double ITCZ, with the ITCZ in boreal win- 
ter migrating into the southern hemisphere in FOAM, instead 
of staying north of the equator as in observations (see Figure 
1 of Liu et al., [2003b]). In addition, the model has a cold 
center emerging in the western equatorial Atlantic in fall and 
winter, resulting in a cold tongue in the western Atlantic in the 
annual mean SST. This is opposite to the observation, which 
has a cold tongue in the eastern equatorial Atlantic. These 
deficiencies appear to be common in many coupled models, 
including the NCAR CSM [Boville and Gent, 1998]. These 
deficiencies should be kept in mind in later discussions of 
the TAV, especially for those features in the equatorial and 
tropical south Atlantic. 

In spite of the deficiencies in the model-simulated clima- 
tology, FOAM produces a reasonable TAV, comparable with 
some state-of-the-art coupled models [e.g., Dommenget and 
Latif, 2000; Huang et al., 2002]. The two leading EOFs of 
the SSTA show a symmetric mode and a dipole mode [Liu 
and Wu, 2000], consistent with the observations [e.g., 
Houghton and Tourre, 1992]. The leading REOFs of SSTA 
show the North Tropical Atlantic Mode (Figure lal, NTA), the 
Atlantic Nifio Mode (Figure la2, ATL-Nifio) [Zebiak, 1993; 
Ruiz-Barradas et al., 2000] and the South Tropical Atlantic 
Mode (Figure 1a3, STA). These modes are similar to the obser- 
vations although the order of the modes is somewhat altered 
(Figure 1b1—-b3). There are, of course, some deficiencies in the 
simulated TAV modes. The major deficiency of the FOAM 
TAV is its 2nd REOF, which is centered in the western equa- 
torial Atlantic and has no counterpart in the observations (not 
shown). This western equatorial Atlantic mode appears to be 
caused by the deficient model equatorial annual cycle. In 
addition, the maximum SST anomaly in the NTA is shifted to 


the west instead of being near to the western African coast in 
the observations (Figure lal, b1), and variance of both the 
ATL-Nifio (Figure 1a2, b2) and the STA modes (Figure 1a3, 
b3) is underestimated. 

Both NTA and STA exhibit significant interannual vari- 
ability with timescales ranging from 2 to 6 years, and decadal 
to interdecadal variability around 30 to 50 years (NTA, Fig- 
ure 2a1) and 12 years (STA, Figure 2a3), respectively. In con- 
trast to the NTA and STA, the ATL-Nifio seems to be 
dominated by interannual variability (Figure 2a2). The spec- 
trum of these three modes is broadly similar to the observa- 
tions although the frequencies in the model are somewhat 
shifted (Figure 2b1—b3). For example, all three modes show 
substantial interannual variability with a common peak around 
3.3 years in the observation and 4 years in the model, respec- 
tively. In addition, the observed NTA and STA also exhibit 
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some remarkable multidecadal variability and decadal vari- 
ability, respectively, although the statistical significance is 
weaker than those in the model. 

In summary, FOAM captures major features of the observed 
TAV modes in spite of serious deficiencies of the tropical 
mean climatology in the model. In the following, we will 
explore the origins of the model-simulated TAV modes by 
using the coupled modeling surgery approach. 


3. COUPLED MODELING SURGERY 


The Coupled Modeling Surgery (CMS) broadly represents 
a set of modeling approaches that can be used to identify the 
origins and causes of a specific variability mode in the cou- 
pled climate system. Two CMS strategies have been imple- 
mented: the partial coupling (PC) and the partial blocking 
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Figure 1. Rotated EOF modes of tropical Atlantic SST anomalies in the FOAM control simulation (left panel) and the obser- 
vations (GISST 1903-1994, right panel). (al, a2) the North Tropical Atlantic Mode (NTA), (b1,b2) the Atlantic Nifio 
(ATL-Nijfio) mode, and (cl, c2) the South Tropical Atlantic Mode (STA). The data are averaged for each season and the 
linear trend is removed prior to the analysis. The rotated EOF is calculated over the domain (70°W, 20°E) x (30°S, 30°N). 


Contour interval is 0.1°C. 
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Figure 2. Power spectrum of SST indices corresponding to each TAV mode in the FOAM control simulation (left panel) 
and observations (right panel). SST indices for the NTA, ATL-Nifio and STA are defined as SST anomalies averaged over 
(70°W, 20°W) x (5°N, 25°N), (30°W, 10°E) x (15°S, 5°N), and (40°W, 0°E) x (5°S, 25°S), respectively. The power spec- 
trum is calculated using a multi-taper method (3 tapers) with 50% and 95% significance levels indicated (dashed lines). 


(PB). In the PC experiments, the atmospheric model sees a pre- 
scribed annual cycle of SST that is obtained from the CTRL 
in a specified region (called the PC region) and sees the pre- 
dicted SST from the full ocean-atmosphere coupling else- 
where. The ocean model is forced by the full atmosphere-ocean 
flux calculated by the atmospheric model over the entire 
domain. Over the PC domain, the surface fluxes that drive 
the ocean model are calculated using the SST predicted by 
the ocean model at each time step. Over the PC region, vari- 
ability is generated in both the ocean and atmosphere by 
processes internal to the atmosphere. The PC approach may 
underestimate atmospheric stochastic variability due to the 
enhanced thermodynamic damping by the fixed SST bound- 
ary condition [Barsugli and Batistti, 1998]. Nevertheless, the 
fixed SST forcing of an AGCM is a frequently used approach 
in AGCM experiments, and therefore provides an useful ref- 
erence to study the role of coupled ocean-atmosphere inter- 
action in generating climate variability [e.g., Chang et al., 
2000]. In the PB experiments, “sponge walls” are placed at 
specified latitudinal bands of the ocean component of the 
coupled system, such that oceanic teleconnection between 
different latitudes is cut off. Within the sponge walls, tem- 


perature and salinity are restored towards the annual cycle of 
the CTRL run. 

In the following, a series of coupled modeling surgery 
experiments are conducted to assess the role of remote forc- 
ing, local ocean-atmosphere coupling and oceanic dynamics 
in generation of the TAV modes. Unless explicitly specified, 
all the surgery experiments are integrated for 350 years from 
the same initial state as the CTRL experiment. 


4. THE ROLE OF REMOTE FORCING 


Observational studies have suggested the role of ENSO and 
the NAO [e.g. Curtis and Hasterath, 1995; Nobre and Shukla, 
1996; Saravanan and Chang, 2000; Czaja et al., 2002] in the 
generation of the TAV. Qualitatively, the observational results 
are also supported by coupled ocean-atmosphere modeling 
studies [e.g., Elliot et al., 2001; Saravanan and Chang, 2000; 
Huang et al., 2002; Wu et al., 2002; Wu and Liu, 2002]. 
Recently, Liu et al. [2003a] have quantified these two remote 
impacts using both statistical methods and model-aided 
dynamic methods. Both approaches suggest that the remote 
impact contributes to nearly half of the variance of the trop- 


ical Atlantic SST variability at interannual and decadal 
timescales. Here, we will focus on how ENSO and extrat- 
ropical-tropical interaction modulate the temporal evolution 
of the TAV, which have not been documented in most of the 
previous studies. Some preliminary results have been reported 
in Wu and Liu (2002, ENSO]. 


4.1. The Role of ENSO 


FOAM produces a reasonable ENSO [Liu et al., 2000]. 
Over the Pacific, the leading EOF mode captures the major fea- 
tures of the observed ENSO, with a significant pattern cor- 
relation (0.82) and with an amplitude 75% of the observed. The 
power spectrum of the Nifio-3 SST index shows dominant 
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interannual variability around 4 years (not shown). The model 
also demonstrates a robust teleconnection between ENSO 
and TAV. The regression of the JEM (January-February-March) 
SSTA in the tropical Atlantic against the DJF (December- 
January-February) Nifio-3 SST (Figure 3a) reproduces the 
major features of the observations as noted by Enfield and 
Mayer [1997], with broad warming in both hemispheres, 
although the warming in the south tropical Atlantic is some- 
what stronger than the observations. The changes of SSTA, sur- 
face wind and surface turbulent heat flux (latent plus sensible) 
in the tropical Atlantic associated with ENSO are summa- 
rized in Figure 3b, which displays the zonal mean regression 
of these variables in the tropical Atlantic against the DJF 
Nifio-3 SSTA. The ENSO-induced warming in the NTA 
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Figure 3. (a) Correlation of JFM (January-February-March) tropical Atlantic SSTA with previous winter (December-Jan- 
uary-February) Nifio-3 SSTA. (b) Zonally averaged regression of SSTA (shaded), surface heat flux (contours) and wind 
stress (arrows) with previous winter Nifio-3 SSTA. Units for SST, heat flux to ocean and wind stress are °C, W/m? and N/m? 
per standard deviation of Nifio-3 SSTA, respectively. Contour interval for the heat flux is 1. 
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matures in February in association with anomalous wester- 
lies inducing heating of the ocean at a rate of 10 W/m’K. 
After that, the anomalous wind is weakened and the heat flux 
changes the sign to damp the SST anomaly. The correlation of 
wintertime (JFM) sea level pressure (SLP) with DJF Nifio-3 
SST shows a SLP anomaly over the subtropical North Atlantic 
and an opposite anomaly in the tropical Atlantic (not shown). 
The former is suggested to be a part of PNA teleconnection, 
and the latter to be the reflection of an anomalous Walker cir- 
culation [e.g., Covey and Hastenrath, 1978; Klein et al., 1999]. 
In the STA, ENSO-induced warming also matures on Febru- 
ary. The downward heat flux is primarily associated with the 
warming of the troposphere induced by ENSO [Chiang and 
Sobel, 2002]. Relative to the NTA, wind anomalies in the 
STA decay faster. 

Although the model captures the major features of the 
observed ENSO impact on the tropical Atlantic [Enfield and 
Mayer, 1997; Czaja et al., 2002], some differences from the 
observations should be noted. In the observations, the ENSO 
induced warming tends to peak in MAM, while in the model 
it peaks in JFM. This may be partly attributed to the shallow 
mixed layer depth over the tropical Atlantic in the model. 


PC-TP 


Also, the model overestimates the warming in the south trop- 
ical Atlantic, which tends to be associated with the deficien- 
cies of the model climatology over that area. 

The above analysis in the model control simulation pro- 
vides some insight into the influence of ENSO on the TAV, but 
it can not answer whether the TAV is forced directly by ENSO 
or not, because the climate in the fully coupled GCM is the 
product of complex interaction involving feedbacks that are 
not easily separated. 

To truly assess the contribution of the ENSO to the TAV, 
we perform a PC experiment, denoted as PC-TP, where ENSO 
is removed in the tropical Pacific by constraining the SST 
forcing of the atmosphere to the model mean annual cycle in 
the tropical Pacific (within 20° of the equator). By doing so, 
variance of ENSO variability in the tropical Pacific is reduced 
by over 80% and the pattern becomes incoherent. In contrast, 
the pattern of each TAV mode remains virtually identical to the 
corresponding mode in the control (Figure 4a1—a3). The tem- 
poral evolution of the NTA and STA modes, however, under- 
goes substantial change in the absence of ENSO. Without 
ENSO, both the NTA and STA modes do not exhibit any 
prominent interannual oscillations (Figure 4b1, b3), with vari- 
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Figure 4. Rotated EOF modes of tropical Atlantic SST anomalies (left panel) and the power spectrum of corresponding SST 
indices (right panel) in experiment PC-TP, where ENSO is suppressed by deactivating air-sea coupling in the tropical Pacific. 
The calculation methods for both REOF and power spectrum are the same as those used in the control simulation. 


ance between 2 to 6 years reduced by 40 to 50% (compared 
with the CTRL) for each mode [Wu et al., 2002]. This suggests 
that the interannual variability of the NTA and STA modes 
is largely dictated by the ENSO. In contrast to the interan- 
nual variability, ENSO has less impact on the decadal vari- 
ability of the tropical Atlantic. As in CTRL, both the NTA 
and STA mode remain significant multi-decadal or decadal 
variability, respectively (Figure 4b1, b3). It is noted that the 
suppression of ENSO tends to have less impact on the high fre- 
quency variability of these modes. Indeed, the ATL-Nifo still 
retains substantial variability within timescales shorter than 3 
years (Figure 4b2). In short, PC-TP experiment reveals that 
ENSO largely dictates the interannual variability of the TAV, 
but is not a necessary precondition for the TAV, and it also 
shows that decadal variability is not dictated by ENSO. In the 
next section, we will explore the role of extratropical-tropical 
interaction in the generation of the TAV. 


4.2. The Role of Extratropical-Tropical Interaction 


In the Atlantic basin, climate variability in the extratropics 
and high latitudes may affect the variability in the tropics 
through the oceanic [Hansen and Bezdeck, 1996; Yang, 1999; 
Malanotte-Rizzoli et al., 2000; Wu and Liu, 2002], atmos- 
pheric [Nobre and Shukla, 1996; Czaja et al., 2002] and cou- 
pled ocean-atmosphere [Xie and Tanimoto, 1998] processes. 
These extratropical-tropical pathways seem to be present in the 
FOAM control simulation. For example, the regression of 
SSTA with the NAO index shows a tripole-like structure over 
the northern hemisphere, and extratropical SSTA tends to 
show a tendency, although not significant, of equatorward 
movement [Wu and Liu, 2002]. 

To truly assess the impact of extratropical-tropical interac- 
tion on the TAV, we perform a sensitivity experiment, denoted 
as PBC-TAV. PBC-TAV is based on PC-TP, but with ocean- 
atmosphere coupling deactivated in the extratropical north 
and south Atlantic (poleward of 30°) by the PC surgery, as 
well as oceanic variability completely removed from the sur- 
face to the bottom by the PB surgery (also everywhere pole- 
ward of 30°). In this experiment, extratropical-tropical oceanic 
teleconnection is completely shut off, but the atmospheric 
internal variability in the extratropics remains. Statistical 
assessment shows that the projection of this extratropical 
atmospheric internal variability on the TAV is only about 10 
to 20% [Liu et al., 2003a]. Therefore, in PBC-TAV, SST vari- 
ations in the tropical Atlantic, if significant, should arise pre- 
dominantly from local ocean-atmosphere interaction. This 
experiment is integrated for 150 years. 

In PBC-TAY, all three TAV modes including the NTA, 
STA and ATL-Nifio modes remain largely similar to those in 
PC-TP, except some modest reduction of the magnitudes 
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(about 20% for each mode) (Figure Sal—a3 vs. Figure 
4al—a3). This readily tells us that the TAV originates pre- 
dominantly from ocean-atmosphere interaction locally in 
the tropical Atlantic. 

Extratropical-tropical interaction, although not necessary 
for the generation of the TAV, can lead to significant changes 
of the temporal evolution of the TAV modes, particularly at 
decadal timescales. In comparison with PC-TP, the multi- 
decadal variability of the NTA mode is suppressed substan- 
tially, while the interannual variability remains comparable 
(Figure 5b1 vs. Figure 4b1). A similar change is also observed 
for the STA mode, where the decadal peak around 12-14 
years virtually disappears (Figure 5b3 vs. Figure 4b3). It is con- 
ceivable that the multidecadal variability of the NTA mode 
is mainly associated with the North Atlantic climate, perhaps 
as a reflection of the Atlantic Multidecadal Oscillation (AMO) 
as noted in the model [Jacob, 1997] and some observational 
studies [Enfield et al., 2001]. Destroying the AMO by the PB 
surgery leads to the diminishment of the multidecadal vari- 
ability of the NTA mode. Over the south Atlantic, the decadal 
variation of the STA mode tends to be associated with the 
south Atlantic basin-scale decadal to interdecadal variability 
(not shown), which has been documented in various obser- 
vational studies [e.g. Venegas et al., 1997]. For the ATL-Nifio 
mode, the remarkable change seems to be the enhancement of 
variability around 8 years (Figure 5b2 vs. Figure 4b2), although 
the mechanism remains to be identified. 

The PBC-TAV experiment suggests that the decadal vari- 
ability in the north and south tropical Atlantic is predomi- 
nantly associated with the extratropical-tropical teleconnection 
within the Atlantic. In other words, local ocean-atmosphere 
interaction alone cannot give rise to decadal oscillations. The 
detailed processes of how extratropical-tropical teleconnection 
affect the tropics will remain a topic for further study. In the 
next section, we will investigate the role of local ocean-atmos- 
phere coupling. 


5. THE ROLE OF LOCAL OCEAN-ATMOSPHERE 
COUPLING 


The modeling surgery studies suggest that the TAV arises 
from local ocean-atmosphere interaction in the tropical Atlantic 
although remote ENSO forcing and extratropical-tropical 
interaction within the Atlantic can enhance the variance and 
modulate the temporal evolution of the TAV. Local forcing of 
the SSTA includes both atmospheric internal variability and 
ocean-atmosphere coupled feedback. Some studies suggest 
the local ocean-atmosphere coupling is critical for the full 
development of the TAV [Chang et al., 1997, 2000; Wu and 
Liu, 2002], while others suggest that the coupling is not nec- 
essary to be invoked [Czaja et al., 2002]. Recent studies show 
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Figure 5. Same as Fig. 4, except for the experiment PBC-TAV, which is based on PC-TP, but further suppresses air-sea cou- 
pling and oceanic variability from the surface to the bottom in extratropical north and south Atlantic (>30°). 


this positive feedback tends to occur in the deep tropics [Sar- 
avanan and Chang, 2000; Chang et al., 2000]. 

To show the development of a NTA SST anomaly, we plot the 
regression of the surface wind, turbulent heat flux against the 
MAM NTA SSTA index (Figure 6). The surface wind anomalies 
are dominated by westerlies, which persist from earlier winter 
until middle summer. The anomalous westerlies from Novem- 
ber to March are largely attributed to both NAO (NDJ) and 
ENSO (DJFM), and subsequently are likely the response to the 
warming SSTA. The westerly wind anomalies induce oceanic 
heating at a rate of about 15 to 20 W/m°K through reducing 
the evaporative heat loss. After April, the heating is replaced by 
cooling although the anomalous westerlies are still dominant. 
This is because the heating induced by the anomalous wester- 
lies is overwhelmed by the enhanced evaporative heat loss due 
to the increase of specific humidity at the sea surface. In gen- 
eral, the model captures the major features of the development 
of a NTA event in the observations, although the feedback of the 
atmosphere to a NTA SST anomaly in the model tends to be over 
a broader latitudinal range rather than being geographically 
limited in the deep tropics [Czaja et al., 2002]. 


To assess the role of local air-sea coupling on generation of 
the TAV, we perform a PC-experiment, denoted as PC-G, in 
which air-sea coupling is shut off everywhere including trop- 
ical Pacific, extratropical Atlantic and tropical Atlantic. Com- 
pared with PBC-TAV, the magnitude of the NTA mode is 
reduced substantially by about 65% (Figure 7a1). The message 
is clear: local air-sea coupling is important to the full devel- 
opment of the NTA mode, consistent with the above analysis 
and previous AGCM studies [e.g., Chang et al., 2000]. In 
contrast, local air-sea coupling has virtually no contribution 
to the STA mode, suggesting that the STA mode may arise 
from atmospheric internal variability (Figure 7a3). The impor- 
tance of the atmospheric internal variability on the STA mode 
tends to be consistent with other studies [Sterl and Hazeleger, 
2003; Barreiro et al., this volume]. For the ATL-Nifio mode, 
local air-sea coupling contributes about 40% to the total vari- 
ance (Figure 7a2), which is in contrast to ENSO in the trop- 
ical Pacific, where air-sea coupling contributes about 80% to 
the total variance [Wu et al., 2003]. This suggests that both cou- 
pling and atmospheric stochastic forcing are important for 
the equatorial Atlantic variability [Zebiak, 1993]. 


To further show how ocean-atmosphere coupling affects 
the NTA and STA mode, we perform two additional experi- 
ments, PC-NTA and PC-STA, with each integrated for 150 
years. Both experiments are based on PBC-TAV, but remove 
coupling in the latitudinal band (5°, 30°) of one hemisphere. 
In PC-STA (no coupling in the NTA), the NTA mode is sub- 
stantially reduced as that in PC-G, but the ATL-Nifio and STA 
modes remain virtually identical to those in PBC-TAV (not 
shown). In PC-NTA (no coupling in the STA), both the STA 
and the NTA modes remain virtually identical to those in 
PBC-TAV in spite of a substantial reduction of the ATL-Nifio 
mode due to the absence of coupling in the south Atlantic 
(not shown). These two experiments provide a further sup- 
port for the different role of air-sea coupling in each hemi- 
sphere, and also indicate that the contribution of 
interhemispheric (tropical) interaction to each mode is essen- 
tially negligible. 

It is noted that the NTA in PC-G still exhibits some multi- 
decadal variability, although the magnitude is much reduced 
and the frequency is somewhat shifted than that in CTRL and 
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PC-TP (Figure 7b1). This is in contrast to PBC-TAV, where the 
NTA mode does not show any multidecadal peaks when the 
oceanic variability is also completely shut off over the North 
Atlantic. This leads us to conclude that the multidecadal vari- 
ability over the North Atlantic originates essentially from 
oceanic process, which can impact the tropics through extra- 
tropical-tropical oceanic teleconnection. 


6. THE ROLE OF OCEAN DYNAMICS 


Previous studies have invoked oceanic dynamics to explain 
the decadal variability of the tropical Atlantic [e.g., Huang 
and Shukla, 1997; Chang et al., 1997, 2001] because of the 
longer timescales associated with oceanic circulation, while 
other studies suggest that even the decadal SST signal can be 
primarily explained by surface flux alone [e.g., Carton et al., 
1996]. Recent OGCM studies by Seager et al. [2001] sug- 
gest that the role of ocean in the tropical Atlantic is largely pas- 
sive and damping. Here, we will assess the role of oceanic 
dynamics in the generation of the decadal TAV based upon an 
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Figure 6. Zonally averaged regression of SSTA (shaded), surface heat flux (contours) and wind stress (arrows) with MAM 
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MAM NTA SSTA index, respectively. Contour interval for the heat flux is 1. 
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Figure 7. Same as Figure 4, but for the experiment PC-G, where air-sea coupling is shut off over the global ocean. 


analysis of upper ocean heat budget and coupled modeling 
surgery experiments. 

To examine the causes of decadal SST changes, we have 
calculated the regression of the zonal mean heat flux and 
oceanic heat transport in the upper 50 m with SST at differ- 
ent latitudinal bands. The data has been annually averaged 
and then low-pass filtered to retain the variability with fre- 
quency lower than 5 years. It can be seen that in the north 
tropical Atlantic, SST anomalies are predominantly driven by 
the surface heat flux, and damped by the oceanic heat trans- 
port; in contrast, in the equatorial and south tropical Atlantic 
(equatorward of 20°S), SST anomalies are predominantly 
generated by the oceanic heat transport, and damped by the sur- 
face heat flux (Figure 8a, b). Poleward of 20°S, SST anomalies 
tend to be generated by the surface heat flux again, and damped 
by the oceanic heat transport. 

We further decompose the total ocean heat transport into the 
anomalous advection, mean advection as well as dissipation 
components. In the north tropical Atlantic, both the mean and 
anomalous meridional advection tend to damp SST anom- 


alies (Figure 8c, d), consistent with the previous modeling 
studies [Chang et al., 2001; Seager et al., 2001]. Physically, 
this phenomenon can be interpreted as follows. Warm SST 
anomalies in the north tropical Atlantic are associated with 
anomalous southwest trades, which drive a southward Ekman 
flow to bring cold water from subtropics to the tropics (Fig- 
ure 8c). The mean northward flow, albeit weaker in the model, 
tends to move the SST anomalies to the subtropics, thus also 
producing a cooling effect. In the equatorial and south tropi- 
cal Atlantic (equatorward of 20°S), warming (cooling) is pri- 
marily generated by the anomalous advection of the mean 
vertical temperature gradient (Figure 8e) and damped by the 
mean advection of the anomalous vertical temperature gradient 
(Figure 8f) as well as surface heat flux (Figure 8a). Poleward 
of 20°S, SST anomalies are generated primarily by the surface 
heat flux, and damped by the anomalous vertical advection, 
which is somewhat similar to the north tropical Atlantic. 

To further investigate the role of ocean dynamics in the 
generation of tropical Atlantic decadal variability, we perform 
an additional surgery experiment denoted as TAV-Wind. In 
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this experiment, the wind stress in the tropical Atlantic is con- in the CTRL. Outside of the tropical Atlantic, there are no 

strained to the model climatological annual cycle, but the sur- constraints for any variables. Figure 9 displays the ratio of 

face wind speed and thus heat flux are allowed to change as standard deviation of low-passed (>5 years) SST anomalies in 
(a)Surface heat flux (b)Ocean Heat Transport 


(c)Anomalous Meridional advection 
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Figure 8. Zonal averaged regression of (a surface heat flux, (b) oceanic heat transport, (c) anomalous meridional advec- 
tion, (d) mean meridional advection, (e) anomalous vertical advection, and (f) mean vertical advection on the zonal aver- 
aged SST at the same latitude in FOAM control simulation. All data have been annually averaged, and then low-passed filtered 
to retain variability lower than 5 years. Contour interval for each term is 1 W/m?K, except for the anomalous vertical 
advection (2 W/m’K). Solid lines in each figure are auto-regression of SST index at each latitude, with an interval of 0.2. 
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TAV-Wind relative to the CTRL. It can be seen that SST vari- 
ability is reduced substantially between roughly 20°S and 
10°N, with the maximum reduction in the ATL-Nijfio and the 
STA region. Over the north tropical Atlantic and the south 
central Atlantic, SST variability is enhanced. 

The change of SST variability in TAV-Wind can be readily 
interpreted in terms of the previous heat budget analysis. 
From 20°S and 10°N, SST anomalies are generated primarily 
by the anomalous vertical advection (Figure 8b), and there- 
fore preventing the latter will suppress SST variations. In 
the north tropical Atlantic (north of 10°N) and subtropical 
south Atlantic (poleward of 20°S), oceanic dynamics tends to 
damp SST anomalies (Figure 8b). Specifically, the damping 
in the north tropical Atlantic is partly undertaken by the 
anomalous meridional advection, while in the subtropical 
south Atlantic by the anomalous vertical advection, and thus 
preventing these anomalous advections can enhance SST 
variations in these domains significantly. 


7. SUMMARY AND DISCUSSION 


In this paper, a series of coupled modeling surgery exper- 
iments have been performed to study the origins of the trop- 
ical Atlantic variability. The model captures the major 
observed TAV modes: the Atlantic Nifio (ATL-Nifio), the 
North Tropical Atlantic (NTA) and the South Tropical 
Atlantic (STA) modes. It is found that these variability modes 
predominantly originate from the local tropical Atlantic cli- 
mate system, while the remote ENSO and NAO forcing can 


enhance their variance and modulate their temporal evolu- 
tion. Specifically, the interannual evolution of these modes 
is predominantly dictated by the remote ENSO, while the 
decadal evolution of these modes is dictated by extratropi- 
cal-tropical interaction. Local ocean-atmosphere coupling 
is critical for a full development of the NTA and the ATL- 
Nifio, but is not necessary for the STA mode. In the north 
tropical Atlantic, the simulated decadal SST anomalies are 
primarily associated with surface heat flux and damped by 
oceanic heat transport, but in the equatorial and south trop- 
ical Atlantic, SST anomalies are primarily generated by 
oceanic heat transport through the vertical anomalous heat 
advection, and damped by the surface heat flux. In the sub- 
tropical south Atlantic (poleward of 20°S), the simulated 
decadal SST anomalies are also generated by the surface 
heat flux and damped by oceanic heat transport. 

Our coupled modeling surgery study here highlights the 
different role of air-sea coupling in the north and south trop- 
ical Atlantic, and different role of ENSO and extratropical- 
tropical interaction on the interannual and decadal evolution 
of tropical Atlantic SST anomalies. The important role of 
oceanic dynamics in the tropical Atlantic is also highlighted. 
There are many issues left for future study. For example, we 
have not clearly assessed the role of each pathway of extra- 
tropical-tropical teleconnection in the generation of TAV, 
nor understood how the decadal oscillations in the north and 
south tropical Atlantic are established through extratropi- 
cal-tropical interaction. We found that the STA originates 
from atmospheric forcing, but it is not clear that the forcing 
is from atmospheric internal stochastic processes or other 
external processes such as the adjacent land surface 
processes. 

It should be noted that the conclusions regarding the origins 
of the south Atlantic climate variability may be physically 
consistent within the model context, however, the application 
to the observed south Atlantic variability may be limited 
because of the deficiencies of the model climatology in this 
area. Indeed, some deficiencies of the simulated tropical mean 
seasonal cycle appear even in AGCM simulations [Wang and 
Carton, 2003]. It is not clear to what extent the mean clima- 
tology will affect the tropical Atlantic climate variability. In 
our coupled model, in spite of the significant deficiencies of 
the mean climatology in the south Atlantic, the model still 
captures the observed SST modes in the south Atlantic 
(0°-50°S), for example, the leading two EOF modes show a 
monopole pattern extending over the entire south Atlantic and 
a dipole pattern straddling around 25°S, respectively [e.g., 
Sterl and Hazeleger, 2003]. 

Nevertheless, our coupled modeling study here sheds some 
light on the origins of the TAV at different timescales, and 
suggests the need for future studies on the mechanisms and pre- 


dictability of the TAV. Similar modeling studies by other cli- 
mate models are especially expected to foster a modeling 
intercomparison. 
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Air—sea coupling involves the exchange of both momentum and heat between the 
atmosphere and the ocean. Dynamic coupling, which relates to the momentum 
exchange, is believed to play the dominant role in the tropics, especially in phenom- 
ena such as the El Nifio—Southern Oscillation in the tropical Pacific. However, ther- 
modynamic heat exchange between the atmosphere and the ocean can also play a 
significant role in air-sea coupling. This is especially true in the tropical Atlantic, 
where dynamic coupling may be of secondary importance. In this study, the role of this 
thermodynamic air—sea coupling is studied using an atmospheric general circulation 
model coupled to a slab ocean model. Two thermodynamic feedback mechanisms are 
considered: the reduced thermal damping mechanism and the wind-evaporation-SST 
(WES) feedback. It is shown that thermodynamic coupling leads to amplification and 
increased persistence of surface wind variability in the deep tropical Atlantic region. 
This effect is anisotropic, being stronger in the meridional component than in the 
zonal component of the surface wind. These features cannot be explained by the 
isotropic reduced thermal damping mechanism, and indicates a possible role for the 
WES feedback. Predictability experiments using observed December sea surface tem- 
perature (SST) initial conditions were also carried out. These show that thermodynamic 
coupling can lead to forecasts of north tropical Atlantic SST that are significantly 
better than persistence forecasts during the boreal spring. These results mean that 
thermodynamic coupling certainly leads to a richer, more complex set of interactions 
than a local, Hasselmann-type of red-noise model would imply. 


1. INTRODUCTION 


Coupling between the atmosphere and the ocean is an impor- 
tant contributor to climate variability. A classic example of 
atmosphere—ocean interaction is the El Nifio-Southern Oscil- 
lation (ENSO) phenomenon in the tropical Pacific [cf. Wang 
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and Picaut, 2004]. ENSO primarily involves exchange of 
momentum between atmospheric surface winds and oceanic 
currents, which is sometimes referred to as “dynamic cou- 
pling”, because thermodynamic processes such as surface 
heat flux exchange play a secondary role in this interaction. 
Dynamic coupling has been the subject of extensive studies 
[Neelin et al., 1998], because of its crucial role in the ENSO 
mechanism [Bjerknes, 1969]. 

Another example of atmosphere—ocean interaction, which 
has received somewhat less attention, is one dominated by 
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the heat flux exchange between the atmosphere and the ocean. 
We may refer to this as “thermodynamic coupling” to distin- 
guish it from the predominantly dynamic coupling associated 
with El Nifio. The canonical example of such interaction is the 
red-noise climate model of Hasselmann [1976]. However, 
more complex mechanisms of thermodynamic coupling have 
also been proposed in the literature: e.g., the reduced ther- 
mal damping effect [Barsugli and Battisti, 1998] and the 
Wind-Evaporation SST (WES) feedback mechanism [Xie and 
Philander, 1994; Chang et al., 1997]. 

The reduced thermal damping effect can be explained as 
follows: when the atmosphere warms in response to a posi- 
tive sea surface temperature (SST) anomaly, the resulting 
decrease in the air-sea temperature gradient leads to a decrease 
in the surface heat exchange and thus reduced thermal damp- 
ing of the SST anomaly. Although many studies have empha- 
sized the role of reduced thermal damping in the midlatitudes 
[e.g., Bladé, 1997], the same mechanism can work in the trop- 
ics as well [Saravanan and Chang, 1999]. The WES mecha- 
nism, which is inherently a tropical mechanism, works as 
follows: consider a positive SST anomaly north of the equator 
and a negative anomaly to the south. This induces a northward 
surface flow across the equator, which would be deflected 
westward by the Coriolis force in the southern hemisphere and 
eastward in the northern hemisphere. This would increase the 
windspeed over the negative southern SST anomaly, cooling it 
further through surface evaporation, and decrease the windspeed 
over the positive northern SST anomaly, warming it further. The 
net effect is a positive feedback on the original SST anomaly. 

Although Chang et al. [1997] hypothesized a positive WES 
feedback associated with the “Atlantic dipole” mode [Has- 
tenrath and Heller, 1977], subsequent studies have questioned 
the existence of both the dipole mode and the positive feedback 
[Houghton and Tourre, 1992; Enfield and Mayer, 1997; Dom- 
menget and Latif, 2000; Sutton et al., 2000a; Czaja et al., 
2002]. The evidence so far suggests that the meridionally- 
extended dipole mode, say with maxima at 15°S and 15°N, is 
most likely not a physical mode. This still leaves open the pos- 
sibility that the cross-equatorial SST gradient mode is impor- 
tant and that the WES feedback operates in the deep tropics [cf. 
Chang et al., 2000; Okumura et al., 2001; Barreiro et al., 
2004]. How far away from the deep tropics the atmosphere is 
responsive to SST anomalies is still a matter of debate, and 
studies addressing this issue have thus far been inconclusive 
[e.g., Watanabe and Kimoto, 1999; Sutton et al., 2000b]. 

In this study, we explore the role of thermodynamic coupling 
in tropical SST variability and predictability. We focus on the 
tropical Atlantic, because many studies have indicated that 
thermodynamic coupling may indeed play the dominant role 
in this region [e.g., Chang et al., 1997; Xie and Carton, 2004]. 
We ask the following questions. How does thermodynamic 


coupling affect the amplitude and persistence of variability 
in the tropical Atlantic? How does the coupling affect pre- 
dictability of SST? An earlier study by Saravanan and Chang 
{1999] suggested that the reduced thermal damping effect 
was indeed important. Chang et al. [2003] have recently sug- 
gested that thermodynamic coupling can contribute signifi- 
cantly to predictability on seasonal timescales. In this study, 
we use a hierarchical coupling approach [e.g., Sutton et al., 
2000b; Huang et al., 2002; Wu et al., 2004] to explore the 
dynamical underpinnings of this predictability and how it 
relates to the degree of coupling between the atmosphere and 
the ocean. In particular, we attempt to distinguish between 
the role of reduced thermal damping and the WES feedback. 
In Section 2, we describe the datasets and model configura- 
tions used in this study. Section 3 analyzes the role of ther- 
modynamic coupling in atmospheric variability, by examining 
how the variance and persistence of a particular mode are 
affected by the coupling. A more practical assessment of pre- 
dictability, using ensemble forecasts starting from observed ini- 
tial conditions, is presented in Section 4, followed by 
concluding remarks in Section 5. 


2. MODEL INTEGRATIONS AND DATASETS 


Distinguishing between dynamic and thermodynamic cou- 
pling in the real atmosphere—ocean system is quite difficult 
because the two often occur together. Therefore, we turn to 
numerical models of the atmosphere—ocean system. We con- 
struct a coupled model that supports only thermodynamic 
coupling. Our experimental configuration consists of an atmos- 
pheric general circulation model coupled to a very simple 
mixed layer ocean model. The atmospheric model that we use 
is the Community Climate Model, Version 3.6.6 (CCM3) 
developed at the National Center for Atmospheric Research 
(NCAR). We shall refer to the coupled model using CCM3 as 
the CCM3-ML model. 

CCM3 is an atmospheric general circulation model (AGCM) 
incorporating a comprehensive suite of physical parameteri- 
zations [Kiehl et al., 1998]. Global-scale features of the cli- 
matology and variability of CCM3 are documented by Hurrell 
et al. [1998] and Saravanan [1998]. Chang et al. [2000] ana- 
lyze the tropical Atlantic climatology of CCM3 integrations and 
find the simulations of surface fluxes and precipitation to be 
fairly realistic. The mixed layer ocean model is just a slab with 
spatially varying depth, governed by the simple equation: 

oT, #F 
ot —p,C,H 
where T, is the slab ocean temperature, F is the heat flux into 


the ocean, p,, is the density of sea water, C,, the heat capac- 
ity, and 77 is the spatially-varying mixed layer depth. Q is a sea- 


+Q, (1) 


sonally-varying “q-flux” that represents oceanic heat trans- 
port, which is diagnosed from a control run of CCM3 with pre- 
scribed, seasonally-varying, SST values. Depth H of the mixed 
layer was specified from the annually-averaged observational 
estimates of mixed layer depth, which is derived from Levitus 
[1982] using a constant potential density difference criterion 
between the surface and the bottom of the mixed layer. Figure 
1 shows the annual-mean mixed layer depth in the tropical 
region of interest to this study. Note that mixed layer depths 
in the deep tropical Atlantic region are quite shallow, ranging 
from 10 m to 40 m. 

Since the slab ocean has no ocean dynamics, the CCM3-ML 
model allows only thermodynamic coupling, and no dynamic 
coupling. Two kinds of integrations were carried out using 
the CCM3-ML model: (i) a 100-year long control integration 
starting from an arbitrary initial condition; (ii) ensemble fore- 
casts, each 9-months long, starting from the December 15th 
of each year from 1959 to 1997. For the ensemble forecasts, 
the AGCM was initialized with the observed atmospheric 
state for Dec. 15th of each year. An ensemble size of ten was 
used, with the atmospheric initial state being perturbed slightly 
to generate the ten different initial conditions for the fore- 
casts [cf. Shukla et al., 2000]. The slab ocean was initialized 
with observed December SST values for each of the years. 

To compare the coupled variability in CCM3-ML with 
uncoupled variability, two additional integrations were also 
analyzed: a control uncoupled integration of CCM3 forced 
by the climatological annual cycle of SST and an AMIP-style 
uncoupled integration of CCM3 forced by observed SST from 
1950-1999. For observed SST values, our source is the recon- 
structed dataset of Smith et al. [1996]. For observed atmos- 
pheric data, our source is the NCEP/NCAR reanalyis from 
1958-1998. 

We use monthly averages, and derived seasonal averages, 
throughout our analysis. The following is a list of names and 
summary descriptions of the various datasets used in this 
study: 
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OBS: Monthly-averaged observational data 

ACYC: Control integration of CCM3, with repeating annual 
cycle of SST (100 years) 

AMIP: AMIP-style integration of CCM3, forced by observed 
monthly-mean SST from 1950-1999 (50 yrs) 

MIXL: Control integration of CCM3-ML, with repeating 
annual cycle of Q (100 years) 

GIC: Ensemble forecasts using observed December SST ini- 
tial conditions globally (10 member ensemble, each 9 
months long, 1959-1997) 

AIC: Ensemble forecasts using observed December SST ini- 
tial conditions in the Atlantic basin, with climatological 
SST specified elsewhere 


3. ATMOSPHERIC VARIABILITY 


First, we consider how thermodynamic coupling can affect 
atmospheric variability in the tropics. In the Introduction, we 
described two possible mechanisms, reduced thermal damp- 
ing and the WES feedback, that can amplify atmospheric vari- 
ability through coupling. By comparing the characteristics of 
atmospheric variability in CCM3 integrations with different 
degrees of coupling, we can verify if this amplification is 
indeed present. 

Studies of the WES feedback have suggested that the trop- 
ical Atlantic is perhaps the region with conditions most favor- 
able for it to occur [Chang et al., 1997]. Although earlier 
studies indicated that the WES feedback may occur over the 
whole tropical belt, subsequent studies have suggested that 
the feedback may be confined to the deep tropics [Chang et 
al., 2000]. The feedback is also likely to be most noticeable in 
the meridional surface wind in this region. Therefore, we 
carry out empirical orthogonal function (EOF) and correlation 
analysis of the variability of 1000 hPa meridional wind 
(V1000) in the deep tropical Atlantic in the observations and 
in three different CCM3 integrations: ACYC, AMIP, and 
MIXL. These CCM3 integrations represent different degrees 
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Figure 1. Annual-mean mixed layer depths derived from Levitus [1982]. Contour interval is 10 m. Shading denotes val- 


ues > 30 m. The NTA region is outlined in bold lines. 
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of thermodynamic coupling, with ACYC being uncoupled, 
AMIP representing the partial effects of coupling through the 
specified SST variability, and MIXL exhibiting the effects of 
full thermodynamic coupling. One feature common to all 
CCM53 integrations is that the mean annual cycle of SST is the 
same as in the observations. In ACYC and AMIP, the annual 
cycle of SST is specified, and in the MIXL integration, our 
choice of seasonally and spatially varying Q in Equation (1) 
ensures that the SST climatology matches observations. Note 
that the MIXL integration does not represent ENSO, which is 
an important source of remote forcing in the tropical Atlantic. 
However, the ACYC integration also excludes ENSO, thus 
making comparisons between the MIXL and ACYC runs quite 
appropriate. We would have also liked to include fully coupled 
integrations, with dynamic coupling, in our analysis. Unfor- 
tunately, fully coupled models tend to have a rather poor sim- 
ulation of the SST climatology in the tropical Atlantic [Davey 
et al., 2002]. 

Figure 2 shows the dominant statistical mode of variability 
(EOF 1) of V1000 in the deep tropical Atlantic (15°S—15°N) 
in observations and in the different CCM3 integrations. The 
most striking feature is that in all cases there is a monopolar 
mode of variability with maximum amplitude near the equa- 
tor. The center of this mode is displaced slightly north of the 
equator in observations, but located right at the equator in all 
of the CCM3 integrations. Interestingly, even the uncoupled 
ACYC integration shows this mode of variability, although 
it is weaker than in the observations by about 30%. However, 
as the degree of coupling increases, the amplitude of the mode 
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Figure 2. Dominant Empirical Orthogonal Function (EOF 1) of 
meridional wind (V) at 1000 hPa in the deep Tropical Atlantic for dif- 
ferent datasets: a. OBS (observations); b. ACYC (uncoupled atmos- 
phere); c. AMIP (atmosphere forced by observed SST); d. MIXL 
(atmosphere coupled to mixed layer). The EOF patterns are nor- 
malized to one standard deviation. Contour interval is 0.2 m s7}. 
Percentage variance explained by each EOF is shown in parentheses. 
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Figure 3. Root-mean-square amplitude of PC1 of Atlantic V1000 
as a function of the calendar month (1 = January...): OBS (solid), 
ACYC (dotted), AMIP (dashed), MIXL (dash-dotted). Ordinate units 
are in standard deviations of the PC. 


also increases. In the AMIP integration, the mode amplitude 
is somewhat stronger than in the observations, indicative of 
some model deficiencies. In the MIXL integration, the mode 
amplitude is even stronger than in the AMIP integration, pre- 
sumably through the effect of coupling. This suggests that the 
MIXL model overestimates the oceanic feedback, and allow- 
ing dynamical coupling and active ocean dynamics could act 
as a damping effect. The zonal structure of the mode also 
changes somewhat with increased coupling, with western 
intensification along the equator. 

To further check if the simulated mode of V1000 variabil- 
ity is realistic, we consider the root-mean-square amplitude of 
the principal component of EOF1 for each calendar month 
(Figure 3). We see that both the observations and simulations 
show a seasonal cycle in the amplitude of the mode. The min- 
imum amplitudes occur during the Northern fall season. The 
maximum amplitude occurs during April in the observations 
and a month or two later in the simulations. This is broadly con- 
sistent with studies of the cross-equatorial gradient mode, 
which manifests itself in the Northern spring and summer 
seasons [e.g., Chang et al., 2000; Sutton et al., 2000a]. Except 
for some phase differences, the MIXL simulation also man- 
ages to capture a realistic seasonal amplitude variation of the 
mode. 

To try and understand the seasonal variations in the V1000 
variability, we analyze the climatological surface (1000 hPa) 
wind patterns during the Northern spring (March—April—May) 
and the Northern fall (September—October-November) seasons 
(Figure 4). During the MAM season, the surface wind con- 
vergence region straddles the equator, extending from about 
5°S to 5°N, with a NE-SW tilt. The maximum variability of 
EOF 1 of V1000 (Figure 2) is also approximately co-located 
with this region of convergence and low windspeeds. During 
the SON season, the region of surface wind convergence shifts 
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Figure 4. Climatological surface wind (vectors) and wind speed (shading) for the MIXL integration: a. March-April- 


May; b. September-October-November. 


northward, and the mean windspeeds at the equator become 
considerably larger. Observed surface wind variability also 
shows a similar northward shift and colocation of the region 
of maximum wind variability with the region of minimum 
wind speed (not shown). 

The absolute strength of the WES feedback would depend 
only upon the magnitude of the anomalous windspeed. How- 
ever, strong mean winds, acting upon the anomalous air—sea 
surface temperature difference, would tend to damp SST 
anomalies, and thus act to counter the WES feedback [Sara- 
vanan and Chang, 2000; Chang et al., 2000]. Therefore, what 
is of interest is the relative strength of the WES feedback, 
which would depend upon the ratio of the anomalous wind- 
speed to the mean windspeed. This means that the WES feed- 
back would be most effective where the mean wind is of the 
same magnitude as the amplitude of wind variations. The 
amplitude of seasonally-averaged V1000 variations is about 1 
m/s (Figure 2), whereas the mean wind speed between 15°S 
and 15°N in the tropical Atlantic can be up to 10 m/s (Figure 
4). This suggests that the relative impact of the WES feed- 
back would be strongest in regions where the mean wind 
speed is on the order of 1 m/s, i.e., in the vicinity of the con- 
vergence regions. The WES feedback would also be stronger 
when the convergence region is closer to the equator, because 
the positive surface flux feedback tends to be confined to the 
deep tropics [Chiang et al., 2002]. 

Next we consider the temporal persistence characteristics of 
V1000 variability. Figure 5 shows the autocorrelation of the 
time series of V1000 EOF1 (i.e., PC1) at different lags. As 
expected, the ACYC integration shows very little autocorre- 
lation for V1000 even after one month, due to the fact that 
atmospheric memory is rather short. However, the observed 
autocorrelation is fairly high at one month lag (about 0.7), 
and the AMIP and the MIXL integrations exhibit similar auto- 
correlation values. This corresponds to a decay timescale of 
about 3 months. In the AMIP case, this can be explained 
through the persistence of the observed SST anomalies, but in 
the MIXL case, the increased autocorrelation is clearly due to 
thermodynamic coupling. The MIXL integration is also able 


to simulate quite well the decay of the observed autocorrela- 
tion function at longer lag times. 

So far we have focused on the variability of the meridional 
wind in the deep tropics. To determine if the effects of the 
feedback are isotropic, we next consider the variability of 
zonal wind at 1000 hPa (U1000). Figure 6 shows the structure 
of EOF1 of U1000 for the different cases, which again tends 
to be monopolar in the deep tropics. The ACYC integration 
shows a deep tropical mode of U1000 variability that is con- 
siderably weaker than in the observations, with the center of 
action shifted northward. The AMIP integration shows vari- 
ability quite similar in amplitude to the observations, although 
the maximum variability occurs slightly to the south of the 
equator, unlike in the observations. The MIXL integration 
accentuates this difference when compared to the observa- 
tions, with fairly strong variability centered around 5°S. The 
maximum U1000 in the MIXL integration is about 50% larger 
than in the observations, which is somewhat weaker than the 
factor of two difference seen for V1000. By comparing U1000 
variability in the MIXL and ACYC integrations, it is clear 
that coupling leads to enhanced variability in the equatorial 
region, although the effect is not as dramatic as for V1000. We 
also computed the combined vector EOFs of U1000 and 
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Figure 5. Lag autocorrelation of PC1 of Atlantic V1000: OBS (solid), 
ACYC (dotted), AMIP (dashed), MIXL (dash-dotted). 
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Figure 6. As in Figure 2, but for the zonal wind (U1000) variability. 


V 1000 (not shown), where we find that the dominant EOFs 
show significantly stronger meridional orientation in the 
MIXL run as compared to the ACYC run. 

Like the differences in the amplification of variability, the 
temporal persistence characteristics of U1000 are also some- 
what different when compared to V1000, as we see in Figure 
7. The figure compares the lag autocorrelation of EOF1 of 
V1000 and U1000, and we see that V1000 variability is con- 
siderably more persistent than that of U1000. The decay 
timescale for V1000 variability is about 3 months, whereas it 
is only about 1.5 months for U1000 variability. 

Overall, we see that thermodynamic coupling tends to 
amplify atmospheric variability in the deep tropics, perhaps to 
unrealistically large amplitudes. This means that thermody- 
namic coupling provides less of a feedback for U1000 vari- 
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Figure 7. Lag autocorrelation of PC1 in the Atlantic region for the 
MIXL integration: V1000 (solid), U1000 (dashed). 
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ability, as compared to V1000 variability. One can conclude 
from Figure 2 that thermodynamic coupling can significantly 
affect atmospheric variability in the deep tropics in the Atlantic. 


4. SST PREDICTABILITY 


Previously, we described how thermodynamic feedback from 
the ocean results in increased amplitude and persistence of 
atmospheric variability. In this section, we present evidence 
that this feedback is not just of academic interest, and that it can 
lead to practical predictability in the tropical Atlantic region. 
We have carried out ensemble forecasts using the CCM3-ML 
model as described in Section 2. Two sets of forecasts were 
carried out, using observed December SST initial conditions 
globally (GIC), and in the Atlantic region only (AIC). 

Using 16 years of data from the GIC and AIC experiments, 
Chang et al. [2003] found that the CCM3-ML model showed 
significant forecast skill in the tropical Atlantic region on sea- 
sonal timescales, even though dynamical oceanic feedbacks 
were excluded. We have repeated the calculation using 39 
years (1959-1997) of data to assess the predictability of SST 
in a North Tropical Atlantic (NTA) box (76°W-26°W, 
9°N-21°N; see Figure 1). Figure 8 shows the statistically- 
averaged skill associated with the forecasts as measured by the 
correlation between the observed and predicted SST anomalies 
in the NTA region for the GIC and AIC forecasts. Also shown 
in the figure is the skill of the persistence forecast, where the 
initial SST anomaly is assumed to persist for all time. Note that 
the GIC forecasts easily beat persistence, showing consider- 
able skill all the way up to 6-7 months of lead time. Part of this 
impressive skill comes from the ability of the CCM3-ML 


model to capture the remote influence of ENSO [e.g., Enfield 
and Mayer, 1997; Huang et al., 2002], when initialized with 
the global observed SST. This is true even though the fore- 
casted evolution of the ENSO SST anomaly in the tropical 
Pacific develops errors after about three months of lead time, 
due to the lack of dynamical coupling (not shown). As it takes 
2-3 months for errors in tropical Pacific SST anomalies to 
affect tropical Atlantic SST anomalies, the Atlantic forecasts 
still remain skillful for the first six months or so. 

When we consider the AIC case, where the remote influence 
of ENSO is absent, the CCM3-ML forecasts still manage to 
beat persistence at long lead times. Although the decay of 
anomaly correlation with increasing lag does not fit an expo- 
nential curve very well, the effective decay timescale for the 
AIC forecasts is about 8 months. Note that the only coupling 
effect present in the AIC experiments is thermodynamic cou- 
pling local to the Atlantic basin. This means that all of the 
predictive skill in the AIC forecasts is attributable to thermo- 
dynamic coupling. 

Different types of feedbacks can be associated with ther- 
modynamic coupling: e.g., the reduced thermal damping 
effect, the WES feedback, and possibly others. Which of these 
feedbacks is responsible for the improved skill of the AIC 
experiment relative to persistence seen in Figure 8? The 
improved skill cannot be attributed to the reduced thermal 
damping effect, because the optimal forecast for a Jocal red- 
noise model of atmosphere—ocean interaction [Hasselmann, 
1976; Barsugli and Battisti, 1998] is simply damped persist- 
ence, where the initial SST anomaly monotonically decays 
to zero. In the correlation measure that we have used, the red- 
noise model] will have the same skill as the persistence fore- 
cast. Furthermore, the ensemble-averaged SST anomalies do 
not always evolve monotonically in the AIC forecasts, as 
would be expected from a red-noise model. 
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Figure 8. Correlation between observed SST anomalies and ensem- 
ble-average predicted SST anomalies in the NTA region: persist- 
ence forecast (solid), GIC (dashed) and AIC (dotted). The NTA 
region is defined in Figure 1. 
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Figure 9. Evolution of NTA SST anomaly during the 1982-83 warm 
ENSO event as a function of forecast lead time: observed (solid), 
ensemble-average (dashed), and ensemble members (dotted). (a) 
GIC forecasts; (b) AIC forecasts. Month 0 represents December. 


To illustrate the non-monotonic evolution of predicted SST 
anomalies, we consider how CCM3-ML forecasts the evolu- 
tion of Tropical Atlantic anomalies associated with the strong 
EI Nifio event of 1982-83. Figure 9a shows the observed SST 
anomaly (solid), the ensemble-average forecast (dashed), and 
the individual ensemble members (dotted), for the GIC fore- 
casts. The observed anomaly in the NTA region starts out 
with an amplitude of about —0.5°C in December 1982 and 
increases rapidly over the next 3-4 months to reach a value of 
+0.5°C, followed by a slow decay. Presumably, this Atlantic 
warming is a result of the warming in the equatorial Pacific, 
transmitted via the anomalous Walker circulation and the 
associated tropical tropospheric warming [e.g., Saravanan 
and Chang, 2000]. The ensemble-averaged GIC prediction 
tracks the observed SST evolution rather well for this case. 
Although the individual ensemble members show some spread, 
the overall evolution is quite consistent. 

Interestingly, the AIC forecasts (Figure 9b) also capture 
this Atlantic warming, albeit with a weaker amplitude. This 
simulated SST evolution cannot be explained by local, Has- 
selmann-type of red-noise models, because they can predict 
the decay of an initial SST anomaly to zero, but not the change 
of sign. This suggests that nonlocal thermodynamic interac- 
tions (within the tropical Atlantic) are responsible for the 
change of sign of the simulated SST anomaly. The WES feed- 
back could well play a role in such interactions. In the WES 
feedback, the wind speed change does not simply respond to 
local SST, but to the SST gradient that brings a nonlocal effect 
to thermodynamic interactions. Chang et al. [2004] recently 
explored this effect in a theoretical framework. Further mech- 
anistic studies are needed to confirm whether the WES feed- 
back is indeed playing a role in the coupled integrations. 


5. SUMMARY AND DISCUSSION 
Research in tropical atmosphere—ocean interaction has typ- 


ically been focused on full coupling between these two com- 
ponents of the climate system, involving both dynamic and 
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thermodynamic feedbacks. Although there have been several 
studies of thermodynamic coupling between the atmosphere 
and a motionless slab ocean, these have been more focused on 
the middle latitudes [cf. Alexander et al., 2002]. The tropics 
present a different parameter regime from the middle lati- 
tudes for two reasons: the oceanic mixed layer is much shal- 
lower, and the atmosphere is more responsive to SST anomalies 
[Saravanan and Chang, 1999]. In this study, we have explored 
the role of thermodynamic coupling in the tropics. 

We have analyzed variability in the tropical Atlantic region 
in a comprehensive atmospheric GCM coupled to a slab ocean 
model. This coupled model only supports thermodynamic cou- 
pling, or surface heat exchange, between the atmosphere and 
the ocean. It does not support dynamic coupling, i.e., surface 
momentum exchange. We analyzed the surface wind variabil- 
ity in the deep tropics, and found that the dominant mode of 
variability straddles the equator, and is co-located with the 
region of minimum climatological wind speed. By compar- 
ing the variability in the coupled model to uncoupled atmos- 
phere-only integrations, we are able to demonstrate that 
coupling leads to significant amplification of surface wind 
variability. We also find that the thermodynamic feedback 
from the ocean leads to increased persistence of surface wind 
variability. Furthermore, this effect is not isotropic. The merid- 
ional surface wind component exhibits significantly more per- 
sistence as compared to the zonal surface wind component. 

We find that the thermodynamic ocean—atmosphere feed- 
back also leads to significant forecast skill in the tropical 
Atlantic for lead times of 6-8 months, beating out persist- 
ence forecasts. The CCM3-ML model is able to simulate not 
just the local decay of SST anomalies in the North Tropical 
Atlantic, but also their growth due to nonlocal effects. To 
quantitatively analyze the effects of thermodynamic coupling, 
we compute the decay time of SST anomalies in the tropics, 
assuming that there is no thermodynamic coupling, i.e., no 
reduced thermal damping or WES feedbacks. We approxi- 
mate the surface heat flux F from Equation (1) as follows: 


F=K(T,—-T,) (2) 


where Tis the surface atmospheric temperature, and K is an 
exchange coefficient relating the heat flux to the local air-sea 
temperature difference. Estimates of Kare quite uncertain and 
scale-dependent. We choose a reference value of 40 W m~? 
K~!, based on linearizations of bulk formulae for air-sea flux 
exchange [e.g., Haney, 1971]. Note that the mixed layer depth 
in the NTA region (Figure 1) is quite shallow, on the order of 
a few tens of metres. For a reference mixed layer depth of 30 
m (say), and the reference value of , the e-folding decay time 
of SST anomalies is about 1.5 months. In midlatitude esti- 
mates of the reduced damping effect, xis effectively reduced. 


to a value of about 20 W m® K™! [e.g., Saravanan, 1998], 
which would imply an e-folding timescale of about 3 months 
for a 30 m mixed layer. Our coupled forecasts of SST anom- 
alies in the tropical Atlantic, on the other hand, are skillful 
for periods of more than six months. This suggests that the 
effective k in this region is substantially lower, i.e., on the 
order of 10 W m~ K~!, which is consistent with the observa- 
tional estimates of Czaja et al. [2002]. 

The equatorial location of the coupled amplification of sur- 
face wind variability, its anisotropy and non-local growth 
characteristics suggest that this amplification is not due to 
reduced thermal damping, but rather, due to the WES feedback. 
If the reduced thermal damping effect were responsible for 
the amplification of surface wind variability in the western 
Tropical Atlantic, one would expect the feedback to be 
strongest where the mixed layer is shallowest, i.e., north of 
the equator in the western Tropical Atlantic, and its effects 
would be more isotropic because this mechanism simply 
amplifies existing variability. On the other hand, the WES 
feedback would be most effective close to the equator, where 
the Coriolis effect is small and an SST gradient would generate 
a surface wind response directed along the gradient, not per- 
pendicular to it. The typical scenario for the WES feedback in 
the tropical Atlantic involves meridional flow across the equa- 
tor [Chang et al., 1997], which would imply a weaker impact 
of this feedback on the zonal flow very close to the equator. 
The WES feedback can also explain growth in SST anom- 
alies seen in the predictability experiments, unlike the reduced 
thermal damping mechanism. 

Although this study suggests that thermodynamic coupling 
can result in a positive air-sea feedback, this does not neces- 
sarily imply that the fully coupled system will also exhibit 
positive feedbacks. There could be dynamic oceanic feed- 
backs that are negative and oppose any positive thermody- 
namic feedbacks. Furthermore, thermodynamic feedbacks 
cannot give rise to timescales much longer than the oceanic 
mixed layer timescale, which is on the order of several months. 
Indeed, negative oceanic feeedbacks such as meridional advec- 
tion [Chang et al., 1997, 2001] and Ekman transport [Xie, 
1999] have been proposed to explain the origin of decadal 
timescales in tropical Atlantic variability. 

To summarize, we have shown that thermodynamic atmos- 
phere—ocean interaction can play an important role in the 
tropical Atlantic. It can lead to amplification and increased per- 
sistence of atmospheric variability in the deep tropics. It can 
also explain much of the seasonal timescale predictability in 
this region. These results mean that thermodynamic coupling 
leads to a richer, more complex set of interactions than a local, 
Hassselmann-type of red-noise model would imply. Although 
we have focused on the tropical Atlantic, we have also found 
evidence that thermodynamic coupling is active even in the 


tropical Pacific, although its strength is substantially weaker 
than the dynamic air-sea interaction associated with ENSO. 
We also plan to carry out further mechanistic studies that 
would allow us to better distinguish between the WES feed- 
back and other types of thermodynamic feedback in this 
region. Since the deep tropics seems to play an important role 
in thermodynamic coupling, we also hope to explore how 
improving the meridional resolution affects the model simu- 
lations. 
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Internal Variability of the Tropical Atlantic Ocean 


Markus Jochum!, Raghu Murtugudde?, Paola Malanotte-Rizzoli', 
and Antonio J. Busalacchi? 


A 100 year integration of an eddy resolving numerical model of the tropical 
Atlantic is analyzed to quantify the interannual variability caused by internal vari- 
ability of ocean dynamics. It is found that, except for the spring position of the SST 
maximum, the strength of internal variability in the tropical Atlantic is comparable 
to published mid-latitude values but is dwarfed by the strength of the seasonal cycle. 
During spring however, the equatorial meridional SST gradient is very weak, and inter- 
nal oceanic variability causes a variability in the position of the SST maximum that 
is comparable to its observed variability. It is shown that these variations in the SST 
are due to tropical instability waves whose strength varies from year to year, even 
under climatological forcing. The results suggest that in winter, the predictability of 
the location of the tropical SST maximum is limited to the persistence time of SST 
anomalies which is approximately 100 days. 


1. INTRODUCTION 


The coupled ocean-atmosphere system varies on many 
timescales; however, it is the variability on multi-year and 
decadal timescales that currently receives the most attention. 
Understanding these long term variabilities will improve climate 
forecasts and the interpretation of historical climate records. 
Variability in the ocean-atmosphere system can be attributed to 
external forcing (e.g., ice ages), ocean-atmosphere coupling 
(e.g., El Nifio), internal atmospheric variability (e.g., North 
Atlantic Oscillation) and, the focus of the present study, inter- 
nal oceanic variability (e.g., Kuroshio path). Because of the 
relatively low ocean temperature in higher latitudes, ocean- 
atmosphere coupling is thought to be stronger in the tropics, 
whereas the relatively low tropical ratio between background 
velocity and planetary wave speed suggests that the tropical 
oceans are governed by linear dynamics, thereby restricting 
internal variability to higher latitudes. Observational evidence 
for internal oceanic variability in mid-latitudes has been reported 
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by Taft [1972] who shows that the Kuroshio switches back and 
forth between a large and a small meander state. Both states 
can persist for several years and the transitions between them 
occur within a couple of months [Kawabe, 1986]. Observa- 
tions of the Gulf Stream also show a weak bimodality of the path 
[Bane and Dewar, 1988]. High resolution ocean general cir- 
culation models (OGCMs) are able to reproduce the observed 
bimodalities (Schmeits and Dijkstra, 2001]. 

Several authors demonstrated that the observed internal 
variability of the western boundary currents can be under- 
stood within the framework of dynamical systems theory 
[Jiang et al., 1995; Primeau, 1998; Meacham, 2000; Sim- 
monet et al., 2003; and references therein]. These studies typ- 
ically use a one or two layer high resolution OGCM set in a 
rectangular basin with a mid-latitude double gyre. For cer- 
tain ranges of Rossby and Ekman numbers the solutions exhibit 
chaotic or limit cycle behaviour which is usually tied to the 
strength of the inertial recirculation gyres near the western 
boundary. The not very comforting picture that emerges from 
these studies is that the nature of the ocean circulation could 
be sensitive to parameters that are not well known (e.g., fric- 
tion or boundary conditions). The present authors are not 
aware of a study that shows this internal mid-latitude varibil- 
ity to have an impact on large scale climate, but it can be 
speculated that it affects the water mass properties and the 
heat budget of the mid-latitude oceans. 
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In the tropical Atlantic, there is a large interannual vari- 
ability of the seasonal march of the Inter-Tropical Conver- 
gence Zone [ITCZ, Chiang et al., 2002] with disastrous 
consequences for the Brazilian and West African popula- 
tion. Although the mechanisms behind this variability are 
not entirely clear [Xie and Carton, 2004], internal oceanic 
variability has to our knowledge not yet been suggested. 
There are no reports of internal interannual variability in 
the tropical oceans; in fact, it would be difficult to observe 
considering the strength of El Nifio and the seasonal cycle 
in the tropics. Furthermore, the success of Cane et al. [1986] 
in predicting El Nifio suggested that “the tropical ocean 
response on interannual timescales is reasonably well cap- 
tured by linear or weakly nonlinear approximations to the 
ocean dynamics” [Neelin et al., 1998]. However, we, the 
authors, recently concluded several studies that show that 
at least in the Atlantic nonlinear dynamics are a major part 
of the tropical circulation: the barotropically unstable North 
Equatorial CounterCurrent (NECC) generates rings which 
carry South Atlantic water and potential vorticity into the 
subtropical gyre [Jochum and Malanotte-Rizzoli, 2003] and 
the unstable Equatorial UnderCurrent—South Equatorial Cur- 
rent (EUC-SEC) system generates tropical instability waves 
[TIWs; Jochum et al., 2004b; JMB hereafter] that drive the 
Atlantic Tsuchiya jets [Jochum and Malanotte-Rizzoli, 2004]. 
TIWs have a period of approximately 20 to 40 days and, due 
to their nonlinear nature, are of varying strength every year, 
even under seasonal forcing (JMB). Since they are a major 
contributer to the equatorial mixed layer heat and momen- 
tum budget [Hansen and Paul, 1984] one can infer that the 
equatorial temperature and velocity fields change from year 
to year. The present study quantifies, with the help of an 
OGCM, to what extent the nonlinear effects in the tropical 
Atlantic ocean contribute to its observed interannual vari- 
ablity. It is not attempted, like in the aforementioned mid-lat- 
itude studies, to determine the particular kind of nonlinear 
regime that dominates the tropical Atlantic. The OGCM used 
here has in comparison to JMB a more realistic oceanic and 
atmospheric mixed layer model and is numerically more 
efficient, so that high resolution runs lasting 100 years are 
feasible. 

Van der Vaart and Dijkstra [1998] showed that in idealized 
coupled tropical ocean-atmosphere models intraseasonal 
instabilities in conjunction with seasonal forcing can lead 
to interannual variability. Whether instabilities can gener- 
ate interannual variability without atmospheric coupling is 
investigated here. One important difference between the 
tropical Atlantic and the aforementioned idealized mid-lat- 
itude studies is the fate of the eddy kinetic energy (EKE). In 
the latter, the EKE is focused on a small region along the 
western boundary by two converging western boundary cur- 


rents and the westward group speed of Rossby waves; on 
the other hand, in the tropical Atlantic the orientation of the 
Brazilian coastline allows the North Brazil Current rings to 
carry away the EKE generated by the NECC from the equa- 
torial Atlantic into the Caribbean Sea. TIWs, the other large 
carrier of EKE, are mostly dissipated before they can reach 
the western boundary (JMB). Thus, instead of the basin wide 
growth and collapse of recirculation gyres which can be 
observed in idealized mid-latitude studies, the internal vari- 
ability in the tropical Atlantic is likely to produce more sub- 
tle changes due to local instability processes. Nevertheless, 
the present study shows that these instabilities can contribute 
a significant portion to the observed interannual variability 
of the location of the SST maximum. 

The following section describes the numerical model, Sec- 
tion 3 describes and quantifies the internal interannual vari- 
ability and discusses mechanisms for this variability. Section 
4 summarizes the results. 


2. MODEL DESCRIPTION 


The OGCM employed for this study is the reduced gravity, 
primitive equation, sigma-coordinate model of Gent and Cane 
[1989]. The OGCM is coupled to an advective atmospheric 
mixed layer model which computes surface heat fluxes with- 
out any restoring boundary conditions or feedbacks to obser- 
vations [Seager et al., 1995; Murtugudde et al., 1996]. A 
variable depth oceanic mixed layer represents the three main 
processes of oceanic turbulent mixing, namely, the entrainment/ 
detrainment due to wind and buoyancy forcing, the gradient 
Richardson number mixing generated by the shear flow insta- 
bility, and the convective mixing related to static instabilities 
in the water column [Chen et al., 1994]. 

In previous studies this model has demonstrated its ability 
to reproduce the observed SST and circulation in the tropical 
Atlantic [Murtugudde et al., 1996; Inui et al., 2002]. In this 
study, the model is initialized with Levitus [1994] temperature 
and salinity fields, driven by seasonal Hellerman and Rosen- 
stein [1983] winds, has a 0.25° degree horizontal resolution 
and 8 layers in the vertical. At the meridional boundaries at 
25°S and 25°N, temperature and salinity are restored to Lev- 
itus [1994]. The model is spun up for 20 years and the pre- 
sented results are taken from the subsequent 100 years of 
simulation. Years 21 and 22 of the data are saved as 5 day 
snapshots to compute the strength of the eddy field whereas 
the remainder is saved as monthly means to limit the amount 
of data to a managable size. Most of the analysis is done with 
anomaly fields for which the seasonal cycle has been removed. 
The correlation analysis was performed after smoothing the 
anomalies with an 11 month Hanning smoother [Press et al., 
1992] so that only the integral effects of the high frequency 
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Figure 1. Annual mean of the SST; superimposed is the variance of the meridional velocity in the mixed layer (contour 
lines: 100 cm?/s?, the maximum is 1800 cm?/s?). The seasonal cycle has been removed from the velocity before comput- 


ing the variance. 


oscillations remain. It should be pointed out that the separa- 
tion between mean, seasonal, intra-, and interannual vari- 
ability is mainly mathematical. Because TIWs are nonlinear, 
they will contribute not only to intraseasonal variability but also 
to the mean, the seasonal cycle and, as shown here, to inter- 
annual variability. Thus, the seasonal cycle is the result of 
seasonal changes in the direct surface forcing and the forcing 
due to seasonally varying instabilities. 

The pattern and strength of the variability is, apart from the 
southward shift of the NBC/NECC retroflection, consistent 
with altimeter observations [Stammer, 1997; Figure 1]. The 
southward shift of the retroflection can be explained by the 
model’s weak meridional overturning circulation of 2 Sv 
[Fratantoni et al., 2000; Jochum and Malanotte-Rizzoli, 
2001]. Accordingly, the simulated EKE along the Brazilian 
coast at 4°N and 8°N is about 40% weaker than observed 
[Johns et al., 1990, 1998], whereas the simulated EKE for the 
TIWs and for the NBC at the equator matches the observed 
values [Weisberg and Weingartner, 1988; Schott et al., 1993]. 

As motivated in the introduction, internal variability of 
the SST is most likely to arise in regions with strong insta- 
bility processes. Figures 1 and 2 suggest that for the present 
study the most interesting region is the central basin along 
the equator, where high eddy activity is combined with a 
strong meridional temperature gradient. The next section 
will describe and quantify the internal variability in this 
experiment. 


3. INTERNAL VARIABILITY 


An energy analysis connects this study with the aforemen- 
tioned idealized mid-latitude studies: near the equator, varia- 
tions of the kinetic energy are an order of magnitude larger than 
variations in the potential energy [Pedlosky, 1979; Weisberg 
and Weingartner, 1988], therefore only kinetic energy is con- 
sidered here, specifically the kinetic energy integrated over all 
model layers of the most energetic part of the tropics (10°S to 
15°N). The solution’s energy levels (after removing the seasonal 
cycle) are narrowly distributed around a mean and are slightly 
skewed towards states of higher energy (Figure 3). This is dif- 
ferent from the results of the idealized mid-latitude experi- 
ment of McCalpin and Haidvogel [1996] who find two distinct 
peaks in their energy distribution, a low level and a high level 
state which correspond to two different states of the circula- 
tion. In an experiment similar to McCalpin and Haidvogel 
[1996], Meacham [2000] shows that a low viscosity simula- 
tion can develop strong aperiodic oscillations which destroy 
the limit cycle behaviour observed by McCalpin and Haid- 
vogel [1996]. The energy distribution of the present simula- 
tion is similar to the low viscosity case in Meacham [2000]: 
There are no multiple prefered states of the circulation, but the 
irregular TIW activity (Figure 2) causes a spread of energy 
around the mean. Apart from the annual harmonics, there is 
no spectral peak in the energy time series and, as in the altime- 
ter observations by Stammer [1997], the spectrum is white 
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Figure 2. Meridional heatflux on the equator at the surface at 20°W. Note the difference in strength from year to year. 


on timescales longer than 100 days (not shown). Since the 
seasonal cycle of the tropics is considerably larger than that at 
mid-latitudes, the contribution of the internal variability to 
the energetics of the tropics tends to be small despite the inter- 
nal variability in the tropics being comparable to that in the 
mid-latitudes. 

Although the internal variability in the kinetic energy is 
negligible in the tropical Atlantic ocean, it is not obviously 
so for the SST. The model’s internal interannual SST vari- 
ability rarely exceeds 0.2 K anywhere, but there are areas 
where this signal can be as strong as 30% of the seasonal sig- 
nal of the SST (Figure 4). Two different SST indices are 
thought to be important for the tropical Atlantic: the Atlantic 
Nifio and the Atlantic Gradient [Servain, 1991; Zebiak, 1993]. 
The first index uses the SST anomalies averaged over an equa- 
torial domain (here and in Zebiak [1993]: 3°S to 3°N and 
20°W to 0°W) to determine the presence of an Atlantic cou- 
pled mode similar to the Pacific ENSO: the Atlantic Nifio. 
The Reynolds and Smith [1994] climatology (RS from here on) 
and results from a numerical model driven by NCEP reanaly- 
sis winds [J. Kroeger, manuscript in preparation, 2004] show 
that, after removing the seasonal cycle, the Atlantic Nifio 
index has a standard deviation (std) of 0.5 which is approxi- 
mately ten times larger than the internal variability produced 
in the model (not shown). Hence, internal variability in the 
tropical Atlantic ocean is unlikely to have a significant impact 
on the Atlantic Nifio. 

The situation is very different for the gradient index which 
defines a meridional SST gradient. Near the equator the wind 


is directed from low to high SST, therefore the position of 
the ITCZ is connected to the position of the SST maximum 
[Lindzen and Nigam, 1987; Ruiz-Barradas et al., 2000]. The 
interannual variability of the ITCZ position manifests itself pri- 
marily as a meridional displacement from its mean position and 
leads to severe rainfall anomalies in West Africa and North- 
east Brazil [Nobre and Shukla, 1996]. Thus, a small change in 
the seasonal cycle of the SST maximum can have a large 
impact on the climate of these areas. 


200 T T T T T T T 


180 


160 


140F 


Frequency 
8 


3.2 . ; 3.5 3.6 3.7 3.8 if 4 41 4.2 
Energy (in 10"° kJ) 
Figure 3. Number of occurences of different energy states after 
removal of the seasonal cycle. For example, there are 200 months in 
which the energy is between 3.70 and 3.75-10!5 kJ. 


LATITUDE 


T T 
60° 40°W 


JOCHUMETAL. 185 


T- 0.3 


0.25 


20°W OPE 


LONGITUDE 
Figure 4. Ratio between the standard deviation of the internal SST anomalies and the standard deviation of the seasonal 


cycle. 


In the present study, the internal variability in the model 
can account for a signifcant part of the observed interannual 
variability in the SST gradient in a narrow band centered on 
the equator (Figure 5). Basing the index on areas further pole- 
wards will reduce the relative contribution of the internal vari- 
ability; for example, if instead of the area between 1°S and 1°N 
we choose the area between 5°S and 5°N the simulated inter- 
nal variability is only about 50% of the observed interannual 
variability in the summer and 15% in the spring. For the area 
between 20°S and 20°N the values are 10% and 4%, respec- 
tively. The seasonal cycle of the internal variability reflects the 
seasonality of the TIWs: weak in the early spring, sudden 
increase in May, and slow decay during fall and winter. 

Even though the relative contribution of the internal vari- 
ability to the interannual variability is largest in the summer 
and fall, the position of the SST maximum is most sensitive 
to disturbances in spring (April to June) when the SST gradient 
is weak (Figure 6). In spring the insolation maximum returns 
from the southern hemisphere and crosses the equator. Dur- 
ing the austral summer the waters south of the equator are 
heated, the cold tongue vanishes and the meridional temper- 
ature gradient is very weak [Mitchell and Wallace, 1992]. Due 
to this weak gradient, small disturbances caused by internal 
variability are sufficient to cause the spring maximum in the 
present study to be sometimes north and sometimes south of 
the equator which leads to a large std of the yearly southern- 
most position of the SST maximum of 3.5° (mean: 3.3°S). 
Based on the RS climatology the observational value is 


2.0°S + 3.2°. During the boreal summer the contributions of 
the internal variability to the position of the SST maximum are 
negligible because of the strong meridional temperature gra- 
dient: The std of the northernmost latitude of the SST maxi- 
mum is 0.2° as opposed to the observed 2.3°. We conclude that, 
although internal variability in the tropical Atlantic is largely 
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Figure 5. The seasonal cycle of the standard deviation of the SST gra- 
dient index for the observations (dashed line) and the model (solid 
line). The index is here computed as the difference between the zon- 
ally averaged (35°W to 15°W) SST between the equator and 1°N 
and the equator and 1°S. 
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neglible because of the strong seasonal cycle in the tropics, it 
causes a significant variability in the position of the SST max- 
imum during spring and therefore must be accounted for in 
studies of tropical climate variability. The question now is 
whether this SST variability is generated locally, or remotely 
and subsequently advected to the surface. 

The internal SST variability is limited to the equatorial band 
which suggests that it is either generated locally by TIWs or 
advected by the EUC and upwelled into the mixed layer. A cor- 
relation analysis rules out the advection hypothesis and sup- 
ports the TIW hypothesis: The SST anomaly at the equator at 
20°W is correlated with the temperature anomaly in the rest of 
the domain. This particular point is chosen because it has both, 
strong TIW activity and upwelling. Since water in the EUC 
travels about 2000 km in a month, the analysis should yield 
positive values to the west of 20°W and below the surface if the 
anomalies were advected. This is clearly not the case (Figure 7, 
right); instead the correlation pattern reflects the typical struc- 
ture of TIWs: high meridional coherence and anticorrelation 
between surface and thermocline [JMB, Figure 7, left]. 


4. SUMMARY AND DISCUSSION 


A high resolution OGCM with climatological forcing has 
been used to study the internal variability of the tropical Atlantic. 
It is found that because of the strong seasonal cycle (and not 
because of the absence of nonlinear effects) the contribution 
of internal variability to the interannual variability of the kinetic 
energy is mostly negligible. However, near the equator internal 
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variability can modulate the seasonal cycle of SST from year to 
year and causes interannual variability. Most importantly it can 
change the position of the spring position of the SST maxi- 
mum, whose internal variability in the model is comparable to 
its observed interannual variability. The main sources of inter- 
nal variability in the tropical Atlantic are the NECC and EUC. 
Their instabilities generate high frequency waves that have 
interannual variations in strength. In the case of the EUC, the 
instabilities are in a region with a strong meridional tempera- 
ture gradient which leads to interannual SST variabilities. Thus, 
nonlinear and aperiodic TIW generation leads to a significant 
variance of the spring time position of the SST maximum: It can 
be north as well as south of the equator. This has important 
implications for the predictability of tropical Atlantic climate, 
because it means that the spring time position of the SST max- 
imum cannot be known before the preceding winter, limiting the 
forecast range to the persistence time of temperature anom- 
alies of the equatorial mixed-layer which is approximately 100 
days [Kessler et al., 1996; see also Saravannan and Chang, 
2004, for a discussion on predictability]. The importance of 
accurate TIW representation might also explain the problems that 
coupled models have in reproducing eastern tropical Atlantic 
climate [Davey et al., 2000]. 

The seasonal cycle of the ITCZ is observed to be very uncer- 
tain in the spring. Similar to the modeled SST maximum its 
spring time position can be north or south of the equator [Chi- 
ang et al., 2002]. While theory and observations suggest that the 
ITCZ position depends on the position of the SST maximum, 
it is not clear how strong the internal variability influences the 
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Figure 6. 3 years of SST averaged from 35°W to 15°W. Note the strong SST gradient around the SST maximum at 6°N 
during summer and the weak gradient during spring, especially the reversal of the SST gradient in the third spring. 
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Figure 7. Correlation of the SST anomalies at 20°W/0°N with the surrounding SST anomalies (left) and with the temperature 
anomalies at 0°N (right). Only correlations with absolute values of 0.5 or higher are shown. 


ITCZ position. Hashizume et al. [2001] provide observational 
evidence for the Atlantic and Pacific that the TIWs directly 
affect the local wind field. However, how much the internal 
SST variability will perturb the seasonal cycle of the ITCZ 
position has to be investigated with an OGCM that is coupled 
to an atmospheric GCM which will be part of our future 
research. 

Since the TTWs are an important part of the equatorial heat 
budget [JMB] and are shown here to have the potential to per- 
turb the seasonal cycle of the ITCZ during spring, it is worth- 
while asking to what extent they provide a positive or negative 
feedback for anomalies in the cross equatorial temperature gra- 
dient. Chang et al. [1997] propose a coupled ocean-atmosphere 
mode for the Atlantic in which anomalies in the cross equato- 
rial wind lead to anomalies in the cross equatorial temperature 
gradient which amplify again the initial wind anomalies. The 
TIW heat flux depends on the meridional temperature gradient 
[Hansen and Paul, 1984], therefore an increased northward 
temperature gradient would lead to an increased southward 
heat flux, resulting in a negative feedback. Furthermore, Phi- 
lander and Delecluse [1983] showed that an increased northward 
wind across the equator leads to a strengthening of the EUC 
which should lead to a stronger TIW activity and an increased 
southward heat flux, again a negative feedback. There is obser- 
vational evidence for this: Compared to 1983, 1984 has a weaker 
meridional SST gradient (RS) and weaker TIWs [Weisberg and 
Weingartner, 1988, their Figure 7]. This suggests that the pos- 


itive feedback cycle of Chang et al. [1997] could be damped by 
TIWs. Numerical studies are currently under way to support 
this proposed negative TIW feedback. 
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Coupled Ocean-Atmosphere Variability in the Tropical 
Indian Ocean 


Toshio Yamagata!-?, Swadhin K. Behera!, Jing-Jia Luo!, Sebastien Masson!, 
Mark R. Jury’, and Suryachandra A. Rao! 


The Indian Ocean Dipole (IOD) is a natural ocean—atmosphere coupled mode that 
plays important roles in seasonal and interannual climate variations. The coupled 
mode locked to boreal summer and fall is distinguished as a dipole in the SST anom- 
alies that are coupled to zonal winds. The equatorial winds reverse their direction 
from westerlies to easterlies during the peak phase of the positive IOD events when 
SST is cool in the east and warm in the west. In response to changes in the wind, the 
thermocline rises in the east and subsides in the west. Subsurface equatorial long 
Rossby waves play a major role in strengthening SST anomalies in the central and west- 
ern parts. The SINTEX-F1 coupled model results support the observational finding 
that these equatorial Rossby waves are coupled to the surface wind forcing associated 
with IOD rather than ENSO. The ENSO influence is only distinct in off-equatorial lat- 
itudes south of 10°S. Although IOD events dominate the ocean—atmosphere vari- 
ability during its evolution, their less frequent occurrence compared to ENSO events 
leads the mode to the second seat in the interannual variability. Therefore, it is necessary 
to remove the most dominant uniform mode to capture the IOD statistically. The sea- 
sonally stratified correlation between the indices of IOD and ENSO peaks at 0.53 in 
September—November. This means that only one third of IOD events are associated with 
ENSO events. Since a large number of IOD events are not associated with ENSO 
events, the independent nature of IOD is examined using partial correlation and pure 
composite techniques. Through changes in atmospheric circulation and water vapor 
transport, a positive IOD event causes drought in Indonesia, above normal rainfall in 
Africa, India, Bangladesh and Vietnam, and dry as well as hot summer in Europe, 
Japan, Korea and East China. In the Southern Hemisphere, the positive IOD causes 
dry winter in Australia, and dry as well as warm conditions in Brazil. The identifica- 
tion of IOD events has raised a new possibility to make a real advance in the pre- 
dictability of seasonal and interannual climate variations that originate in the tropics. 
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Tropical oceans play major roles in the natural variability of 
the world climate. Anomalous coupled ocean—atmosphere 
phenomena generated in the tropical oceans produce global 
atmospheric and oceanic circulation changes that influence 
regional climate conditions even in remote regions. On the 
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(ENSO) of the tropical Pacific Ocean is known as one typi- 
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cal example of such phenomena and has so far received world- 
wide attention because of the enormous societal impact. 

In contrast to the Pacific, the interannual variability origi- 
nated in the tropical Indian Ocean has not been paid much 
attention. This is mainly because the variability in the basin is 
overwhelmed by seasonal winds. The southwest monsoon 
winds that dominate the annual cycle produce strong upwelling 
along the Somali coast of the western Indian Ocean. Weak- 
ening of these winds during the boreal fall after the summer 
monsoon period gives rise to warmer SST mainly owing to 
weakened upwelling. During this time, the equatorial westerly 
winds become stronger and generate the strong equatorial 
currents known as the Yoshida-Wyrtki jet, which transports 
the warm waters to the east. In some years such as 1994, how- 
ever, the Yoshida-Wyrtki jet did not evolve in such a normal 
way. This was a puzzle [e.g., Vinayachandran et al., 1999]. 

It has turned out that the 1994 anomalous event in the basin 
is due to an ocean—atmosphere coupled phenomenon. This 
coupled mode is now widely called the Indian Ocean Dipole 
(OD) [Saji et al., 1999; Yamagata et al., 2003); it is some- 
times referred to as the Indian Ocean Zonal (IOZ) mode. 
During these IOD/IOZ events, an east-west dipole pattern 
in SST anomalies evolves in tropical Indian Ocean. The 
changes in SST are found to be closely associated with 
changes in surface winds; equatorial winds reverse direction 
from westerlies to easterlies during the peak phase of the 
positive IOD events when SST is cool in the east and warm 
in the west. Changes in surface winds are associated with a 
basin-wide anomalous Walker circulation [Yamagata et al., 
2002]. These ocean and atmosphere conditions imply that a 
Bjerknes-type [Bjerknes, 1969] feedback mechanism is 
responsible for the IOD evolution. 

The dipole pattern is not restricted only to SST anomalies. 
The thermocline rises in the east and deepens in the central and 
western parts in response to anomalous equatorial winds dur- 
ing the IOD events, thus giving rise to a subsurface dipole 
[Rao et al., 2002a]. Since the seasonal southeasterly winds 
along the Java coast are also strengthened during the positive 
IOD events, the anomalous coastal upwelling causes further 
SST cooling in the east [Behera et al., 1999]. The dipole pat- 
tern related to IOD is thus observed in heat content/sea level 
anomalies [Rao et al., 2002a]. The atmospheric component of 
IOD is seen in OLR anomalies [Behera et al., 1999, 2003a; 
Yamagata et al., 2002] and sea level pressure anomalies 
[Behera and Yamagata, 2003]. Therefore, [OD indices are 
derived for various ocean—atmosphere variables: SST anom- 
alies from GISST, zonal wind anomaly from NCEP-NCAR 
reanalysis data, sea surface height anomaly from simple ocean 
data assimilation (SODA) products, sea level anomaly from 
TOPEX/POSEIDON data and satellite derived OLR anomaly 
[see Figure | of Yamagata et al., 2003]. 


Several other studies also discussed various aspects of this 
Indian Ocean coupled phenomenon [Webster et al., 1999; 
Murtugudde et al., 2000; Feng et al., 2001; Liand Mu, 2001; 
Rao et al., 2002b; Vinayachandran et al., 1999; 2002; Xie et 
al., 2002; Saji and Yamagata, 2003a; Guan et al., 2003; Mas- 
son et al., 2003a; Ashok et al., 2003a; Annamalai et al., 2003; 
Shinoda et al., 2003] using observed data and ocean/atmos- 
phere model simulations. We also note that coupled general cir- 
culation models (CGCMs) are now successful in reproducing 
the IOD events [/izuka et al., 2000; Gualdi et al., 2003; Behera 
et al., 2003b; Lau and Nath, 2004; Cai et al., 2003]. 

As expected from the practice of ENSO, the impact of the 
IOD is not limited only to the equatorial Indian Ocean. 
Through the changes in the atmospheric circulation, JOD 
influences the world climate [e.g., Saji and Yamagata, 2003b). 
For example, the IOD influences the Southern Oscillation in 
the Pacific [Behera and Yamagata, 2003), rainfall variability 
during the Indian summer monsoon [Behera et al., 1999; 
Ashok et al., 2001], the summer climate condition in East 
Asia [Guan and Yamagata, 2003; Guan et al., 2003], the 
African rainfall [Black et al., 2003; Clark et al., 2003; Behera 
et al., 2003b; Rao et al., 2004], the Sri Lankan Maha rainfall 
[Lareef et al., 2003] and the Australian winter climate [Ashok 
et al., 2003b]. 

Discovery of the IOD has stimulated exciting research in 
other disciplines of science such as paleoclimate, marine biol- 
ogy and atmospheric chemistry. In a recent paper, Abram et al. 
[2003] reported that the scattered particulates from severe 
wildfires in the Indonesian region during the 1997 IOD event 
caused exceptional coral bleaching in the Mentawai Island 
(off Sumatra) reef ecosystem. They also traced the IOD sig- 
nal back to the mid-Holocene period using the fossil coral 
records from the region, revealing the first evidence of paleo- 
IOD. In another context, Fujiwara et al. [1999] found that 
the variability in tropospheric ozone distribution over Indone- 
sia is related to the IOD phenomenon. 

Since the above new concept of IOD was introduced in 
1999, several interesting issues related to its existence/nonex- 
istence and dependence/independence of ENSO have been 
raised mostly on the basis of statistics [e.g., Allan et al., 
2001; Dommenget and Latif, 2002; Baquero-Bernal et al., 
2002; Hastenrath, 2002]. Although simple statistical analy- 
ses can capture physical modes, more sophisticated meth- 
ods sometimes could be misleading if not supported by our 
state-of-art understanding of dynamics. In the present study, 
we address these issues using multiple datasets including 
results from a coupled model simulation. The long time 
series of the data derived from the coupled model simula- 
tion on the Earth Simulator improves the statistical confi- 
dence in identifying the independent evolution of IOD and 
its global teleconnections. 


2. MODEL AND DATA 


The model results used in the study are obtained from an 
ocean—atmosphere—land coupled general circulation model 
(CGCM) simulation. The CGCM known as SINTEX-F1 
(SINTEX-FRSGC] is an upgraded version [Masson et al., 
2003b; Luo et al., 2003] of the original SINTEX (Scale 
Interaction Experiment of EU project) model described in 
Gualdi et al. [2003]. The model is also modified in coding 
to adapt to the unique new-generation machine called the 
Earth Simulator. In this model, the atmospheric component 
ECHAM-4 [Roeckner et al., 1996] is coupled to the ocean 
component OPA 8.2 [Madec et al., 1998] through the cou- 
pler OASIS 2.4 [Valcke et al., 2000]. The atmosphere model 
has a spectral triangular truncation of T106 with 19 vertical 
levels. The ocean model OPA8.2 of the ORCA2 grid uses the 
Arakawa C-grid with a finite mesh of 2° x 2° cosine (latitude) 
with increased meridional resolutions to 0.5° near the equa- 
tor. The model’s finite mesh is designed in a way that the 
North Pole is replaced by two node points over land, one on 
North America and the other on Asia. The model has 31 lev- 
els in the vertical. The details of the coupling strategy are 
reported in Guilyardi et al. [2001] and the model’s skill to 
reproduce the Indian Ocean variability is found in Gualdi et 
al, [2003]. We note here that the present version of the SIN- 
TEX-F1 model differs in a number of ways from the SINTEX 
model reported in the Gualdi et al. [2003]. The spectral trun- 
cation in the atmospheric component here is T106 in contrast 
to T42. The ocean component includes a free surface, 
improved runoff parameterization, and a few enclosed seas 
previously absent in the model geometry [Masson et al., 
2003b]. In addition, a number of small changes boost up 
the performance of SINTEX-F1 [Luo et al., 2003]. A com- 
plete intercomparison study of the two versions of the model 
along with other available coupled models is now under 
preparation. We use here the last 200 years monthly data 
derived from the 220 years simulation to compare with the 
observational data. 

The observed data used in the analysis are from 1958 to 
1999. Monthly anomalies of atmospheric fields are derived 
from the NCEP-NCAR reanalysis data [Kalnay et al., 1996}. 
SST anomalies are computed from the GISST 2.3b dataset 
[Rayner et al., 1996]. Other ocean variables like the sea sur- 
face height and heat content are derived from the SODA [Car- 
ton et al., 2000]. The rainfall anomalies are derived from the 
gridded precipitation data [Willmott and Matsuura, 1995]. 
Following Saji et al. [1999], the Dipole Mode Index (DMI) is 
defined as the SST anomaly difference between western 
(50°E-70°E, 10°S—10°N) and eastern (90°E-110°E, 10°S—Eq) 
tropical Indian Ocean. Nifio-3 index for the eastern Pacific is 
derived from the GISST data. 
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Besides simple linear statistical tools such as a composite 
technique and a correlation method, a partial correlation tech- 
nique [e.g., Yule, 1907] is used to show a partial relationship 
between two variables while excluding influences arising from 
another independent variable. For example, the partial corre- 
lation between DMI and global precipitation anomalies, while 
excluding the influence due to the correlation between Nifio- 
3 and precipitation anomalies [cf. Saji and Yamagata, 2003b], 
is defined as follows: 


— Ty *h3)/ yd - r,) VU — ia), 


where r,, is the correlation between DMI and global precip- 
itation anomalies, r,, is the correlation between DMI and 
Nifio-3 index and r,, is the correlation between Nifio-3 and 
global precipitation anomalies. Similarly, the partial correla- 
tion can also be obtained for Nifio-3 and precipitation anom- 
alies while excluding the influence due to the correlation 
between IOD and precipitation anomalies. Statistical signif- 
icance of the correlation coefficients is determined by a 2- 
tailed “t-test”. 

We note that the low frequency variabilities of periods 
longer than 7 years are removed from all the datasets. 


Cy2= (1; 


3. DOMINANT MODES OF THE INDIAN OCEAN 
SST VARIABILITY 


3.1. The Basin-wide Mode 


A basin-wide SST anomaly of almost uniform polarity is 
present as the most dominant interannual mode (Figure 1a) 
in the Indian Ocean [Cadet, 1985; Klein et al., 1999]. We note 
that this basin-wide uniform mode shows a high correlation 
with the eastern Pacific SST anomalies. The peak correlation 
coefficient of 0.8 is found when the Nifio-3 index leads the 
basin-wide uniform mode by 4 months (Figure 2). It is no 
wonder that most of the previous Indian Ocean studies mainly 
focused on the ENSO influence on SST variability in the 
basin [cf. Latif and Barnett, 1995; Tourre and White, 1997; 
Venzke et al., 2000]. The surface fluxes are identified as the 
major cause of SST changes during the Pacific ENSO events 
[Venzke et al., 2000]. The basin-wide warming (cooling) is 
observed after an El Nifio (La Nifia) peak owing to the 
reduced (enhanced) cloud cover and increased (decreased) 
solar insolation. Reduction (enhancement) in the wind speed 
also contributes to the warming (cooling) through changes 
in the latent heat flux. Therefore, it is clear that the basin-wide 
uniform mode is a consequence of ENSO forcing. A simple 
estimate shows that a change of 10 Wm” in the surface 
fluxes could lead to a change of 0.5°C in the SST over a 
period of 4 months for a typical mixed-layer of 50 m. This 
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Figure 1. (a) First and (b) second EOF modes along with their respective (c and d) principal components of SST anom- 


alies derived from GISST data. 


simple estimate explains the 4 months lag in the peak cor- 
relation. 


3.2. The Dipole Mode 


Although IOD appears as a major signal during some years, 
its less frequent occurrence compared to the basin-wide uni- 
form mode linked closely to ENSO provides IOD the second 
most dominant seat in the EOF analysis (Figure 1b). We also 
note that the period of basin-wide uniform mode is longer 
compared to that of the IOD mode. It is rare until now for 
climate dynamists to discuss the second mode of variability. 
This is why some researchers felt difficulties in accepting the 
new concept of the IOD [cf. Allan et al., 2001; Hastenrath, 
2002]. Since the basin-wide uniform mode dominates the 
SST variability on interannual time scale, we need to filter 
out the externally forced mode to find the signal related to 
IOD in a linear statistical analysis [Yamagata et al., 2003; 
Behera et al., 2003a]. In the wavelet spectra of raw SST anom- 
alies in the eastern pole (10°S—Eq., 90°E—110°E) and western 
pole (10°S—10°N, 50°E-70°E), we do not find much coher- 
ence [Figure 2 in Yamagata et al., 2003]; we are apt to be 
misled to a denial of the dipole. However, as shown in Yam- 
agata et al. [2003], a remarkable seesaw is found between 


the two boxes after removing the external ENSO effect (read- 
ers are referred to Figure 3 of their article). This shows quite 
a contrast to other major oscillatory modes such as the South- 
ern Oscillation and the North Atlantic Oscillation. Because 
those are the first dominant modes even statistically, a nega- 
tive correlation is observed between poles of those two modes 
in raw data. Since the IOD appears as the second mode sta- 
tistically in SST variability, we need to remove the first dom- 
inant mode to detect its sea-saw mode statistically. This is the 
basic reason why some statistical analyses fail to capture the 
IOD signal [cf. Dommenget and Latif, 2002; Hastenrath, 
2002] even if the IOD appear as a see-saw mode dramatically 
in a physical space during event years. The above subtlety is 
demonstrated mathematically in Behera et al. [2003a]. 


3.3. Ocean—atmosphere Coupling During IOD Events 


The dipole mode in the SST anomalies is found to be cou- 
pled with subsurface temperature variability as well as atmos- 
pheric variability in the Indian Ocean. In fact, the first 
dominant mode of subsurface temperature variability, in con- 
trast to the second dominant mode of SST variability, is char- 
acterized by a dipole related to the IOD [Rao et al., 2002a]. 
To show a close link between the surface signal and the sub- 
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Figure 2. Correlation of the Nifio-3 index with the global SST anomalies, when the former is leading the latter by 4 
months. Values higher than 99% confidence limit using a 2-tailed t-test are contoured. 


surface signal, we calculate an index by taking the area aver- 
age of the anomalies of upper 125m heat content obtained 
from SODA. The area used to compute the heat content index 
is from 60°E—70°E and from 5°S to 5°N. This box falls within 
the domain of the western pole of the DMI in SST anomalies. 
Figure 3 shows the correlation between this heat content index 
and SST and wind stress anomalies during August-November. 
The high correlation of the heat content index with SST anom- 
alies in the western Indian Ocean along with its simultaneous 
inverse correlation in the eastern part demonstrates the basin- 
wide coupling between the surface signal and the subsurface 
signal during the IOD season. Also, the correlation with equa- 
torial wind anomalies shows the close coupling between the 
ocean and the atmosphere. Thus the dominant mode of sub- 
surface variability, which is coupled with surface winds, pro- 
vides a necessary feedback to SST during the IOD events. 

The above is confirmed in the region of high correlation 
between 60°E and 80°E, where a signature of the coupled 
Rossby waves excited by the IOD-related winds in the equa- 
torial region is prominent [Rao et al., 2002a; Xie et al., 
2002]. Rao et al. [2002a] found that the evolution of the 
dominant dipole mode in the subsurface is controlled by 
equatorial ocean dynamics forced by zonal winds in the 
equatorial region. The subsurface dipole provides the delayed 


time required to reverse the phase of the surface dipole in the 
following year through propagation of oceanic Rossby/Kelvin 
waves. This is further confirmed from a recent coupled 
model study [Gualdi et al., 2003]. Thus, the turnabout of 
the phase of the subsurface dipole leads to the quasi-biennial 
oscillation (QBO) of the tropical Indian Ocean and may play 
an important role for the QBO in the Indo-Pacific sector 
[cf. Meehl, 1987]. 

Rossby waves with interannual periodicity (from 3 to 5 
years) are reported in the southern Indian Ocean by Perigaud 
and Delecluse [1993], Masumoto and Meyers [1998], Cham- 
bers et al. [1999] and White [2000]. In particular, Masumoto 
and Meyers [1998] concluded that these waves are primarily 
forced by the wind stress curl along the Rossby wave paths. Xie 
et al. [2002], along this context, have suggested that Rossby 
waves in the southern Indian Ocean play a very important role 
in air-sea coupling in the region, claiming also that these 
Rossby waves are dominantly forced by ENSO. In a more elab- 
orate study, however, Rao et al. [2004] have distinguished two 
regions based on the major difference of forcing. The IOD 
dominates the forcing of the equatorial Rossby waves in the 
equatorial waveguide north of 10°S. In higher latitudes, i.e. 
south of 10°S, the ENSO influence prevails as discussed by 
Xie et al. [2002] and Jury and Huang [2003]. In the following, 
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we further verify this interesting difference in the forcing of 
Rossby waves using a coupled model simulation. 


3.4. Evidence of Coupling in a CGCM Simulation 


We here discuss the simulation results from SINTEX-F1 
CGCM. Just like the SINTEX [Gualdi et al., 2003], the SIN- 
TEX-F1 has shown a very high skill in simulating IOD events 
as well as ENSO events [Behera et al., 2003b]. Putting aside a 
comprehensive intercomparison between the SINTEX and SIN- 
TEX-F1 simulations, which is beyond the scope of the pres- 
ent paper, we report here some of our analyses that support the 
observational results. Since the eastern pole of the SST anom- 
aly in the model extends to the central part of the basin, the 
western box (40°-60°E, 10°S—10°N) used in deriving the model 
DMI is slightly different from that for the observation (50°—70°E, 

10°S—10°N) [Saji et al., 1999]. The standard deviation of the 
model DMI is 0.5°C that is slightly higher compared to the 
observed DMI [Saji et al., 1999], whereas the model Nifio-3 
standard deviation is 0.8°C that is similar to the observation. 
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Figure 3. Correlation of the heat content anomaly index from the western box with the SST anomalies from tropical 
Indian Ocean and the wind stress anomalies. Contour interval is 0.1 and negative (positive) values are indicated by dashed 
(solid) contours. The contours that exceed +0.4, which correspond to statistical significance at 99% with a 2-tailed t-test, 
are shaded. 


As in the observation, we find that the model SST vari- 
ability is closely coupled to the subsurface variability in the 
eastern and southern tropical Indian Ocean (Figure 4). We 
here focus our attention on the air-sea coupling [Rao et al., 
2004] in the southern tropical Indian Ocean as it has inter- 
esting implications in the African rainfall variability [Black et 
al., 2003; Saji and Yamagata, 2003b; Behera et al., 2003b; 
Jury, 2002]. Seasonal indices of DMI (September-Novem- 
ber) and Nifio-3 (October-December) are used in the analy- 
ses. Figure 5 shows the correlation coefficients between the 
SSH anomaly at different latitude bands and either the DMI 
or the Nifio-3 index. We note that the correlation in case of the 
DMI is higher near the equatorial region. In contrast, the cor- 
relation with the Nifio-3 index is higher in the off-equatorial 
region. The correlation with the ENSO is not surprising. As 
discussed in the following section, the analysis is affected by 
the 28% co-occurrence of IODs with ENSOs. Therefore, we 
have separated their unique interactions using the partial cor- 
relation method here (Figure 6). As evident in Figure 6, the cor- 
relation partial to DMI did not change much but the 
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Figure 4. Correlation between the anomalies of SST and SSH from SINTEX-F1 simulation results. Correlations are plot- 
ted for alternate months starting from July to the May of the following year. Values higher than 0.2 are statistically significant 


at 99% level using a 2-tailed t-test. 


corresponding correlation partial to Nifio-3 weakened appre- 
ciably in the equatorial regions. It is interesting to note here 
that the correlation peaks during boreal fall in the former 
case, whereas the correlation peaks in spring of the following 
year in the latter case. Therefore, we must be careful in inter- 
preting relations between the Indian Ocean signals and influ- 
ences of Pacific climate variations [cf. Xie et al., 2002]; the 
interannual SSH anomalies in the equatorial waveguide north 
of 10°S is dominated by IOD, whereas that in the off-equatorial 
region south of 10°S is more influenced by ENSO. 


The westward propagation of the long Rossby waves is evi- 
dent in the correlation patterns; it is particularly clear in the 
higher latitude bands as the phase speed decreases with the 
increasing latitude. We note that the theoretical phase speed 
of the first baroclinic Rossby mode is about 0.7 m s"!, 0.4 m 
s!, 0.2 ms! and 0.1 ms? for the latitude bands of 2°S—4°S, 
6°S—8°S, 10°S—12°S and 14°S—16°S, respectively. Since the 
phase speed is faster near the equator, the westward orienta- 
tion is not noticeable in the correlation pattern. We also note 
that the actual phase propagation can differ from that of the free 
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Figure 5. Correlation between the September-November DMI and the south Indian Ocean SSH anomalies (left panels) 
for different latitude bands in SINTEX-F1 simulation. The corresponding correlation for the October-December Nifio-3 
index is shown on the right panels. Contour interval is 0.2 and negative (positive) values are indicated by dashed (solid) 
contours. The contours that exceed 0.2, which correspond to statistical significance at 99% with a 2-tailed t-test, are 
shaded. 
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Figure 6. Same as Figure 5 but for the partial correlation. 
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modes since the waves in the southern Indian Ocean are much 
influenced by air—sea coupling [e.g., White, 2000]. All those 
from the model simulation are in good agreement with the 
observations [Rao et al., 2004]. 

In order to understand the unique nature of subsurface cou- 
pling with winds in the model, we have calculated the partial 
correlation between the wind stress curl anomaly and either the 
DMI or the Nifio-3 index (Figure 7). The correlation partial to 
DMI becomes significant from July. In particular, high values 
of correlation are observed in south-central tropical Indian 
Ocean region during the peak IOD season of 
September—November. The correlation partial to Nifio-3 is 
insignificant during this time. It becomes significant only in 
December in a small region south of 10°S. Therefore, it is 
clear that the ocean~atmosphere conditions related to the IOD 
is essential for the coupled Rossby waves in the southern 
equatorial regions. The wind stress cur! associated with the 
10D forces the westward propagating downwelling long 
Rossby waves which increase the heat content of the upper 
layer in the central and western parts of the basin. The heat con- 
tent anomaly maintains the SST anomaly, which is, in turn, tied 
to the wind stress anomalies, thereby completing the feed- 
back loop. The ENSO correlation with the southern Indian 
Ocean is not very clear. One possibility is the ENSO signal 
through the Indonesian throughflow. The oceanic anomaly of 
the Pacific origin may propagate westward and enhance local 
ait—sea coupling south of 10°S, thus generating wind anom- 
alies necessary to excite the Rossby waves in the higher lati- 
tude [cf. Masumoto and Meyers, 1998}. 


4. IOD AS AN INHERENT COUPLED MODE 


As already mentioned, the IOD events sometimes co-occur 
with the Pacific ENSO events in both the present model and 
the observation. Therefore, one concern about IOD is whether 
it is independent from ENSO. A simple correlation between 
DMI and Nifio-3 index is 0.33 in the observation [Saji et al., 
1999]. Since the IOD evolution is locked to seasons, it is 
important to introduce the seasonal stratification in the sta- 
tistical analysis as pointed out by Nicholls and Drosdowsky 
[2000] and Allan et al, [2001]. For the peak IOD season of Sep- 
tember—November, the correlation between DMI and Nifio-3 
index amounts to 0.53. Based on this significant correlation, 
one is apt to conclude in a straightforward way that IOD events 
occur as a part of ENSO [Allan et al., 2001; Baquero-Bernal 
et al., 2002]. Another way in interpreting this statistics is that 
it merely reflects the fact that one third of the positive IOD 
events co-occur with El Nifio events. The latter view is based 
on the fact that the non-orthogonality of two time series does 
not necessarily mean that the two phenomena are always con- 
nected in a physical space. Observation of clear independent 


occurrence of IOD in some years as discussed in the follow- 
ing tilts the discussion in favor of the latter interpretation. 

Several positive IOD events actually evolved in absence of 
EI Nifio in certain years such as 1961, 1967 and 1994. This is 
further analyzed using a composite technique. In addition to 
composite pictures based on all IOD and ENSO events, we 
have prepared composites for pure events. A positive (nega- 
tive) pure IOD event is identified as an event when El Nifio (La 
Nifia) does not co-occur (Table 1). In total, 9 independent 
IOD events and 10 independent ENSO events are used to pre- 
pare composite pictures for pure events. The total number 
assures us of robustness of the results. Figure 8 shows such 
composites of SST anomalies for all and pure IOD events 
during the IOD evolution period. Both composites look very 
similar. We find cold SST anomalies near the Sumatra coast 
and in the eastern Indian Ocean and warm SST anomalies in 
the regions of central and western Indian Ocean. It may be 
noted that the SST anomalies are stronger in the pure IOD 
composite. To understand the characteristics of the ENSO- 
related anomalies during those months, we have plotted in 
Figure 9 the corresponding composites of SST anomalies. 
Although a dipole-like pattern emerges in all El Nifio com- 
posite, it almost disappears in a pure El Nifio composite (right 
panel in Figure 9) in which we have removed the co-occurring 
IOD years. In the pure El Nifio composite, we find that the cold 
SST anomalies near the Java coast propagate along the west 
coast of Australia. This is understood on the basis of the 
oceanic finding that the mature ENSO signal in the western 
Pacific intrudes into the eastern Indian Ocean through the 
coastal wave-guide around the Australian continent [Clarke and 
Liu, 1994; Meyers, 1996]. The SST in the eastern Indian 
Ocean near the west coast of Australia during the boreal fall 
and winter is thus influenced by ENSO. This is known as the 
Clarke-Meyers effect. The changes in the SST may cause local 
air—sea interaction in this region [Hendon, 2003; Tozuka and 
Yamagata, 2003]. This phenomenon appears to be different 
from the cooling off Sumatra related to the basin-wide IOD 
phenomenon that involves the equatorial ocean dynamics as 
discussed earlier. However, it apparently enhances the IOD- 
ENSO correlation during the boreal fall. 

As discussed earlier, the variability of the IOD and ENSO 
is simulated realistically in the SINTEX-F1 CGCM. The cor- 
relation between DMI and Nifio-3 is 0.4 for the whole year and 
0.54 for the boreal fall season, which is very similar to the 
observation. Therefore, the long time series of the model sim- 
ulation gives us an opportunity to verify the above independ- 
ence issue of IOD with better statistical confidence. We have 
shown the composite of anomalies of model SST and SSH 
in Figures 10 and 11. Here we only show the composites for 
pure IOD and pure ENSO events. In total, we find 25 pure IOD 
events and 15 pure ENSO events in the model simulation. 
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Figure 7. Same as Figure 5 but for the partial correlations with the tropical Indian Ocean wind stress curl anomalies for 
the months starting from September to December. Contoured values are statistically significant at 99% level using a 2-tailed 
t-test and positive values > 0.3 are shaded. 
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Figure 8. Composite ((positive-negative)/2) plots of SST anomalies for months starting from July to December. Left pan- 
els show the composite for the IOD years that also include ENSO events. Right panels are the composites for the pure JOD 
years. Contour interval in 0.2°C and positive values > 0.1°C are shaded. 


Table 1. Years of [OD and ENSO events considered in the composite 
analyses. The asterisk denotes pure events, i.e. no El Nifio (La 
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Nifia) during a positive (negative) IOD event. 


Years of 
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JOD 


Years of 
Negative 
IOD 


Years of 
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Years of 
El Nifio 


1961* 


1963 1964 


The evolution of IOD events is clearly seen in the pure IOD 
composites but the dipole-like variability cannot be seen in the 
pure ENSO composites. Rather, we notice the basin-wide uni- 
form mode. These model results, together with the observed 
data, demonstrate the existence of the independent evolution 
of IOD. 

The zonal Walker circulation is another process that may 
link the IOD events in the Indian Ocean with ENSO events 
in the Pacific. Yamagata et al. [2002] have shown that the 
atmospheric bridge between the two basins is apparent when 
we consider all IOD events that include the co-occurring 
ENSO events. However, they have demonstrated that an 
anomalous Walker cell exists only in the Indian Ocean dur- 
ing pure IOD events [Figure 4 of Yamagata et al., 2003]; 
this also confirms the independent evolution of some IOD 
events. To avoid misunderstanding, we repeat that this linear 
analysis does not exclude completely the possibility of phys- 
ical interaction between the two climate signals in some 
cases. From a case study of the 1997—98 EI Nifio event, 
Ueda and Matsumoto [2000] suggested that the changes in 
the Walker circulation related to the E] Nifio could influ- 
ence the evolution of IOD through changes in the monsoon 
circulation. Conversely, Behera and Yamagata [2003] showed 
that IOD modulates the Darwin pressure variability, i.e., the 
Southern Oscillation. 

The precondition for IOD evolution is yet another issue for 
deliberation. Several studies indicate presence of a favorable 


mechanism in the eastern Indian Ocean [e.g., Saji et al., 
1999; Behera et al., 1999] that combines cold SST anom- 
alies, strengthening of southeasterlies and suppression of 
convection into a feedback loop. However, recent studies 
offer a few alternatives: atmospheric pressure variability in 
the eastern Indian Ocean [e.g., Gualdi et al., 2003; Li et al., 
2003], favorable changes in winds in relation to the Pacific 
ENSO and Indian monsoon [e.g., Annamalai et al., 2003] 
and influences from the southern extratropical region [e.g., 
Lau and Nath, 2004]. All those studies fall short in more 
than one occasion to answer the failure (success) in IOD 
evolution in spite of favorable (unfavorable) precondition. For 
example, Gualdi et al. [2003] reported the failure of their 
proposed favorable mechanism to excite the IOD event in 
1979. We also find several instances (e.g. the aborted 2003 
event) when an IOD event is aborted at its premature stage 
although air-sea conditions are apparently favorable for its 
complete evolution. This indicates the evolution mechanism 
of the IOD is more complex than we expect now and we 
need further studies. Processes that need immediate atten- 
tion are 1) mechanisms that connect/disconnect subsurface 
signals with surface ones including the barrier layer struc- 
ture [Masson et al., 2003a], and 2) roles of intraseasonal 
disturbances in both atmosphere and ocean. The IOD’s 
unique influence on the global climate as reviewed in the fol- 
lowing section provides motivation for further intensive 
field and modeling efforts. 
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Figure 9. Same as Figure 8 but for all and pure ENSO years. 


YAMAGATA ETAL = 203 


10D SINTEX-F1 ENSO_SINTEX—F 1 


> 


100€ 120E 100 120€ 


100E 120 80E 100€ 120E 


100E 120€ 


80E 100E 120€ 


80E 100E 120E 100€ 120E 


a 
0.02 


Figure 10. Same as Figure 8 but for the composites of SST (°C) and wind stress (Nm) anomalies from SINTEX-F1 
simulation results for pure IOD events (left panels) and pure ENSO events (right panels). 
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Figure 11. Same as Figure 10 but for model SSH anomalies. Contour interval is 0.02 m and positive values > 0.03 m 
are shaded. 


5. IOD TELECONNECTION 


One of the most important directions of the IOD research 
from the societal viewpoint is the identification of its unique 
teleconnection bringing regional climate variability in various 
parts of the globe. Since IOD and ENSO indices are not com- 
pletely orthogonal, [OD influences must be carefully appre- 
ciated. Now that the degeneracy is almost resolved using the 
partial correlation analysis, relative influences caused by these 
two major tropical phenomena are becoming clear. Behera 
and Yamagata [2003] showed that the IOD influences the Dar- 
win pressure variability, i.e., Southern Oscillation. Positive 
IOD and El Nifio have similar impacts in the Indonesian region 
owing to anomalous atmospheric subsidence, and thereby 
induce drought there. Interested readers are referred to Saji and 
Yamagata [2003b], where they have shown for the first time, 
using the partial correlation analysis, the IOD teleconnection 
pattern over the globe. 

Here, we show rainfall variabilities associated with either 
IOD or ENSO using a composite technique which is similar 
to but much simpler than the partial correlation analysis. Plate 
1 shows the composite plots for two consecutive seasons. 
Notice that the anomalies in the East African region are unlike 
those from a conventional view. Several previous studies sug- 
gested enhanced short rains during El Nifio events [Ropelewski 


and Halpert, 1987; Ogallo, 1989; Hastenrath et al., 1993; — 


Mutai and Ward, 2000]. Recent statistical analyses of observed 
data, however, have revealed that [OD rather than El Nifio is 
more responsible for the enhancement of the East African 
short rains [Black et al., 2003; Saji and Yamagata, 2003b]. 
Plate 1 supports clearly this new view. In addition, Behera et 
al. {2003b], after deriving an index for the East African short 
rains, have shown that SINTEX-F 1 simulation results repro- 
duces an east—west dipole in the correlation between the short 
rain index and the SST anomalies in the Indian Ocean. They 
have also found a high simultaneous correlation of the zonal 
wind anomalies, emphasizing the existence of air-sea cou- 
pling during the JOD’s influence on the East African short 
rains. The slow propagation of the air-sea coupled mode in the 
western Indian Ocean provides a scope for the predictability 
of the [OD-induced short rains at least a season ahead [Rao et 
al., 2004]. The anomalous westward low-level winds in 
response to the anomalous zonal gradient of SST increase the 
moisture transport to the western Indian Ocean and enhance 
atmospheric convection in East Africa. The model DMI has a 
high correlation coefficient of 0.65 with that for East African 
short rains. In contrast, the model Nifio-3 index has a corre- 
lation coefficient of only 0.28 with that for East African short 
rains. In Plate 2, we show the partial correlation of the model 
rainfall anomalies with etther DMI or Nifio-3. The correlation 
patterns are consistent with the observed variation of rainfall 
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anomalies in the East African region; positive IOD (El Nifio) 
events are related to enhanced (reduced) rainfall in East Africa. 
Interestingly, the current coupled model captures even the 
higher impact of [OD on the Sri Lankan Maha rainfall as 
observed by Lareef et al. [2003]. In the Indonesian regions, the 
model rain anomaly shows higher negative partial correla- 
tion with the IOD index as compared to that of ENSO. 
From the rainfall composite plots in Plate 1 and similar com- 
posites for surface temperature (figures not shown), we find that 
the positive IOD and El Nifio have opposite influences in the 
Far East, including Japan and Korea; positive IOD events give 
rise to warm and dry summer, while negative [OD events lead 
to cold and wet summer [see Saji and Yamagata, 2003b for 
more details]. For example, the record-breaking hot and dry 
summer during 1994 (just like 1961) in East Asia was actually 
linked to the IOD [Guan and Yamagata, 2003]. It is well known 
that the summer climate condition over East Asia is dominated 
by activities of the East Asian summer monsoon system. Since 
the East Asian summer monsoon system is one subsystem of 
the Asian Monsoon [Wang and Fan, 1999], it interacts with 
another subsystem, the [ndian summer monsoon, via varia- 
tions of the Tibetan high and the Asian jet [Rodwell and 
Hoskins, 1996; Enomoto et al., 2003]. The precipitation over 
the northern part of India, the Bay of Bengal, Indochina and the 
southern part of China was enhanced during the 1994 posi- 
tive IOD event [Behera et al., 1999; Guan and Yamagata, 2003; 
Saji and Yamagata, 2003b]. Using the NCEP/NCAR reanaly- 
sis data [Kalnay et al., 1996] from 1979 through 2001 and the 
CMAP precipitation data from 1979 through 1999, Guan and 
Yamagata [2003] analyzed the summer conditions of 1994 and 
found that the equivalent barotropic high pressure system 
known as the Bonin High was strengthened over East Asia 
(Figure 12). The anomalous pressure pattern bringing the hot 
summer is well known to Japanese weather forecasters as a 
whale tail pressure pattern. The tail part (the Bonin High) is 
equivalent barotropic in contrast to the larger baroclinic head 
part the Pacific High). The [OD-induced summer circulation 
changes over East Asia are understood through a triangular 
mechanism as shown schematically in Plate 3. One process is 
that a Rossby wavetrain is excited in the upper troposphere by 
the 1OD-induced divergent flow over the Tibetan Plateau 
[Sardeshmukh and Hoskins, 1988]. This wave train propagates 
northeastward from the southern part of China. This is quite 
similar to Nitta’s Pacific-Japan pattern [Nitta, 1987] although 
the whole system is shifted a little westward. Another process 
is that the IOD-induced diabatic heating around India excites 
a long atmospheric Rossby wave to the west of the heating. 
The latter reminds us of the monsoon—desert mechanism that 
connects the circulation changes over the Mediterranean 
Sea/Sahara region with the heating over India [Rodwell and 
Hoskins, 1996]. Interestingly, this monsoon—desert mecha- 
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Figure 12. June-August geopotential height anomalies during summer of 1994 for 850 hPa (left) and 500 hPa (right). 


nism was introduced by examining the anomalous summer 
condition of 1994 prior to the discovery of IOD [cf. Hoskins, 
1996]. The westerly Asian jet acts as a waveguide for east- 
ward propagating tropospheric disturbances to connect the cir- 
culation change around the Mediterranean Sea with the 
anomalous circulation changes over East Asia. This mecha- 
nism called the Silk Road process may contribute to strength- 
ening the equivalent barotropic Bonin High in East Asia 
[Enomoto et al., 2003]. The scenario was confirmed by cal- 
culating the wave activity flux [cf. Plumb, 1986; Takaya and 
Nakamura, 2001] by Guan and Yamagata [2003]. 

In the Southern Hemisphere, the impact of the IOD is 
remarkable in the southwestern part of Australia [Saji et al., 
2003b; Ashok et al., 2003b] and Brazil [Saji et al., 2003b]; pos- 
itive IOD events cause warm and dry conditions and nega- 
tive events cause cold and wet conditions (Plates 1 and 2). 
The IOD teleconnection in the winter hemisphere is more 
like a Rossby wave train. 


6. SUMMARY 


Using various ocean and atmosphere data, we have shown 
that the IOD is a natural ocean—atmosphere coupled mode in 
the Indian Ocean. This important tropical ocean—atmosphere 
coupled phenomenon has been overlooked for a long period 
as the ENSO-forced basin-wide mode dominates statistically 


the SST variability in the basin. The SINTEX-F1 CGCM sim- 
ulates successfully the IOD as an ocean—atmosphere coupled 
mode and confirms the importance of oceanic dynamics in the 
evolution of [OD. 

Although the IOD emerges statistically as the second major 
mode in observed SST anomalies, it shows up as a remarkable 
event in some years, just like a normal mode in classical 
dynamics, and induces climate variations in many parts of 
the world. The year of 1994 was such a case and the dramatic 
impact on summer conditions in East Asia actually led the 
authors to shed light on this important climate signal as a syn- 
thesis of the phenomenon described in part in the past. We 
have discussed here how the IOD event influences summer 
conditions in East Asia mostly on the basis of our recent work. 
The abnormally hot and dry summer in 1994 was induced by 
the IOD-related rainfall anomalies in South Asia through a 
triangular mechanism (Plate 3). On the eastern side of the tri- 
angle, the mechanism is similar to the Nitta’s Pacific—Japan 
pattern with slight westward shift. The combination of mon- 
soon—desert mechanism and the Silk Road process on the 
other two sides of the triangle strengthens the Bonin High 
over Japan as a whale tail pattern. 

The air—sea coupling in the western Indian Ocean related to 
the IOD events produces anomalously active short rains in 
East Africa. During a positive event the wind stress curl anom- 
alies in the off-equatorial region of the central part, related 


208 COUPLED OCEAN-ATMOSPHERE VARIABILITY IN THE INDIAN OCEAN 


Part. Corrl. DMI and Rain 


sf 


Anom Sep—Nov SINTEX-F1 200—Yr 


0 
Part. Corrl. Nino3 and Rain Anom Sep—Nov SINTEX-F1 200—Yr 


120E 


-0.8 -0.7 -06 -0.5 -0.4 -0.3 -0.2 0.2 03 #04 O58 0.6 


Plate 2. Partial correlation of model DMI with rainfall anomalies. The upper panel shows the partial correlation of the model 
DMI with the rainfall anomalies (where the Nifio-3 influence is removed from the correlation) and the lower panel shows 
the corresponding partial correlation for the Nifio-3 index (where the DMI influence is removed from the correlation). Shaded 
values are statistically significant at 99% level using a 2-tailed t-test. 


1994 JJA Rainfall Anomaly mm/day Xie—Arkin 


SON 


100E 120E 140E 160E 180 


Plate 3. Schematic of the 1994 IOD event influence on the East Asia summer conditions. The triangular mechanism is shown 
over the shaded rainfall anomalies. 


to the changes in the atmospheric convection near Sumatra, 
produces warmer SST. This, together with the zonal gradient 
in the SST anomalies in the tropical region, enhances mois- 
ture transport to the East Africa and thereby induces higher 
rainfall there. This is verified here by the CGCM simulation. 
The influence of the IOD is also remarkable in the Southern 
Hemisphere, particularly over Australia and Brazil. Interest- 
ingly, this observed behavior (Plate 1) is also well simulated 
by the SINTEX-F1 CGCM (Plate 2). 

Understanding the teleconnection patterns related to either 
IOD or ENSO and their positive/negative interference dur- 
ing years of co-occurrence is very important from a societal 
viewpoint because people at large suffer from their regional 
influences rather than the coupled phenomena themselves. 
We have shown here that the SINTEX-F1 model simulates 
such climate signals and their influences reasonably well. Pre- 
dicting the regional derivatives of climate variations is becom- 
ing a challenge [cf. Philander, 2004]. Despite the complexity 
in the coupled system, recent progress in high-resolution 
CGCM development along with the increased interest in set- 
ting up the Indian Ocean observing network composed of 
TRITON buys, ARGO floats and proposed equatorial moor- 
ings will enhance our understanding and predictability of the 
coupled variability in the Indian Ocean. 
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The role of the Indian Ocean in regional climate variability has been studied for 
a long time. Whether the Indian Ocean plays an active role or simply responds pas- 
sively to the wind and heat flux variability generated elsewhere remains somewhat 
of an open question. Here we attempt a fairly comprehensive review of the literature 
relating to the Indian Ocean variability at all time-scales and to the current under- 
standing of the role of this tropical ocean in the coupled climate system. Despite an 
investigative history of more than a century, it is fair to say that the role of the 
Indian Ocean in regional monsoon variability, the most important climate process 
in this sector, remains to be fully understood and remains an active area of diagnostic 
and modeling research. This translates into limited success of the state-of-the-art mon- 
soon forecast systems, statistical and dynamical. Much attention in the last few 
years has been focused on the east-west mode of variability, referred to as the dipole 
or the zonal mode. While there is incontrovertible evidence that the Indian Ocean 
plays an active role in some of these dipole/zonal mode events, the self-sustain- 
ability of this mode and its impact on regional and global climate is still a matter of 
debate. The most significant impediment to improving the predictive understanding 
of the region is the fact that at all time-scales sea surface temperature variability of 
the Indian Ocean is most often in the range of observational errors. The need for coor- 
dinated and sustained observations and diagnostic studies along with continued 
investigations using a hierarchy of models has been well-recognized, because mon- 
soons form an integral part of the global climate system and the ENSO cycles. It is 
thus hoped that the role of the Indian Ocean in the coupled climate system will be 
much better quantified in the coming years, leading to significant improvements in 
regional coupled climate forecasts. 


1. INTRODUCTION 


1.1. Background 


Earth’s Climate: The Ocean-Atmosphere Interaction Anomalous events in the Indian Ocean (IO) during 1994 
Geophysical Monograph Series 147 and 1997 have generated much renewed interest in all aspects 
Copyright 2004 by the American Geophysical Union of the coupled climate system over this sector. The purpose of 
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this study is to review the literature on IO dynamics and ther- 
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modynamics and place these studies in the context of the role 
of the IO in regional climate variability. Most earlier studies 
of the IO were typically motivated by the unique aspect of 
the region, namely, the seasonally reversing monsoon forc- 
ing [Lighthil, 1969; Leetmaa, 1972; Anderson and Rowlands, 
1976; see Schott and McCreary, 2001, for a review]. Numer- 
ous studies reported so far address. the impact of monsoonal 
forcing on the physical, biological, and biogeochemical vari- 
ability of the IO basin. The majority relate to climatological 
features as opposed to the Pacific basin, where the number of 
studies addressing the interannual to decadal variability far 
outnumber the climatological studies [see TOGA Special Issue 
of J. Geophys. Res., 1998]. 

Plate 1a shows the standard deviation (a measure of inter- 
annual variability) of sea surface temperature (SST). It is 
evident that, unlike the tropical Pacific [e.g., McPhaden, 
1999], the SST variance in the IO is relatively small. This may 
account for the lack of motivation to address the heat budg- 
ets that control SST variability, the main variable of interest 
for atmospheric forcing. Although small in magnitude, the 
SST variability, particularly that over the Southern IO, is 
tightly coupled to thermocline variability (Plate 1b), and 
therefore expected to influence the regional climate vari- 
ability. Yet, many of the studies investigating the heat budg- 
ets for SST variability in the IO did not seek thermocline/SST 
feedbacks [Shetye, 1986; Molinari et al., 1986; McCreary 
and Kundu, 1989; McCreary et al., 1993; Anderson and Car- 
rington, 1993; Behera et al., 2000]. Recently, such feedback 
is being investigated to find the role of IO in regional mon- 
soons or the IO response to El Nifio—Southern Oscillation 
(ENSO) forcing [Hastenrath and Greischar, 1993; Mur- 
tugudde and Busalacchi, 1999; Schiller et al., 2000; Loschnigg 
and Webster, 2000; Rao and Sivakumar, 2000; Xie et al., 
2002; Meeh/ et al., 2003]. 

Some atlases, which provide an excellent background for 
any IO studies have been constructed for the IO [e.g., Has- 
tenrath and Greischar, 1989; Rao et al., 1989]. Recently, 
Schott and McCreary [2001] have provided an excellent 
review of the physical oceanography of the IO. Unlike the 
numerous volumes of literature, review articles and books 
on ENSO and its global impacts [e.g., Philander, 1990; 
TOGA Special issue of J. Geophys. Res., 1998], a compre- 
hensive review on the role of IO on regional climate vari- 
ability is unavailable. After the anomalous IO events of 
1994 and 1997, there is a surge of interest to understand 
the interannual variability of the 1O dipole/zonal mode 
(hereafter IODZM). In light of this recent interest in the 
IO, this review is appropriate and timely. In the following 
subsections, we briefly highlight the characteristics of the 
subregions of the IO. This will lay the foundation for the role 
of these regional SST anomalies on the regional climate 


variability, particularly on the Asian—A frican—Australian 
monsoon systems. 


1.2. Subregions of the Indian Ocean 


1.2.1. Arabian Sea. The IO variability is fundamentally 
affected by the northern land boundary that consists of the 
Asian continent and the Indian subcontinent, which bisects 
the Northern IO into the Arabian Sea and the Bay of Bengal. 
The response to the reversing monsoonal forcing is most dra- 
matic in the Somali upwelling region in the western boundary 
of the Arabian Sea with the Somali Current directed equa- 
torward during the Northeast (winter) Monsoon and poleward 
during the Southwest (summer) Monsoon. It is known that 
most of the SST variability in the Arabian Sea can be attrib- 
uted to changes in surface heat fluxes [McCreary and Kundu, 
1989; Rao et al., 1989; Murtugudde and Busalacchi, 1999; Rao 
and Sivakumar, 2000]. 


1.2.2. Bay of Bengal. The Bay of Bengal receives fresh- 
water input from several major rivers such as Irrawaddy, 
Ganga, and Brahmaputra in addition to significant amounts 
of rainfall during the summer monsoon season [Shetye et al., 
1996; Vinayachandran et al., 2002]. While synoptic obser- 
vational estimates show the formation of a freshwater induced 
barrier layer [Lukas and Lindstrom, 1991; Sprintall and Tom- 
czak, 1992; Vinayachandran et al., 2002], buoy observations 
and modeling studies indicate that the impact of freshwater 
input on regional SST is not as obvious [Sengupta and 
Ravichandran, 2001; Han et al., 2001; Howden and Mur- 
tugudde, 2001]. The higher mean SST in the head Bay (Plate 
2) is instrumental for the maintenance of the higher mean 
precipitation during the monsoon season (Plate 3b) [Shenoi 
et al., 2002]. Yet, the SST variations over the Bay of Bengal 
are negligible (Plate 1a) except at intraseasonal time scales 
during the summer monsoon season (Section 2.6). 


1.2.3, Equatorial region. Unlike the other two oceans, the 
IO has no significant upwelling in the eastern equatorial 
region. The upwelling is, however, stronger in the western 
equatorial region and the seasonal cycle of the SST propa- 
gates eastward unlike the equatorial Atlantic and Pacific 
Oceans where it propagates westward. The IO is the only trop- 
ical ocean where the annual-mean winds on the equator are 
westerly, resulting in a deeper thermocline in the eastern equa- 
torial region [Reverdin, 1987]. 

The most prominent feature of the equatorial IO is the 
semi-annual equatorial Kelvin waves and the associated 
eastward jets [Wyrtki, 1973; O’Brien and Hurlburt, 1974; 
Yamagata et al., 1996; Sprintall et al., 2000]. As a conse- 
quence, all year around, the SST in the eastern equatorial IO 
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Plate 1. (a) Standard deviation of interannual SST, and (b) simultaneous correlation between anomalous SST and thermocline 
as measured by the depth of the 20°C isotherm. 
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Plate 2. Seasonal SST climatology over the tropical Indian Ocean, (a) March—May, (b) June-August, (c) September-Novem- 
ber, and (d) December—February. The figure illustrates the seasonal cycle of SST. 


in the vicinity of (90°E-110°E, 10°S—0O) is warmer than 
27.5°C (Plate 2), the threshold required for deep convec- 
tion in the tropics [e.g., Gadgil et al., 1984]. The eastern 
equatorial IO experiences heavy rainfall throughout the 
year (Plate 3) resulting in a barrier layer [Sprintall and Tom- 
czak, 1992; Masson et al., 2002], and the barrier layer vari- 
ability there may play a role in the interannual variability of 
the tropical IO [Murtugudde and Busalacchi, 1999; Mur- 
tugudde et al., 2000]. Despite these constraints, occasion- 
ally there is significant upwelling of cold thermocline waters 
off the coasts of Sumatra and Java (as indicated by ther- 
mocline feedback in Plate 1b), leading to a cold tongue for 
a few months. 


1.2.4. Southwest Indian Ocean (SWIO). The Southern IO 
is influenced by predominant southeasterlies to the south of 
about 10°S and seasonally reversing southwest and northeast 
monsoons to the north of 10°S. Thus the deep tropics between 
the equator and about 10°S is subject to seasonally reversing 
Ekman pumping, which leads to a doming thermocline struc- 
ture, especially in the west [Reverdin, 1987; Murtugudde 
and Busalacchi, 1999; Xie et al., 2002]. As suggested by 
Plate 1b, there is a strong linkage between SST and ther- 
mocline variations over the SWIO in the vicinity of 8°S, 
60°E. Xie et al. [2002] and Huang and Kinter [2002] showed 
that the SWIO thermocline variability is influenced by 
Rossby waves, whose signal may extend into the equatorial 
region [Tsai et al., 1992; Hastenrath et al., 1993; Mur- 
tugudde et al., 2000; Vinayachandran et al., 2003]. The 
importance of SWIO SST variability on the regional cli- 
mate will be addressed in Section 2. 


1.2.5. Southeast Indian Ocean and Indonesian through- 
flow. One major factor in the variability of the Southern IO 
is the introduction of Pacific waters through the Indonesian 
Seas via the Indonesian throughflow (ITF) which has been 
studied extensively [see Godfrey, 1996, for a review]. The 
effect of upwelling on SST variability off Java is reduced 
due to the spreading of the thermocline by the ITF [Mur- 
tugudde et al., 1998b]. The west coast of Australia has per- 
sistent alongshore winds which are upwelling favorable. 
However, the steric gradient set up by the ITF drives a coastal 
current poleward into the prevailing winds leading to the 
Leeuwin current complex [Godfrey and Ridgeway, 1985; 
Godfrey and Weaver, 1991]. The SST variability over the sub- 
tropical Southeast IO (poleward of 20°S) is largely due to 
heat fluxes [Xie et al., 2002]. 

In summary, most of the observed SST variance in the 
Northern IO is due to heat fluxes [e.g., Klein et al., 1999; 
Rao and Sivakumar, 2000], while ocean dynamics contribu- 
tion is substantial over the Southern IO, particularly in the 
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neighborhood of the equatorial zone [e.g., Murtugudde et al., 
2000; Xie et al., 2002; Huang and Kinter, 2002]. 


1.3. ENSO and Non-ENSO Variability in the Indian Ocean 


1.3.1, ENSO signature. The IO response to ENSO is well 
known to be a basin scale surface warming/cooling with a 
lag of about a season [Nigam and Shen, 1993; Tourre and 
White, 1995; Klein et al., 1999; Venzke et al., 2000], whereas 
the subsurface response appears to be simultaneous, forced by 
ENSO related wind anomalies [Reverdin et al., 1986; Has- 
tenrath et al., 1993; Shen and Kimoto, 1999; Murtugudde and 
Busalacchi, 1999; Chambers et al., 1999; Webster et al., 1999; 
Schiller et al., 2000; Hastenrath, 2002; Krishnamurthy and 
Kirtman, 2003; Masson et al., 2003; Allan et al., 2001]. In 
the basin-wide structure the maximum SST variance is 
observed over SWIO (Plate 1a). Analysis of in-situ measure- 
ments and model-assimilated dataset reveals a strong influence 
of subsurface thermocline variability on SST over the SWIO, 
and ENSO is the dominant forcing for thermocline variabil- 
ity there [Xie et al., 2002; Huang and Kinter, 2002]. Some 
recent studies, based on short records, argue that subsurface 
temperature variability in the IO is predominantly quasi-bien- 
nial and is independent of ENSO [Rao et al., 2002]. 


1.3.2. Indian Ocean dipole/zonal mode. A new wave of 
interest has emerged in understanding the air—sea interactions 
in the equatorial Indian Ocean, known as IODZM [Reverdin 
et al., 1986; Kapala et al., 1994; Hastenrath et al., 1993; 
Murtugudde et al., 1998a; Murtugudde and Busalacchi, 1999; 
Saji et al., 1999; Webster et al., 1999; Anderson, 1999; Yu 
and Rienecker, 1999, 2000]. Of particular importance is the 
SST variability off Java/Sumatra and its relationship to ther- 
mocline (Plate 1). Probably for the first time, Murtugudde et 
al, [1998a] and Murtugudde and Busalacchi [1999] reported 
that this was one of the regions in the IO where Bjerknes 
[1969] feedbacks occur due to interactions between the ther- 
mocline and SST. Some of the interpretations of the surface 
and subsurface variability associated with the IODZM have 
been reported to be independent of ENSO [Saji et al., 1999; 
Tizuka et al., 2000; Rao et al., 2002] but the debate continues 
[Nicholls and Drosdowsky, 2001; Baquero~—Bernal et al., 2002; 
Hastenrath, 2002; Huang and Kinter 2002; Krishnamurthy 
and Kirtman 2003; Li et al., 2003; Murtugudde et al., 2003; 
Yamagata et al., 2003]. We return to the IODZM in Section 3. 

The review article is organized as follows. In Section 2, we 
provide a comprehensive review of the various studies that 
explore the role of the IO in the monsoon variability and Tro- 
pospheric Biennial Oscillation (TBO). Recent spike of inter- 
est in the IO region has been sparked by the anomalous events 
of 1994 and 1997 and the role of this mode on the regional cli- 
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mate variability are discussed in Section 3. Section 4 addresses 
some outstanding issues in the IO variability. We summarize 
our review in Section 5. 


2. INDIAN OCEAN AND MONSOON VARIABILITY 


The tropical IO and the land mass around its rim experiences 
one of the most energetic components of the Earth’s climate 
system, the Asian—Australian—A frican monsoon system. In 
fact, deep convection/intense precipitation occurs during all 
seasons around the IO rim (Plate 3). The Asian summer mon- 
soon peaks during June-September (Plate 3b), the African 
monsoon establishes in October-November (short-rains, Plate 
3c), and the Australian monsoon occurs during Decem- 
ber—February (Plate 3d). During boreal winter and spring the 
southwestern IO extending into Southern Africa experiences 
deep convection (Plate 3a, d). 

The variability of the monsoons, at both intraseasonal and 
interannual time scales exert considerable influence on socio- 
economic aspects in many regions such as south Asia, Africa, 
and Australia [e.g., Webster et al., 1998]. There is increasing 
evidence that the diabatic heating associated with the monsoon 
system influences the global climate [e.g., Rodwell and 
Hoskins, 1996]. Owing to both the scientific and social impor- 
tance, a large volume of literature that describes the annual 
cycle and variability of the monsoons is available in the form 
of review articles [e.g., Shukla, 1987; Hastenrath, 1988; Web- 
ster et al., 1998; Holland, 1986; Krishnamurthy and Kinter, 
2003] and books [e.g., Lighthill and Pearce, 1981; Fein and 
Stephens, 1987; Chang and Krishnamurti, 1987; Pant and 
Rupakumar, 1997]. Despite these sustained efforts, simulating 
the annual cycle and the interannual variability of the mon- 
soons remain one of the toughest challenges for the modeling 
community [Sperber and Palmer, 1996; Gadgil and Sajani, 
1998]. 

In this section, first we present the arguments for why SST 
anomalies are important for the interannual variability of the 
monsoon (Section 2.1), then we review the observational and 
modeling studies that focused on the role of IO SST on the 
Indian summer monsoon (ISM, Section 2.2), the African mon- 
soon (AFRM, Section 2.3), and the Australian monsoon 
(AUSM, Section 2.4). Based on the above linkages, we review 
the studies that implicate the IO in the TBO (Section 2.5). 
Recent studies suggest that the statistics of intraseasonal vari- 
ability can influence interannual climate variability, particu- 
larly over the monsoon regions. Therefore, we conclude the 
section with a review of the effects of IO SST on the sum- 
mer and winter season intraseasonal variability (Section 2.6). 
Each subtopic is closed with a summary of our current under- 
standing of the issue discussed, while what is remaining to 
be done is presented in Section 4. 


2.1. Effect of Lower Boundary Forcing on Monsoon 
Variability 


The land-sea thermal contrast between the Asian land mass 
and tropical IO plays an important role during the onset and 
developing stages of the ISM [e.g., Shukla, 1987; Webster et 
al., 1998]. The north-northwestward migration of convection 
associated with the annual cycle is tightly linked to the pole- 
ward migration of maximum SST over the Asian—Australian 
monsoon region [Meehl, 1987; Webster et al., 1998] (Plates 2, 
3). Joseph [1990] hypothesized that the warm pool of the 
northern IO in May—June forces the onset of the ISM. From 
a modeling study the instrumental role of the seasonal cycle 
of IO SST on the monsoon evolution was demonstrated by 
Shukla and Fennessy [1994]. 

A successful prediction of the seasonal mean rainfall and cir- 
culation is based on the premise that the monsoon is dynam- 
ically a stable system and its seasonal mean rainfall and 
circulation and their interannual variability are largely governed 
by slowly varying boundary conditions such as SST, snow 
cover, soil moisture, etc. [Charney and Shukla, 1981; Shukla, 
1981]. Since the seminal works of Walker and Bliss [1932], 
many observational [e.g., Sikka, 1980; Rasmusson and Car- 
penter, 1983; Webster and Yang, 1992; Slingo and Annamalai, 
2000; Mivakoda et al., 2002] and modeling studies [e.g., Kesh- 
vamurthy, 1982; Palmer et al., 1992; Ju and Slingo, 1995; 
Soman and Slingo, 1997; Nigam, 1994; Lau and Nath, 2000] 
have confirmed the strong influence of the contemporaneous 
SST anomalies in the central—eastern Pacific on the ISM. 
Similarly, the variations of the AUSM [e.g., Nicholls, 1984] and 
AFRM [e.g., Farmer, 1988; Hastenrath et al., 1993] are also 
linked to ENSO. 

At interannual time scales, despite the above evidence that 
ENSO dominates the monsoon variations, the SST variabil- 
ity in the IO can also influence the monsoons, particularly in 
years when the local SST anomalies are strong and/or years 
when the SST anomalies in the tropical Pacific are small and 
insignificant. Such a premise is possible since much of the 
central—eastern tropical IO lies in a warm pool region (SST > 
28°C, Plate 2b), and due to the non-linearity of the Clau- 
sius—Clapeyron equation a small variation in SST (~ 0.5°C) 
could have larger impact on moisture availability, and there- 
fore on the tropical convection [Soman and Slingo, 1997; 
Zhang, 1993]. From a diagnostic study, Lau and Wu [1999] 
note that about 19% of the Asian—Australian monsoon vari- 
ability is due to local coupled processes. 


2.2. Indian Ocean and the Indian Summer Monsoon 


2.2.1. Observational studies. During the pre-monsoon 
season (March—May) the warmest SST in the global oceans 
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Plate 3. Observed precipitation (mm/day) climatology over the Indian Ocean for (a) March—May, (b) June-August, (c) Sep- 
tember—November, and (d) December—February. , 
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is observed over the Northern IO [e.g., Joseph, 1990; Sen- 
gupta et al., 2002] (Plate 2a). Therefore, a moderate fluc- 
tuation in SST over the Northern [O during spring and early 
summer is expected to have a larger impact on the ensuing 
ISM primarily through changes in evaporation and mois- 
ture convergence. With the availability of reliable SST obser- 
vations/analyses for the last 4-5 decades, many observational 
studies indicate a causal relationship between Arabian Sea 
SST anomalies and ISM. Ellis [1952] carried out the first 
case study and noted that during a strong (weak) ISM year 
the SST anomalies were above (below) normal over the 
Arabian Sea. This case study probably motivated the sub- 
sequent observational studies since the physics involved 
was rather appealing: warm SST can produce more 
evaporation and therefore stronger ISM rainfall [Shukla, 
1987]. Using long observations along particular ship tracks, 
many studies examined the correlations between ISM and 
SST over the Arabian Sea [e.g., Shukla and Misra, 1977; 
Weare, 1979]. Rao and Goswami [1988] find that SST anom- 
alies during March-April in the region of 5°N—10°N, 
60°E-75°E to be significantly correlated with the ISM. 
Clark et al. [2000] propose predictive relationships between 
Arabian Sea SST over autumn and winter to ISM in the 
following year while Terray [1995] found quasi-biennial 
and ENSO time-scale SST modes in the IO that were related 
to ISM. Lau et al. [2000] showed that boreal spring warm- 
ing in the northern Arabian Sea has a significant impact 
on the ISM. Li et al. [2001a] conclude that [O SST do influ- 
ence ISM on the TBO time-scale through local moisture 
convergence. 

The first observational study to examine the importance of 
Arabian Sea water vapor flux on the ISM was done by 
Pisharoty [1976]. He reported that the in situ flux of water 
vapor over the Arabian Sea was much larger than that obtained 
from the Southern IO and underscores the importance of 
local SST anomalies. The research that followed these find- 
ings, however, obtained contradictory results. The calcula- 
tions of Saha and Bavadekar [1973], Saha [1974], Cadet 
and Reverdin [1981], and Cadet and Diehl [1984] suggested 
that the Southern IO is the main moisture source region for 
the ISM. Yet, there is no demonstrative relationship between 
ISM and SST over the Southern IO except for the correlation 
between the SST gradient, Somali Jet, and ISM reported by 
Murtugudde et al. [1998a] and Murtugudde and Busalacchi 
[1999]. The latter appears to be driven by the monsoonal 
heating rather than being the cause for it. 

Nicholls [1983, 1995] proposed that SST of northwest 
Australia (5°S—10°S, 120°E—160°E) has a predictive value 
for ISM since warm SST during April there was correlated 
with stronger ISM in the following summer. In a related 
study, Sadhuram and Wells [1999] find a significant cor- 


relation between ISM and SST over 0°N—S°N, 80°E-85°E 
during November of the previous year. 


2.2.2. Modeling studies. Motivated by the observational stud- 
ies mentioned above, Shukla [1975] carried out the first ever- 
modeling study to understand the impact of Arabian Sea SST 
on the ISM. His atmospheric general circulation model 
(AGCM) results corroborated the observational findings in that 
when cold SST anomalies over the Arabian Sea were imposed, 
the model simulated rainfall over India and adjoining oceanic 
regions was significantly reduced. Results from a different 
AGCM with similar SST forcing produced a conflicting 
response over the ISM region [Washington et al., 1977]. The dif- 
ferences in the response primarily depend on the individual 
AGCM’s capability in simulating the mean monsoon [ShuAla, 
1984]. Consistent with the results of Shukla [1975, 1984], ina 
recent modeling study, Arpe et al. [1998] re-emphasized the 
importance of Northern IO SST anomalies on the ISM. 

Recently, some modeling studies focused on the impact of 
equatorial central—eastern IO SST anomalies on the ISM. In 
an idealized case, Chandrasekar and Kitoh [1999] imposed 
warm (cold) SST anomalies over the equatorial [O and their 
model simulated suppressed (enhanced) rainfall over the 
Indian sub-continent. In the absence of an El Nifio during 
the summer of 2000, Krishnan et al. [2003] attributed the 
deficient rainfall over India in that year to the warm SST 
anomalies in the IO. From model simulations they suggested 
that the persistent warm SST anomalies favored anomalous 
convection over the equatorial IO that subsequently resulted 
in an extended monsoon break over India. Both these stud- 
ies indicated that SST anomalies in the equatorial IO modu- 
late the local Hadley circulation, and thereby the monsoon 
precipitation over India. 

Lau and Nath [2000] carried out a series of model exper- 
iments to assess the role of remote versus local SST on the 
ISM. In the run called TOGA (Tropical Ocean—Global 
Atmosphere), the AGCM was forced by ENSO SST vari- 
ability while in the run termed TOGA—ML, the ENSO forc- 
ing from the Pacific is included with mixed layer—atmosphere 
coupling in the IO. In another run, GOGA (Global 
Ocean-Global Atmosphere), the SST variability over the 
global oceans is prescribed. The simulated precipitation and 
winds between TOGA-—ML minus TOGA would provide 
information about air-sea coupling outside the tropical 
Pacific. In a similar way, the difference between GOGA and 
TOGA runs would indicate the role of SST outside the trop- 
ical Pacific. The difference charts in all the four panels of 
Plate 4 suggest enhanced southwesterly flow and precipita- 
tion over India. The inference is that the basin-wide air—sea 
interaction over the tropical IO opposes the remote ENSO 
forcing on the ISM. 


Schubert and Wu [2001] examined the predictability of the 
1997 and 1998 ISM low-level winds. Using an AGCM, they 
made a 10—member ensemble simulation with prescribed SST 
anomalies over the tropical Indo-Pacific regions. Their model 
simulations suggested that the 1998 monsoon is considerably 
more predictable than the 1997 monsoon. They found that 
during May and June of 1998 the predictability of the low-level 
wind anomalies is largely associated with a local response to 
anomalously warm IO SST. If not in a statistically signifi- 
cant sense, case studies for selective years imply the impor- 
tance of 1O SST anomalies on the ISM. 

In summary, a synthesis of all the correlation studies is that 
the significant area of correlation between ISM and IO SST 
is observed only over small regions. It is now well accepted that 
the ISM is a large-scale phenomena. The questions of how 
the SST over such small regions would persist to influence 
seasonal rainfall over such a large region have not been fully 
explained. It has been suggested that part of the controversy 
may be related to the lack of sufficient accuracy in the observed 
SST [Shukla, 1987; Rao and Goswami, 1988; Terray, 1994]. 
Most current state-of-art AGCMs have serious problems in 
simulating the mean monsoon [e.g., Sperber and Palmer, 
1996] and the AGCM’s response to prescribed SST anom- 
alies crucially depends on the mean monsoon of the model 
[e.g., Shukla, 1987]. Due to this inherent limitation with the 
AGCMs, fully coupled models too face serious limitations in 
simulating the monsoons. Three constraints, small magnitude 
in SST variance (Plate 1a), small areas of significant corre- 
lations and lack of simulation of mean monsoon in models 
diminish the value of any [O SST in predicting the ISM. 
Despite small in magnitude and area, if the anomalous SST 
persist over the warm pool region of IO then its effect on the 
ISM needs to be understood. 


2.3. Indian Ocean and the African Monsoon 


2.3.1, Observational studies. The African monsoon con- 
sists of two subcomponents, the East African monsoon and 
South African monsoon. There is increasing evidence that 
different regional SST anomalies within the tropical IO influ- 
ence each of the subcomponents. 


2.3.1.1. Indian Ocean and East Africa. The seasonally 
reversing Asian monsoon circulation also affects large parts 
of East Africa producing two seasons of rainfall during boreal 
spring and fall seasons [Ogallo, 1988; Farmer, 1988; Hutchin- 
son, 1992; Nicholson and Kim, 1997]. The rainfall during 
spring (April—May) is abundant, while it is more variable 
during fall (October-November, Figure 5a) [Hastenrath et al., 
1993]. As for the Asian monsoons, the majority of the stud- 
ies exploring the variability of the East African rainfall have 
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looked to ENSO as a remote driver [Farmer, 1988; Ogallo, 
1988; Hutchinson, 1992; Hastenrath et al., 1993; Nicholson 
and Kim, 1997]. But Hastenrath et al. [1993] pointed out 
that the mechanisms for the precipitation anomalies in the 
two rainy seasons are distinct with only the October-Novem- 
ber rainfall anomalies showing a strong correlation with the 
Southern Oscillation. They also pointed to the role of the 
SST anomalies over western IO in suppressing convection 
during fall, particularly during the high phase of the South- 
ern Oscillation (La Nifia) and affecting East African rainfall 
(Figure 1). The SST anomalies themselves, however, appear 
to be driven by wind changes associated with ENSO that is 
consistent with Nicholson and Kim [1997], and the recent 
findings of Allan et al. [2001]. 


2.3.1.2. Indian Ocean and Southern Africa, There is obser- 
vational evidence that the South African rainfall variability 
is forced remotely by SST anomalies in the western tropical 
IO [Mason and Jury, 1995; Jury, 1996; Goddard and Gra- 
ham, 1999]. The variability of summer rainfall over Zim- 
babwe is related to tropical IO SST [Makarau and Jury, 1997]. 
Landman and Mason [1999] argue that the relation between 
10 SST and summer rainfall over South Africa has changed 
since the late 1970s, coincident with hypothesized changes 
in the ENSO characteristics [Trenberth and Hoar, 1996; 
Rajagopalan et al., 1999]. Warmer SST in the western equa- 
torial IO were associated with drier conditions over South- 
ern Africa prior to the 1970s whereas they are associated with 
wetter conditions since the late 1970s, even though the ENSO 
influence appeared to remain the same [Landman and Mason, 
1999]. Recently, Behera and Yamagata [2001] identified a 
dipole-like variability in SST over the subtropical Southern IO 
that is correlated with rainfall over Southern Africa. 

The seasonal mean rainfall can be significantly affected by 
the number of tropical cyclone days. Jury et al. [1999] show 
that the SST over central and southern IO has an impact on the 
tropical cyclone days in the SWIO and has a predictive value 
with a lead of a few months. Xie et al. [2002] showed a sim- 
ilar predictive value based on the Rossby waves associated 
with ENSO and also with the IODZM and the associated SST 
anomalies (Plate 5). 


2.3.2. Modeling studies. Since the number of modeling 
studies on the African monsoon variability is meagre we will 
combine the AGCM studies that address the East and South 
African monsoon subcomponents together in this subsection. 
Latif et al. [1999] used an AGCM to show that East African 
rainfall anomalies that led to severe flooding during Decem- 
ber—January of 1998 were forced largely by the western IO 
warming. Plate 6 taken from Latif et al. [1999] indicates the 
direct role of [O SST anomalies on the rainfall over South 
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Plate 4. Difference patterns obtained by subtracting the warm minus cold composites for TOGA from the corresponding composites for TOGA-ML (left 


panels), and by subtracting the composites for TOGA from those for GOGA (right panels), Results are shown for the surface wind vector (arrows; see scale 


at bottom right) and precipitation (shading; see scale bar at bottom; units: mm/day) during [(a), (b)] JJA, and [(c), (d)] SON [from Lau and Nath, 2000]. 
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Figure 1. Patterns of correlations between October-November rainfall over 
equatorial Africa and (a) SLP, (b) zonal winds, (c) meridional winds, (d) 
SST, and (e) clouds for October-November. Plus and minus symbols 
denote the sign of the correlation, and boldface type indicates values with 
local significance at 5% level. Shading represents absolute values bigger 
than 0.4. Base period is 1948-87 [from Hastenrath et al., 1993]. 
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Africa. Similar AGCM experiments by Goddard and Gra- 
ham [1999] show that Southern African rainfall anomalies 
were also forced by the western IO SST anomaly. 

In sharp contrast to the uncertainty on the role of IO SST 
on the ISM, observational studies clearly indicate that the 
effect of IO SST on the East African monsoon is more sig- 
nificant and robust. One primary reason is that, in the mean, 
the equatorial IO is swept by a zonal circulation [Hasten- 
rath, 2000] maintained by the deep convection over the east- 
ern [O (Plate 3c). The changes in this zonal circulation are 
largely determined by local SST anomalies [e.g., Hasten- 
rath et al., 1993; Clark et al., 2003] that directly account 
for the variations in East African rainfall. For reasons 
unknown, very few modeling studies have been carried out 
to understand the response of the East African monsoon to 
IO SST anomalies. 


2.4. Indian Ocean and the Australian Monsoon 


2.4.1, Observational studies. The Australian monsoon is 
dominated by seasonal rainfall during austral winter with a 
well-known ENSO driven interannual variability [Quinn et 
al., 1978; McBride and Nicholls, 1983; Nicholls, 1988; Web- 
ster et al., 1998]. While much of Australia tends to be drier dur- 
ing warm ENSO events, the correlation is not perfect similar 
to the case of the ISM [Nicholls, 1989]. 

Nicholls [1989] investigated the role of Indo—Pacific SST 
on the Australian winter monsoon variability. From an EOF 
analysis, he identified two different spatial patterns of rainfall 
variability. The correlations between the Principal Compo- 
nents (PCs) and Indo-Pacific SST revealed some interesting 
results. The dominant spatial pattern (EOF1) was significantly 
correlated with the SST difference between south-central 1O 
(10°S—20°S, 80°—90°E) and the Indonesian Sea (0-10°S, 
120°-130°E) while EOF2 was correlated with ENSO-related 
SST anomalies in the equatorial Pacific. He applied partial cor- 
relation analysis that removes the effects of ENSO. Again, 
EOF1 was highly correlated with SST in the south-central 
IO and Indonesian Seas (Figure 2). Based on this statistical 
analysis Nicholls [1989] concluded that the SST anomalies 
in the south-central IO may be independent of ENSO, and 
has a strong predictive skill for the winter monsoon over Aus- 
tralia. Even though causality was not evident, it was clear that 
the IO SST were important for Australian winter rainfall. 

Indonesian Seas are subject to the reversing seasonal mon- 
soons albeit with a much weaker seasonal contrast than the 
Indian subcontinent [Nicholls, 1981; Hackert and Hasten- 
rath, 1986]. Braak [1919] first suggested that high local atmos- 
pheric pressure over Indonesia in the first half of the year was 
an indicator of a drier second half of the year with a late onset 
of the wet season, and vice versa. Nicholls [1981] found evi- 
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Plate 5. Climatological mean tropical cyclone days (contours) in Dec—Apr, and the difference (colors) between years of 
anomalously deep and years of anomalously shallow thermocline over 8°S—12°S, 50°E—70°E [from Xie et al., 2002]. 
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Plate 6. Ensemble mean and precipitation responses (mm/day) of the atmosphere model ECHAM3 (T21) to the SST 
anomaly patterns; (a) response to the Indian Ocean SST anomaly, (b) response to the Pacific Ocean SST anomaly, (c) 
response to the complete Indo—Pacific SST anomaly, and (d) linear superposition of the responses shown in (a) and (b). 
Shown are the anomalies (relative to a 50-year control run with climatological SST) that exceed 95% significance level 
according to a t-test [from Latif et al., 1999]. 


dence to support this hypothesis based on a positive feedback 
in the air-sea interactions causing the initial SST anomalies 
to persist from austral winter into spring. Nicholls [ 1978] 
also pointed out that the air—sea interactions in the Indonesian 
Seas and Northern Australia are dependent on the seasonally 
reversing relation between SST and pressure anomalies. 

Hackert and Hastenrath [1986] analyzed ship and land 
observations in the IO region to investigate the mechanisms 
of rainfall anomalies over Indonesia and arrived at the con- 
clusion that the interannual anomalies are largely a modula- 
tion of the annual cycle. Wet (dry) years are thus associated 
with stronger (weaker) Northeast monsoon with coincident 
cloudiness and SST anomalies although the ocean—atmos- 
phere interactions are distinct in the austral spring and fall 
seasons, which was noted to be crucial for reversing the SST 
anomalies between the two seasons. The analyses of Hackert 
and Hastenrath [1986] clearly captured the correlation between 
Java rainfall and eastern and central IO SST. The most dom- 
inant interannual signal over Indonesia is of course the ENSO 
related drought [Hendon, 2003] that not only leads to severe 
agricultural devastation but also forest fires and haze [Nichol, 
1997, 1998]. 


2.4.2. Modeling studies. Motivated by the correlation sta- 
tistics, many AGCM studies have investigated the impact of 
Pacific and IO SST anomalies on the Australian rainfall 
variability [e.g., Voice and Hunt, 1984; Simmonds and Trigg, 
1988; Simmonds et al., 1989; Simmonds, 1990; Simmonds 
and Rocha, 1991; Frederiksen and Balgovind, 1994; Fred- 
eriksen and Frederiksen, 1996; Frederiksen et al., 1999]. 
Most of these studies confirm the role of the SST gradient 
between the Indonesian archipelago and the south-central 
IO on the winter rainfall variability. 


The possible role of IO SST anomalies on the Australian 


winter rainfall has been investigated while ENSO-related SST 
anomalies in the Pacific dominate its summer rainfall vari- 
ability. Despite the fact that the local winter seasonal clima- 
tological rainfall over Australia is small (Plate 2b) its 
interannual variability has significant agro-economical con- 
sequences [Nicholls, 1989]. 


2.5. Indian Ocean SST, Monsoons and the TBO 


The processes within the tropical IO have been proposed to 
play an “active” role in the life cycle of the TBO, one of the 
major climate signals in the tropics [e.g., Meehl, 1987; Li et 
al., 2001b; Meehl et al., 2003]. A dry ISM is followed by a spa- 
tially large warm SST anomaly over the tropical IO that is 
observed to persist up to the following monsoon [Joseph and 
Pillai, 1984]. Such a large warm SST anomaly is found to 
result in a wet monsoon in the following year producing a 
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biennial type oscillation [Joseph, 1981; Joseph and Pillai, 
1986]. In the context of the Asian—Australian monsoon, the 
TBO is defined as the tendency for a relatively strong mon- 
soon to be followed by a relatively weak one, and vice-versa 
[Meehl and Arblaster, 2002a]. Therefore, it has been sug- 
gested that the TBO is not so much an oscillation, but a ten- 
dency for the system to flip-flop or transition from year to 
year. There is compelling observational evidence that a strong 
ISM is followed by a strong AUSM, and the strong AUSM is 
followed by a weak ISM [e.g., Meehl, 1987; Chang and Li, 
2000; Yu et al., 2003]. An analysis of observed data shows 
that the TBO encompasses most ENSO years (with their well- 
known biennial tendency) as well as additional years that con- 
tribute to biennial transitions [Meehl and Arblaster, 2002b]. 
Thus it has been hypothesized that the TBO is a fundamental 
feature of the coupled climate system over the entire 
Indian—Pacific regions [see Li et al., 2001b for a review on 
TBO theories]. 

Figure 3, taken from Yu et al. [2003], shows the lagged 
correlation coefficients calculated between monthly ISM and 
AUSM rainfall anomalies. Two large correlation coefficients, 
a positive one (in-phase) with ISM leading the AUSM by 
about 2 seasons, and a negative one (out-of-phase) with the 
AUSM leading the ISM by about 2 seasons, are readily appar- 
ent. Yu et al. [2003] examined the role of Indo—Pacific oceans 
for the TBO from a series of coupled model integrations. 
The coupled model run, when both the Indian and Pacific 
Oceans are interactive produces both the transitions (Figure 
3b). The run, with an interactive Pacific (Indian) Ocean pro- 
duces the in-phase (out-of-phase, Fig. 3d) transition (Fig. 


Figure 2. Partial correlations between SST and (a) the rotated prin- 
cipal component of Australian rainfall after removal of ENSO effects, 
and (b) the second rotated principal component of Australian rain- 
fall after removal of ENSO effects [from Nicholls, 1989]. 
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Figure 3. Time-lagged correlation coefficients between monthly 
Indian monsoon rainfall index and Australian monsoon rainfall index 
calculated from (a) CMAP observations, (b) Indo-Pacific CGCM run, 
(c) Pacific CGCM run, and (d) Indian Ocean CGCM run [from Yu 
et al., 2003]. 


3c). These model simulations, in agreement with observa- 
tions [e.g., Meehl and Arblaster, 2002a], suggest that the IO 
plays an “active” role in the life cycle of the TBO. Meehl 
and Arblaster [2002b] and Loschnigg et al. [2003] argue that 
the IODZM events are large amplitude excursions of the 
TBO in the tropical IO. 

The possible role of the IO on the TBO, if fully estab- 
lished, will have immense consequences on the tropical cli- 
mate variability. Over the period 1871-2000, the ISM is 


dominated by the quasi-biennial variability and all ENSO 
indices themselves have a strong biennial component. In 
the real system, ENSO, TBO, monsoons and IODZM are 
all mutually interactive components and it is very difficult 
to isolate the sole effect of IO on the TBO. Careful exper- 
iments with realistic coupled models will possibly reveal 
if the IO plays an active rather than a passive role in the 
TBO life cycle. 


2.6, Indian Ocean and the Intraseasonal Variability 


Both during summer and winter seasons, convection asso- 
ciated with the intraseasonal oscillations (ISOs), typically 
with a time scale of 30-50 days, originate over the equato- 
rial IO [e.g., Madden and Julian, 1971, 1972; Yasunari, 1979; 
Sikka and Gadgil, 1980; Lau and Chan, 1986; Annamalai 
and Slingo, 2001]. Although the ISOs are inherent to the 
atmosphere, both observational and coupled modeling stud- 
ies clearly demonstrate the crucial role played by IO SST in 
the organization, intensification, and propagation of the con- 
vection and circulation associated with the ISOs [e.g., Krish- 
namutti et al., 1988; Li and Wang, 1994; Hendon and Glick, 
1997; Flatau et al., 1997; Shinoda et al., 1998; Waliser et al., 
1999; Woolnough et al., 2000; Sengupta and Ravichandran, 
2001; Sengupta et al., 2002; Kemball—Cook et al., 2002; Fu 
et al., 2003; Waliser et al., 2003, 2004]. 

SST observations from moored buoys in the North Bay of 
Bengal during July-August of 1998 indicate that the ampli- 
tude variation of SST at ISO time scale could be as large as 
2°C [Sengupta et al., 2001; Bhat et al., 2001]. From satellite 
derived SST data, Vecchi and Harisson [2002] also noted 
similar magnitudes in SST fluctuations at ISO time scales. 
BOBMEX, the Bay of Bengal Monsoon Experiment was car- 
ried out under the auspices of the Indian Climate Research 
Program during the boreal summers of 1999-2001 [Bhat et 
al., 2001]. The SST observations from BOBMEX further 
indicate large amplitude variations in SST at ISO time scales 
over the North Bay of Bengal, and Bhat et al. [2001] sug- 
gest that the SST variations have direct impact on the gene- 
sis of monsoon depressions. 

The phase of the ISOs is linked to the onset, and active/break 
phases of the ISM [e.g., Joseph et al., 1994; Sikka and Gadgil, 
1980], and the AUSM [Hendon and Liebmann, 1990]. The 
large spatial scale convection and circulation associated with 
the ISOs modulates the mean monsoon circulation [e.g., Krish- 
namurthy and Shukla, 2000; Sperber et al., 2000; Goswami 
and Ajayamohan, 2001] and also the genesis of synoptic sys- 
tems [e.g., Liebmann et al., 1994]. Therefore, it has been 
hypothesized that the statistical properties of the ISOs can 
modulate the interannual variability of the monsoons [e.g., 
Palmer, 1994; Sperber et al., 2000; Krishnamurthy and Shukla, 


2000; Goswami and Ajayamohan, 2001]. Therefore, a better 
representation of the ISOs in the models may be pre-requisite 
for addressing the interannual variability. 

The AGCMs have limitations in the simulation of ISOs 
[e.g., Slingo et al., 1996]. Motivated by the observational evi- 
dence, some recent studies indicate that an AGCM coupled 
to either a simple or a comprehensive ocean model has a bet- 
ter representation of the ISOs [e.g., Waliser et al., 1999; Kem- 
ball-Cook et al., 2002]. Plate 7, taken from Fu et al. [2003], 
suggests that at [SO time scales, SST anomalies from the cou- 
pled model leads the convection by about 10 days. This 
lead-lag relationship between SST and convection at ISO 
time scale appears to be crucial for the organization, and prop- 
agation of ISOs [e.g., Fu et al., 2003]. 

Recent observational and coupled modeling studies indi- 
cate the importance of SST variability at [SO time scale on the 
atmospheric ISOs. But the stumbling block is to understand 
how the ISO SST feeds back onto the organization and inten- 
sification of atmospheric convection. In addition, it is unclear 
what physical processes are responsible for the preferred 
timescale of the ISO. Also, the role of the suppressed phase of 
convection on the life-cycle of the ISO needs to be estab- 
lished. 


3. IMPACT OF THE DIPOLE/ZONAL MODE ON 
CLIMATE 


Even though the IODZM events with significant climatic 
impacts occurred only during 1961, 1994, and 1997, they pro- 
duce the largest SST anomalies in the 1O, and clearly involve 
an active role by the ocean. The event of 1961 that led to his- 
toric floods over parts of East Africa was noted in several 
studies [e.g., Reverdin et al., 1986] and even prompted the 
terminology IO El Nifio [Kapala et al., 1994]. Considering the 
extensive literature on all aspects of IODZM, we restrict our- 
selves to a very brief discussion of the coupled nature of this 
coupled climate mode and its potential impacts in the regional 
climate variability. 


3.1. A Coupled Mode in the Indian Ocean 


As pointed out by Hastenrath [2002], the correlation 
between the zonal SST gradient, equatorial winds, and South- 
ern Oscillation Index (SOI) was recognized before the 1994 
event [Hastenrath et al., 1993]. A few years later, he noted the 
zonal circulation in the equatorial IO to be highly correlated 
with the SOI [Hastenrath, 2000]. While investigating the sea 
level and thermocline variability in the IO, Murtugudde et al. 
[1998a] rediscovered the east—west variability to be an ocean 
dynamic mode and not just an SST mode. As noted earlier, they 
argued that the equatorial SST gradient has a significant cor- 
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relation with the Somali Jet that in turn has a strong correla- 
tion with the ISM [also see Murtugudde and Busalacchi, 
1999]. While their simple forced atmospheric model experi- 
ments led them to conclude that the zonal SST gradient was 
a passive response to the ISM variability, they showed that 
there is significant correlation between thermocline and SST 
anomalies off Sumatra. This is a clear indication of Bjerknes 
[1969] feedback that can lead to a coupled climate mode 
within the [O. 

The anomalous cooling off Sumatra during 1994 and 1997 
has led several investigators to study the unusual physical and 
biological conditions in the IO [e.g., Webster et al., 1999; Saji 
et al., 1999; Behera et al., 1999; Murtugudde et al., 1999; 
Chambers et al., 1999; Yu and Rienecker, 1999; Vinayachan- 
dran et al., 1999]. The SST gradient defined by Murtugudde 
et al. [1998a] was employed by Saji et al. [1999] to propose 
that a physical dipole existed in the 1O that evolves during 
boreal spring, mature in the fall before decaying abruptly in 
the winter [Yamagata et al., 2003]. Identifying a number of 
IODZM events, they allowed room for the fact that the trig- 
ger for such events may not be entirely independent of ENSO. 
Webster et al. [1999] also speculated that at least during 
1997-98, the anomalous conditions in the IO may have been 
independent of ENSO. 

It has now been confirmed by a number of studies that 
during the strong IODZM events, there is indeed a coupling 
between the thermocline depth anomalies and SST anomalies 
in the eastern 1O which leads to the suppression of precipita- 
tion and the growth of the upwelling-alongshore wind struc- 
ture from its onset during the boreal spring to its maturity 
during fall [Saji et al., 1999; Webster et al., 1999; Yamagata 
et al., 2003]. What remains under intense debate is the ques- 
tion of the trigger for the onset of the IODZM. As in the trop- 
ical Atlantic, more and more studies suggest that the coupled 
mode in the IO is weak on its own and does not appear to be 
self-sustained [Annamalai et al., 2003; Loschnigg et al., 2003; 
Gualdi et al., 2003; Lau and Nath, 2003; Li et al., 2003]. 
This raises the possibility of an external trigger for the initi- 
ation of the IODZM. 

The diagnostics carried out by Annamalai et al. [2003] 
showed that in the IO there is a natural air—sea coupled mode 
with weak cooling off Sumatra. During a window from spring 
to early summer, this natural cooling can intensify, should 
El Nifio-like conditions prevail in the central Pacific. This 
is because the anomalous precipitation during spring over 
Sumatra/Java is largely controlled by SST anomalies over 
the equatorial central Pacific. The changes in convection in 
the central Pacific induce subsidence and suppress the pre- 
cipitation off Sumatra/Java. The heating anomaly associated 
with this deficient rainfall forces an anticyclone at low-level 
as a Rossby wave response. The increased alongshore winds 
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Plate 7. Longitude—time Hovemueller diagram of intraseasonal vari- 
ability of rainfall rate (positive in yellow/red; negative in green/blue; 
shading interval 2 mm/day) and SST (contours; negative values in dot- 
ted lines; contour interval is 0.05°C) along the equator. Pentad 30 cor- 
responds to 01 June [from Fu et al., 2003]. 
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Plate 8. SST anomalies in the eastern equatorial Indian Ocean stan- 
dardized and averaged over 90°E-1 10°E, 10°S-Equator to define (a) 
aborted, (b) strong, and (c) weak zonal mode years. The monthly 
s.t.d of SST is 0.3°C [from Annamalai et al., 2003]. 


in turn enhance oceanic upwelling and surface cooling. Veda 
and Matsumoto [2000] also suggested that the IODZM in 
1997 is triggered by El Nifio of that year. Based on the inten- 
sity and persistence of SST and thermocline variations off 
Java and Sumatra, Annamalai et al. [2003] defined IODZM 
events during the last 50 years (Plate 8). As seen from Plate 
8a, there are occasions when SST anomalies are colder than 
normal in boreal spring but change sign abruptly thereafter. 
Therefore, depending on the proximity of the thermocline 
to the surface, initial cooling off Java/Sumatra can grow into 
a fully coupled IODZM. 

Two of the issues intensely debated in the last three years 
are the term “dipole” and the relationship between IODZM 
and ENSO. As noted by several studies [Annamalai et al., 
2003; Huang and Kinter, 2002; Feng and Meyers, 2003; 
Hendon, 2003], the cooling off Java/Sumatra is robust in 
all strong IODZM years while the location of western warm- 
ing varies from event to event. An example of the poten- 
tial deficiencies of the IOD definition of Saji et al. [1999] 
is that during years such as 1972 where the gradient defi- 
nition implies a strong dipole, no notable cooling occurred 
off Sumatra during the summer and fall months (Plate 8a). 
Over the western IO, observed SST variance has a local 
maximum around 50°E, 0°N (Plate 1a) but with no appre- 
ciable thermocline feedback (Plate 1b). Therefore, SST 
anomalies in the western equatorial IO appear to be flux 
driven and more work needs to be done in understanding 
their effect during IODZM events. Analyzing XBT meas- 
urements, Feng and Meyers [2003] showed that SST in the 
western IO leads the eastern IO by about 4—6 months, and 
also indicated that there are years when the eastern cooling 
was not accompanied by western warming. 

Xie et al. [2002], among others, noted that the simulta- 
neous correlation between IODZM and NINO3.4 SST 


(a) Precipitation + Surface winds 
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indices during fall is very high. This observational fact led 
many to argue that most IODZM events are forced by ENSO 
[e.g., Baquero—Bernal et al., 2002; Annamalai et al., 2003] 
and maintained by local air—sea interaction. Wang et al. 
[2003] proposed that the atmospheric Rossby wave—SST 
dipole feedback is involved in maintaining the air—sea inter- 
action in the southern IO during the developing phase of 
ENSO. On the other hand, during non-IODZM years, the 
ENSO related cooling off Java/Sumatra appears to be sur- 
face heat flux driven [Wolter and Hastenrath, 1989; Yu and 
Reinecker, 1999; Krishnamurthy and Kirtman, 2003; Hen- 
don, 2003] while subsurface oceanic processes are actively 
involved during strong IODZM years [Murtugudde et al., 
2000]. 

Setting aside the debates about the exact nature of 
the triggers for IODZM, or the lack of well-defined warm 
SST anomalies in the western IO, or its relationship to 
ENSO, or why it terminates abruptly, it is nonetheless impor- 
tant to note that the impact of IO on regional climate 
may in fact occur through this intrinsic IO coupled mode 
since the SST anomalies during strong IODZM years 
are substantial. 


3.2. Consequences of the IODZM on Monsoon Variability 


Since the SST anomalies associated with the IODZM, in 
particular off Sumatra/Java, are above the observational noise, 
there is potential for IODZM to influence the climate around 
the IO rim. In this subsection, we review how this intrinsic 
coupled mode influences the Asian—Australian—A frican mon- 
soon systems. 


3.2.1. IODZM and the Asian monsoons. Slingo and Anna- 
malai [2000] investigated the unusual response of the ISM 
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Figure 4. July-August composite of (a) precipitation and surface winds. Negative (positive) values are shaded (con- 
toured). The contour interval is 1 mm/day while the shading interval is 2mm/day. (b) Divergent winds at 1000 hPa. Ref- 
erence vector is shown in both panels. [from Annamalai et al., 2003]. 
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SST and Wind Stress Anomalies, Mode 1, 1950 - 2001 
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Plate 10. First and second modes of combined EOFs of Reynolds and Smith [1994] SST and NCEP reanalyses winds. 
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SST and Wind Stress Anomalies 
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Plate 11. Anomalies of Reynolds and Smith [1994] sea surface temperatures and NCEP reanalyses winds for Aug—Nov of 
2003 show a surface cooling off Java during boreal summer months which failed to grow into a fully coupled dipole/zonal 
mode. 


during the 1997-98 El Nifio. By analyzing observations and 
reanalysis products they concluded that the relatively pro- 
longed cooling of SST over the Maritime Continent and east- 
ern equatorial IO was able to generate changes in the local 
Hadley circulation such that the ISM was above normal. 
Behera et al. [1999] suggested that the abnormal ISM dur- 
ing 1994 was due to the strong IODZM. Ashok et al. [2001] 
extended this idea for other IODZM years. Figure 4 taken 
from Annamalai et al. [2003], shows the composites of anom- 
alous precipitation and surface winds during strong 
July—August of IODZM events. The negative precipitation 
anomalies in the eastern equatorial IO are surrounded by pos- 
itive precipitation anomalies along the entire monsoon trough, 
from the Indian sub-continent extending eastwards into the 
tropical northwest Pacific. The surface winds indicate that 
the convergence over the Bay of Bengal is due not only to the 
westerly anomalies but also due to southerly flow originat- 
ing off Sumatra. The inference from the Figure 4b is that the 
north-south heating gradient (precipitation) over the eastern 
IO favors a local meridional circulation [Gil/, 1980], which is 
important for transporting moisture towards the monsoon 
trough. Therefore, if IODZM events co-occur with E] Nifio 
then the regional coupled processes can counteract the remote 
suppressing effect of El Nifio on the ISM. On the other hand, 
the north-south circulation strengthens along-shore winds off 
Sumatra and therefore, the ISM too has a role in the stronger 
upwelling and in the intensity of IODZM events. 

Encouraged by the observed features, Annamalai and Liu 
[2004] carried out a series of AGCM experiments with 
ECHAMS to isolate the role of Pacific and IO SST anomalies 
on the ISM. Their results are broadly consistent with Lau 
and Nath [2000] in that the remote forcing from the Pacific 
dominates the ISM variability while the local forcing from 
the IO adds to the details in the ISM response in terms of 
precipitation anomalies over the Indian subcontinent. The 
authors note that prescribing SST anomalies associated with 
the IODZM events alone do not significantly influence the 
precipitation over the Indian subcontinent. Similar conclu- 
sions were arrived by Wu and Kirtman [2004] using the 
COLA AGCM. 

During the winter monsoon season, Rasmusson and Car- 
penter [1983] found a strong correlation between ENSO and 
Sri Lankan rainfall during October-December. However, 
employing correlation analyses with over a century long data, 
Zubair et al. [2003] conclude that the anomalous convergence 
associated with the warm SST anomalies over the western IO 
associated with the IODZM events strongly modulate the Sep- 
tember—December rainfall over Sri Lanka. The differing views 
in the studies of Rasmusson and Carpenter [1983] and Zubair 
et al. [2003] suggest the importance of separating ENSO- 
induced vs. IODZM-induced warm SST anomalies in the 
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western IO to clearly demonstrate the influence of IODZM on 
Sri Lankan rainfall. 

Despite the fact that observed correlations indicate IODZM 
possibly influences the ISM, it is unclear why AGCMs fails to 
simulate above normal rainfall when forced by IODZM SST 
anomalies. This may be related to the limitations in the sim- 
ulation of mean monsoon precipitation by the AGCMs or to 
the small “spatial scale” associated with the SST anomalies off 
Sumatra. On a positive note, results from these model exper- 
iments indicate that the SST anomalies over the IO are very 
effective when Pacific SST anomalies are also included. There- 
fore, the SST anomalies over the entire tropical Indo—Pacific 
region need to be considered for a realistic simulation of the 
intensity of the ISM. However, if the SST anomalies them- 
selves are influenced by the strength of the anomalous ISM 
then realistic coupled models are the only option for mon- 
soon prediction. 


3.2.2. IODZM and the East African monsoon, Birkett et al. 
[1999] suggested that the abnormal East African rainfall 
during fall 1997 that resulted in rapid rise in regional lake 
levels was due to IO SST. Black et al. [2003] examined in 
detail the role of IODZM on the African monsoon system 
during boreal fall. Their analysis focused separately on the 
rainfall variations over the equatorial region and the region 
slightly south of it, and they noted that the standard devia- 
tion of rainfall over the former region is twice as strong 
compared to the latter region (Figure 5). The SST anom- 
alies associated with heavy rainfall for both regions are 
shown in Plate 9 [from Black et al., 2003]. It is clear that high 
rainfall is associated with a warming of the western IO near 
the East African coast, and another robust signal is the cool- 
ing off the Sumatran and Australian coast. In addition, there 
is a pronounced warming in the equatorial Pacific. Of all 
the features, the SST anomalies off Sumatra show high sta- 
tistical significance (right panels in Plate 9). Despite the 
lack of robustness, it should be noted that the average SST 
anomaly over the Pacific is strongly positive, which sup- 
ports the hypothesis that El Nifio conditions are associated 
with high rainfall in equatorial Africa. In a similar study, 
Clark et al. [2003] also note that correlations of East African 
rainfall with IO SST are not only significant over the west- 
ern IO but also off Sumatra/Java in the eastern IO and they 
also find high simultaneous correlation between boreal fall 
East African rainfall and ENSO indices. 

Behera et al. [2003] analyze a long-run of a coupled model 
and conclude that the East African rainfall is largely influ- 
enced by IODZM. All the above studies are related to Has- 
tenrath et al. [1993], one of the original works to propose that 
the east-west SST gradient in the IO influences regional cli- 
mate over East Africa. 
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Figure 5. Time series of the seasonal mean rainfall anomaly for SON between 37.5°E and 41.25°E for (a) 2.5°S—2.5°N, 
and (b) 10°S-12.5°S. Black circles indicate missing data [from Black et al., 2003]. 


The effect of IO SST anomalies on the East African rainfall 
has been further demonstrated with the knowledge gained in 
recent years. Although encouraging, to what degree the IO 
SST anomalies that directly influence the East African rain- 
fall were driven by ENSO vs. local air-sea interactions remains 
an open issue. For example, what is intriguing is that the rain- 
fall during 1994, one of the strongest IODZM events, is not 
anomalous (Figure 5a). In addition, the effect of IODZM on 
the East African rainfall is asymmetric. In most positive 
IODZM events the rainfall is deficient (Figure 5a) while dur- 
ing negative IODZM years the relationship is not obvious 
[Slingo, 2004 personal communication]. As mentioned ear- 
lier in Section 2.3.2, more modeling studies are necessary to 
understand the influence (or lack thereof) of IODZM events 
on the East African monsoon rainfall. 


3.2.3. IODZM and the Indonesian—Australian rainfall. 
The importance of IO SST gradient on Indonesian rainfall 
variability can be inferred from the analyses of Reverdin 
et al. [1986] in the context of anomalous events in the IO, 
especially 1961. Hendon [2003] revisited the Indonesian 
rainfall variability in the context of the 1997/98 drought 
associated with the ENSO and IODZM events. The cooling 


in the eastern IO during the dry season grows and persists 
due to local air-sea interactions and ocean dynamics 
with remote ENSO forced winds acting to enhance the 
cooling. The zonal SST gradient in the IO is found to be 
related to ENSO and prominent in explaining the dry sea- 
son rainfall variability. Even during years when IODZM 
does not cause the strong cooling off Sumatra, ENSO related 
cooling due to heat flux anomalies still appears to drive 
similar interactions with Indonesian rainfall variability 
[Hendon, 2003]. 

Ashok et al. [2003] suggest through AGCM experiments 
that the anomalous anticyclonic circulation in the lower 
troposphere forced by cooling off Sumatra extends over 
much of the western Australia influencing the winter rain- 
fall anomalies there. Although the results of Ashok et al. 
[2003] are appealing, the observed July—August rainfall 
anomaly composite during IODZM events (Fig. 4a), how- 
ever, does not show appreciable rainfall anomalies over 
western Australia. Xie et al. [2002] showed that the SST 
variability off northwest Australia during boreal fall is 
primarily due to surface fluxes. From correlation analysis, 
the authors showed that the SST variability in this region 
is highly correlated with the SST variations off Sumatra 


associated with IODZM events. The possible role of 
the southeastern IO SST anomalies on the Australian sum- 
mer monsoon needs to be investigated. 


3.2.4. IODZM and global climate anomalies. Partial cor- 
relation techniques were used over a combination of obser- 
vational and reanalysis products to quantify the possible 
impacts of the IODZM on global climate. Behera and Yam- 
agata [2003] used partial correlation method and showed 
that IODZM can influence the Darwin pressure and there- 
fore ENSO. To understand such a possibility, Annamalai et 
al. [2004] conducted sensitivity experiments with an AGCM 
and a simple atmospheric model, the latter used to identify 
basic processes. Their model results showed that when basin- 
wide warm SST anomalies are present in the IO, an atmos- 
pheric Kelvin wave with easterly wind flow over the 
equatorial western—central Pacific is generated. The easterly 
wind anomalies then weaken the westerly anomalies asso- 
ciated with El Nifio. In contrast, during IODZM years the 
east-west contrast in SST and convective anomalies does not 
generate a significant Kelvin-wave response, and there is lit- 
tle effect on the El Nifio-induced westerlies. Based on the 
model and observational results the authors concluded that 
the strength of El Nifio is amplified during IODZM years. 

The heating anomalies associated with above normal ISM 
force descending long Rossby waves to the west over the 
Mediterranean [Rodwell and Hoskins, 1996]. Recognizing 
the observational fact that IODZM influences ISM, Guan and 
Yamagata [2003] suggest that the indirect forcing through 
modulation of the wave-guide over Sahara region were respon- 
sible for the hot and dry summer of 1994 over East Asia. On 
the other hand, Park and Schubert [1997] use assimilated 
model products to conclude that the anomalous circulation 
and the 1994 summer drought over East Asia were mainly 
driven by orographic forcing associated with the zonal wind 
changes over the Tibetan plateau. This alternate explanation 
indicates that further studies are required before any conclu- 
sions can be drawn about the role of IODZM in forcing anom- 
alous summer conditions over East Asia. 

Saji and Yamagata [2003] find large partial correlations 
between land temperatures and IODZM events from South 
Africa and South America to North America and Europe, 
from Papua New Guinea to Iran, mostly during boreal sum- 
mer and fall seasons. Partial correlation techniques do allow 
extraction of causalities but the processes responsible for the 
teleconnection between IODZM and global climate remain 
to be explored and documented. For example, the theories 
proposed by Hoskins and Karoly [1981] and Simmons et al. 
[1983] are fundamental for explaining the observed correla- 
tions between ENSO and North American climate. These were 
further substantiated by AGCM experiments [e.g., Shukla and 
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Wallace, 1983]. Similar idealized modeling studies should be 
carried out to understand the processes involved in the possible 
impact of IODZM on global climate anomalies. 


4, OUTSTANDING ISSUES 


Much of the 1980s were dominated by extensive invest- 
ments in the tropical Pacific to understand and forecast the 
ENSO phenomenon [e.g., McPhaden et al., 1998]. One of 
the achievements under the auspices of TOGA includes the suc- 
cessful ENSO forecasts with simple coupled models, which 
led Cane [1991] to claim that ENSO was a simple, robust 
and large-scale phenomenon. However, no such claim can be 
made about any aspect of the IO sector climate variability, 
especially the monsoons or the IODZM. In this section, we 
summarize the most important scientific issues that need to be 
addressed in the future to advance our knowledge on the role 
of IO on regional climate variability. 


4.1. Separable and Non-separable SST Signals 


The exact processes by which ENSO events modulate the 
IO SST can only be studied in models since in the real world, 
local variability often co-occurs making it difficult to separate 
the remote forcing form the local forcing. In doing so, the 
ENSO related wind anomalies versus the ENSO induced heat 
flux anomalies remain the most difficult to quantify since 
most models remain deficient in simultaneously capturing 
the monsoon—ENSO correlations in terms of wind and radia- 
tive forcing [e.g., Lau and Nath, 2003]. 

In a statistical sense, the combined EOFs of observed SST 
and reanalysis winds capture the wind driven SST variability 
in the IO. The first EOF (Plate 10) explains nearly 21% of 
the combined variance and the SST pattern depicts a basin 
wide mode with a local maximum in loading near 10°S, 60°E 
which is a region of domed thermocline. The wind patterns 
capture the alongshore component off Java and Sumatra. Note 
that the correlation of PC1 with SOI is 0.53 (significant at 
the 99% level) with SOI leading by 3 months. 

The second combined EOF explains nearly 10% of the vari- 
ance and the SST shows a east—west pattern with strong along- 
shore winds in the eastern IO. The peaks in the time-series 
clearly capture the 1961, 1994, and 1997 events. The corre- 
lation of PC2 with SOI is—0.42 still significant at 95% level 
but with the SOI lagging by 1 month. This mode obviously cap- 
tures the intrinsic IO mode, namely the IODZM. It is rather 
intriguing to note that both EOFs, independent of each other 
in a statistical sense, capture wind variability off Sumatra and 
Java, and their PCs have significant correlation with SOI. The 
message is that it is not always easy or possible to separate 
ENSO forced variability especially when remotely induced 


236 INDIAN OCEAN AND CLIMATE 


anomalies can generate local feedbacks. Sustained observations 
such as moored buoys may provide opportunities to design 
process studies around them based on ENSO forecasts so that 
wind and heat flux variabilities in the IO can be recorded in 
detail during an ENSO cycle. Careful experiments with cou- 
pled models need to be carried out to determine the effect of 
remote forcing on local feedbacks. 


4.2. Need for Accurate Measurements of Indian Ocean SST 


The greatest challenge in the IO sector is to be able to cap- 
ture the anomalous variability of SST that is at present in the 
range of observational errors at all time-scales. A detailed 
comparison of the NCEP-NCAR and ECMWF reanalysis 
products demonstrates that the reanalysis products have sys- 
tematic errors over the tropical IO during the ISM season 
[Annamalai et al., 1999]. The primary reason is that the trop- 
ical IO is a data void region and therefore the analyses depend 
heavily on the first guess supplied by the forecast model; this 
in turn will be sensitive to the diabatic heating distribution 
produced by the physical parameterizations used in the model. 
In this subsection we highlight the pressing need for accu- 
rate measurements of SST over the IO for better representa- 
tion of the mean and variability of the monsoon systems. 

Most AGCMs fail to simulate the observed precipitation 
maximum over the Bay of Bengal. The dynamics and ther- 
modynamics of the Bay of Bengal are only beginning to be 
understood at intraseasonal and longer time-scales. It is clear 
that this region is remarkably different in terms of surface 
fluxes and oceanic structure and response from the western 
Pacific warm pool region despite many similarities. Intense 
field experiments similar to those like TOGA—COARE can be 
applied to the Bay of Bengal to understand role of surface 
fluxes and convective parameterizations that could improve the 
simulation of the mean monsoon. The new experiment 
ARMEX (Arabian Sea Monsoon Experiment) will shed insight 
into the air—sea processes that control the precipitation max- 
imum off the west coast of India. Such field studies should be 
given top priority so that the data gathered can easily be trans- 
lated into state variables represented in predictive models 

Simple and complex atmospheric modeling studies demon- 
strate that local SST anomalies over the eastern IO and Mar- 
itime Continent are the primary factors in determining the 
local precipitation anomalies during boreal summer and fall, 
when IODZM events are expected to influence regional climate 
variability. The SST and subsurface variability over the east- 
ern IO need to be carefully monitored to evaluate the growth 
and intensification of IODZM events. In addition, accurate 
measurements of SST over the equatorial western IO will 
benefit the prediction of East African rainfall. This will require 
the extension of TAO array into the equatorial IO. 


The role of the annual cycle of wind stress curl and ther- 
mocline doming in the Southern tropical IO has been noted 
repeatedly as discussed in the previous sections (Plates 1 and 
5). As in the eastern IO, the SWIO experiences large interan- 
nual variability in thermocline and SST, and subsequently in 
convection and in the number of tropical cyclone days. Recent 
simple atmospheric modeling studies indicate that the circu- 
lation anomalies forced by SWIO convective anomalies mod- 
ulate the tropical West Pacific convective anomalies during 
boreal winter [Watanabe and Jin, 2002, 2003]. Apart from 
the interannual oceanic Rossby waves, the thermocline and 
SST variability in SWIO is most likely related to the ITF vari- 
ability at all timescales. Therefore, sustained efforts are nec- 
essary to measure and monitor surface and subsurface 
variability over the SWIO. 

Even if the seasonal mean rainfall over India is normal, 
the unusual space-time evolution of the monsoon within the 
season can cause hardships to agriculture. Therefore, under- 
standing and predicting the space-time evolution of the ISM 
is paramount. The recent knowledge gained clearly indicates 
an active role of SST for monsoon intraseasonal variability 
[Webster et al., 2002]. The need for new data was easily jus- 
tified leading to more recent observational studies such as 
BOBMEX and JASMINE [Bhat et al., 2001; Webster et al., 
2002] that clearly demonstrate the importance and useful- 
ness of monitoring the ocean-atmosphere conditions over 
the tropical IO in understanding the various phases of the 
monsoon. The recent availability of satellite based SST obser- 
vations from TRMM (Tropical Rain Measuring Mission) 
Microwave Imager (TMI) has provided a unique opportunity 
to quantify the SST variations at ISO timescales. Since the 
SST variations lead the variations in atmospheric convection 
by about 10 days on average, monitoring and measuring the 
SST accurately over the Bay of Bengal will offer a predictive 
skill on the intraseasonal variability of the ISM. 

During the ISM season westward propagating synoptic 
disturbances known as monsoon depressions are the main 
rain-bearing systems. Most of the monsoon depressions form 
and intensify over the Bay of Bengal and to a certain degree 
their genesis is modulated by the phase of the intraseasonal 
variability. It was learned from MONEX-—79 that warm SST 
and high heat contents in the Bay of Bengal provided the 
necessary conditions for the genesis of low-pressure sys- 
tems and monsoon depressions [Rao, 1987]. After the pas- 
sage of these systems, the SST was cooled by 0.2°C to 3°C, 
depending on the strength of these events. Since the tem- 
poral sampling of SST by space—borne sensors is not fre- 
quent enough, continuous monitoring by buoys are necessary. 
The role of the diurnal cycle of the oceanic mixed layer in 
determining SST variability at ISO time scales and the rec- 
tification of lower frequencies by the diurnal cycle are poten- 


tially important for understanding the role of air—sea inter- 
actions in regional atmospheric convection. Moored arrays 
in the IO can help us understand the diurnal cycle in the 
upper ocean. In summary, more meticulous observational 
efforts, by both in-situ and space-borne sensors, will likely 
be transferred to improve monsoon forecasts, particularly 
at intraseasonal timescales. 

Comparison of in-situ and satellite-derived SST products 
such as Reynolds and Smith [1994] can differ by several 
degrees at ISO time-scales pointing to the need for sustained 
coverage by instruments such as the TMI at high spatial and 
temporal resolution. Reynolds and Smith [1994] remains the 
most popular SST dataset for most AGCM studies and this 
product may potentially be improved substantially with TMI- 
quality products in the future since extensive spatial cover- 
age can only be accomplished with remote sensing platforms. 


4.3. Process Studies Using Ocean Model to Understand 
SST Variability 


The coupled dynamics in the IO differ significantly from that 
in the equatorial Pacific. In this subsection, we present some 
issues that can be addressed by ocean models to improve our 
knowledge of the role of IO in regional climate variability. 

Ocean models can also quantify the oceanic mass and heat 
budgets associated with strong and weak monsoons. The 
mechanisms of transporting waters across the equator are only 
beginning to be addressed in models. The subsurface and sur- 
face variability during strong and weak monsoons may have 
a direct bearing on the TBO in the region. For example, dur- 
ing the period 19772002 the observed JSM has a strong bien- 
nial component while ENSO is dominated by a low-frequency 
(4-5 years) component. In addition, more frequent IODZM 
events developed during 1977-2002. Carefully designed ocean 
model experiments can possibly reveal the memory required 
for the TBO signal in the IO sector during this period. 

Stand-alone ocean models can address several issues such 
as the role of the ITF in the variability of the IO at all time- 
scales. The Southern IO has a gyre structure that is unique 
compared to the Atlantic and Pacific southern gyres since the 
South Equatorial Current in the IO is never a part of the equa- 
torial current system. The injection of the ITF occurs into this 
gyre and may modulate the low-frequency variability of the 
gyres. With the availability of atmospheric reanalysis and 
multidecadal flux products, it has become routine to carry 
out long simulations of the IO. At this juncture, it is important 
to analyze the ocean model simulations carefully to deter- 
mine if the decadal and longer time-scale variability in the 
IO is crucially dependent on the Pacific through the ITF and 
if so, what is the best way to model the impact of the ITF on 
the IO. The basin scale impacts of the ITF have typically been 
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studied in model simulations with the ITF closed [Hirst and 
Godfrey, 1993; Schneider, 1998; Wajsowicz and Schneider, 
2001]. The role of the heat carried in via the ITF into the IO 
on regional climate variability remains to be fully understood. 

Satellite based SST measurements reveal that at ISO time 
scales, the peak to peak amplitude of SST over the Bay of 
Bengal can be as large as 3°C. However, the SST variability 
at ISO time scales is largely a response to atmospheric wind 
forcing and it is unclear what effects are manifested on the 
oceanic processes. As pointed out by Webster et al. [2002] 
and Waliser et al. [2003], heat transports and currents dis- 
play significant intraseasonal variability and yet no direct 
impact on SST has been quantified other than inferential con- 
nections. Fate of the freshwater input into the Bay of Bengal 
during the ISM season and its impact on the upper ocean 
hydrological cycle has to be revisited especially in terms of its 
impact on air—sea interactions at intraseasonal time-scales. 

Ocean modelers lag far behind the atmospheric modelers 
in intercomparison studies that have proven to be instru- 
mental in focusing community efforts in improving AGCMs 
[e.g., Slingo et al., 1996; Sperber and Palmer, 1996; Gadgil 
and Sajani, 1998]. The need for multiple surface fluxes to 
force ocean models is a great inhibitor of ocean model inter- 
comparison studies but these issues must be addressed if real 
progress is to be made in understanding the role of the IO 
in regional climate variability. As discussed in Section 2, 
numerous observational and modeling evidence exist point- 
ing to the role of IO heat content variability in regional cli- 
mate variability including the TBO. However, no systematic 
studies exist to consistently connect heat content anomalies 
to SST anomalies. 


4.4. Atmospheric Model Studies Over the Indian Ocean 


The large interannual SST anomalies over the eastern and 
southwestern IO (Plate 1a) exert substantial influence on the 
local precipitation anomalies. Over the open oceans the pre- 
cipitation anomalies are inherently tied to local SST anomalies 
and less sensitive to changes in atmospheric initial conditions 
[Charney and Shukla, 1981]. Farrara et al. [2000] forced 
their AGCM with the boreal winter IO SST anomalies asso- 
ciated with the 1997/98 El Nifio and noted the generation of 
a Rossby-wave source over East Asia. Continued efforts to 
perform sensitivity experiments with AGCMs that have real- 
istic climatology will reveal the importance of these large IO 
SST anomalies on the atmosphere, local and remote. A suf- 
ficiently large ensemble member is needed to assess the sim- 
ulated precipitation to changes in atmospheric initial 
conditions. Since ocean dynamics is involved in the SST vari- 
ations over the eastern and southwestern IO (Plate 1b) realistic 
ocean models can be used to predict the SST which in turn can 
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be used in AGCMs to predict the seasonal climate over the IO. 
If this feasibility is demonstrated then one can hope for dynam- 
ical seasonal prediction of climate over the IO. 

More AGCM experiments need to be carried out to under- 
stand why the East African rainfall anomalies are sensitive 
to only one phase of the IODZM events. In addition, the 
observed correlations between monsoon variations and ENSO 
have changed sign and/or have become insignificant after the 
1976-77 climate shift in the Pacific. Systematic AGCM stud- 
ies are required to understand the possible role of local SST 
anomalies in the monsoon variations after the Pacific climate 
shift. Sensitivity experiments with simple atmospheric mod- 
els forced either with SST or diabatic heating anomalies need 
to be conducted to understand the basic dynamics involved in 
the teleconnections, particularly for the SST anomalies asso- 
ciated with the IODZM. 

Inter-comparison of simulated winter time MJOs in AGCMs 
revealed the importance of the oceanic contribution in the 
life cycle of MJOs [e.g. Slingo et al., 1996]. Such a system- 
atic effort to inter-compare summer time intraseasonal vari- 
ability is beginning to be considered. The SST anomalies at 
intraseasonal timescales play an important role in the initia- 
tion of convection in the equatorial western IO during sum- 
mer and winter. To understand the possible role of SST 
anomalies in the life-cycle of monsoon intraseasonal vari- 
ability diagnostics have to be performed in stand-alone 
AGCMs and in their coupled versions. Careful experiments 
need to be carried out to pin down whether the coupling or the 
changes in the basic state improve the simulation of mon- 
soon intraseaseal variability. Modeling studies are necessary 
to understand the processes responsible for the lead/lag rela- 
tionship between SST and convection at intraseasonal 
timescales. Since the vertical structure of the atmospheric 
heating determines the vertical structure of the atmospheric 
circulation, it is very important to design model experiments 
to understand the role of intraseasonal SST on atmospheric 
convection and on the vertical structure of divergence, mois- 
ture and vertical motion. 


4.5. Modeling the Modes of Variability in the Indian Ocean 


The recent attention to the IO based on IODZM variability 
has led to numerous modeling studies. However, even when 
the coupled models generate IODZM-like variability, they 
are not always accompanied by realistic monsoon and/or 
ENSO variability and in particular, the mean thermocline in 
the EEIO simulated by most of the coupled models is unre- 
alistic. More stringent and careful experiments need to be 
done in each component of the coupled models before strong 
claims such as “IODZM is independent of ENSO” can be 
made. A coupled model intercomparison focused on IODZM 


may be called for if more events such as those during 1994 and 
1997 occur in the coming years. We outline a few problems that 
could be addressed by the modeling community. 

One basic problem in most models is that the annual cycle 
of precipitation over the eastern IO is solely determined by the 
annual cycle in local SST. This results in an unrealistic sim- 
ulation of precipitation over the eastern and western IO. The 
resulting precipitation gradient drives mean easterlies in the 
equatorial IO during boreal fall that subsequently result in a 
much shallow mean thermocline in the coupled models. In 
contrast, in observations the SST—convection relationship in 
the eastern IO is out-of-phase in the annual cycle [Annamalai 
et al., 2003]. Careful experiments with AGCMs need to be 
first conducted to understand what processes control the 
annual cycle in precipitation over this very important region 
for IODZM events. 

Unlike the equatorial eastern Pacific, the mean thermocline 
in the eastern IO is deep. Yet, subsurface oceanic processes 
play an active role during strong IODZM events. Observa- 
tions indicate strong IODZM events are clustered in certain 
decades with a preferred quasi-biennial tendency. Some 
IODZM events co-occur with ENSO while others do not. 
The following relevant questions can be addressed with real- 
istic ocean models: (i) What is the role of oceanic Kelvin 
and Rossby-waves during the life-cycle of an IODZM event?, 
(ii) What is the role of the spring Wyrkti Jet in the initia- 
tion of an IODZM?, (iii) Why are strong IODZM events 
clustered in certain decades and what controls the quasi- 
biennial tendency?, and (iv) What oceanic processes con- 
trol the SST variability over the equatorial western IO in 
the neighborhood of 50°E, 0°N (Plate 1a)?. 

Simple hybrid coupled models which proved enormously 
useful for understanding all aspects of ENSO variability could 
be constructed for the IODZM if the monsoon variability in 
the region can be represented appropriately in terms of their 
feedbacks to IODZM. The basic questions about the self-sus- 
tainability of IODZM in-light of its apparent episodic nature 
or its other possible incarnations such as the TBO may be 
better understood based on simpler process oriented models 
[e.g., Li et al., 2003]. 

The role of the IO in ENSO variability continues to be 
investigated since the early works of Barnett [1983] and Ander- 
son and McCreary [1985] using more sophisticated coupled 
ocean—atmosphere models [e.g., Nagai et al., 1995; Yu et al., 
2002; Wu and Kirtman, 2003; Annamalai et al., 2004]. The 
conclusion of the studies points to an interactive role for the 
IO with a stronger and more realistic ENSO when the coupling 
in the IO is explicitly represented. Apart from the direct impact 
of IO SST on the Pacific, potential impacts could also occur 
via the monsoon [Kirtman and Shukla, 2000; Goswami and 
Jayevelu 2001]. Landsea and Knaff [2000] presented limita- 


tions of the state-of-art coupled models in predicting the inten- 
sity of the 1997-98 El Nifio. The inference that strong IODZM 
events influence the ISM and the equatorial wind over the 
central Pacific suggests that a proper representation of IO 
SST anomalies in coupled models will contribute to a more 
realistic simulation of ENSO and therefore the global climate 
variability. Existing coupled model runs need to be exam- 
ined to determine if the intensity of ENSO is stronger or not 
during IODZM events. One could further address questions 
such as: Does the realistic simulation of IODZM in coupled 
models lead to better ENSO-—monsoon correlations? 

Rather appropriately, at the time of this writing, the IO 
underwent significant cooling off the coasts of Java and Suma- 
tra during the boreal summer months of 2003. Even as claims 
were being made about the arrival of another IODZM event, 
the cold SST anomalies dissipated by the end of September 
2003 (see Plate 11). The Pacific started out with a La Nifia- 
like precursors followed by predictions of an impending La 
Nifia but by the end of 2003, the NINO3 index was near neu- 
tral to slightly warm. Obviously, we still lack complete under- 
standing of the processes involved in the growth of the IODZM 
events. The cooling of 2003 can at best be classified as a weak 
event according to the definition of Annamalai et al. [2003]. 


5. CONCLUDING REMARKS 


A fairly comprehensive review of the published literature on 
the role of the IO in regional climate variability has been 
attempted. It is clear that despite a lack of coordinated obser- 
vational and modeling attempts to quantify the role of the IO 
in the coupled climate variability, the predictive understand- 
ing has made considerable progress in the past decade as a 
result of the recognition of monsoons as an integral part of the 
ENSO cycle. Despite very focused efforts towards ENSO pre- 
diction over the last decade or so, many issues remain in the 
understanding and prediction of the ENSO cycle. Monsoon 
prediction attempts can be traced back to more than a cen- 
tury, yet the dynamic prediction of the monsoon is in various 
stages of development with much of the gain having been 
accomplished as an ENSO teleconnected climate process. It 
has become more and more evident that the earlier conjec- 
tures on the role of the intraseasonal variability in determin- 
ing the seasonal mean monsoons have been confirmed by 
more recent observational and modeling activities. 

Despite the enormity of the task of accurately modeling 
and predicting intraseasonal to interannual variability in the 
IO region as a coupled system, the convergence of ideas on 
observational and modeling requirements for achieving such 
a goal provides hope for future success. With observational sys- 
tems such as Argo and Atlas/Triton buoys achieving their crit- 
ical mass in the IO, the knowledge of IO variability and its role 
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in regional climate variability will improve greatly. The need 
for understanding the intrinsic variability as opposed to [O 
response to ENSO will lead to significant progress towards 
monsoon forecasts especially in terms of improving forecasts 
at intraseasonal time-scales. With the growth of the observa- 
tional database in the coming years, it is hoped that our under- 
standing of the IO variability will improve at all spatial and 
time-scales. We look forward to the future with great expec- 
tations that more attention will be paid in understanding the 
10 climate variability. 
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It is shown that interannual variations in Indian continental rainfall during the south- 


west monsoon can be usefully represented by two regional rainfall indices. Indian 
rainfall is concentrated in two regions, each with strong mean and variance in pre- 
cipitation: the Western Ghats (WG) and the Ganges-Mahanadi Basin (GB) region. 
Interannual variability of rainfall averaged over each of the two regions (WG and 
GB) is uncorrelated; however, the rainfall over these two regions together explains 
90% of the interannual variance of All-India rainfall (AIR). The lack of correlation 
between WG and GB rainfall suggests that different mechanisms may account for 
their variability. During the period 1982-2001, rainfall variability over each of these 
two regions exhibits distinct relationships to Indian Ocean SST: warm SSTA over the 
western Arabian Sea at the monsoon onset is associated with increased WG rainfall 
(r = 0.77), while cool SSTA off of Java and Sumatra is associated with increased GB 
rainfall (r = -0.55). The connection between SSTA and AIR is considerably weaker, and 
represents the superposition of that associated with each region. We find the rela- 
tionship with WG rainfall is robust, while that with GB results from a single excep- 
tional year. Each region also exhibits distinct relationships to E] Nifio SSTA indices. 


1, INTRODUCTION 


The southwest monsoon provides most of the annual rain- 
fall in India. This monsoon exhibits non-trivial variability of 
precipitation over India on interannual timescales [Shukla, 
1976; Webster et al., 1998]. This variability has a profound 
effect on Indian economic and agricultural output, and impacts 
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strongly the over 1 billion people in the region [Mooley et al., 
1981; Parthasarathy et al., 1988a; Webster et al., 1998]. Pre- 
dicting the variability of annual rainfall over India has been a 
goal for the climate community for decades. 

Much work on Indian continental precipitation has focused 
on large-scale indicators of interannual rainfall variability, 
often the total over India [Shukla, 1976; Parthasarathy et al., 
1988b, 1992]. A commonly used index is the area-weighted 
integral of the rainfall measured by a national network of rain 
gauges, usually referred to as “All-India Rainfall” (AIR), 
records of which exist into the nineteenth century. Integrated 
indices of Indian continental precipitation have been found 
to connect with a variety of Indian economic and agricultural 
indicators [Mooley et al., 1981; Parthasarathy et al., 1988a; 
Webster et al., 1998]. 
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Using subdivisional Indian rainfall data [Parthasarathy et 
al., 1995], it has been established that there is considerable spa- 
tial structure to rainfall variability over India. Interannual and 
decadal variability, as well as long-term trends, in Indian rain- 
fall have been found to exhibit significant spatial variability 
[Parthasarathy, 1984; Rassmusson and Carpenter, 1983; 
Shukla 1987; Subbaramayya and Naidu, 1992; Gadgil et al., 
1993]. Also, the relationships between Indian continental rain- 
fall variability and large-scale climate parameters have been 
found to be spatially variable [Mooley and Parsarathy, 1983, 
1984; Parthasarathy and Pant, 1984; Mooley at al., 1986; 
Parthasarathy et al., 1990, 1991]. 

We here show that interannual variability of total Indian 
rainfall can be described effectively using indices of vari- 
ability over two distinct regions. The time series of averages 
over the regions are uncorrelated to each other. Their sum 
explains a large fraction of All-India rainfall variability— 
90% of the variance over the past 23 years. The first region 
encompasses the Western Ghats coastal region and the other 
the Ganges and Mahanadi River Basins. That rainfall anom- 
alies over the two regions are uncorrelated suggests that dif- 
ferent processes may account for the interannual variability of 
precipitation in each region. We find significant and distinct 
simultaneous and leading sea surface temperature anomaly 
(SSTA) patterns associated with each regional index. However, 
we are unable to find similarly large-scale connections to All- 
India Rainfall. 

In the following Section we describe the datasets used in this 
analysis. In Section 3 we present our parsing of Indian pre- 
cipitation into the two regional Indices. In Section 4 we 
describe the correlations between the regional precipitation 
indices and Indian Ocean SSTA. Section 5 offers a summary 
of the results and discussion of their implications. 


2. DATA AND METHODS 


We use the Reynolds/NCEP Version 2 weekly 1°x1° opti- 
mally interpolated SST product [Reynolds and Smith, 1994; 
Reynolds et al., 2002]. A monthly climatology of SST was 
generated by averaging, 1982 through 2001; anomalies were 
computed from this monthly climatology. Though EOF-based 
reconstructions of SST extending to the beginning of the cen- 
tury are available, we restrict our analysis of SSTs to the 20- 
year period 1982-2001, because from 1982 onwards there is 
a relative homogeneity of the data sources (satellites and in situ) 
and the analysis techniques for the gridded dataset. 

We use the pentad CPC Merged Analysis of Precipitation 
(CMAP) on a global 2.5°x2.5° grid, which combines satel- 
lite estimates of precipitation with in situ rain gauge meas- 
urements [Xie and Arkin, 1996, 1997; available online from 
NOAA/CIRES/CDC at http://cde.noaa.gov/]. Two monthly 


climatologies of precipitation were generated by averaging, 
based on the years 1979 through 2001, and 1982 through 
2001; anomalies were computed from these monthly clima- 
tologies. Each climatology is applied depending on the time- 
period being considered; for example, in analyses spanning 
1979-2001, the 1979 through 2001 climatology was used. 

We remove the trend and long-term mean from SST and 
precipitation anomaly data prior to our analysis. The trends are 
significant, over the period 1982-2001 SSTA warmed by an 
average of 0.2-0.6°C over most of the Indian Ocean (except 
for the southwest Indian Ocean, which cooled by 0.2-0.4°C); 
these trends represent between 50% and 250% of the local 
standard deviation of monthly mean SSTA. The trends in 
Indian precipitation are more modest, with a general tendency 
for drying of 0.2-0.8 mm day" for the 20 year period (1982- 
2001); these trends represent 20%-60% of the standard devi- 
ation of the local monthly mean precipitation anomaly. The 
inclusion or removal of the trends impacts our principal results 
only in detail, and not in substance. 

To confirm the robustness of our analysis of the spatial 
structure of Indian rainfall we use rain gauge-based datasets 
with a considerably longer record than that of CMAP. 
We use a global gridded rain gauge-based, land precip- 
itation dataset [Hulme, 1992, 1994; Hulme et al., 1998; 
data are available online from Dr. Mike Hulme at 
http://www.cru.uea.ac.uk/~mikeh/datasets/global), on a 
monthly, 5° x 5° grid, from 1900 through 1998. We also make 
use of the seasonal 1871-2000 rain-gauge based sub-divi- 
sional Indian rainfall dataset produced at the Indian 
Institute of Tropical Meteorology by Dr. B. Parthasarathy 
[Parthasarathy et al., 1995; data are available online at 
http://grads.iges.org/india/partha.subdiv.html] we refer to this 
data as Parth95. 


3. STRUCTURE OF INDIAN RAINFALL 


We performed a grid-box by grid-box analysis of the CMAP 
precipitation anomalies of Indian precipitation, and found 
that it is dominated by two regions of high mean and inter- 
annual variance in southwest monsoon (June-September) pre- 
cipitation. We develop two regional-average indices, and find 
that they are uncorrelated to each other. Their sum is correlated 
with All-India Rainfall (AIR) at 0.95 over the period 1979- 
2001, and at 0.88 over the period 1900-1998. 

Plate 1 shows maps of the mean (Plate 1a) and the stan- 
dard deviation (Plate 1b,c) of the monthly mean anomalies 
of SW monsoon land precipitation anomalies from the CMAP 
dataset. In each panel of Plate 1 we indicate the two regions 
which will be used to generate precipitation indices. Plate 1c 
shows the actual grid cells that are used to construct the land 
precipitation indices. There are two primary regions of strong 
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Plate 1. Filled maps of the (a) mean CMAP precipitation over June-September, (b) standard deviation of the June-September 
monthly-mean CMAP precipitation anomaly. Shaded map (c) of the standard deviation of monthly-mean June-September 
CMAP precipitation anomaly, indicating the actual grid-cells used in the computation of the indices. The figures are based 
on the 1979-2001 CMAP precipitation data. Units are mm/day. 
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Plate 2. Shaded maps of the correlation coefficient of the mean June-September CMAP precipitation anomaly in each land 
grid-cell with mean June-September precipitation anomaly at (a) (76.25°E, 13.75°N) and (b) (81.25°E, 23.75°N). Corre- 
lations are based on the 1979-2001 CMAP data, only values greater than 0.4 are shaded (representing statistical signifi- 
cance at the 92.5% level). In each panel the areas that are used to define the regional indices are indicated by black boxes. 
Notice that the precipitation anomalies are correlated only locally within each region. 
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precipitation and strong precipitation variability: the Western 
Ghats, and the Ganges and Mahanadi River Basins. The West- 
ern Ghats have the strongest mean and variability in precipi- 
tation, concentrated along the coast west of the Western Ghat 
Mountains. The Ganges-Mahanadi Basin has strong mean 
and variability extending inland from the Bay of Bengal. 

To explore relationships between the two regions we com- 
pute the correlation between mean SW monsoon anomaly at 
each CMAP grid box in South Asia and the precipitation 
anomaly at points in each region, examples are shown in Plate 
2a-b. The mean SW monsoon precipitation anomaly for points 
within each region is significantly correlated (at the 95% 
level) with that of the other points within the region, but not 
between the regions. Because the precipitation variability is 
locally coherent in each region, it is sensible to define regional 
precipitation indices. The Western Ghats Index (WGI) is 


1(1979-2001) = 0.20 
r(excluding 1980) = 0.08 


defined as the spatial average of continental precipitation 
anomaly in the region (72.5°E-77.5°E, 7.5°N-20°N), and the 
Ganges-Mahanadi Basin Index (GBI) is defined as the spatially 
averaged continental precipitation anomaly over the region 
(77.5°E-87.5°E, 20°N-27.5°N). We define our All-India Rain- 
fall Index as the precipitation anomaly averaged over all the 
grid cells shown in Figure Ic. 

Figure 1a shows time series of the mean WGI and GBI dur- 
ing the SW monsoon. The two indices are not correlated; for 
the 23-year period, 1979-2001, the correlation coefficient 
between the two regional indices is 0.2, which is not statisti- 
cally significant even at the 85% level. Further, if the year 
1980 is removed from the analysis, the correlation between the 
two time series is 0.08; thus the small nominally-positive cor- 
relation between the two time series arises principally from one 
extreme year. Each regional index is significantly and positively 
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Figure 1. (a) Time series of the mean CMAP June-September precipitation anomaly over the two regions: Ganges- 
Mahanadi Basin (black line) and Western Ghats (gray line). (b) Time series of the mean CMAP June-September precipi- 
tation anomaly over All-India (black line), the average of GBI and WGI (gray line), and the Parthasarathy et al. [1995] AIRI 
(thin line). (c) Time series of the mean Parthasarathy et al. [1995] AIRI (black line) and the average of GBI and WGI (gray 
line). Units are mm/day. Correlation coefficients between the time series are indicated in the panels. 


correlated with AIRI; the correlation between WGI and AIRI 
is 0.76 and between GBI and AIRI it is 0.72. 

Figure 1b shows time series of the AIRI and of the aver- 
age of the two regional indices. The sum of these two inde- 
pendent regional indices explains 90% of the interannual 
variance of Indian subcontinent precipitation in the CMAP 
precipitation dataset. This relationship is not altogether sur- 
prising, since GBI and WGI represent the two regions of 
largest mean and variability in Indian rainfall, and they are 
uncorrelated. Moderate changes in the definition of the regions 
affects only the details of the results. 

Extrema in All-India rainfall result sometimes from one 
index or the other, and sometimes by a combination of the 
two. For example, the years 1984-86 showed negative pre- 
cipitation over All-India; however, all of India wasn’t dry: 
while the Western Ghats were extremely dry, the Ganges- 
Mahanadi Basin was close to normal. In 1988, All-India indi- 
cates a wetter than normal year, which is made up principally 
of enhanced precipitation over the Western Ghats; the Ganges- 
Mahanadi Basin was drier than normal. In 1994 the All-India 
signal is dominated by the extreme precipitation anomaly in 
the Ganges-Mahanadi Basin. The converse occurs in 1997- 
98, which was wetter in the Western Ghats but near-normal in 
the Ganges-Mahanadi Basin. And sometimes the precipita- 
tion anomalies in both regions are in phase, such as 1980- 
1981 (wet), 1986-1987 (dry) and 2000 (dry). 

The CMAP dataset is based on both satellite and rain gauge 
estimates of precipitation, and thus spans only the period 
1979-present. To confirm that the results based on the recent 
decades were evident in the past century, we used the Hulme 
gridded precipitation (HGP) dataset over the period 1900- 
1998. Again, there are two variance and mean precipitation 
maxima in the Indian subcontinent, corresponding well with 
those found in CMAP. Further, the correlation coefficient 
between the two regional indices (defined as above, but com- 
puted using the HGP data) is 0.15, which is not statistically sig- 
nificant at the 90% level, and the correlation of the average of 
the two indices with AIRI is 0.88. Thus, over the entire 20th 
century the two regional indices are uncorrelated, and explain 
a large part of the variance of AIRI. 

The Indian sub-divisional rainfall data of (Parth95) is one 
of the most commonly used in studies of Indian monsoon 
variability, thus it is of interest to see how it compares with the 
CMAP rainfall data. The AIRI index computed from the 
Parth95 data is shown in Figure 1b over the period 1979-2000, 
for comparison with the CMAP estimate. The disagreement 
over the period 1979-1981 between the two estimates of AIRI 
is quite striking, but the two time series follow each other rel- 
atively well over the post-1981 period—with correlation coef- 
ficient of 0.76. The differences between the two estimates of 
continental rainfall may arise from any of a variety of (non- 
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exclusive) factors, including the relatively coarse grid of the 
CMAP data, the distribution of the rain gauges in the net- 
work, or the CMAP algorithm. 

Though the temporal evolution of the indices differs in the 
Parth95 and the CMAP data, the spatial parsing seen in the 
CMAP data is evident in the Parth95 data. There are two spa- 
tial maxima in the Parth95 JJAS rainfall and rainfall vari- 
ability, one in the Western Ghats and the other in the 
Ganges-Mahanadi Basin. We generate indices for the Western 
Ghats and Ganges-Mahanadi Basin regions using the Parth95 
data. The Parth95 rainfall WGI is computed as the area- 
weighted sum of rainfall in: Konkan; Madhya Mharashtra; 
Marathawada; Coastal, Northern Interior and Southern Inte- 
rior Karnataka; and Kerala sub-divisions. The Parth95 rainfall 
GBI is computed as the area-weighted sum of rainfall in: 
Orissa, Bihar Plateau, Bihar Plains, East Uttar Pradesh and East 
Madhya Pradesh sub-divisions. The regional indices com- 
puted from CMAP and from the Parth95 data are relatively 
well correlated over the entire record (0.70 for GBI and 0.80 
for WGD), with the period 1979-1981 standing out. When only 
the post-1981 period is considered the correlations become 
stronger: 0.77 for GBI and 0.83 for WGI. The strong dis- 
agreement between CMAP and Parth95 rainfall during the 
period 1979-1981 bears further examination. 

The relationship between the two regional indices and All- 
India rainfall is the same in the Parth95 data as in CMAP. 
The correlation between the two regional indices computed 
using the Parth95 data over the period 1871-2000 is not sig- 
nificant (r = 0.04); while their sum is explains most of the 
variability in All-India rainfall (r = 0.89) (see Figure Ic). 
Thus, the relationship found in recent decades using the merged 
satellite/rain gauge dataset is a characteristic of the interannual 
rainfall variability over India. 


4. SSTA/RAINFALL CORRELATIONS 


In this section we describe the correlations between Indian 
Ocean SSTA and WGI, GBI and All-India Rainfall, using the 
rainfall indices based on the CMAP precipitation dataset. The 
analysis of SSTA-Rainfall relationships is done over the period 
1982-2001. Since the greatest discrepancies between the 
CMAP and Parth95 rainfall data are in the period 1979-1981, 
the character of the SSTA correlation features is largely the 
same when computed using rainfall indices computed with 
the 1982-2000 Parth95 rainfall data than with CMAP, and 
differs only in magnitude. 

Plate 3 shows the correlations of GBI and WGI, respectively, 
precipitation anomaly during JJAS and Indian Ocean SSTA in 
different two-month averages, starting from the June-July (JJ) 
at lag zero (Plate 3a, 3e) and moving back in time to the Sep- 
tember-October (SO) preceding the southwest monsoon (Plate 
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Plate 3. Correlations of JIAS-mean CMAP GBI (a)-(d) and WGI (e)-(h) with NCEP-OI Indian Ocean SSTA in (a),(e) June- 
July, (b),(f) March-April, (c),(g) December-January, (d),(h) September October. Only those correlations whose amplitude 
exceeds 0.4 are shown (representing statistical significance at the 92.5% level), and only over those regions where the local 
SSTA standard deviation (SSTA first averaged over the months to be correlated) exceeds 0.3°C. Correlations are computed 
over the period 1982-2001. 


3d, 3h). Only correlations greater than 0.4 (statistically sig- 
nificant at roughly the 92.5% level, assuming a Normal dis- 
tribution and that each year is an independent sample); only 
correlations in areas where the standard deviation of SSTA 
exceeds 0.3°C are shown (assuming a Normal distribution, if 
the standard deviation is less than 0.3°C, one expects less than 10% 
of the samples to have an amplitude exceeding 0.5°C). 

Plate 3a shows that moderate simultaneous negative corre- 
lations between GBI and SSTA off the coasts of Sumatra and 
Java exist (peak values <0.6). These correlations are evident 
from the beginning of the SW monsoon, but disappear follow- 
ing that. In the inter-monsoon period there are scattered nega- 
tive correlations between GBI and SSTA in the southeastern 
Indian Ocean (Plate 3b). There are more extensive negative 
correlations with southern Indian Ocean SSTA in the preced- 
ing NE monsoon (Plate 3c). The negative correlations between 
SW monsoon GBI and southern Indian Ocean SSTA in the 
preceding SW to NE inter-monsoon period are stronger and 
more extensive than any of the instantaneous correlations. 

We note that in the correlations between JJ SSTA and JJAS 
CMAP-based GBI there is an area of negative correlation in 
the northern Arabian Sea which is just below the threshold 
for significance, with values between 0.3-0.4. When the SSTA 
correlations are computed using the GBI based on the Parth95 
Indian rainfall this area of negative correlation exceeds the 
significance threshold of 0.4. As the SST record lengthens 
this relationship should be revisited. 

Plate 3e shows a strong simultaneous positive correlation 
between WGI and SSTA in the western Arabian Sea; this cor- 
relation exceeds 0.7 over a large area. There is also positive cor- 
relation between SSTA in the southwestern Indian Ocean, 
south of the Bay of Bengal and in the South China Sea, though 
of more moderate amplitudes. Relatively strong positive cor- 
relations are evident at the beginning of the southwest mon- 
soon in the western Arabian Sea (MJ), but not prior to that. 
However, the southern hemisphere correlations continue 
through the inter-monsoon period (Plate 3f) and strengthen 
during the NE monsoon preceding the enhanced precipita- 
tion. In fact, in DJ they exceed 0.6 in the southwest Indian 
Ocean, and locally exceed 0.7 (Plate 3g). Prior to DJ the south- 
ern hemisphere correlations are smaller and not significant 
(Plate 3h). In SO prior to the SW monsoon there are nega- 
tive correlations between SSTA in the western Pacific Ocean, 
and positive SSTA correlations over the eastern Arabian Sea. 

The percentage of grid-points which are statistically sig- 
nificant in the maps of correlation between GBI and SSTA 
(Plate 3a-d) are, in order: 7.8%, 5.9%, 10%, and 13%. These 
percentages are comparable to the null expected values of 
7.5% from a 92.5% threshold, thus it appears that the GBI 
correlation patterns may be spurious. However, the percentage 
of grid-points which pass the threshold of statistical signifi- 
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cance in the maps of correlation between GBI and SSTA 
shown in Plate 3e-h is considerably larger than the 7.5% 
expected; the percentages are 23% (3e), 25% (3f), 17% (3g) 
and 16% (3h). This suggests that the SSTA patterns associated 
with GBI may not be spurious. 

To determine whether the statistically significant patterns 
of correlation we find are representative of the entire 20-year 
record or whether they result from extrema in the record we 
examine more carefully the three principal correlation pat- 
terns for each precipitation index. For the GBI we explore the 
June-July Sumatra/Java, and the December-January and Sep- 
tember-October southern Indian Ocean signals. For the WGI 
we explore the June-July Western Arabian Sea, the March- 
April central south Indian Ocean and the December-January 
western south Indian Ocean signals. 

Figures 2 and 3 show scatter plots of each SSTA index with 
the corresponding JJAS precipitation Index, each panel shows 
the correlation coefficient. Only for the June-July Suma- 
tra/Java SSTA index correlation with GBI (Figure 2a) does 
the removal of an outlier fundamentally change the correlation 
coefficient; in the absence of the extreme value in 1994 the cor- 
relation coefficient drops from —0.55 to —0.21; thus, the rela- 
tionship between June-July Sumatra/Java SSTA and JJAS 
GBI is not robust. However, for all other SSTA indices, the 
relationship appears to be robust. The strongest correlation 
coefficient is that between western Arabian SSTA and WGI at 
0.77 (Figure 3a). 

We explore the correlations of Indian Ocean SSTA to All- 
India precipitation in Plate 4; we shade those values whose 
amplitude exceeds 0.4 and whose local standard deviation of 
SSTA exceeds 0.3°C, and we contour without shading those 
correlations which are not significant but whose local standard 
deviation of SSTA exceeds 0.3°C. Notice first that for none 
of the month-pairs are there large-scale areas of significant cor- 
relation akin to those evident in the regional index correla- 
tions (Plate 3), Also, in all the months, the correlation patterns 
are a superposition of the WGI and GBI correlation patters, 
with reduced amplitude; this is to be expected since GBI and 
WGl are uncorrelated and their sum represents a large part of 
the variance of AIRI. 

Starting in DJ through the beginning of the SW monsoon 
there is an indication of an east-west SST dipole associated 
with AIRI, whose poles have limited—if any—statistical sig- 
nificance. However, the dipole pattern arises from two inde- 
pendent correlation patterns and does not represent a single 
dipole mode. The positive correlations in the western part of 
the basin arise from the WGI contribution to AIRI, while the 
negative correlations in the eastern part of the basin arise 
from the GBI contribution to AIRI. 

We have computed correlations between AIRI, WGI and 
GBI and two commonly used El Nifio SSTA indices (NINO3: 


254 INDIAN RAINFALL AND INDIAN OCEAN SSTA 


1(1982-2001) = -0.55 


r(no 1994) = -0.21 


JJAS GBI Precip Anomaly (mm/day) 


1(1982-2001) = -0.50 


(b} 


1(1982-2001) = -0.58F 2 


JJAS GBI Precip Anomaly (mm/day) 


“1.2 -0.8 -0.4 0 04 08 -04 0 


JJ SSTA Averaged 95E-110E, 15S-5S 


nk T 
04 08 +12 16 -0.8 
DJ SSTA Averaged 65E-85E, 255-208 


—— 
-0.4 0 0.4 08 
SO SSTA Averaged 60E-90E, 208-305 


Figure 2. Scatter plots of Ganges-Mahanadi Basin CMAP Precipitation anomaly vs. NCEP-OI SSTA averaged over (a) 
June-July, 95°E-110°E, 15°S-5°S; (b) December-January, 65°E-85°E, 25°S-20°S; (c) September-October, 60°E-90°E, 
30°S-20°S. These are the months/regions with which GBI exhibits large-scale SSTA correlations. Indicated in each panel 
is the correlation coefficient between the two quantities. Notice that the correlation with June-July 1994 arises from a 


single extreme point. 


SSTA averaged 150°W-90°W, 5°S-5°N; NINO3.4: SSTA aver- 
aged 170°E-125°W, 5°S-5°N). With our chosen data sets and 
over our analysis period, we find no significant correlation 
between the CMAP-based All-India Rainfall Index and NINO3 
or NINO3.4 SSTA, at any lag between —25 and 25 months. 
There is a modest correlation (r = 0.42) between GBI and 
NINO3.4, with GBI leading NINO3.4 by ~4 months, but this 
correlation is due principally to 1994 and is thus not robust. 
However, we are able to find significant lead correlations 
between El Nifio SSTA indices and WGI (r = 0.43 with 
NINO3, r up to 0.6 with NINO3.4), with equatorial Pacific 
SSTs leading WGI by 15-20 months. 


5. DISCUSSION 


On interannual time scale there are two distinct regions of 
Indian continental summer rainfall, which we have labeled 
“Western Ghats” and “Ganges-Mahanadi Basin”. Over the 
two decades of satellite data used here, and over 130 years 
using land station data, the two regional-average time series 
of rainfall, WGI and GBI, are uncorrelated at 90%. Further the 


sum of the two time series accounts between 80-90% of the 
interannual variability of rainfall averaged over all of India, 
using “All-India” rainfall indices. To a very useful degree 
then, these two regions may be used to study interannual rain- 
fall variability of total rainfall over India. 

A commonly used method for decomposing the variabil- 
ity of a geophysical field is Empirical Orthogonal Function 
(EOF) analysis. We performed an EOF analysis of the 20- 
year record of rainfall, which produces substantially the same 
result as other EOF analysis of regional Indian precipitation 
anomalies [Rassmusson and Carpenter, 1983; Shukla, 1987]. 
The EOFs indicate that there are two principal modes of vari- 
ability: a continent-wide “breathing” mode (~30% of the vari- 
ance) and a dipole-like mode (where the Ganges-Mahanadi 
Basin varies inversely with the Western Ghats; ~11% of the 
variance). On the surface, the EOF description of the modes 
of precipitation variability over India appears to differ with our 
two-region decomposition. However, these EOFs are the 
expected statistical descriptions for a system whose princi- 
pal dynamical modes are two independently varying centers 
of strong variance [Domenget and Latif, 2002]. Thus, despite 
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Figure 3. Scatter plots of Western Ghats CMAP Precipitation anomaly vs. NCEP-OI SSTA averaged over (a) June-July, 
50°E-60°E, 5°N-10°N; (b) March-April, 65°E-80°E, 20°S-10°S; (c) September-October, 55°E-65°E, 15°S-5°S. These 
are the months/regions with which GBI exhibits large-scale SSTA correlations. Indicated in each panel is the correlation 
coefficient between the two quantities. Notice that the correlations are all relatively robust. 
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Plate 4. As in Plate 3, but for CMAP-based AIRI. Only those correlations whose amplitude exceeds 0.4 are shaded, and 
only over those regions where the local NCEP-OI SSTA standard deviation exceeds 0.3°C. Contours indicate values where 
the amplitude of the correlation is less that 0.4, contour interval in non-shaded regions is 0.2, in shaded regions it is 0.1. 
Correlations are computed over the period 1982-2001. 
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the apparent dissimilarity, the EOF description is consistent 
with our result that Indian precipitation is made up primarily 
of two independently varying centers of action. 

Our results also at first appear to contradict previous work 
that has described widespread correlation of net summer rain- 
fall over India. Hastenrath [1987, Figure 3] shows that the 
correlation coefficient between summer mean local precipi- 
tation anomalies and the All-India Rainfall total is positive 
throughout India. Goswami et al. [1999], using the same pre- 
cipitation dataset we have used (but with fewer years), find that 
the precipitation anomaly at all points in an extended Indian 
monsoon region is positively correlated with the average over 
the entire region. Goswami et al. [1999] argue that the inter- 
annual variability of precipitation of the Indian monsoon is 
largely spatially coherent because “positive correlations over 
the entire... region establishes that the interannual variability 
of the seasonal summer mean precipitation variability is indeed 
coherent over the... region” [Goswami et al., 1999, p 615]. 

However, it does not follow, from modest widespread local 
correlation with a large-scale average, that there is widespread 
coherence between individual locations. Our results provide 
a clear counterexample. While it is true that both the WGI 
and GBI time series are correlated with All-India rainfall, it 
is also true that these two time series are uncorrelated to each 
other. Thus, there is no inconsistency between our descrip- 
tion of the system and the results of Hastenrath [1987] and 
Goswami et al. [1999]. 

Recognition of the independence of the summer averages of 
these two primary regions of Indian rainfall invites a new per- 
spective, one in which it is not surprising that there are different 
useful statistical relationships between large scale environ- 
mental conditions and the individual regional time series. It 
appears likely that different mechanisms may be responsible 
for the interannual variability of precipitation in each of the two 
regions. 

In hindsight, this result is not altogether unexpected: India is 
a very large country with orographic features that divide it, and 
the moisture pathways to each of the two regions are different. 
During the SW Monsoon, there is strong moisture transport 
onto India and the rest of southern Asia, some of which is 
picked up by evaporation from the surrounding waters (the 
Arabian Sea and Bay of Bengal) and some of which is trans- 
ported from the southern Hemisphere [Findlater, 1969; Saha, 
1970b; Cadet and Greco, 1987a,b]. The moisture flux across the 
west coast of India over the Arabian Sea is a principal source of 
the precipitation over the Western Ghat Mountains, often result- 
ing from periods of heavy orgraphically forced rainfall [Saha 
and Bavadekar, 1977; Rakhecha and Pisharoty, 1996]. Mean- 
while the rainfall over the Ganges-Mahanadi River Basins is 
associated with tropical depressions formed over the Bay of 
Bengal which propagate northwestward onto continental India, 


and whose effect is principally limited to the Ganges-Mahanadi 
River Basins [Murakami, 1976; Rakhecha and Pisharoty, 1996]. 
Thus, the rain that falls in the two regions, Ganges-Mahanadi 
Basin and Western Ghats, results from different synoptic cir- 
culation structures and is also liable to be directly influenced by 
two different adjacent seas, the Bay of Bengal and the Arabian 
Sea respectively. 

There is a strong positive correlation, at the onset of the 
monsoon, between Arabian SST anomaly and WGI. The 
robustness of this correlation (Section 4) encourages its use 
in short term forecasting of the coming SW monsoon net rain- 
fall over the Western Ghats. Others have noted a relationship 
between Indian continental rainfall and SST in the Arabian Sea. 
Saha [1970a, 1974] suggested that the SST in the Arabian 
Sea could be an important aspect of the monsoon circulation 
and its rainfall over India. Many data analysis studies have 
found that the SW monsoon Indian rainfall is positively cor- 
related to the SSTs in the Arabian Sea, with the correlation 
being strongest with western India precipitation [Shukla and 
Misra, 1977; Joseph and Pillai, 1984; Rao and Goswami, 
1988; Ramesh Kumar and Sastry, 1990]. Modeling studies 
[Shukla, 1975; Druyan et al., 1983; Krenshaw, 1988] have 
found that Arabian Sea SST anomalies influence monsoon 
circulation and rainfall over India, and have identified mech- 
anisms for the connection. Increased Arabian Sea SSTs are 
associated with enhanced evaporation and atmospheric cir- 
culation, which increases rainfall in the western part of India. 
In this perspective, the factors that control SST anomalies in 
the Arabian Sea also significantly affect the net summer rain- 
fall over the Western Ghats (and a significant component of 
All-India Rainfall). 

There is also a zero-lag negative correlation between SSTA 
in the Java-Sumatra region and GBI (Section 3). This zero 
lag result is not at all robust; it results primarily from a single 
year (1994) with very large SST and rainfall anomalies. There 
is an area of borderline significance in the northern Arabian 
Sea which exhibits negative correlation between JJ SSTA and 
GBI, this relationship crosses the threshold for significance 
when the Parth95 rainfall dataset is used for an index. We suggest 
that, as the record lengthens, this relationship be re-examined. 

There are also statistically significant positive correlations 
with WGI (and negative correlations with GBI) and SSTA 
leading the onset of the southwest monsoon by up to nine 
months (Plate 3). The relationships are relatively robust, 
although less strongly so than the zero lag western Arabian Sea 
connection to WGI (Figures 2, 3). No simple ideas have 
occurred to us to rationalize these patterns, and it is puzzling 
that the lead relationships of six and nine months with GBI 
should be stronger than the simultaneous correlations. How- 
ever, since these correlations are both significant and rela- 
tively robust they may be useful in SW monsoon rainfall 


forecasts. Data and modeling studies should be pursued to 
understand the mechanisms, if any, behind these observed 
relationships. 

Somewhat to our surprise, we find no correlations were 
found between GBI and Bay of Bengal SST anomalies. Most 
of the synoptic systems that bring rainfall to that part of India 
originate over the Bay of Bengal, and there is a strong rela- 
tionship between Bay of Bengal SST and subseasonal mon- 
soon breaks [Vecchi and Harrison, 2002]. While it is possible 
that there is, in fact, no systematic interannual relationship 
between Bay of Bengal SST and GBI rainfall, it is also pos- 
sible that this lack of correlation on interannual timescales 
arises from the fact that the Bay of Bengal is particularly 
poorly sampled for SST over much of the year [Reynolds and 
Smith, 1994; Reynolds et al., 2002]. On subseasonal timescales, 
the widely used NCEP SST analysis seriously underestimates 
the SSTA variability in the Bay of Bengal during the southwest 
monsoon [Premkumar et al., 2000; Sengupta and Ravichan- 
dran, 2001; Vecchi and Harrison, 2002]. Thus, it is possible 
that interannual SST variations in the Bay of Bengal are also 
poorly represented in the NCEP SST product. Aliasing of the 
large amplitude (1-2°C) subseasonal variability could alone 
easily impact the utility of this product for low frequency cli- 
mate studies. We do not wish to single out the NCEP SST 
analysis for concern here; any modern blended SST analysis 
that depends on infrared satellite as well as in situ data will be 
limited in this region. 

We also looked for relationships between Indian Ocean 
SST and the first two principal components (EOFs) of Indian 
rainfall, and between All-India Rainfall. In neither case were 
we able to find large scale SST anomaly patterns with sig- 
nificant correlation at the 92.5% level. Relative to AIRI, we 
find correlation patterns consistent with the union of our WGI 
and GBI results, but the correlations fail to reach our 92.5% 
significance threshold over a large area. Interestingly, the 
structure of the non-significant correlation between AIRI and 
Indian Ocean SST between December-January and June-July 
is reminiscent of the recently identified Indian Ocean Dipole 
or Zonal Mode [Saji et al., 1999; Webster et al., 1999]. How- 
ever, this pattern arises because each of the two uncorrelated 
components of AIRI (GBI and WGI) is associated with a dif- 
ferent pattern in SSTA (cold SST in the east, warm SST in the 
west, respectively). This suggests caution in interpreting rela- 
tionships between the IODM/IOZM and AIRI. 

Other relationships between AIRI and Indian Ocean SST, 
besides the Arabian Sea connections, have been found. We 
do not wish to do a comprehensive summary, but offer some 
examples of relationships described in the literature. Nicholls 
[1995] finds that AIRI is correlated positively to April SSTA 
in the Australia/Indonesia region. Sadhuram et al. [1997] find 
significant positive correlation between November-Decem- 
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ber SSTA in the eastern equatorial Indian Ocean and AIRI. 
Goswami et al. [1999], defining a “broad-scale circulation 
index” for the Indian monsoon, find significant positive cor- 
relations with southern Indian Ocean SSTA. In an extensive 
analysis of the relationship between Indian Ocean SSTA and 
AIRI, Clark et al. [2000] find significant correlation between 
AIRI and SSTA in a variety of locations in the Indian Ocean; 
these include positive correlations between the eastern Arabian 
Sea and central Indian Ocean in September-November (for 
the years 1977-1995), the northern Arabian Sea and Indian 
Ocean northwest of Australia in December-February (for the 
years 1945-1995). 

From this brief summary, and the results presented in this 
paper, it is evident that a wide range of somewhat conflicting 
results have been described between Indian Ocean SST anom- 
alies and Indian continental rainfall anomalies. Every study 
finds one or more correlations (although few discuss the 
robustness of their correlations) but the relationships often 
involve different regions at different leads. We believe that 
this uncomfortable situation may partly arise because of uncer- 
tainties in our knowledge of Indian Ocean SST. 

A specific example usefully illustrates the present situa- 
tion. Clark et al. [2000] have recently described an SST anom- 
aly pattern that leads All-India rainfall by 9 months. They 
worked with roughly the same time period that we have used 
here, but used an early version of the Hadley Centre SST 
analysis instead of the NCEP SST analysis that we used. We 
are unable to reproduce their result using NCEP SST, even 
when we use a rain gauge-based All-India Rainfall index. The 
region in which Clark et al. [2000] found correlation has very 
small SST anomaly variance. Further, there is strong SST 
variability on subseasonal timescales in that region [Harri- 
son and Vecchi, 2001; Vecchi and Harrison, 2002); the SST 
analysis “signal to noise’ is large there. It is possible that the 
large relative uncertainties associated with the SSTA in this 
region are responsible for the different reported SSTA/AIRI 
relationships. 

Much of the Indian Ocean is not well observed during var- 
ious periods of the year, either by infrared satellites or by 
ships and drifting buoys [Reynolds and Smith, 1994; Reynolds 
et al., 2002]. Harrison and Vecchi [2001] and Vecchi and Har- 
rison [2002] discuss some aspects of how different the Indian 
Ocean SST variability appears to be when it is observed via 
the TRMM Microwave Imager rather than the NCEP weekly 
SST analysis. In the presence of significant persistent cloud, 
storminess and high winds, there typically are little data avail- 
able for the preparation of fields of SST. It is possible that 
our entire view of Indian Ocean SST will change as we accu- 
mulate multi-decadal microwave SST information. We note 
that the international climate community is working to improve 
the in situ Indian Ocean observing system [Smith and Koblin- 


258 INDIAN RAINFALL AND INDIAN OCEAN SSTA 


sky, 2001]. Sustained deployments of surface drifters and 
moorings in the region should substantially improve SST 
analysis products. 

While we are on the topic of limitations in this study, we 
wish to acknowledge that use of only the most recent 20 years 
of data may affect our SSTA correlation results. Many stud- 
ies have noted that statistical relations can be different in these 
modern decades than they were in earlier decades [Hastenrath, 
1987; Torrence and Webster, 1999; Clark et al., 2000; Krish- 
namurthy and Goswami, 2000]. But it is only over these recent 
decades that relatively homogeneous (in the sense that they 
were produced from similar sensors and consistent analyses) 
and complete SST and precipitation data sets are available. 
As the satellite data records increase in duration, all of these 
relationships should be revisited. 

There are distinct connections between the El Nifio-South- 
ern Oscillation (ENSO) phenomenon on WGI and GBI. A 
connection has been found between deficient rainfall in India 
in the SW monsoon and El Nifio conditions [Rassmusson and 
Carpenter, 1983; Mooley and Parthasarathy, 1983, 1984; Yu 
and Slingo, 1995}. This relationship is not robust, however, with 
the major 1997-98 El Nifio standing as a notable exception; nor 
is it stationary, there have been interdecadal changes in the 
relationship [Torrence and Webster 1999, Krishnamurthy and 
Goswami 2000]. We find that each regional index has its own 
relationship to El Nifio indices, with the strongest connection 
being between WGI and NINO3.4 (r ~ 0.6 at 15-20 months). 
Thus, equatorial Pacific temperatures may prove useful in 
forecasts of WGI. 

That Indian rainfall can be parsed into two uncorrelated 
regions of high variability suggests that there are distinct 
mechanisms controlling the variability on interannual 
timescales in each region, whose superposition controls most 
of the rainfall over all of India. The potential utility of this 
new parsing of the system is evident in our SSTA correlation 
analysis over the Indian Ocean, in which the correlations 
between each region were distinct and more significant than 
any found with AIRI. The utility of these correlations for fore- 
casts of monsoon precipitation over India should be investi- 
gated. We suggest that the environmental associations and 
mechanisms controlling the interannual variability of precip- 
itation in each region be examined separately, and combined 
to gain understanding of the variability over India as a whole. 
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The Subtropical Cells (STCs) of the Pacific and Atlantic Oceans connect the sub- 
tropical subduction regions of both hemispheres to the eastern, equatorial upwelling 
regimes by equatorward thermocline and poleward surface flows. In the Indian Ocean, 
where equatorial upwelling is absent, a cross-equatorial cell (CEC) connects the south- 
ern-hemisphere subduction regime with upwelling regions north of the equator, and 
it is closed by southward, cross-equatorial Ekman/Sverdrup transport at the ocean 
surface. We review here the theory explaining the mean features of the STCs and 
CEC, the observational evidence for their various branches, and results of realistic 
model simulations. A topic of particular interest is the partition of the equatorward STC 
branch between interior and western-boundary pathways. Observational results are only 
now beginning to reveal the structure of the interior pathways, and model results of these 
flows vary with model type and the wind forcing applied. We also review studies of 
STC variability, which has been hypothesized to play a role in climate variability. 
Existing work indicates that wind-driven STC transport variations (v’T processes) 
are more important than advection of subducted temperature anomalies by the mean 
STC currents (the WT’ processes) in generating equatorial sea-surface temperature 
anomalies and, hence, climate variability. 


1, INTRODUCTION 


The Subtropical Cells (STCs) are shallow overturning cir- 
culations confined to the upper 500 m. In the Atlantic and 
Pacific Oceans, they connect subduction zones of the east- 
ern, subtropical ocean with upwelling zones in the tropics. In 
addition to the dominant equatorial upwelling regimes, 
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upwelling in off-equatorial regions (e.g., the Costa Rica Dome 
and the Peruvian coast in the Pacific, and the Guinea and 
Angola domes in the Atlantic) also has to be considered as a 
potential STC driver; so far, very little is known about these 
upwelling regimes, but offshore Ekman transports suggest 
that their contribution may not be negligible. The subsurface 
STC branches carry thermocline water to the equator either in 
western boundary currents after circulating across the basin 
in the Subtropical Gyres or directly in the ocean interior. They 
are closed by poleward surface currents, largely Ekman trans- 
ports, that return the upwelled waters to the subtropics (e.g., 
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McCreary and Lu [1994]; Liu et al. [1994]; Lu et al. [1998]; 
Johnson and McPhaden [1999]; Malanotte-Rizzoli et al. 
[2000]). 

In contrast to the other two oceans, the Indian Ocean does 
not possess an equatorial upwelling zone because its annual- 
mean equatorial winds are westerly. As a result, its shallow cells 
differ markedly from those in the other two oceans. One cell, 
the Cross-Equatorial Cell (CEC), has its descending branches 
in the eastern subtropics of the southern hemisphere but its 
upwelling branches in the northern hemisphere, thereby requir- 
ing cross-equatorial flow [Schott et al.,2002a; Miyama et al., 
2003]. Another, the Indian Ocean STC, is associated with 
upwelling driven by the Ekman divergence from 2—12°S at 
the northern edge of the Southeast Trades [McCreary et al., 
1993; Murtugudde et al., 1999; Webster et al., 1999], and 
hence is confined to the southern hemisphere. 

The STCs provide the cool subsurface water that is required 
to maintain the tropical thermocline. For this reason, STC 
variability has been hypothesized to be important for the 
decadal modulation of ENSO and for Pacific decadal vari- 
ability, and it may affect Atlantic equatorial SST as well. In the 
Indian Ocean, a recently identified climate anomaly, the Indian 
Ocean Dipole (OD) or Zonal Mode ([OZM), has been asso- 
ciated with changes in the 2—12°S upwelling regime and, 
hence, variations in the Indian Ocean STC [Xie et al., 2002; 
Feng and Meyers, 2003]. 

STC pathways are complicated by their interaction with 
the other ocean currents, particularly with the interocean cir- 
culations in each basin, namely, the northward flow of warm 
water in the Atlantic by the Meridional Overturning Circula- 
tion (MOC) with a transport of about 15 Sv [Ganachaud and 
Wunsch, 2001; Lumpkin and Speer, 2003], and the circula- 
tion driven by the Indonesian Throughflow (ITF) in the Pacific 
with a transport of 10-15 Sv [Ganachaud et al., 2000; Sloyan 
et al., 2003]. One result of these interactions is that the south- 
ern STC is stronger than the northern one in both oceans 
[Johnson and McPhaden, 1999; Sloyan et al., 2003; Zhang et 
al., 2003; Fratantoni et al., 2000; Lazar et al., 2002]. 

The STCs also interact with even shallower overturning 
cells confined to the tropics. In the Atlantic and Pacific, the 
shallow Tropical Cells (TCs) are associated with downwelling 
driven by the decrease of the poleward Ekman transport 4-6° 
off the equator [Liu et al., 1994; McCreary and Lu, 1994; 
Molinari et al., 2003]. Interestingly, although the TCs are 
strong in zonal integrations along constant depths, they are 
much diminished in integrations carried out along isopycnal 
layers, indicating that they have little influence on heat trans- 
port [Hazeleger et al., 2000]. Their existence implies that any 
measure of STC strength must be defined poleward of the 
TC convergences, that is, closer to the dynamical intersec- 
tion between the tropics and subtropics (near 8—10° say). In the 


Indian Ocean, the CEC interacts with a shallow equatorial 
roll, analogous to the TCs (or to the Equatorial Cell defined 
by McCreary and Lu [1994]) but driven by meridional winds; 
it distorts the southward, cross-equatorial pathway of the CEC, 
requiring that it takes place about 50 m below the surface 
[Schott et al., 2003; Miyama et al., 2003]. 

Finally, the off-equatorial undercurrents in the Atlantic and 
Pacific have to be considered when discussing STCs. In the 
Pacific, they are referred to as North and South Subsurface 
Countercurrents (NSCC and SSCC) or simply Tsuchiya Jets 
(Tsuchiya, 1972], whereas in the Atlantic they are called North 
and South Equatorial Undercurrents (NEUC and SEUC). 
They are attached to the EUC in the western Pacific [Rowe et 
al., 2000], but are clearly separated from the EUC in the west- 
ern Atlantic [Schott et al., 1998; Bourles et al., 1999b]. The fate 
of these currents is not clear. They diverge poleward toward 
the east [Johnson and Moore, 1997], and hence may upwell 
in the aforementioned off-equatorial regions or partially recir- 
culate in the other mid-depth equatorial currents [Rowe et al., 
2000]. Although most of their transport is located deeper than 
the EUC, their shallow portions overlap with the deeper part 
of the EUC. Thus, they can potentially impact the STCs by par- 
tially blocking the equatorward transport of thermocline water 
to the equator, instead carrying water eastward where it may 
upwell along the eastern boundary or in domes. Even more 
fundamentally, they can perhaps be considered part of the 
STCs themselves, a deep off-equatorial branch. 

Our review is organized as follows. In Section 2, we discuss 
the theoretical concepts that explain the basic properties of 
mean STC pathways. Next, we review observations and model 
simulations for the individual oceans in Sections 3-5. In Sec- 
tion 6, we present observational and modeling evidence on 
STC variability, and discuss its potential role in climate vari- 
ability. We close (Section 7) with a summary of our conclu- 
sions and a brief outlook on needed research. 


2. STEADY-STATE THEORY 


In this section, we discuss basic properties of steady-state 
STCs (their existence, strength, equatorward extension, and 
subsurface pathways) using a 2'/,-layer model, the simplest 
system that can represent all the STC branches. Its advantage 
is that analytic solutions can be obtained in which basic STC 
properties are clearly expressed [Luyten et al., 1983; Ped- 
losky, 1987, 1988, 1991; Pedlosky and Samelson, 1989; 
McCreary and Lu, 1994; Liu, 1994], allowing their underly- 
ing dynamics to be readily identified and their sensitivity to 
model parameters assessed. Among these studies, only 
McCreary and Lu [1994] obtained solutions in a closed basin, 
allowing the existence of a complete STC. Here, then, we 
focus on results from that paper. 


As noted here and discussed in greater detail in Sections 3—5, 
similar dynamics appear to be at work both in the real ocean 
and in solutions to oceanic GCMs. Also see Liu et al. [1994] 
for a discussion of basic STC properties from a GCM per- 
spective. 


2.1. Model Overview 


The model equations are 
V- (ivi) =), 


where i=1,2 is a layer index, h, and v, = (u, v,) are the thick- 
ness and velocity fields of layer i, the pressures are p, = g’ ,,h, 
+ g’,,h and p, = g’,,h,h=h, +h,, gy = (p-p;)/p,, i and k 
are unit vectors in the zonal and vertical directions, and 6, , is 
the Kronecker symbol-—6 (that is, 6,, = 1 and 6,, = 0). Water 
can transfer between layers at the rate w,, allowing for the 
existence of upwelling and downwelling STC branches. To 
allow for analytic solutions, w, is restricted to the values too 
or 0. Horizontal mixing is not explicitly included in (1), but 
is assumed to be present in boundary layers. 

McCreary and Lu [1994] obtained analytic solutions to (1) 
in the rectangular basin shown in Figure 1 with y, = L = 50°, 
subject to the constraints that , and h, are fixed to constant 
values H, and H,, respectively, along the eastern boundary 
of the basin. The solutions were forced by zonally independ- 
ent wind fields, t*(y), with peak westerlies at 37.5°N, peak 
easterlies at 12.5°N, and hence a region of negative curl for 
12.5°N <y <37.5°N (as in the thick t*(y) curve in Figure 1). 

Figure 1 also indicates the different dynamical regimes of 
the solution. In Region 1 (vy > y, = 18°), h, is kept fixed to H,. 
In this region, then, layer 1 behaves like a constant-thickness 
mixed layer, in which water instantly transfers between the 
layers (i.e., w, = +0) in response to Ekman pumping; in par- 
ticular, when w,, < 0 water instantly subducts from layer 1 to 
layer 2. In Region 2 (6, < y <y,), no entrainment or detrain- 
ment is allowed (w, = 0), so that h, is allowed to adjust freely; 
thus, there is no subduction in the model equatorward of y ,, 
consistent with its observed weakening at low latitudes. In 
Region 3 (y < 6,), the equatorial boundary region, there is 
upwelling but no detrainment (w, > 0). The lines y = y,— 6, and 
x= 6,, designate edges of frictional boundary currents attached 
to the northern and western boundaries, respectively. 

With the above specifications, the physical situation in 
Region 2 is essentially the same as in the Luyten et al. [1983] 
study with y, corresponding to their “ventilation latitude,” 
the two systems differing only in that Luyten et al. [1983] 
assumed H, = 0 (i.e., an infinitesimally thin mixed layer in 
Region 1). Regions 1 and 2 are the regions considered by Liu 
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Figure 1. A schematic diagram illustrating the structure of the ana- 
lytic solution of McCreary and Lu [1994]. Two wind profiles, Y(y), 
are plotted at the left margin, where t*(y)=1,Y(y) and t, =0.6. 
Parameter values for the solid x, and x, curves are g’,, = 1.96 cm s? 
and By = 3.675 cms”, Hi, = 50m, and H, = 200 m, whereas for the 
dashed x, curve g’,, = 1.23 cm s? and H, = 150 m. 


[1994]. Regions 2 and 3 correspond to the domain consid- 
ered by Pedlosky [1987, 1988, 1991] and Pedlosky and Samel- 
son [1989], who investigated pathways by which subducted 
water flows to the equator to join the EUC. 


2.2. STC Existence and Strength 


The net upper-layer transport that flows across y, is given 
by 


E 
M,(y,) =-L-£ ie se (2) 
fa\  D+\D* -2Lr%/g, 


where D=H, + H,,77 =T*(yq), and f; = f(y). It is deter- 
mined by the Ekman drift across y,, —Ltj/f,, and by the 
upper-layer geostrophic flow. The geostrophic transport always 
tends to counteract the Ekman transport, but is never strong 
enough to reverse it since t7 > 0 and hence 


(pb? -2Lt%/g),; > D> Hy 


Indeed, for realistic parameter choices and forcing, the 
geostrophic contribution is relatively small so that M,(y,) is 
largely determined by the Ekman transport [McCreary and 
Lu, 1994]. 

Because w, = 0 in Region 2, it follows from the upper-layer 
continuity equation that M,(y) = M,(y,) everywhere in Region 
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2, so that M,(y,) measures the strength of the upper branch of 
the model’s STC. Mass conservation also requires that the 
corresponding lower-layer transport is M,(y) = —M,(,), so 
that (2) also measures the strength of the STC’s lower branch. 
Thus, M,(y,) is really the driving force for subsurface equa- 
torward flow: By draining upper-layer water from the trop- 
ics, it requires a compensating subsurface flow. 

It is rather surprising that M,(y,) is determined entirely by 
properties along y = y,, and does not depend on details of the 
forcing inside either Region 1 or Region 2. In particular, it 
does not depend on the strength of the wind curl in Region 1, 
as might be expected: If there is no change in 7}, an increase 
(decrease) in wind curl in Region 1 only leads to a strength- 
ening (weakening) of the Subtropical Gyre. This result clearly 
depends on the model property that subduction cuts off along 
a single latitude, y ,. Nevertheless, it is supported in several 
studies that do not adopt this restriction. For example, in Liu 
and Philander ’s [1995] idealized GCM solutions, STC strength 
is almost unchanged in solutions forced by wind fields in 
which the midlatitude wind curl differs by a factor of two. 
Nonaka et al. [2002] concluded that the STC strength in their 
GCM solutions was set by zonal winds in the bands 17.5°S <y 
<7.5°S and 7.5°N <y <22.5°N. 


2.3. Subsurface Equatorward Flow 


In response to negative Ekman pumping (y $ 37.5°N), upper- 
layer water in Region 1 subducts into layer 2, and, according 
to (2), some of it is driven across y, into Region 2. In Region 
2, equation (1) can be solved for a single equation in h, 


Vghy +(We— Cr Jae =O, (3) 
where 
- 1 Sol Os of 
Hg=—7¥y Por ead aac (4) 


are the depth-averaged, zonal and meridional geostrophic currents 
in both layers, 


y= (vB) curl t dx 


is the Sverdrup transport streamfunction, c, = (B/P) 9, 
(h,A,/h), and B=f, [Luyten et al., 1983; Luyten and Stom- 
mel, 1986]. According to (3), isolines of h are parallel to the 
characteristic curves, x (s) and y.(s), obtained by integrating 
the equations 


&, 5 (5) 


where s is a time-like variable, the integration requiring that h 
is specified on some boundaries of the domain. Since, accord- 
ing to (1), isolines of h are also identifiable with geostrophic 
streamlines of layer-2 flow, so are the characteristics. 

Region 2 is divided into two subregions, Regions 2A and 2B 
(Figure 1), by the lower-layer characteristic, x,(y), that emanates 
from the point (Z, y,), 


sortie AM Le 
f0,-BO\ fa ll2\ fa 

SF pw 3144 

pices {rt} (6) 


East of x, (Region 2A), h is determined by its value along the 
eastern boundary, D, and this constant value is carried into 
the interior of Region 2A along characteristics. As a result, 
h = D throughout Region 2A and there is no layer-2 flow 
there, the “shadow zone” of the Luyten et al. [1983] solution. 
West of x, (Region 2B), h is specified by its value along y,, 
which increases to the west since w,(y,) < 0 for the wind 
profiles considered here. This westward increase of h is car- 
ried into the interior of Region 2B, ensuring that there is a 
region of equatorward flow in layer 2 that extends well into 
the tropics. 

McCreary and Lu [1994] obtained an expression similar to 
(6) for the lower-layer streamline, x,(y), that extends to the 
bifurcation point of the model’s low-latitude western bound- 
ary current, (0, y,) (Figure 1). It divides Region 2B into two 
parts, with water east of x, flowing to the equator to partici- 
pate in the STC, and water west of it returning to the sub- 
tropics in the western boundary current. It also separates the 
subduction region in Region | into two parts, with only water 
that subducts east of x, participating in the STC. 

The interesting property of the Region-2 response is that 
there is any penetration of layer-2 water into the tropics at 
all. This property is entirely due to the nonlinear terms in (1), 
that is, the terms that involve h,. (In a linear model, the vari- 
able thicknesses h, in the nonlinear terms are replaced by 
externally specified constants H,, typically assumed to be uni- 
form throughout the basin.) The nonlinearities are the source 
of the term proportional to ¥, in (3), which, according to (5), 
accounts for the meridional displacement of characteristics. 
Consistent with this result, x,() becomes a straight line along 
y =y,, in the limit that the forcing, and hence the expression 
(/z} — pr" | tends to zero. 


2.4. Interior and Western-Boundary Pathways 


In Figure 1, all of layer-2 first flows across the basin before 
moving to the equator in a western boundary current, but it can 


also flow to the equator in the interior ocean. The equatorial 
limit of (6) is, 


x,(0)=L+ a H,(H, +2H,), (7) 


which is well defined even though the equator lies outside the 
range of validity of (1). Since there are no lower-layer currents 
in Region 2A, a necessary condition for lower-layer water 
to flow to the equator in the interior ocean is that x, (0) > 0, 
that is, the shadow-zone boundary intersects the equator. 

The value of x, (0) can be positive or negative for realis- 
tic parameter choices, with x, (0) being positive for larger 
L and | t*(0) | and smaller g’, and H, (as in the dashed 
curve in Figure 1). The dependency on L suggests that the 
existence of an interior pathway is more likely in the Pacific 
Ocean than the Atlantic. The dependency on the latter two 
parameters suggests that, in the real ocean, water from shal- 
lower thermocline levels is more likely to move to the equa- 
tor in the interior ocean. As we shall see, these dependencies 
are consistent with both observed and modelled properties 
(Sections 3—5). 

Provided there is an Intertropical Convergence Zone (ITCZ, 
as in the thin e curve in Figure 1), however, the inequality 
x, (0) > 0 is not a sufficient condition for the existence of an 
interior pathway. If the ITCZ is sufficiently weak, x,(y) first 
bends more sharply to the west on the northern flank of the 
ITCZ where | Wor | is small, and then bends back to the east on 
the southern flank where it is large. If the ITCZ is sufficiently 
strong, x,() intersects the western boundary before it can loop 
back, and so layer-2 flow follows the western-boundary path- 
way to the equator even though x,(y) > 0. If the ITCZ is strong 
enough for w,, > 0, then no interior pathway is possible. 

The idea of the ITCZ being a barrier for equatorward flow 
in the Pacific Ocean was discussed by Lu and McCreary [1995], 
since in their solution to a 2!/,-layer model the interior path- 
way was completely eliminated by the ITCZ. As discussed in 
Section 3, however, interior pathways exist at shallow levels in 
GCM solutions [Liu et al., 1994; Blanke and Raynaud, 1997; 
Rothstein et al., 1998]. Liu and Huang [1998] suggested that 
the lack of an interior pathway in the Lu and McCreary [1995] 
solution was their value of H,, being somewhat too thick, an idea 
supported by Lu et al. [1998; see Figure 7]. 


3. PACIFIC OCEAN 


The STCs have been better documented and quantified in 
the Pacific Ocean than in the other two oceans, mainly because 
their equatorward branches are located within the region occu- 
pied by the ENSO signal, which is relatively well sampled 
by moored arrays and repeat shipboard sections. In this sec- 
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tion (and in Sections 4 and 5 as well), we first describe key 
properties of the wind field that drives the STCs, then review 
observations of their individual (subduction, equatorward, 
upwelling, and poleward) branches, and conclude with a dis- 
cussion of several modeling studies designed to simulate them. 


3.1, Wind-stress Fields and Ekman Transport Divergences 


The annual-mean wind-stress field from the NCEP reanaly- 
sis (Figure 2a) shows the tradewind circulations in each hemi- 
sphere with the ITCZ just north of the equator. A band of 
positive (or weakened negative) Ekman pumping, w,, = curl 
(7/f) (Figure 2b) associated with these winds extends across the 
interior ocean under the ITCZ. As discussed in Section 2.4 
and below, it acts to inhibit the possible interior STC path- 
ways in the northern hemisphere. Note, however, that values 
of w,, remain negative within the band from about the date- 
line to 140°W, providing a “window” for the existence of inte- 
rior pathways; details of the window depend on the wind-stress 
climatology used, but it is always there. In the southern hemi- 
sphere, there is no region of positive w,, in the eastern and cen- 
tral ocean, allowing the possibility for interior pathways over 
a broader longitudinal range. On the other hand, details of 
the curl structure and its role for STC pathways are still evolv- 
ing. For example, Kess/er et al. [2003] recently derived w,, near 
the equator on a finer scale from scatterometer winds, find- 
ing a conspicuous band of positive w,, along about 1°N 
between 150—100°W; the presence of this band results in a 
more realistic Sverdrup circulation than for existing wind- 
stress and reanalysis products, yielding a stronger EUC and 
northern branch of the South Equatorial Current (SEC). 

As discussed in Section 2.2, the STCs are forced by the 
poleward transport of near-surface, equatorial waters across the 
latitudes where subduction cuts off in each hemisphere, roughly 
the equatorward boundaries of the Subtropical Gyres; more- 
over, that divergence is composed primarily of Ekman trans- 
port. The location of the subduction cut-off latitudes is not 
precisely known in the real ocean. They must be chosen pole- 
ward of the Tropical Cell convergence, about 4-6° north and 
south of the equator, and we define them here to be 10°N/10°S. 

The annual-mean value of the poleward NCEP Ekman trans- 
ports divergence across these latitudes is 54 Sv (and simi- 
larly, 58 Sv for the ERS-1,2 scatterometer stresses), providing 
an estimate of the upper limit for equatorial upwelling dis- 
cussed next. The longitudinal distribution of the meridional 
Ekman transports along 10°N has its maximum contribution 
to the total divergence in the center of the basin, while at 10°S 
the maximum southward contributions are further to the east, 
as shown in Figure 2b. 

The area integral of positive w,, in Figure 2b in the region 
x > 100°W, 5°N > y > 20°N plus the line integral of offshore 
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Figure 2. a) Mean wind stress and b) Ekman pumping (outside + 3° latitude belt) for Pacific from NCEP reanalysis 1990- 
1999; also shown are meridional Ekman transports (vector at lower left = 0.3 Sv/degree longitude) across 10°N and 10°S. 


Ekman transport along the coast, is 2.2 Sv, providing an upper 
limit for off-equatorial upwelling in the Costa Rica Dome. 
Similarly, the area integral of positive w,, for x > 85°W, 20°S 
> y > 5°S plus the coastal Ekman divergence driven by the 
alongshore winds is 7.7 Sv, yielding a total eastern boundary 
Ekman divergence of about 10 Sv. Some amount of this east- 
ern upwelling occurs within the 10°S to 10°N latitude range 


and thus contributes to the Ekman divergence across 
10°N/10°S; thus, this amount must be subtracted from the 
10°N/10°S divergence to estimate open-ocean equatorial 
upwelling. 

The variations of the Ekman divergence across 10°N and 
10°S for the Pacific (Plate 1) shows variations of about 5 Sv 
amplitude at interannual and longer timescales, which do not 
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interannual variability. 
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occur in any obvious association with El Nifio/La Nifia events; 
however, if the divergence is calculated closer to the equator, 
at 3°N/3°S say, a relationship to ENSO appears (see Section 6). 


3.2. Observations 


For convenience, we organize the discussion in this section 
to follow the subsurface branch of the North and South STCs 
from their sources (subduction) to their sinks (upwelling). We 
conclude by noting key properties of their surface return flows. 


3.2.1. Subduction. Estimating subduction rates is an involved 
process that requires knowledge of oceanic density structure 
and air-sea fluxes, and these estimates have been limited to the 
annual mean [Marshall et al., 1993]. Analyses suggest that 
subduction rates are fairly high in a band across the subtrop- 
ical North Pacific, but highest in the west [Qiu and Huang, 
1995]. These high subduction rates lead to an enhanced pres- 
ence of certain density classes within the pycnocline, namely, 
regions of reduced stratification known as “mode waters”. The 
most eastward and equatorward of these mode waters [Hau- 
tala and Roemmich, 1998] are the ones that flow westward 
and equatorward to participate in the STCs. Using Heller- 
mann and Rosenstein [1983] wind stresses and hydrographic 
climatology from Levitus [1982], Qiu and Huang [1995] esti- 
mated a total subduction of 35 Sv for the North Pacific. By cal- 
culating geostrophic pathways of the subducted waters, they 
showed that most of the subducted water returns northward 
through the NEC (north of the bifurcation in the Mindanao 
Current) and then via the Kuroshio, but the authors did not esti- 
mate the southward transfer into the STC. 

In the South Pacific, the highest subduction rates are at the 
equatorward and eastward edges of the subtropics, extending 
even into the tropics [Huang and Qiu, 1998; Karstensen and 
Quadfasel, 2002], and they are associated with a prominent 
low-latitude mode water [Wong and Johnson, 2003]. Using 
the mean hydrographic data base of Levitus and Boyer 
[1994a,b] and Southampton Oceanographic Center (SOC) 
air-sea fluxes, Karstensen and Quadfasel [2002] determined 
a total water-mass formation of 44 Sv for the South Pacific. 
Of this total, 27 Sv are inserted into densities lighter than 
26.5 kg m that can participate in tropical upwelling (Section 
3.2.4). How much of this subduction reaches the East Aus- 
tralian Current and turns southward versus how much enters 
the STC has not been estimated. 


3.2.2. Subsurface equatorward flow. 
3.2.2.1, Western-boundary pathways: In the South Pacific, 


subsurface waters flow to the equator in the New Guinea 
Coastal Undercurrent (NGCU). Water flows to the NGCU pri- 


marily through two channels: the Vitiaz Strait between Papua 
New Guinea and New Britain, and the St. Georges Channel 
between New Britain and New Ireland [Butt and Lindstrom, 
1994]. The inverse model result of Sloyan et al. [2003] yielded 
a transport of 14.741.5 Sv westward for the NGUC. They fur- 
ther concluded that the NGUC overshoots the equator and 
retroflects back southeastward to supply the EUC (Plate 2), 
as suggested earlier by Tsuchiya et al. [1989]. At 143°E, the 
EUC transport in the density range 25.5 kg m™ < 0, < 26.3 kg 
m”’ essentially balances with the NGUC supply. 

In the northern hemisphere, the Mindanao Current (MC) 
flows southward along the Philippine Islands. Analysis of 
eight CTD/ADCP surveys off Mindanao along 8°N [Wijffels 
et al., 1995] showed a southward MC transport of 2344 Sv 
above 0, = 26.7 kg m3 (around 350 m); 15 Sv of this trans- 
port falls into the density range 0, = 23-26.2 kg m™ [Liu and 
Philander, 2001] and is used here in our schematic diagram 
(Plate 2). Just south of Mindanao (about 5°N), 9+3 Sv of the 
MC flows into the Celebes Basin to provide much of the water 
for the ITF [Gordon et al., 1999], the rest (145 Sv) turning 
east to feed the NECC and eventually joining the EUC (VJohn- 
son and McPhaden [1999]; Plate 2). It is not likely that all 
of this water reaches the EUC, however, as some of the denser 
MC waters contribute a relatively fresh signature that is 
advected eastward in the northern part of the NSCC [Johnson 
and McPhaden, 1999}, which itself carries about 7 Sv across 
165°E [Sloyan et al., 2003], and some of the lighter MC waters 
are too light to supply the EUC. 


3.2.2.2. Interior pathways: While there are substantial dif- 
ference between different wind stress products [Kessler et al., 
2003], the possibility of an interior pathway is allowed by the 
property that w,, remains generally negative in the central 
Pacific (Figure 2b). Such pathways with interior flow to the 
equator in the northern hemisphere were first suggested by 
tracer studies [Fine et al., 1987]. Moreover, distributions of 
salinity, acceleration potential, and potential vorticity (Fig- 
ure 3) all point toward the presence of a circuitous, south- 
ward, interior flow, with a strong westward component north 
of the ITCZ in the North Equatorial Current (NEC), an east- 
ward component in latitude band of the NECC, and westward 
flow in the northern branch of the SEC. By contrast, southern- 
hemisphere distributions all show a direct northwestward 
route toward the equator within the southern branch of the 
SEC. 

From historical CTD data, Johnson and McPhaden [1999] 
estimated the relative contributions of the equatorward 
geostrophic flows in the interior ocean above a neutral den- 
sity of about y, = 26 kg m™ to be 5+1 Sv and 15+3 Sv in 
the North and South Pacific, respectively (Figure 4). In that 
study, the bulk of the equatorward thermocline transport 
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Plate 2. Schematic representation of the Pacific circulation branches, subduction (blue) and upwelling (green) zones that 
participate in the STC. Current branches participating in STC flows are NEC = North Equatorial Current; nSEC, sSEC = 
South Equatorial Current north and south of the equator, NECC = North Equatorial Countercurrent; EUC = Equatorial Under- 
current; NSCC, SSCC = North and South Subsurface Countercurrent; ME = Mindanao Eddy; HE = Halmahera Eddy. Inte- 
rior equatorward thermocline pathways dotted, with interior equatorward transport estimates (in Sv) marked; selected 
surface poleward pathways for the central basin (from Figure 6) marked by thin, magenta lines; see text for details. 
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across 7°S occurs from 160-90°W, whereas the flow between 
the NEC and the NECC is distributed from 130—180°W 
(Figure 4). Near-equatorial pathways, however, apparently 
shift further westward in both hemispheres before merging 
into the EUC (Plate 2). Sloyan et al. [2003] obtained equa- 
torward transports for the density range O, = 23.0-26.3 kg 
m3, finding 5.8 Sv across 8°N from 156°E—-170°W and 13.6 
Sv across 8°S from 170-95°W, confirming the earlier esti- 
mates. These results show that about half of the total equatorial 
Pacific upwelling is supplied by interior meridional flows at 
the upper thermocline. 


3.2.3. Equatorial currents 


3.2.3.1, EUC: The EUC shoals from a core depth of 200 m 
at 143°E to 80 m at 110°W (Figure 5; Johnson et al. [2002)). 
At the western end, across 156°E, its transport is estimated to 
be 19.8+1.1 Sv. It attains its maximum transport of 30.542.0 
Sv in the eastern central Pacific at 125°W, and then drops to 
16.241.9 Sv at 95°E [Sloyan et al., 2003]. Most of its trans- 
port is upwelled before it reaches the eastern boundary, but 
some likely feeds into the Peru-Chile Undercurrent [Lukas, 
1986]. 


3.2.3.2. NSCC and SSCC: The North and South Subsurface 
Countercurrents (NSCC, SSCC) flow eastward in the den- 
sity range 26.3 kg m™ < 0, < 26.9 kg m’? in the western and 
central equatorial Pacific so that they are located underneath 
the interior equatorward flow discussed above, but rise across 
isopycnals on their way east (Figure 5). They are supplied 
mostly from western boundary currents. In the east, they 
likely supply water for the off-equatorial upwelling regions 
along the South American coast and in the Costa Rica Dome. 
Thus, they should probably be viewed as a deep branch of the 
STC system. Connections with westward-flowing tropical 
currents in this density range have also been suggested [Rowe 
et al., 2000]. 

The pathways of the subsurface countercurrents shift pole- 
wards toward the east (Figure 5; Rowe et al. [2000]), as dis- 
cussed kinematically by Johnson and Moore [1997] and 
dynamically by McCreary et al. [2002]. The SSCC transport 
was estimated to be 6.742.2 Sv at 165°E with its core at 2.5°S, 
and 6.1+1.9 Sv at 110°W with its core at 5.5°S, with a sug- 
gestion of a reduction to 3.8+2.4 Sv at 95°W due to upwelling 
across the O, = 26.3 kg m? isopycnal [Rowe et al., 2000; 
Sloyan et al., 2003]. The NSCC has similar strength, with a 
transport of 7.6+1.7 Sv at 165°E centered near 2.5°N and 
6.4+2.2 Sv at 110°W near 4.5°N. In contrast to the SSCC, 
the NSCC is only slightly weakened at 95°W, perhaps indi- 
cating a larger role of the NSCC for supplying eastern Pacific 
upwelling. 
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Figure 3. Objective maps of properties on y, = 25.0 kg m-, within 
the tropical Pacific pycnocline made from binned mean hydrographic 
profiles (dots), a) acceleration potential relative to 900 db, contour 
intervals of 0.25 J kg™!; b) salinity, contour intervals of 0.1; c) plan- 
etary potential vorticity, contour intervals of 200x10-!? m=!s-!. (After 
Johnson and McPhaden [2001].) 


3.2.3.3. Tropical cells: Analysis of shipboard sections from 
95-170°W taken during the 1990’s, mostly during mainte- 
nance of the Tropical Atmosphere Ocean (TAO) project 
[McPhaden et al., 1998] moorings, shows equatorward sub- 
surface flow beneath poleward near-surface Ekman flow, the 
latter with off-equatorial convergence occurring mostly in the 
NECC about 7°N [Johnson et al., 2001]. Drifter data suggest 
a more symmetric off-equatorial convergence with maxima 
near +4° having an amplitude about half that of the equatorial 
divergence [Johnson, 2001]. In their inverse model study, 
Sloyan et al. [2003] estimated the overall strength of the TCs 


to be 15413 Sv and 20+11 Sv for the northern and southern 
TCs, respectively. This diverse evidence of off-equatorial con- 
vergence likely indicates the downwelling limbs of the Trop- 
ical Cells predicted by models (e.g., Stommel [1960]; Philander 
and Pacanowski [1980]; McCreary [1985]; Liu et al. [1994]; 
McCreary and Lu [1994]). The existence of the TCs implies 
that the strengths of the STCs’ poleward branches need to be 
evaluated at least poleward of the TC convergences. 


3.2.4. Upwelling. The existence of annual-mean equatorial 
easterlies ensures that most of the upwelling in the tropical 
ocean occurs along the equator, due to the strong Ekman 
divergence there. Some water also upwells along the coast of 
Peru, and there is potential for upwelling in the Costa Rica 
Dome where thermocline, and even subthermocline, waters are 
brought very close to the surface. 


3.2.4.1. Source depth of upwelled waters: From tracers (!4C 
and CO,) incorporated into a box model, Quay et al. [1983] 
set an upper limit for the density of water that upwells along the 
equator to be 6, = 26.5 kg nr (a depth of about 225 m). In their 
recent inverse model study, Sloyan et al. [2003] merged CTD 
data and mean zonal currents from shipboard ADCP data [John- 
son et al., 2002] with air-sea flux estimates to obtain a consis- 
tent picture of the equatorial Pacific circulation and upwelling. 
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They determined for the central equatorial Pacific that diapy- 
cnal upwelling existed only for 6,< 24.0 kg m™, with upward 
velocities in the depth range 100-200 m occurring mostly along 
isopycnals. For the eastern equatorial Pacific, however, some 
diapycnal upwelling was found across isopycnals as dense as 0, 
= 26.3 kg m™, corresponding to a depth of about 200 m. 


3.2.4.2. Equatorial upwelling: Estimates of upwelling trans- 
ports for the zonally sloping EUC differ widely depending 
on whether they are determined across horizontal or isopyc- 
nal surfaces. Wyrtki [1981] made an early calculation of the 
upwelling transport across 50 m in an equatorial box extend- 
ing from 170°E to 100°W and from 5°S to 5°N. Based on 
estimates of the horizontal-transport convergence across the 
sides of the box (determined from existing equatorial current 
measurements, geostrophy, and net Ekman divergence), he 
reported a range of estimates for the upwelling transport with 
51 Sv being his preferred value. Bryden and Brady [1985] 
carried out a similar analysis in a smaller box from 110-140°W 
for the same latitude range, determining an upwelling trans- 
port of 22 Sv across 62.5 m. They also noted that because the 
thermocline and EUC shoal toward the east, only 7 Sv of that 
amount actually crossed 23°C to upwell into the surface layer. 

Meinen et al. [2001] determined equatorial upwelling and 
its variability (see Section 6.1.1) across 50 m in an equatorial 
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Figure 4. Quasi-meridional interior pycnocline (mixed-layer base to pycnocline base) mass transport (10° kg s~!) zonally 
accumulated from the Americas westward at (a) 7°S and (c) between the North Equatorial Current (NEC) and North Equa- 
torial Countercurrent (NECC) in the Pacific Ocean. The same quantity summed in 0.1 kg m=? 7, bins at (b) 7°S from 165°E 
to the Americas and (d) between the NEC and NECC from 135°E to the Americas. (After Johnson and McPhaden [1999].) 
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Figure 5. Sections of mean zonal velocity, estimated at 3 different longitudes and along the equator in the Pacific Ocean. 
Locations marked in the bottom right corner of each section. Contour interval is 10 cm s~!, with enhanced contours at 50 
cm s7! intervals; eastward velocities are shaded. Heavy lines correspond to isopycnal surfaces Og = 23.0, 25.5 and 26.3 


kg m-3 (After Johnson et al. [2002].) 


box extending from 5°S to 5°N and from 155°E to 95°W. 
They estimated the upwelling transport by the horizontal trans- 
port divergence out of the box, utilizing TAO-mooring and 
shipboard data, and applying geostrophy and Ekman dynam- 
ics. Meinen et al. [2001] obtained 24+3 Sv of upwelling across 
50 m for that box. Cross-isopycnal transports were signifi- 
cantly smaller, 15 Sv across the 24°C isotherm. The inverse cal- 
culation of Sloyan et al. [2003] yielded 24+4 Sv of upwelling 
across the 0, = 23.0 kg m? isopycnal surface in the central 
Pacific (2°S—2°N, 170—125°W) and 13+4 Sv across 0, = 24.0 
kg m°? in the eastern equatorial Pacific (125-95°W). A direct 
velocity-based upwelling estimate [Johnson et al., 2001] is 
larger than all of these box model estimates, but arguably 
more uncertain. 


3.2.4.3. Peru-Chile coastal upwelling: The EUC surfaces 
in the east and what remains of it at the Galapagos Islands 
turns southeastward toward the west coast of South America 
[Lukas, 1986]. It then presumably feeds the poleward-flow- 
ing Peru-Chile Undercurrent (PCUC), but conclusive evi- 
dence supporting a continuity between these currents has 
not been provided yet. The PCUC transport at 10°S has been 
estimated from several hydrographic sections to be 1 Sv, 
sufficient to supply the coastal upwelling to at least 15°S 
[Huyer et al., 1991]. This estimate is considerably smaller 
than the Ekman transport-derived upper bounds mentioned 


previously for the region. On the other hand, water proper- 
ties of the PCUC [Blanco et al., 2001] suggest that its source 
may just as likely be the SSCC, which could reach the east- 
ern boundary south of 10°S. 


3.2.4.4. Costa Rica Dome upwelling: Finally, the Costa Rica 
Dome (near 89°W, 9°N) provides another possible location 
for upwelling. The top of an extremely sharp thermocline is 
often located within 10 m of the sea surface within this dome 
[Wyrtki, 1964]. Relative to surrounding waters, surface waters 
within the dome are slightly cooler, saltier, undersaturated in 
oxygen, and nutrient-rich, all properties indicative of upwelling. 
A recent analysis yielded an upwelling transport of about 3.5 
Sv [Kessler, 2002]. Johnson and McPhaden [1999] specu- 
lated that Costa Rica Dome upwelling might be associated 
with northward flow of the NSCC, and Kessler [2002] built a 
stronger case for this connection (see Plate 2). McCreary et al. 
[2002] provided theoretical justification for the idea. 


3.2.5. Poleward surface flow. Surface drifter trajectories 
(Figure 6) clearly show the poleward component of the Ekman 
flow driven by the easterly trade winds in both hemispheres 
[Reverdin et al., 1994; Johnson, 2001]. The poleward Ekman 
flows are superimposed on the geostrophic currents, which 
are predominantly zonal and, except for the NECC and the 
weaker SECC (not shown in Plate 2), are directed westward. 
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Figure 6. Near-surface trajectories calculated from mean surface drifter velocities; numbers are mean time in years to reach 
the location from starting points at +0.75° latitude from equator. (From Johnson [2001].) 


Shipboard ADCP data give some indication of the vertical 
distribution of poleward Ekman flow, and it appears that these 
flows reach below the mixed layer [Johnson et al., 2001]. 

Interestingly, most of the trajectories for the surface flow 
reach the subtropics in the western half of the basin (Johnson 
[2001]; Figure 6). Since subduction of the water that partici- 
pates in the STCs occurs predominantly in the eastern sub- 
tropics, there is not an obvious direct and complete closure of 
the surface and subsurface STC branches within the sub- 
tropics (Plate 2), suggesting that the STCs are linked to cir- 
culations farther poleward. See McCreary and Lu [1994], Liu 
et al. [1994], and Lu et al. [1998] for discussions of these 
linkages in ocean models; in particular, the latter two studies 
note the interaction of the North Pacific STC with the Subpolar 
Cell (SPC), a shallow overturning circulation that connects 
the subtropical and subpolar oceans. In the eastern basin, 
where the EUC and off-equatorial undercurrents surface, the 
drifters can also travel eastward (Figure 6). 

A cautionary note has to be added here regarding drifter 
representations of particle pathways for the waters that are 
upwelled at the equator. Real water parcel followers would 
have to downwell partially at the TC convergence and thus 
be removed from the poleward Ekman transports for some 
time, thereby extending further westward than indicated by 
the trajectories of Figure 6 or Plate 2. 


3.3. Models 


A number of modeling studies have investigated the Pacific 
STCs. Here, we briefly summarize four of them [Lu et al., 
1998; Blanke and Raynaud, 1997; Rothstein et al., 1998; 
Huang and Liu, 1999] that span a variety of model types. The 
solutions all capture the overall STC structure, but differ in the 
strength and location of interior pathways. None of the solu- 
tions reproduces the subsurface countercurrents at 3—5° lati- 


tude. This shortcoming may not be significant for under- 
standing STCs, however, since the observed equatorward ther- 
mocline flow appears to mostly pass over them, but more 
research on the subject is needed. 

Lu et al. [1998] obtained solutions to a 3'/,-layer model, 
the three active layers representing tropical, thermocline, 
and upper-intermediate (subthermocline) waters. As for the 
simpler layer model discussed in Section 2, water is allowed 
to transfer between layers to parameterize the processes of 
upwelling, subduction, and diapycnal mixing, and subduc- 
tion is cut off equatorward of 18°S and 18°N. Solutions are 
forced by climatological annual-mean winds and by the 
ITE, which is prescribed as an outflow of 10 Sv from layers 
1 and 2 along the western boundary from 1—6°N and a 
compensating inflow into layer 3 across the open southern 
boundary. 

Figure 7 plots the v, field from their main-run solution, 
together with a number of streamlines that divide the flow 
field into several subregions and shaded areas indicating where 
water subducts from layer 1 into layer 2. Streamlines Sz and 
Bi correspond to the shadow-zone and bifurcation stream- 
lines, x, and x,, in Section 2, and the others are defined in 
the caption to Figure 7. The fate of subducted water varies 
considerably depending on where it subducts. Only the water 
that subducts in the two darkest-shaded regions in each hemi- 
sphere flows to the equator to join the EUC and, hence, to 
participate in the STCs. 

The layer-3 water imported into the South Pacific first recir- 
culates within the deepest portion of the South Pacific Sub- 
tropical Gyre, and then flows north to the equator in a 
western-boundary current, consistent with the observed flow 
of subthermocline water. Most of it turns eastward to flow 
along the equator as the deepest part of the EUC, where it 
upwells into layers 2 and 1 in the central and eastern oceans. 
The addition of this water, together with the draining of water 
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Figure 7. STC-circulation in the 31/,-layer model of Lu et al. [1998]. Horizontal distributions of v, with regions where 
w, # 0 shaded. Current arrows are of the vector field v’; = v,/ | v,;|’, which has the same direction as v, but an amplitude of 
|v,’ ; this modification enhances the strength of weak flows relative to stronger ones, allowing them to be more visible in 
each plot. The shading indicates where layer-1 water subducts into layer 2. The flow field is divided into subregions by 
streamlines of v,. Streamline Sp defines the southern boundary of the Subpolar Gyre in layer 2. Streamlines Sz and Bi cor- 
respond to the shadow-zone and bifurcation streamlines, x, and x,, in Section 2. Streamline In bifurcates in the western basin 
at 150°E, 6°N, with one branch extending on to the western boundary. Streamline Th intersects the western boundary at the 
southern edge of the Indonesian passage, so that water between streamlines Th and Bi leaves the basin in the throughflow 
region. Analogous streamlines are also plotted in the southern hemisphere (the throughflow streamline only existing in the 


northern hemisphere). 


from layers 1 and 2 by the ITE ensures that the EUC is com- 
posed mostly of water of southern-hemisphere origin (63%). 
In a subsequent study with a different parameterization of 
layer-2 entrainment, McCreary et al. [2002] concluded that the 
layer-3 equatorial branch upwells rather in the Costa Rica 
Dome and along the Peruvian coast, thereby generating the 
NSCC and SSCC, respectively. 

Blanke and Raynaud [1997] investigated the sources and 
sinks of the Pacific EUC, using an OGCM with 30 vertical lev- 
els (a 10-m resolution in the top 150 m) and a horizontal res- 
olution of 0.33° near the equator, decreasing to 1.5° poleward 
of 47°. The model was forced by Hellermann and Rosen- 
stein [1983] wind stresses and Esbensen and Kushnir [1981] 
heat fluxes, and salinity was relaxed to the Levitus [1982] sur- 
face climatology. There was, however, no explicit represen- 
tation of the ITF. Pathways of water parcels backtracked from 
the central equatorial Pacific show source regions for EUC 
water similar to those discussed in previous sections. Particles 
reach the EUC via the equatorward western boundary cur- 
rents but also through windows in the interior ocean via cir- 


cuitous pathways with large westward excursions before reach- 
ing the equatorial interior Pacific. 

Rothstein et al. [1998] studied STC pathways, using a 
o-coordinate model of the Pacific domain with 11 layers in 
the upper ocean (roughly the top 700 m) beneath a surface 
mixed layer and with a horizontal resolution of 0.3° near 
the equator, increasing to 1° at 50° latitude. The forcing was 
similar to that for the Blanke and Raynaud [1997] study, 
and the model also did not include the ITF. Pathways of sub- 
surface flow are identified by the Bernoulli function and 
current vectors (Figure 8). They again show a westward 
excursion of the equatorward thermocline flow in both hemi- 
spheres. In the northern hemisphere, only the waters that 
subduct in the northeastern subtropics (region III) follow 
pathways that extend directly to the equator in the interior 
ocean; the model equatorward transport across 10°N through 
the 140—160°E window is 3 Sv, of the same order as obser- 
vational numbers quoted earlier. 

Waters that subduct west of about 170°W (region I, Figure 
8) do not reach the equator at all but rather bend northward 


at the western boundary to remain in the subtropical gyre. Par- 
ticles subducted in the central subtropical North Pacific at 
about 170—120°W (region II) travel to the western boundary. 
Almost all of them bend southward there and then eastward 
within the NECC to join the EUC in the central ocean. Note 
the existence of an additional pathway (the 12.5 isoline) that 
first flows to the equator and then retroflects to join the 
NECC. In the southern hemisphere, the lack of the ITCZ 
simplifies the trajectories. Subduction west of 140°W and 
north of 15°S reaches the EUC via the western boundary, 
whereas subduction from further east can supply interior 
pathways. 

A further development in Pacific STC studies is the eval- 
uation of the NCEP Pacific Ocean reanalysis product, in which 
observed temperature data are assimilated into an ocean model 
(Huang and Liu [1999]; see also Liu and Philander [2001)). 
The model has 28 vertical layers, its longitudinal resolution is 
1.5°, and its meridional resolution decreases from ee from 
10°S—10°N to 1° at midlatitudes. Forcing is by annual-mean 
NCEP momentum and heat fluxes. The authors presented 
Lagrangian trajectories obtained by releasing particles at a 
depth of 50 m along 24°N and 24°S in the North and South 
Pacific (Figs. 9a,b), confirming the existence of the exchange 
windows (Figs. 9c,d) discussed above. 

Some of the particles released at 24°N take the western- 
boundary pathway to the equator. Interestingly, they do not 
join the EUC at the boundary, but rather travel eastward with 
the NECC until mid-basin and only then extend to the equa- 
tor (Figure 9a). Water subducted east of about 135°W takes the 
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interior exchange window, first travelling westward with the 
NEC and then eastward in the NECC before extending to the 
equator. Similarly, particles released at 24°S have two exchange 
windows. Water subducted east of about 100°W reaches the 
equator by the interior exchange window, and the western- 
boundary exchange window is supplied out of longitude range 
170—100°W. Time scales for particles to reach the equatorial 
zone range from less than 2 years near the western boundary 
to 15 years in the central subtropics. 

Overall, Huang and Liu [1999] confirm that the EUC is 
dominantly supplied out of the South Pacific (where the role 
of the ITF in comparison to observations needs to be taken 
into account), and they find that the southern exchange win- 
dow reaches much further poleward than the northern one 
(Figs. 9c,d). Huang and Liu [1999] also calculated the merid- 
ional transports across 10°S and 10°N, obtaining values for 
the western boundary and northern interior thermocline 
transports similar to those discussed in the previous sec- 
tions and marked in Plate 2. Their southern interior ther- 
mocline transport is weaker (12 Sv) than estimated from 
observations (15 Sv), perhaps a consequence of the model not 
including the ITF. 


4. ATLANTIC OCEAN 


Only in the western Atlantic (near 35°W) are shipboard 
ADCP observations sufficiently dense to be comparable to 
the coverage in the equatorial Pacific and hence to allow quan- 
titative circulation estimates for the STC mean flows [Schott 
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Figure 8. Bernoulli function and current vectors on isopyenal surface o, = 24.0 kg m° in the Rothstein et al. [1998] 


o-coordinate model simulation. 
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et al., 2003; Molinari et al., 2003]. Farther east, interpretation 
of observations gets more speculative as the coverage becomes 
increasingly sparse. Nevertheless, it is clear from the available 
data that the Atlantic STCs have many features in common 
with those in the Pacific. One prominent difference, though, 
is the narrowness of the Atlantic basin, which limits the con- 
tribution of interior thermocline pathways to the equatorward 
transport (Section 2.3). 

Another difference is the strong influence of the Atlantic 
MOC (analogous to the ITF-driven circulation in the Pacific) 
on the structure of the weaker Atlantic STCs. It carries an 
estimated 1643 Sv of warm and intermediate waters from the 
South to the North Atlantic via the NBC [Ganachaud and 
Wunsch, 2001]. The northward flow reaches northern sub- 
tropical latitudes by two routes: 1) by ring shedding from the 
NBC retroflection; and 2) by eastward detours in the EUC, 
NEUC, and NECC, with some of the MOC water upwelling 
to shallower levels along the equator. Recent NBC ring stud- 
ies [Garzoli et al., 2003; Johns et al., 2003] have shown that 
the rings contribute 8—9 Sv of South Atlantic NBC water to 
interhemispheric exchange, about half of the total and a much 
larger fraction than previously thought. Among other things, 
the MOC prevents much of the subsurface branch of the North 
Atlantic STC from reaching the equator. 


4.1. Wind-Stress Fields and Ekman-Transport Divergences 


The Atlantic ITCZ shows a marked seasonal migration 
(Figs. 10a,b), moving from its most equatorial position during 
February to its most northern location near 10°N during 
August. The Ekman transports are directed poleward in both 
hemispheres with a zonally integrated, annual-mean diver- 
gence between 10°S and 10°N of 23 Sv for the NCEP reanaly- 
sis stresses (and 21 Sv for ERS-1,2 scatterometer stresses). The 
mean longitudinal distribution of the meridional NCEP Ekman 
transports across 10°N and 10°S (Figure 10c) shows that they 
are strongest in the central and western parts of the respective 
sections. The time series of the Ekman transport divergence 
across 10°N/10°S (Plate 1) shows variations of about 2 Sv 
amplitude at interannual but also longer time scales. 

The Ekman-pumping velocity field, w,,, for the annual 
mean winds (Figure 10c) is similar to the North Pacific, with 
a band of positive (or weakened negative) w,, that extends 
nearly across the basin in the North Atlantic, limiting the pos- 
sibility of interior pathways in the northern hemisphere. There 
is also an area of positive w,, in the eastern tropical-subtrop- 
ical South Atlantic, allowing a larger longitude range of inte- 
rior exchange with the tropics. The area integral of positive w,, 
in Figure 10 in the region x > 30°W, 5°N > y > 22°N plus the 
line integral of offshore Ekman transport along the coast, is 4.4 
Sv, providing an upper limit for off-equatorial upwelling in the 


SCHOTT ETAL. 277 


a) NCEP windstress, August 
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Figure 10. Wind stresses (NCEP) over the tropical and subtropical 
Atlantic for a) August and b) February, c) annual-mean Ekman pump- 
ing (outside +3° latitude belt); also shown, in c), are meridional 
Ekman transports (vector at lower left = 0.5 Sv/degree longitude) 
across 10°N and 10°S. 
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Guinea Dome and offshore of Northwest Africa. Similarly, 
the area integral of positive w,, for x > S°W, 20°S > y > 5°S 
plus the coastal Ekman divergence driven by the alongshore 
winds yields an upper estimate on coastal and Angola-Dome 
upwelling of 5.5 Sv. The total eastern-boundary Ekman diver- 
gence for the Atlantic is therefore about 10 Sv, similar to the 
eastern Pacific and a substantial fraction of the equatorial 
10°N/10°S divergence (23 Sv). As stated in Section 3.1, some 
amount of this eastern upwelling occurs from 10°S—10°N and 
so contributes to the Ekman divergence across 10°N/10°S; 
thus, this amount must be subtracted from the divergence to 
estimate equatorial open-ocean upwelling. 

From recent satellite observations, an ITCZ has also been 
identified in the western tropical South Atlantic. It extends 
eastward from the Brazilian coast in the latitude range 3—-10°S 
during boreal summer [Grodsky and Carton, 2003], and is 
associated with wind convergence, high SST, reduced sur- 
face salinities, and increased precipitation. Its possible effects 
on the structure of the southern-hemisphere STC, if any, have 
not yet been investigated. 


4.2. Observations 


4.2.1. Subduction. For the North Atlantic, Qiu and Huang 
[1995] estimated an annual-mean subduction rate of 27 Sv. By 
calculating geostrophic pathways of the subducted waters, 
they further showed that most of the subducted water returns 
northward within the NEC and Gulf Stream, but they did not 
specifically estimate the southward transfer that would con- 
tribute to the northern STC. For the South Atlantic, Karstensen 
and Quadfasel [2002] estimated a total subduction of 22.5 
Sv south of about 10°S, of which 18.7 Sv was inserted into 
density classes lighter than 26.8 kg m-3 that can upwell in 
the eastern tropical Atlantic (see Section 4.2.4). Much of the 
subducted water that is introduced into the southern SEC, 
however, reaches the western boundary south of the bifurca- 
tion latitude (12—15°S; Plate 3), returning southward within 
the Brazil Current. : 


4.2.2. Subsurface equatorward flow. 


4.2.2.1. Western-boundary pathways: In the South Atlantic, 
the SEC carries thermocline waters subducted in the south- 
eastern ocean toward the northwest. The bifurcation of the 
SEC occurs at 12—15°S, and from there the North Brazil 
Undercurrent (NBUC) transports the bulk of the STC waters 
equatorward. The NBUC has a strong maximum of more than 
50 cm s"! at a depth of about 250 m, with weak, or even 
reversed, surface currents due to the Ekman transports driven 
by the Southeast Trades (Figure 11a). It turns westward after 
passing Cape San Roque (at 5°S) and is augmented by the 
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Figure 11. Mean current distributions for a) meridional flow of the 
North Brazil Undercurrent across 5°S (7 sections), and the zonal 
equatorial current system b) at 35°W (13 sections), c) at 23°W (1 sec- 
tion); also shown (heavy lines) are several relevant isopycnals. (After 
Schott et al. [2002b, 2003].) 


shallower inflow of the low-latitude SEC. This additional flow 
causes the NBUC to lose its undercurrent character, and it 
continues to flow northward as the surface-intensified North 
Brazil Current (NBC; Plate 3 and Figure 1 1b). 

Based on 7 shipboard current-profiling sections at 5°S, 
Schott et al. [2002b] estimated that the NBUC transports 25 
Sv northward across that latitude (Figure 11a). This transport 
is a Superposition of the MOC, the South Atlantic STC, and 
a recirculation of the southward interior Sverdrup transport, 
the latter estimated to be about 10 Sv near 5°S [Mayer et al., 
1998]. From 13 sections along 35°W, Schott et al. [2003] esti- 
mated an average NBC transport of 32 Sv northwest of Cape 
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60°W 40° 20° 0° 
Plate 3. Schematic representation of the Atlantic STC circulation with subduction (blue) and upwelling (green) zones 
that participate in the STC. Current branches participating in STC flows are NEC, SEC, NECC and EUC as in Plate 2; NEUC, 
SEUC = North and South Equatorial Undercurrent, NBC, NBUC = North Brazil Current and Undercurrent; GD, AD = Guinea 
and Angola domes. Interior equatorward thermocline pathways dotted, transport estimates marked for interior and west- 
ern boundary pathways; surface poleward pathways for the central basin (from drifter tracks, after Grodsky and Carton [2002]) 
marked by thin, magenta line; see text for details. 
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Plate 4. Schematic representation of the Indian Ocean Cross-Equatorial Cell (CEC) with subduction (blue) and upwelling 
(green) zones that participate in the CEC; ITF = Indonesian Throughflow, SEC = South Equatorial Current, NEMC = 
Northeast Madagascar Current, EACC = East African Coast Current, SC = Somali Current, GW = Great Whirl; also 
shown are model surface trajectories (magenta) of southward CEC return flow originating from upwelling sites off Soma- 
lia, Oman and west of India; see text for details. (After Schott et al. [2002a] and Miyama et al. [2003].) 
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San Roque with another 7 Sv of SEC flow just to its north, 
yielding a total of 39 Sv flowing across 35°W. Schott et al. 
[1998] reported 35 Sv of this amount crossing the equator at 
44°W, after some loss to the South Intermediate Countercur- 
rent (SICC). The NBC overshoots the equator [Johns et al., 
1998; Schott et al., 1998] and, after passing through a retroflec- 
tion zone known for its intense eddy-shedding activity [Gar- 
zoli et al., 2003], most of it merges into various zonal currents 
in the interior ocean. When evaluating the NBUC currents at 
5°S from the ADCP observations of Schott et al. [2002b] for 
the STC density range of 0, = 23.4-26.2 kg m°? (Figure 11a), 
a northward transport of 12 Sv results, as marked in Plate 3. 

In the North Atlantic, thermocline water in the NEC is car- 
ried equatorward by the Guyana Undercurrent, which bends 
eastward to join the NECC at 5—8°N and the NEUC at 3-5°N. 
It is a very weak flow, transporting only about 3 Sv [Wilson et 
al., 1994; Bourles et al., 1999b; Schott et al., 1998]. Model 
studies suggest that it may penetrate further southward during 
boreal winter to supply the EUC [Schott and Boening, 1991]. 
Zhang et al. [2003] estimate a western boundary undercurrent 
transport of 3.3+1.0 Sv, in agreement with the earlier obser- 
vational estimates. The weakness of the northern equatorward 
STC flow compared to the southern one is of course a con- 
sequence of the Atlantic MOC, transporting about 15 Sv of 
warm water across the equator (see Section 4.3.2). 


4.2.2.2. Interior pathways: In the tropical-subtropical 
Atlantic, the water masses subducted in the eastern subtrop- 
ics and inserted into the thermocline by Ekman pumping are 
characterized by a potential-vorticity (PV) minimum. The 
Ekman upwelling associated with the ITCZ, however, brings 
stratified waters with higher PV into the density range of the 
subducted waters, causing them to make a westward detour 
around this barrier on their way south. This path is clearly 
seen in the PV distribution (/7Ah, where AA is layer thickness) 
on the isopycnal surface 0, = 25.4 kg m3, as determined by 
Zhang et al. [2003] from climatological hydrographic data 
(Figure 12a). Trajectories of the subducted waters on the 0, = 
25.4 kg m™ surface show that there are indeed interior path- 
ways in the South Atlantic, facilitated by the narrowness of the 
PV barrier there (Figure 12b). For the South Atlantic, Zhang 
et al. [2003] determined the geostrophic transport across 6°S, 
between the African coast and 34°W for various density classes 
(Figure 12c), obtaining a total of 4.0+0.5 Sv for the density 
range O, = 23.5—26.3 kg m->. For the North Atlantic, they 
estimated 2 Sv of equatorward interior flow across 10°N, con- 
centrated in the density range 0, = 23.5—26.0 kg m->. A sim- 
ilar calculation was carried out by Lazar et al. [2002], also 
yielding interior pathways. It should be noted that the lightest 
portions of the equatorward flow (< o,= 24.0 kg m-?) are 
subducted at quite low latitudes and therefore do not really 
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Figure 12. a) Distribution of potential vorticity (7Ah, with Ah layer 
thickness, in units of 10-!2m7's-!); b) geostrophic currents on the 
isopycnal surface 0, = 25.4 kg m°? for the tropical Atlantic, based on 
climatological hydrographic data; c) interior net meridional transports 
by density layers across 10°N (I: African coast to 60°W) and 6°S 
CII: African coast to 35°W) as well as accumulated layer transports 
across 10°N (II) and across 6°S (IV). (From Zhang et al. [2003].) 


qualify as part of the STC, because they are not participat- 
ing in a subtropical-tropical exchange. 


4.2.3. Equatorial currents. 


4.2.3.1, EUC: The EUC draws most of its water from the 
NBC retroflection (Plate 3). Schott et al. [2002b] reported that 
the undercurrent layer (0, = 24.5—26.8 kg m”) is supplied 
by a northward flow of 13.4+2.7 Sv at 5°S, and estimated that 
about 80% of this flow enters the EUC. The EUC has a total 
eastward transport of 21.9+3.5 Sv in the mean section at 
35°W, of which 8.6 Sv occur in the near-surface layer above 
On = 24.5 kg m-? [Schott et al., 2003]. The surface-layer 
eastward flow occurs predominantly during the spring 
when the ITCZ migrates close to the equator (Figure 10a,b), 
and weakened easterly, or even westerly, wind stresses drive 
the near-surface flow [Bourles et al., 1999a; Schott et al., 
1998]. 

Farther east at 0°E, the transport is reduced to about 6 Sv 
[Bourles et al., 2002]. These authors showed that during boreal 
summer the Atlantic EUC can even surface and terminate 
away from the boundary. The fate of the mean EUC at the 
eastern boundary and its possible supply of the Gabon-Congo 
Undercurrent or Angola Dome is still uncertain [Stramma 
and Schott, 1999]. 


4.2.3.2. North and South Equatorial Undercurrents: The 
NEUC and SEUC seem to be weak in the west and to 
strengthen into the central ocean. Their potential role in the 
STCs is to provide, from their shallower density layers, water 
for the off-equatorial eastern upwelling regimes along the 
coasts and in the Guinea and Angola domes. The SEUC is rec- 
ognizable (Figure 11b) at a depth of about 100-400 m at 
3-4°S in the density range 26.2-27.0 kg m™; its transport 
at 35°W is only 3 Sy, but at 23°W (Figure 1 1c) it has strength- 
ened to about 10 Sv. Although a supply of the SEUC out of 
the NBC retroflection regime has not been established from 
ship surveys, the SEUC is distinguishable from the low-oxy- 
gen interior thermocline waters of the tropical South Atlantic 
by a relative oxygen maximum [Arhan et al., 1998]. An inter- 
pretation is that it is supplied by a mixture of NBUC waters 
with interior SEC recirculations. Mean transports from sec- 
tions further east still have to be composed from the sparse 
data base. 

Since the equatorward flow of subducted water in the inte- 
rior ocean occurs in the density range 0, = 23.5-26.3 kg m? 
[Zhang et al., 2003], most of it can pass over the SEUC in 
the western basin (Figure 11b) but not at 23°W in the central 
basin where isopycnals 6, = 25.4 kg m'! and deeper pass 
through its upper part (Figure 11c). Thus, the denser part of 
the subducted water (Figure 12c) cannot reach the EUC. Zhang 
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[2003; pers. comm.] estimated that about 1 Sv of the interior 
equatorward thermocline flow is trapped by the SEUC in this 
way and carried eastward with it. 


4.2.3.3. Tropical cells: From their ADCP section analysis, 
Molinari et al. [2003] inferred the existence of a North Atlantic 
TC, consisting of shallow upwelling at the equator and down- 
welling from 3—6°N. For the downwelling branch, Grodsky 
and Carton [2002] estimated a transport of 42 Sv for 
35°W-10°E from drifter convergences. The existence of a TC 
in the tropical South Atlantic has not yet been quantified. In 
any event, as for the Pacific, the presence of Atlantic TCs has 
to be taken into account when evaluating the wind forcing 
and net meridional upper-layer STC transports, that is, the 
relevant quantifications need to be carried out poleward of 
about 6° latitude. 


4.2.4. Upwelling. 


4.2.4.1. Source depth of upwelled waters: The core of the 
Atlantic EUC lies in the density range o, = 24.5-26.8 kg m3, 
and the SEUC and NEUC extend to densities of the order 
O,= 27.0 kg m-°. Since the Og = 26.25 kg m-> isopycnal 
within the EUC reaches the surface at the Greenwich merid- 
ian [Bourles et al., 2002], only densities near and less than 
this value can upwell to the surface at the equator [Snowden 
and Molinari, 2003]. The fate of the denser water is unclear, 
but it may upwell in the off-equatorial areas. 


4.2.4.2. Equatorial upwelling: From an evaluation of early 
direct current sections across the equator, Gouriou and 
Reverdin [1992] estimated a divergence of 15 Sv for the 
4—35°W band, and concluded that upwelling into the sur- 
face layer was confined to the upper part of the EUC. From 
an average of 12 cross-equatorial western Atlantic ADCP 
sections extending for 10° of longitude centered near 35°W, 
Molinari et al. [2003] estimated an upwelling transport of 
about 11 Sv. These estimates are comparable to upwelling 
transports obtained from inverse-model analyses of the diver- 
gence across off-equatorial sections. Lux et al. [2001], for 
example, derived an upwelling transport of 7.5 Sv out of 
the thermocline water layer (6, = 24.58-26.75 kg m-°) for 
a box closed by zonal sections at 7.5°N and 4.5°S. Earlier, 
Roemmich [1983] obtained an upwelling transport of 6-10 
Sv across 0, = 26.2 kg m? for basin-wide sections at 10°N 
and 10°S, the spread of values depending on model assump- 
tions. When comparing these estimates with the Ekman 
divergence of about 25 Sv across 10°N/10°S, it has to be 
considered that diapycnal upwelling velocities have a sharp 
profile and maximum upwelling values may not be reached 
when averaging over density ranges. 
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4.2.4.3. Off-equatorial upwelling: Off-equatorial upwelling 
happens along the eastern coasts and in two cyclonic domes, 
namely, the Guinea and Angola domes in the northern and 
southern hemispheres, respectively (Plate 3), which are driven 
by the regions of strong positive w,, in the eastern tropical 
ocean (Figure 10). Upwelling estimates based on observa- 
tions have not been reported for these regions, but, as noted. 
above (Section 4.1), their combined Ekman upwelling effect 
(10 Sv) is not negligible. Their effects, while not known in 
detail, are nevertheless included in aforementioned inverse 
studies for those contributions that fall inside the northern 
and southern boundaries of their respective analysis domains. 


4.2.5. Poleward surface flow. Surface-drifter pathways for 
the tropical Atlantic were determined by Grodsky and Carton 
[2002]. As for the Pacific (Section 3.2.5; Figure 6), they indi- 
cate that the STC return flow is carried westward by the zonal 
currents, except for an eastward portion in the NECC. Con- 
sequently, much of the upwelled water returns to the sub- 
tropics west of the subduction sites, as indicated in Plate 3 
for two trajectories from the central equatorial basin. Again, 
it has to be noted that these drifter trajectories are not the 
tracks of real water parcels since they cannot follow downward 
motions at TC convergences; hence real trajectories would 
be deflected even more westward than those of Plate 3. This 
property ensures that much of the STC water does not return 
directly to the equator, so that the STCs are primarily closed 
indirectly after one or more recirculations in the Subtropical 
Gyre, or even an excursion into the subpolar region. Similar 
to the Pacific, pathways in the eastern basin also extend east- 
ward to be trapped in the Gulf of Guinea. 


4.3. Models 


4.3.1. STC pathways and exchange windows. A variety of 
model studies have addressed Atlantic STC pathways and 
exchange windows between the subtropical subduction regions 
and the tropical and eastern upwelling regions. Malanotte- 
Rizzoli et al. [2000] used an intermediate-resolution (non- 
eddy resolving) OGCM, driven by COADS climatology and 
obtained PV distributions that looked qualitatively similar to 
those observed (Figure 12a). Regarding the exchange win- 
dows, they find an interior exchange zone in the northern 
hemisphere, whereas all the waters subducted in the eastern 
South Atlantic take the western-boundary pathway. As 
expected, the seasonal effect of the northern PV barrier is 
most pronounced in late boreal summer and much reduced 
in winter, so that the annual mean is dominated by the sum- 
mer situation. They attributed the stronger than observed equa- 
torward northern thermocline flow in their simulation to their 
model’s having a somewhat weak MOC. 


It is obvious that there must be a dependence of the exchange 
windows on the patterns and intensity of the wind stress cli- 
matology, since that determines upwelling and the PV bar- 
rier. Inui et al. [2002] studied the differences in STC pathways 
between the commonly used Hellermann and Rosenstein 
[1983] and da Silva et al. [1994] forcing fields. They found 
that for the stronger Hellerman and Rosenstein [1983] forc- 
ing the interior exchange window is much reduced in com- 
parison to the weaker da Silva et al. [1994] forcing. This 
calculation was confirmed by a similar model study with both 
wind stress climatologies carried out by Lazar et al. [2002]. 


4.3.2. Effect of the MOC. Several investigators have stud- 
ied the interaction of the Atlantic MOC with the STC. Fratan- 
toni et al. [2000] compared two solutions to a six layer isopycnal 
model of the tropical Atlantic, one forced by wind alone and 
the other by winds and a 15-Sv MOC imposed at the model’s 
northern and southern boundaries. A similar calculation was car- 
ried out by Boening [2002; pers. comm.] using an Atlantic- 
basin GCM. Both studies found that the STCs were nearly 
symmetric about the equator in the solution forced only by 
winds. In contrast, for the solution forced by wind and the 
MOC, the northern cell was so weak that there was only about 
2 Sv of equatorward thermocline flow in the northern hemi- 
sphere, similar to the observational evidence presented above. 

The transports of solutions forced by both winds and the 
MOC are approximately a linear superposition of the transports 
from solutions forced by MOC and wind forcing alone. This 
linearity, however, is not at all true for the mesoscale vari- 
ability. The eddy kinetic energy at the western boundary is 
greatly enhanced with the addition of the MOC. Fratantoni et 
al. [2000] attribute this to the combined effects of increased 
current shear, advection of potential vorticity from the equa- 
torial waveguide by the strengthened NBC and enhanced 
potential vorticity gradient. In their model, NBC eddy shed- 
ding only occurs in the combined forcing case. 


5. INDIAN OCEAN 


In the Indian Ocean, the Southeast Trades do not extend to the 
equator, and the annual-mean equatorial winds have a slight 
westerly component (Figure 13c). As a result, there is no annual- 
mean, equatorial upwelling as in the other oceans. Instead, there 
are prominent upwelling regions in the northern hemisphere off 
Somalia, Oman, and India during the summer monsoon. Since 
subduction occurs predominantly in the southeastern, subtrop- 
ical Indian Ocean, the shallow overturning circulation associated 
with these upwelling regions involves interhemispheric flow, 
forming the Cross-equatorial Cell (CEC). There are also regions 
of open-ocean upwelling in the southern tropical Indian Ocean 
and off northwestern Australia that generate intra-hemispheric 
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Figure 13. Wind stresses (NCEP) in the Indian Ocean for a) July, b) January, c) the annual mean; d) Sverdrup transport 
function, and e) annual mean of Ekman pumping (outside +3° latitude belt), with meridional Ekman transports (vector at 
left = 0.3 Sv/degree longitude) across 10°N and 10°S. 


overturning cells. Superimposed on the basin circulation is the 
ITE, allowing for complex pathways relating the CEC and hemi- 
spheric cells with the other oceans. 


5.1. Wind Stress 


5.1.1, Monsoon variability. The wind-stress fields for July 
and January show the drastic changes of the monsoons (Figs. 


80° 100° 120°E 


13a,b). During the northern summer, the Southeast Trades 
attain their seasonal maximum and extend almost to 5°S, 
their most northerly position. At this time, they flow into 
the Arabian Sea over the western basin, forming a narrow 
atmospheric jet with strong northward cross-equatorial 
stresses (the Findlater Jet; Figure 13a). As a result, in the 
Arabian Sea there is Ekman convergence and mixed-layer 
warming southeast of the jet, and Ekman divergence and 
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cooling northwest of it. North of the equator, the summer- 
monsoon winds have an eastward component (Figure 13a) 
and south of it (in the domain of the Southeast Trades) they 
have a westward component, that is, they drive southward 
Ekman transports on both sides of the equator. The equato- 
rial winds are directed primarily northward against the off- 
equatorial Ekman transports in both hemispheres (Figure 
13a), and they are strongest in the west. 

During the winter monsoon, the Southeast Trades are con- 
fined south of 10°S, and there is a belt of eastward wind stress 
between 10°S and the equator (Figs. 13b). Ekman divergence 
and thermocline doming along the northern edge of the Trades 
are largest at this time. The zonal-mean stresses are eastward. 
north of the equator and westward south of it. Thus, the Ekman 
transport is directed northward on both sides of the equator, 
the opposite situation from the summer. On the equator, the 
meridional stress is (weakly) southward, again against the 
Ekman transport. 

The equatorial wind stress is eastward during the inter- 
monsoon seasons (April-June and October-December), so 
that there is Ekman convergence on the equator. These winds 
drive semiannual eastward surface jets, leading to a deep, 
annual-mean thermocline in the eastern equatorial ocean 
[Wyrtki, 1973]. 


5.1.2. Sverdrup and Ekman transports. The annual-mean 
wind stress distribution is dominated by the summer-mon- 
soon pattern, having anticyclonic stresses over the Arabian 
Sea (Figure 13c). The resulting mean Sverdrup transport func- 
tion (Figure 13d) shows the subtropical and SEC circulation 
of the South Indian Ocean, with a weak cell in the Somali 
Current area. Using the NCEP climatology for the time period 
1990-98, there is a mean southward transport of 6.5+0.9 Sv, 
based on the mean values for individual years. 

As noted by Godfrey et al. [2001] and Miyama et al. [2003], 
the zonal component of the wind stress nearly vanishes at the 
equator during both monsoons, and it is roughly proportional 
to the distance from the equator on either side. For such a 
wind field (t* % y), the Ekman pumping velocity, (tf), van- 
ishes completely. It follows that no pressure gradients and, 
hence, no geostrophic currents are generated, so that the flow 
field is composed entirely of Ekman drift. For this wind field, 
then, the concept of Ekman flow is valid all the way to the 
equator (i.e., in the limit y — 0). Consistent with this property, 
—1;,/B =—-t*/f so that the Sverdrup and Ekman transports are 
equal, a relation that is valid even at the equator. As a conse- 
quence, the cross-equatorial Ekman/Sverdrup flow is very 
shallow, providing the driving force for the CEC. 

The near-equivalence of Ekman and Sverdrup transports 
has been confirmed by Schott et al. [2002a]. For the NCEP 
winds averaged from 1990-98, the annual-mean Ekman 


transports across 3°N and 3°S are —6.9+3.6 Sv and —6.043.9 
Sv, respectively, and the cross-equatorial Sverdrup transport 
is —6.5+0.9 Sv. The same averages for the ERS-1/2 scat- 
terometer winds yield Ekman transports of 7.4+4.0 Sv and 
9.3+6.4 Sv with an across-equatorial Sverdrup transport of 
~—6.442.6 Sv. 

The longitudinal distributions of the annual-mean Ekman 
transports across 10°N and 10°S are sketched in Figure 13e. 
They underscore the completely different behavior of the 
Indian Ocean in comparison to the Atlantic (Plate 3) and 
Pacific (Plate 2) Oceans, with (weak) mean southward Ekman 
transports across 10°N. South of about 8°S, the Southeast 
Trades are present throughout the year. They are associated 
with a band of intensified w,, from 2—-12°S and 55—90°E (Fig- 
ure 13e). Ekman divergence estimates for the region are almost 
10 Sv [Schott et al., 2002a], and this divergence drives the 
Indian Ocean’s southern-hemisphere STC. 

As discussed above, the main driver of the Indian Ocean 
cross-equatorial cell (CEC) is the cross-equatorial Sverdrup 
transport. Time series of this field show intraseasonal varia- 
tions of 5 Sv or more and year-to-year differences of 2—3 Sv. 
These transport variations are comparable to those in the other 
two oceans, but they amount to a much larger fraction for the 
mean CEC than for the mean STCs in the Pacific and Atlantic 
Oceans. 


5.1.3. Subduction. Subduction in the Indian Ocean occurs 
predominantly in the southeastern subtropical Indian Ocean. 
Based on their global analysis of climatological data, 
Karstensen and Quadfasel [2002] estimated that a total of 36 
Sv is subducted into the 23-27 kg m™ density range in that 
region. Of this amount, 12.2 Sv enters into densities less than 
25.7 kg m®, corresponding to an upwelling depth off Soma- 
lia of about 150 m. A small amount of subduction, estimated. 
to be about 0.5 Sv in the annual mean by Karstensen [2003; 
pers. comm.], also happens in the northern Arabian Sea dur- 
ing the winter monsoon in density classes that can upwell 
locally (Plate 4). A similar amount of surface water is trans- 
formed into thermocline waters in the Red Sea and Arabian 
Gulf, but into density classes of 27.2 and 26.6 kg m=}, respec- 
tively, too dense for upwelling [Schott et al., 2002a]. 


5.1.4, Southern-hemisphere subsurface flow. Given the 
structure of the southern-hemisphere winds (Figure 13c), we 
can expect that south of the equator the Indian Ocean’s shal- 
low overturning circulation has a structure like that in the 
other oceans, with subsurface water following the western- 
boundary pathway to the equator since 7*(0) ~0 so that 
x, (0) — —°e [Eq. (7)]. Indeed, this structure is suggested by 
the distributions of salinity and nutrients in the thermocline 
(Schott et al., 2002a). Subducted water masses are carried 
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Figure 14. Depths (shading) of and salinities (contours) on potential density surface 25.7 kg m-? for the annual-mean dis- 
tributions, showing spreading of low-salinity ITF waters and doming northeast of Madagascar. 


westward within the South Equatorial Current (SEC). The 
SEC waters bifurcate at the Madagascar coast, with part turn- 
ing southward and the rest eventually joining the East African 
Coastal Current (EACC) to flow to the equator. The denser 
waters do not participate in the CEC, either retroflecting south- 
east of Madagascar or flowing out of the basin within the 
Agulhas Current. 

Salinity (Figure 14) and nutrient distributions further indi- 
cate a connection to the ITF region. In a recent inverse mod- 
eling study, Ganachaud et al. [2000] emphasized the connection 
of the Throughflow to the southern Indian Ocean via the 
Mozambique Current. Evidence from drifter trajectories and 
earlier regional budget studies [Swallow et al., 1991] indicates 
that the near-surface SEC water that arrives north of Mada- 
gascar mostly continues to flow northwestward toward the 
EACC and Somali Current (Plate 4); it is only the deeper ther- 
mocline flow that supplies the Mozambique Current. 


5.1.5. Cross-Equatorial Cell. © 
5.1.5.1. Subsurface cross-equatorial flow: Schott et al. 


[1990] observed the cross-equatorial western-boundary flow 
with moored stations. They found that the annually reversing 


part of the Somali Current was restricted to be not much 
deeper than the upper 100 m (Figure 15a,b), with the stronger 
northward flow during the summer monsoon resulting in an 
annual northward mean of 3.5 Sv from the surface to 100 m, 
while from 100-400 m the flow was northward in both seasons. 
Schott et al. [2002a] derived a total of 6.3 Sv for the 50-300 
m layer, which carries water in the density ranges that upwell 
off Somalia. The deeper portions of the northward flow, about 
1.6 Sv from 300-500 m must also participate in the north- 
ern-hemisphere upwelling, since there is no southward return 
flow at these densities elsewhere along the equator. (Presum- 
ably, all subsurface cross-equatorial flow occurs near the west- 
ern boundary where mixing and strong nonlinearities can 
change the sign of its potential vorticity.) 


5.1.5.2. Upwelling: During the Southwest Monsoon, coastal 
upwelling off Somalia typically occurs in wedge-shaped areas, 
formed by offshore advection along the northern flanks of two 
prominent summertime gyres, the “Southern Gyre” at 3-5°N 
and the “Great Whirl” at 8—-10°N [Schott and McCreary, 2001]. 
Although upwelling densities as high as 0, = 6.8 kg m™? have 
been observed off Somalia, the typical upwelled water is lighter 
than 25.7 kg m™?. 
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From shipboard sections off Somalia, the Southern Gyre 
outflow of upwelled water was estimated by Schott et al. 
[2002a] to be about 9 Sv. The Great-Whirl outflow has two por- 
tions, one through the passage between Socotra and the African 
continent (Plate 4) and another by offshore and southeast- 


ward recirculation, both branches taking up heat and losing 
density. Schott et al. [2002a] estimated a combined upwelling 
transport of 12.5 Sv for the summer monsoon and 4.2 Sv for 
the annual mean. Along the Omani coast, coastal upwelling 
associated with filaments connected to topographic features 


a) observations, July b) observations, January c) observations, annual mean 
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Figure 15. Observed meridional currents and transports of the Somali Current at the equator: a) summer monsoon, b) win- 
ter monsoon, c) mean; d)}-f) same as a)-c) but from SODA model. 


carry the upwelled waters far into the interior Arabian Sea. 
From various pieces of evidence, Schott et al. [2002a] esti- 
mated this upwelling to be about 3 Sv for the monsoon sea- 
son or | Sv annually. 

There is also open-ocean upwelling in the northern Indian 
Ocean during the summer monsoon. It has been emphasized 
in several modeling studies with regard to cyclonic domes 
east and west of southern India and Sri Lanka [McCreary et 
al., 1993; Vinayachandran and Yamagata, 1998; Miyama et 
al., 2003], which are driven by the positive Ekman pumping 
there (Figure 13e). Presumably, open-ocean upwelling also 
occurs in the Arabian Sea west of the Findlater Jet; however, 
it has been discounted as a significant upwelling source, 
likely because its effects are overwhelmed by the nearby 
Somali and Omani coastal upwelling and by local mixed- 
layer deepening [McCreary et al., 1993; McCreary et al., 
1996; Lee et al., 2000]. 


5.1.5.3. Surface cross-equatorial flow and equatorial roll: 
As discussed in Section 5.1, the wind-stress distribution sug- 
gests that the CEC is closed by a surface, southward 
Ekman/Sverdrup transport in the interior ocean. Schott et al. 
[2002a] noted the agreement between the observed north- 
ward Somali Current in depth range 50-300 m and the Sver- 
drup transport, both carrying about 6 Sv (Plate 4). Drifters 
provide observational evidence for this interior flow, indicat- 
ing southward flow on either side of the equator to within 
+3°, Close to the equator, however, the flow is masked by the 
equatorial roll, as discussed next. 

Solutions forced by meridional winds at the equator [Wacon- 
gne and Pacanowski, 1996; Miyama et al., 2003] suggest that 
there should be a vertical-meridional overturning circulation 
within a narrow band around the equator, with northward 
(southward) surface currents on the equator during the sum- 
mer (winter) monsoon and subsurface counterflow under- 
neath. This counterflow connects the southward (northward) 
Ekman transports from one side of the equator to the other dur- 
ing the summer (winter) monsoon. Based on shipboard ADCP 
sections taken during the summer monsoon in the western 
basin where strong northward winds exist on the equator (Fig- 
ure 13a), Schott et al. [2002a] reported observational evi- 
dence for the subsurface flow of the roll at speeds exceeding 
20 cm s~!. Evidence for the reverse circulation during the 
winter monsoon was also found, but the roll was not as well 
developed at that time. 

Whether the rolls can cause diapycnal fluxes depends on 
whether or not they penetrate through the bottom of the mixed 
layer. In the observations, however, the evidence points to the 
roll being dominantly restricted to the surface-mixed layer or 
at least uppermost part of the thermocline, leading Schott et 
al. [2002a] to the conclusion that the equatorial roll has small 
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diapycnal effects and is therefore of little consequence for 
the meridional heat transport. This conclusion was confirmed 
by the model study of Miyama et al. [2003] (see Section 5.3). 

Estimation of near-surface mean flows from drifter trajec- 
tories is much more difficult than for the other two oceans 
because of the seasonal reversal of the monsoon circulation 
north of about 8°S and the existence of the equatorial roll, 
the latter preventing drifters from being directly advected 
across the equator by the Ekman transports in both hemi- 
spheres. Therefore, likely mean surface trajectories have been 
inserted into Plate 4 from the model study of Miyama et al. 
[2003]. Three trajectories are shown from a simulation based 
on forcing by annual-mean winds, which emanate from the 
upwelling regimes of Somalia, the eastern Arabia Peninsula and 
west of India. They all slant to the southeast in the northern 
hemisphere and down to about 5°S, then reverse to slant to the 
southwest. As in the other oceans, much of the surface return 
flow does not return to the southeastern subduction regime, 
again requiring indirect STC recirculations with the subtrop- 
ical or subpolar Indian Ocean, or even an interocean transfer 
into the Atlantic. 


5.1.6. Southern-hemisphere STC. There are indications of 
open-ocean upwelling within the band of intensified Ekman 
pumping from 5—12°S noted in Section 5.1. Direct evidence 
of this upwelling, including transport estimates from ocean 
measurements, is still lacking. It is suggested, however, by 
the doming of the thermocline along the northern edge of the 
Southeast Trades (Figure 14). Although not obvious in SST 
maps because it is masked by the general meridional tem- 
perature increase in that region, it is also suggested by satel- 
lite color images that show a chlorophyll maximum in that 
region [Murtugudde et al., 1999]. As determined from numer- 
ical simulations, the region has an annual-mean upwelling 
transport of 5-10 Sv (McCreary et al. [1993]; Ferron and 
Marotzke [2003]; Miyama et al. [2003]; Figure 16 below), 
consistent with the amplitude of the Ekman divergence there 
(Section 5.1.2). 

This upwelling regime points toward the existence of a sec- 
ond overturning circulation, the Indian Ocean STC. The sub- 
surface pathways associated with this cell have not been 
determined from observations. Possible sources for the ther- 
mocline water that supplies the upwelling are subduction in the 
southeastern Indian Ocean, recirculation from the western 
Indian Ocean, and the ITE In the McCreary et al. [1993] solu- 
tion, all the water comes from the second source: Just south 
of the equator part of the subsurface EACC bends offshore to 
eastward into the upwelling band (see their Figure 3). 


5.1.7. Other overturning cells. There is another regime of 
southern-hemispheric upwelling along the northwest Aus- 
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Figure 16. Meridional overturning function of the JAMSTEC model of Miyama et al. [2003] for the upper 500 m of the 


Indian Ocean. 


tralian shelf and Arafura Sea, generating another overturning 
cell. Godfrey and Mansbridge [2000] established mass budg- 
ets for the combined region based on Ekman and geostrophic 
currents, estimating an annual-mean upwelling transport of 1.4 
Sv (Plate 4), so that cell is weak. 

Finally, IOD episodes are marked by westward wind anom- 
alies along the equator, leading to significant uplifting of the 
thermocline and SST reduction in the eastern equatorial ocean 
and off Sumatra [Saji et al., 1999; Feng and Meyers, 2003], 
but their contribution to mean upwelling is estimated to be 
small [Schott et al., 2002a]. 


5.2. Models 


A number of modeling studies have addressed the Indian 
Ocean overturning circulations [McCreary et al., 1993; 
Wacongne and Pacanowski, 1996; Garternicht and Schott, 
1997; Ferron and Marotzke, 2003; Miyama et al., 2003]. 
Here, we review results from Miyama et al. [2003], who 
compared solutions to a variety of ocean models: a 1'/,-layer 
model and a linear, continuously stratified model in order 
to explore the dynamics of cross-equatorial flows; a 2!/,- 
layer model without the IT; a 4!/,-layer model with the 
throughflow included; and the Japan Marine Science and 
Technology Center (JAMSTEC) global GCM in order to 
investigate circulation pathways. We also discuss output from 
the Simple Ocean Data Assimilation (SODA) product of 
Carton et al. [2000] that was analyzed by Schott et al. 


[2002a]. In SODA, a variety of ocean measurements (altime- 
try, surface temperatures, XBT track-lines, hydrographic sta- 
tions, etc.) are assimilated into an ocean model, with a 
horizontal resolution of 1° x 1° at midlatitudes and 1° x 
0.45° (longitude—latitude) in the tropics, 20 vertical levels, and 
a 15-m resolution near the sea surface. 


5.2.1. Pathways. Flow pathways in both the model solu- 
tions and SODA compare well with the observed currents. 
The mean surface circulation of SODA shown by current vec- 
tors for the upper 15 m (Plate 5) indicates the dominant effect 
of the summer monsoon, with a northward Somali Current 
and anticyclonic circulation across the Arabian Sea. The struc- 
ture of SODA’s cross-equatorial Somali Current (Figure 15d—f) 
compares well with the observed one (Figure 15a—c). On the 
other hand, in SODA the total cross-equatorial Somali Current 
transport above 500 m (6.6 Sv) and the thermocline transport 
in the 50-300 m range (4.1 Sv) are weaker than observational 
estimates, while its upwelling corresponds to the numbers 
given above (see below). 

The meridional overturning circulation in the JAMSTEC 
solution (Figure 16) has a cross-equatorial transport of 5 Sv. 
Of course, the overturning circulation illustrated by this 2-d 
streamfunction is deceptively simple; for example, the solu- 
tion’s subsurface northward branch occurs mostly in the 
Somali Current, whereas its near-surface southward branch 
occurs across the interior of the basin primarily as an 
Ekman/Sverdrup flow. 


Note that the JAMSTEC streamfunction has a well-devel- 
oped equatorial roll. The existence of the roll is confirmed 
in model surface trajectories, which sometimes carry out sev- 
eral orbits within the roll before extending into the southern 
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hemisphere. A consequence of the northward surface flow 
associated with the roll is that model surface drifters only 
cross the equator in the far-eastern ocean, a property that can 
be inferred from the structure of the near-equatorial flow field 
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Figure 17. The equatorial roll in the SODA model, shown by the meridional velocities (cms~'), along the equator for a) 
July, b) January and c) annual mean. Positive (shaded) is northward. Also shown (right margin) are northward, southward 
and net transports in 0-100-m layer. (From Schott et al. [2002a].) 


290 OVERTURNING CIRCULATIONS OF THE TROPICAL-SUBTROPICAL OCEANS 


Annual mean currents in the upper 15m and upwelling velocity in 0-75m depth (SODA model) 
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Plate 5. Mean currents (upper 15 m, not every grid point shown; current scale see upper left) and vertical velocity at 75- 
m depth of SODA model. Shown for marked boxes are upwelling (positive), downwelling (negative) and net transports in 
Sv across 75-m level. (From Schott et al. [2002a].) 


(Plate 5). The equatorial roll in the SODA product is developed 
during the summer monsoon in response to the strong north- 
ward winds over the western equatorial ocean, with north- 
ward surface flow and southward subsurface flow (Figure 
17a); it has a reversed rotation during the winter monsoon 
(Figure 17b), and is dominated by the summer conditions in 
the annual mean (Figure 17c). 

Miyama et al. [2003] investigated the sources of waters that 
upwell in the northern hemisphere by tracing particle trajec- 
tories backwards from individual upwelling zones. In the 
JAMSTEC solution, water came from three regions: flow into 
the basin from south of 30°S, subduction in the southeastern 
Indian Ocean north of 30°S, and from the Pacific via the ITF. 
Particles from the Throughflow could follow either a shal- 
low, fast (<4 years) pathway to the upwelling regions or a 
deep, slow (>10 years) one that involved subduction (Plate 
6). The authors provided transports for each of the sources 
(9.7, 4.7, and 5.1 Sv, respectively, in their Table 2), but were 
not able to quantify precisely the contribution of each type 
to the 6-Sv cross-equatorial transport. 


5.2.2. Northern-hemisphere upwelling. The model solu- 
tions and SODA all produce similar values for the net annual- 
mean upwelling in the northern hemisphere, a consequence of 
its being determined by the cross-equatorial Ekman/Sverdrup 
transport and, hence, solely by the winds. In contrast, the solu- 
tions differ markedly in the division of transport between indi- 
vidual upwelling regions, indicating that local upwelling is a 
highly model-dependent process. 

Off Somalia, the annual-mean SODA upwelling across 75 
mis 5.8 Sv (Plate 5), a value between the low and high esti- 
mates of Schott et al. [2002a]. This value, however, is nearly 
compensated by 4.9 Sv of downwelling in the region, yield- 
ing an annual-mean upwelling of only 0.9 Sv, much too small 
in comparison to observed estimates. In the three solutions 
analyzed by Miyama et al. [2003], the net annual-mean 
upwelling in the region varied from 1.3~3.1 Sv, still somewhat 
small compared to observations. Off Oman, the 
net upwellings in SODA and the Miyama et al. [2003] solu- 
tions vary from 1.0—-1.9 Sv, in reasonable agreement with 
observations. Offshore from southern India and Sri Lanka, 
there is a total upwelling of 3.0 Sv (1.0 Sv net) in the 
SODA model (Plate 5), mostly east of 80°E where there is 
Ekman suction driven by large and positive wind curl. 
Similarly, the net upwelling transports in the Miyama 
et al. [2003] solutions vary from 1.2—1.8 Sv. 


5.2.3. Southern-hemisphere upwelling. For the upwelling 
band northeast of Madagascar (2-12°S, 50-90°E), Miyama et 
al. [2003] obtained upwelling transports of 5—8 Sv, depend- 
ing on model type. In SODA, the average upwelling trans- 
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port across 75 m from 1990-99 is 6.2 Sv, but there was also 
downwelling of 3.4 Sv across that level, leaving a net upwelling 
of 2.8 Sv, small compared to the Ekman divergences and 
model simulations. 


6. VARIABILITY 


Interest in understanding STC variability stems from its 
possible influence on equatorial upwelling and SST, and hence 
climate. So far, observational evidence of STC variability is 
restricted to the Pacific because of its exceptional coverage of 
the near-equatorial zone over the past two decades. While 
modes of variability involving subtropical-tropical SST and 
ocean advection have also been determined for the Atlantic 
(e.g., Huang and Shukla [1997]) and Indian (e.g., Xie et al. 
[2002]) Oceans, observational evidence for the involvement 
of the STCs or CEC (Indian Ocean) in climate anomalies in 
these oceans is so far not available. 


6.1. Observations 


6.1.1. Pacific. In the North Pacific, one manifestation of 
Pacific decadal variability is a contrast between anomalously 
cold SSTs in the center of the basin with anomalously warm 
SSTs around the eastern boundary, and vice versa [Mantua et 
al., 1997]. Analysis of subsurface temperature data suggests 
that when these anomalous SSTs subduct, they gradually 
propagate downward and southwestward to cool or warm the 
subtropical thermocline [Deser et al., 1996]. Without salinity 
data, however, it is difficult to determine whether these anom- 
alies result from changes in the temperature-salinity (T-S) 
properties of the subducted water or from wind-forced changes 
in the pycnocline depth. 

Considerably less work has been done on the variability of 
air-sea fluxes and subduction in the South Pacific. This lack 
is due partly to the relative dearth of oceanic and atmos- 
pheric observations there, and partly to the perception that 
the region exhibits little low-frequency variability; however, 
a study of the NCEP reanalysis product did show low-fre- 
quency variability in the southern hemisphere with a char- 
acter and magnitude similar to that seen in the north 
[Garreaud and Battisti, 1999]. Kessler [1999] provides one 
of the few pertinent studies of South Pacific variability, 
focusing on T-S properties of the core isopycnal in the salty 
tongue of subtropical water that reaches the equator to feed 
the EUC, a shallow feature that overlies the mode water 
formed just to its south [Wong and Johnson, 2003]. He 
showed that there is considerable interannual variability 
along 5--10°S, attributing it to advection and changes in the 
SEC associated with El Nifio. Additionally, there is an inter- 
decadal trend over the record length from 1983-1997, with 
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Figure 18. STC variability in the Pacific during 1955-2000, docu- 
mented by decadal means of a) interior equatorward geostrophic 
thermocline transports across 9°N and 9°S and b) their sum, show- 
ing decrease of STC thermocline convergence from 27 Sv in the 
70’s to 14 Sv in the 90’s; simultaneously, a warming of the equato- 
rial Pacific (curve in b) by about 0.6°C is observed. (From McPhaden 
and Zhang [2002].) 


a tendency toward a warmer, saltier tongue, for which he 
could find no satisfactory explanation. 

In their upwelling study (see Section 3.2.4), Meinen et al. 
[2001] also examined the seasonal-to-interannual variability 
of equatorial upwelling across 50 m in an equatorial box 
extending from 5°S to 5°N and from 155°E to 95°W. On sea- 
sonal time scales, the divergence is mostly determined by 
variations in zonal geostrophic and meridional Ekman trans- 
ports. During the 1997-1998 El Nifio, the meridional 
geostrophic convergence was nearly eliminated as the ther- 
mocline flattened and the Ekman divergence was reduced 
even more, halving the upwelling across 50 m. During La 
Nifia phases, they found increased Ekman transports 
and divergences due to the strengthened trades. It is not clear, 
however, that these changes represent variations in STC 


strength, since the edges of the box are located well inside 
the tropics, not near the subtropical/tropical boundary. 
Evidence for interdecadal variability of the strength of the 
Pacific STCs was recently documented by McPhaden and 
Zhang [2002]. They determined the interior, geostrophic, equa- 
torward convergences across 9°S and 9°N during the past 50 
years (Figure 18a), finding that the total convergence reduced 
from 27+1 Sv during the decade before the mid-1970’s regime 
shift [Mantua et al., 1997] to only 14+1.5 Sv in the 1990’s 
(Figure 18b). There were comparable reductions in estimates 
of the same quantities when the Sverdrup relation was applied 
to various wind products, as well as in the poleward Ekman 
transports. They inferred a weakening of both the North and 
South STCs over this time period, and hence of the equatorial 
upwelling. In support of this idea, they noted that there was a 
gradual increase in NINO3 SST during the same time span. 


6.1.2. Atlantic. Aspects of the Atlantic STCs exhibit inter- 
annual-to-decadal variability. There are equatorial SST anom- 
alies at interannual periods, corresponding to an Atlantic 
ENSO, and also at decadal periods [Carton et al., 1996; Huang 
and Shukla, 1997]. The Ekman divergence between 10°N and 
10°S has amplitudes of several Sverdrups at these time scales 
(Plate 1), and temperature variability at thermocline levels 
has been documented in several studies. The transfer of South 
Atlantic thermocline waters by North Brazil Current rings 
(Section 4) also undergoes longer period variations [Goni and 
Johns, 2003], which likely has consequences for the distri- 
bution of water masses and STC pathways. To date, though, 
there is no Atlantic counterpart to the McPhaden and Zhang 
[2002] Pacific STC variability study that would point toward 
these individual variations being collectively associated with 
Atlantic STC variability. 


6.1.3. Indian Ocean. In the Indian Ocean, interannual vari- 
ability occurs in both the Cross-equatorial Cell (CEC; Section 
5.2.3) and in the STC of the southern hemisphere (Section 
5.1.6). Variability of the cross-equatorial heat transport was 
suggested by Loschnigg and Webster [2000] to affect north- 
ern hemisphere SST and thereby to influence the following 
monsoon. In the southern hemisphere, tropical and subtrop- 
ical anomalies associated with IOD events [Saji et al., 1999; 
Feng and Meyers, 2003] have been found to affect SST 
strongly at interannual time scales in the upwelling zone north- 
east of Madagascar. The upwelling is interrupted by Rossby 
waves arriving from the east that increase upper-layer thick- 
ness and SST, causing increased atmospheric convection and 
enhanced cyclogenesis [Webster et al., 1999; Xie et al., 2002]. 
Since anomalous Ekman downwelling is involved, this phe- 
nomenon may be considered to be an anomaly of the Indian 
Ocean’s southern-hemisphere STC. Similarly, the upwelling 
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Plate 6. Typical Indian Ocean particle trajectories in the JAMSTEC model studies by Miyama et al. [2003], traced back- 
ward from the upwelling to the subduction zones, showing x—y and y—z views in corresponding left and right panels. 
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off Sumatra undergoes substantial variations [Susanto and 
Gordon, 2001; Feng and Meyers, 2003], also suggesting shal- 
low cell anomalies. 


6.2. Models 


A number of recent modeling studies have been carried out 
to investigate the role of STC variability in climate variabil- 
ity. Two processes have been proposed for this influence. In one 
process, SST anomalies are subducted into the thermocline in 
the eastern subtropics, are advected to the equatorial ocean at 
thermocline levels with a time lag of the order of a decade, and 
influence equatorial SST when they upwell there (the V7” 
hypothesis, first proposed by Gu and Philander [1997]). In the 
other, STC strength responds to interannual-to-decadal vari- 
ability of the winds, thus altering the amount, rather than tem- 
perature, of the water that is upwelled in the equatorial cold 
tongue (the v7 hypothesis; Kleeman et al. {1999]). 


6.2.1. ¥T’ processes. Existing solutions suggest that V7" 
processes are not adequate for generating equatorial SST 
anomalies of realistic amplitude at decadal time scales. In the 
Pacific, Schneider et al. [1999] reported a weak response in 
their wind-forced GCM solution, noting that northern-hemi- 
sphere isopycnal-thickness anomalies (assuming a climato- 
logical T-S relationship) were advected equatorward by the 
mean circulation, but only as far south as 18°N; equatorward 
of that latitude, temperature anomalies resulted from changes 
in the pycnocline depth forced by local wind variability. Non- 
aka and Xie [2000], Shin and Liu [2000], and Hazeleger et al. 
[2001] also noted a weak equatorial response in their GCM 
solutions forced by realistic midlatitude temperature anomalies. 

Schneider [2000] discussed the potential climatic influence 
of “spiciness” anomalies in the Pacific region of his coupled- 
model solution. Spiciness anomalies are temperature anom- 
alies accompanied by salinity anomalies such that there is no 
density change. He noted that such anomalies were subducted 
into the thermocline in the subtropics and subsequently 
advected to the equator by the STCs, where they perturbed 
tropical climate. Essentially, spiciness anomalies behave like 
“passive” tracers, which do not feedback to affect the pressure 
field and, hence, the circulation. (In contrast, a temperature 
anomaly alone is an “active” tracer that does affect pressure.) 
Liu and Shin [1999], Nonaka et al. [2000], and Nonaka and 
Xie [2000] have considered the propagation of both active 
and passive tracers, the latter study concluding that uncom- 
pensated temperature anomalies propagate less readily to the 
equator than a passive tracer. 

In the Atlantic, Lazar et al. [2001] inserted a warm tem- 
perature anomaly (2.2°C) into the eastern subtropical sub- 
duction area of their OGCM, and followed its propagation 


across the South Atlantic and to the equator for a period of 10 
years; during years 6-8, there was an increase in equatorial 
temperature along the 0, = 25.3 kg m™ surface, but only by 
0.2°C. Noting an increase in the anomaly across the South 
Atlantic, the authors conclude that they are not just passively 
advected along with the mean thermocline flow but are partly 
salinity-compensated (a partial spiciness anomaly), indicating 
the need to observe both salinity and temperature variability 
in STC studies. They also concluded that, in addition to mean 
advection, wave processes associated with such dynamic 
anomalies need to be taken into account. 


6.2.2. VT’ processes. Concerning VT" processes, Klinger et 
al. [2002] used a 3!/,-layer ocean model (a thermodynamic 
version of the Lu et al. [1998] model discussed in Section 3.3) 
to investigate the influence of switched-on and periodic, off- 
equatorial winds on the Pacific STCs and equatorial SST. They 
showed that decadal wind anomalies along the tropical-sub- 
tropical boundary can alter the STC transport, leading to sig- 
nificant changes in equatorial SST, whereas wind anomalies 
at midlatitudes do not. They also showed that the various STC 
branches respond at quite different time scales, with the surface 
branch adjusting much more rapidly than the subsurface one. 
As a result, only at periods considerably longer than a decade 
can STC variability be assumed to be quasi-steady. It follows 
that quasi-steady theories of climate variability (e.g., Huang 
and Pedlosky [1999]) should be viewed with caution. 

Nonaka et al. [2002] confirmed the importance of tropi- 
cal-subtropical wind anomalies in causing STC variability in 
their GCM solution forced by NCEP reanalysis winds. They 
showed that at decadal time scales weaker (stronger) STC 
transports are associated with warmer (cooler) equatorial SST 
anomalies (Plate 7a) and more (less) heat content (Plate 7b). 
(The green-dashed line in Plate 7a is a trend in STC strength, 
removed from the green curve. It indicates that the model 
STCs weakened by 6 Sv from 1965-1990, consistent with 
but weaker than the observed weakening noted by McPhaden 
and Zhang [2002].) In contrast, there was no such relationship 
at interannual time scales, pointing toward fundamentally dif- 
ferent dynamics for interannual and decadal variability (see 
their Figure 2). They also noted the importance of forcing by 
near-equatorial, decadal winds, concluding that the model’s 
decadal variability was initiated by near-equatorial wind anom- 
alies and subsequently maintained by STC variability. Finally, 
they noted that there was a phase difference between two dif- 
ferent measures of STC strength, with a measure based on 
heat transport VY’ leading another based on the two-dimen- 
sional streamfunction Ai’ (compare blue and green curves 
in Plate 7a), pointing toward the need for a definition of STC 
variability that takes into account the different spinup times of 
the various STC branches. 
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Plate 7. a) Decadal anomalies of heat transport V’ across 10°S and 15°N (blue line; left axis), surface heat flux Q” inte- 
grated over the area extending across the Pacific and from 10°S and 15°N basin A (red line; left axis), and STC strength 
Av’ (green solid line; right axis) for a solution forced by winds without equatorial anomalies (Solution NoEQ). b) Decadal 
anomalies of heat content from 10°S to 15°N and from the surface to 500 m H’ (black line; left axis), and SST anomalies 
averaged over area A (purple line; right axis) for solution NoEQ. Trends are removed from all curves, with the trend of Aw’ 
plotted in the green dashed line in a). The Aw’ curves are reversed for easy comparison with other curves. (From Nonaka 
et al. [2002].) 
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Kleeman et al. [1999] and Solomon et al. [2003] developed 
an intermediate coupled model to explore the potential influ- 
ence of STC variability. Their solutions developed two modes 
of oscillation: an ENSO-like interannual mode (~4 year) and 
a decadal one (~13 year). The decadal mode was generated in 
northern midlatitudes, and was similar in structure to the Latif 
and Barnett [1994] mode. It was found to influence the equa- 
torial cold tongue by altering the transport of the ocean model’s 
northern STC (v’T hypothesis), thereby causing ENSO 
Decadal Variability (EDV). The STC transport was deter- 
mined largely by the Ekman transport across the edge of the 
tropical warm pool, thereby linking subtropical wind vari- 
ability to equatorial SST anomalies. Solomon et al. [2003] 
noted that for weaker midlatitude coupling, the decadal mode 
was damped but could still be maintained by tropical air-sea 
interactions (the ENSO mode) through tropical-to-midlati- 
tude atmospheric teleconnections. In this parameter range, 
then, both tropical and midlatitude processes are required to 
cause PDV and EDV, a property consistent with the conclusions 
of Nonaka et al. [2002]. 

Latif and Lohmann [2003, pers. comm.] discussed Atlantic 
SST anomalies in a solution to the MPI OPYC coupled model. 
They found that, although Atlantic anomalies existed at decadal 
time scales, they had small amplitudes in the tropics com- 
pared to those in the Pacific. Since the Atlantic STC anomalies 
last for decadal time scales, though, they may still be climat- 
ically significant. 


7. SUMMARY AND CONCLUSIONS 


We have reviewed observational evidence and model results 
for the STCs in all the oceans and for the CEC in the Indian 
Ocean. Here, we summarize our findings and comment on 
outstanding issues. 


7.1, Theory 


Basic STC dynamics can be understood within the frame- 
work of a 2!/,-layer model (Section 2). In this model, the exis- 
tence and strength of the STCs is determined by the tradewinds 
across the subtropical/tropical boundary: They cause pole- 
ward Ekman drift that drains near-surface water out of the 
tropics by Ekman drift, thereby forcing a compensating return 
flow (Section 2.2). The existence of subsurface, equatorward 
currents in the interior ocean results from the nonlinear terms 
in Eqs. (1), which require that subsurface flow follows equa- 
torward-bending characteristics (Section 2.3; Luyten et al. 
[1983]). Two key characteristics are the shadow-zone x, [Eq. 
(6)] and bifurcation x, streamlines (Figure 1): Only subsurface 
water located between these two streamlines flows to the equa- 
tor to participate in the STC, the water west of x, recirculat- 


ing poleward within the subtropical gyre. Thus, it is primarily 
thermocline water subducted in the eastern subtropics that 
participates in the STCs. Thermocline water can flow directly 
to the equator in the interior ocean (the interior pathway) pro- 
vided that x, (0) > 0 (as for the dashed curve in Figure 1; Sec- 
tion 2.4). The ITCZ, however, can distort or even block interior 
pathways, by bending characteristics more to the west on its 
northern flank where | w, | is small. If the ITCZ is sufficiently 
strong, x,(y) intersects the western boundary before it can 
approach the equator even if x,(0) > 0. For a weaker ITCZ, it 
first bends westward but then returns eastward to extend to the 
equator, creating a sinuous interior pathway, for example, as 
in Figs. 8 and 9. According to (5), the ITCZ’s influence on 
characteristics has a convenient interpretation in terms of 
wind-driven currents, with characteristics bending westward 
in the NEC and eastward in the NECC. Another interpretation 
is that the ITCZ creates a “PV barrier” by uplifting stratified 
waters with high PV, thereby forcing low-PV subducted waters 
to take a westward detour around these zones. 


7.2. Pacific and Atlantic Oceans 


7.2.1, Subduction. Available estimates of subduction rates 
were obtained by combining Ekman transports determined 
from climatological winds with referenced geostrophic currents 
from the mean hydrographic data base. Using this approach, 
estimates of the total subduction rates in both hemispheres 
are large, 35 Sv (27 Sv) and 44 Sv (23 Sv) for the North and 
South Pacific (Atlantic), respectively [Huang and Qiu, 1998; 
Karstensen and Quadfasel, 2002]. Only fractions of these 
totals, however, are subducted in regions with pathways that 
extend to the equator and density classes that upwell there. It 
should also be noted that subduction is not restricted to the sub- 
tropics, a consequence of the lateral-induction term that results 
from near-surface flow across a negative gradient of mixed- 
layer thickness; it can happen even in low latitudes where the 
Ekman pumping is weak or absent [Karstensen and Quad- 
fasel, 2002]. By definition, however, tropical subduction 
should not be considered part of the STC. 


7.2.2. Interior and western-boundary pathways. \|n the 
Pacific and Atlantic Oceans, thermocline water moves to the 
equator via western-boundary and interior pathways (Plates 
2 and 3). In the North (South) Pacific, about 14 Sv (15 Sv) 
of thermocline water takes the western-boundary pathway, 
with the northern branch first feeding the NECC before join- 
ing the EUC and the southern branch moving directly to the 
equator in the NGUC. Actually, the northern western bound- 
ary current carries 23 Sv southward, but about 9 Sv of this 
North Pacific water feeds the Indonesian Throughflow near 
the equator. 


In the North (South) Atlantic, the western-boundary path- 
way carries about 3 Sv (12 Sv) to the EUC, the northern 
branch being nearly blocked by the MOC (see Section 7.4). In 
the Pacific, the transports of the interior pathways were recently 
quite well determined by Sloyan et al. [2003], who applied a 
box inverse model to the multitude of direct current observa- 
tions compiled along cross-sections by the TAO project. They 
found 5 Sv for the northern interior pathway and 15 Sv for the 
southern one (Plate 2). In the Atlantic, preliminary estimates 
of STC transports were derived by Zhang et al. [2003] based 
on geostrophic currents derived from the climatological hydro- 
graphic data base, yielding 2 Sv for the northern and 4 Sv 
for the southern interior STC transport (Plate 3). The interior 
equatorward STC pathways (dotted in Plates 2 and 3) are 
deflected eastward (by the NECC) and westward (by the SEC), 
and therefore particles have to describe wide excursions before 
joining the EUC (Figs. 8 and 9). 


7.2.3. Equatorial currents. The Pacific and Atlantic EUCs 
are the primary equatorial branches of the STCs. In the west- 
ern regions, they are both predominantly supplied from the 
southern hemisphere by the NGUC and NBUC, respectively 
(Plates 2 and 3), a consequence of interactions with interocean 
circulations (see Section 7.4 below). The EUCs in both oceans 
slant upwards across isopycnals to the east (e.g., Figure 5d) 
with maximum transports of about 40 Sv and 20 Sv, respec- 
tively. They seem to terminate near the eastern boundary, and 
a clear connection to the eastern-boundary circulations has 
not been established. Water-mass properties, however, sug- 
gest that EUC water flows southward, rather than northward, 
near the eastern boundary. 

There are off-equatorial undercurrents in each ocean, located 
3—5° on either side of the equator, the NSCC and SSCC (or 
Tsuchiya Jets) in the Pacific and the NEUC and SEUC in the 
Atlantic. Source waters for these flows appear to be western- 
boundary currents, with the exception of the SEUC for which 
the connection to the NBC retroflection region is not clear 
[Arhan et al., 1998; Schott et al., 1998]. They diverge poleward 
[Johnson and Moore, 1997; Rowe et al., 2000 | as they flow 
eastward, as shown schematically in Plates 2 and 3. They are 
merged with the EUC in the western Pacific (Figure 5), but are 
clearly separate from the EUC in the western Atlantic (Figure 
11b). The role of these currents in the STCs, if any, is still a 
matter of debate. For one thing, they occupy a certain den- 
sity range that can block interior STC pathways (Figs. 4, 5). 
Indeed, the SEUC is estimated to block about 1 Sv out of 4 Sv 
interior thermocline flow across 6°S (Zhang [2003, pers. 
comm.]; dotted line in Plate 3). They can perhaps be viewed 
as a deep STC branch that upwells in off-equatorial regions. 
At present, though, their relation to eastern upwelling has not 
been quantitatively documented. 


SCHOTT ETAL. 297 


There is a region of Ekman convergence on either side of 
the equator, a consequence of the poleward increase of ||. In 
response, water appears to downwell there and return to the 
equator at the top of the thermocline or even within the sur- 
face mixed layer, to form Tropical Cells (called Equatorial 
Cells in the latter case by McCreary and Lu [1994]). This ten- 
dency is particularly prominent at the northern edge of the 
Southeast Trades (4-6°N), where there is strong conver- 
gence associated with weaker winds in the ITCZ. For the 
Pacific, Sloyan et al. [2003] estimated the combined north- 
ern and southern TCs to have a strength of 35 Sv (with large 
error bars), whereas for the Atlantic Grodsky and Carton 
[2003] estimated the transport of the northern TC to be only 
4 Sv based on drifter convergences. The TCs are also promi- 
nent features in numerical solutions; however, because 
they occur at shallow levels with little diapycnal exchange, 
their strength is much reduced when calculated in density 
coordinates [Hazeleger et al., 2001]. The existence of 
the TCs requires that any measure of STC strength 
based on surface transports occurs poleward of the TC 
convergences (about 7°). 


7.2.4. Upwelling. Because upwelling velocities are so small 
(~1 m/day), upwelling transports are typically estimated indi- 
rectly, by calculating the horizontal transport divergence out 
of a closed box surrounding the region of interest. A compli- 
cating factor with this approach is that estimates depend on the 
chosen depth of the box, so that the calculation should be 
repeated for a range of depths to determine the maximum 
upwelling. In addition, the EUC shoals to the east, so the 
method typically yields higher values than the actual, across- 
isopycnal transport. 

Applying these procedures to the central and eastern Pacific, 
Sloyan et al. [2003] estimated 37+4 Sv of equatorial upwelling 
in their box inverse model analysis, which is the best available 
estimate. For the Atlantic, with much less complete observa- 
tional coverage, only local estimates of upwelling transports 
have been possible. It should be noted that equatorial upwelling 
alone is not a measure of STC strength, it has to be corrected 
for the contribution of the TCs, which never reaches the sub- 
tropics. There are no quantitative estimates of eastern-bound- 
ary and dome upwelling in either ocean that are based on 
modern methods. 

Upper limits for upwelling transports can be determined 
from wind-stress divergences. For the Pacific, the total Ekman 
divergence across 10°S and 10°N is 54 Sv (for NCEP reanaly- 
sis stresses) and the coastal and dome upwelling is 10 Sv (Fig- 
ure 2b). For the Atlantic, the divergence across 10°N and 10°S 
is 23 Sv; the divergence along coasts and in domes is also 10 
Sv (Figure 10c), a significant amount in comparison to the 
Atlantic’s equatorial upwelling. 
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7.2.5. Poleward surface flows. There is poleward Ekman 
drift of the surface flow field from the equator to the sub- 
tropics, the basic driving force of the STCs (Figs. 2b, 10c). At 
the same time, surface water is deflected westward by the 
NEC and SEC and eastward by the NECC on its way north. 
Therefore, surface pathways (Figure 6, Plate 2) are as sinuous 
as subsurface interior pathways (Figs. 8, 12), and much of 
the poleward return flow of the STC ends up westward of the 
subduction sites (Plates 2, 3). Direct closure within the STC 
is thus not possible for this flow, leading to interactions with 
the subtropical gyre and Subpolar Cell (SPC). 


7.3. Indian Ocean 


The Indian Ocean is unique among the three oceans, in not 
possessing an eastern upwelling zone and cold tongue. Instead, 
the mean equatorial winds are westerly, making the equator a 
downwelling regime so that the upwelling branches of the 
overturning cells all occur off the equator. In the annual mean, 
almost all subduction occurs in the southern hemisphere. 
Some of the subducted water upwells in the southern hemi- 
sphere, but a significant portion upwells north of the equator, 
thereby forming the Indian Ocean’s distinctive CEC. 

Almost all subduction occurs in the southern hemisphere. 
It is estimated to be 36 Sv, out of which 12 Sv enter density 
classes that can upwell in the northern hemisphere [Karstensen 
and Quadfasel, 2002]. The subducted waters flow westward 
in the SEC alongside waters originating from the ITF and 
joined by northward recirculation from the southern sub- 
tropics (Plate 4), so that it is not clear just what is the final mix 
of waters that supply the CEC. In the numerical solutions 
reported by Mivama et al. [2003], subsurface water also flows 
across 30°S to participate in the CEC. There is also a small 
amount of subduction in the northern Arabian Sea, that might 
feed the upwelling there (Plate 4). 

One measure of the strength of the CEC is the southward, 
near-surface transport across the equator (analogous to M,(y,) 
in (2) for the STCs). For the particular mean wind field of 
the Indian Ocean, in which t* is roughly proportional to y 
near the equator, the cross-equatorial Sverdrup transport is 
nearly equal to the Ekman transport, a consequence of the 
property that 


lim t*/f =73/B 
yoo 


for T*  y [Godfrey et al., 2001; Mivama et al., 2003]. Schott 
et al. [2002a] demonstrate this near-equality, finding that the 
winds drive a southward Ekman-Sverdrup transport of about 
6 Sv. Consistent with this value, the CEC is closed by north- 
ward flow of the Somali Current at the thermocline level, 
which is also close to 6 Sv in western boundary observations 


(Figure 15). This strength is also consistent with the over- 
turning streamfunction of the JAMSTEC GCM solution and 
other high-resolution models (Figure 16). 

During the Southwest Monsoon, upwelling occurs in the 
northern hemisphere, mostly along the coasts of Somalia 
and Oman where it is driven by the intense Findlater Jet. It 
extends offshore from Somalia in wedges between large 
quasi-stationary gyres (the Southern Gyre and Great Whirl) 
and from Oman in filaments that extend well into the inte- 
rior of the northern Arabian Sea (Plate 4). Model studies 
also suggest that there is open-ocean upwelling south of 
India and Sri Lanka, but observational evidence is not avail- 
able to quantify it. 

In addition to the CEC, the Indian Ocean appears to have 
another prominent overturning circulation confined to the 
southern hemisphere, the Indian Ocean STC. It is associated 
with upwelling driven by Ekman pumping along the northern 
edge of the Southeast Trades from 5—10°S (Plate 4). This 
cell was first reported in the modeling study of McCreary 
et al. [1993]. Murtugudde et al. [1999] noted its influence on 
ocean color. 


7.4. Influence of Interocean Circulations 


In the Pacific and Atlantic Oceans, one might expect the 
STCs to be nearly symmetric about the equator based on the 
structure of the wind fields that drive them (with poleward 
Ekman transports roughly equal in both hemispheres), but 
they are not. In the Atlantic, the reason for the asymmetry is 
the northward transport of 15—20 Sv by the warm limb of the 
Atlantic MOC. It strengthens the southern STC, but weak- 
ens the northern one so much that only small equatorward 
thermocline flow is observed in the northern hemisphere 
(Plate 3). In the Pacific, the asymmetry is due to the ITF with 
an estimated transport of 10-15 Sv [Ganachaud et al. 2000; 
Sloyan et al., 2003]. The ITF is supplied by thermocline and 
intermediate water from the South Pacific, which must cross 
the equator and upwell to shallower levels before eventually 
merging into the ITF in the Makassar Strait (Plate 2). Thus, it 
also acts to strengthen the southern STC and weaken the 
northern one. Its effects, however, are less apparent than those 
of the Atlantic’s MOC because of the much larger transports 
of the Pacific STCs. 

In the Indian Ocean, the ITF alters the mix of waters that par- 
ticipate in the CEC. Water-mass properties indicate that a por- 
tion of ITF water participates in the cross-equatorial Somali 
Current but the ITF influence on CEC pathways is not clear. 
As the (model) surface pathways in Plate 4 indicate, the cross- 
equatorial return CEC flow from the northern upwelling sites 
can arrive west of the subduction regime, thus feeding into 
the gyre return flow or even into exchanges with the Atlantic. 


7.5. STC Variability and Climate 


Because the STCs account for a significant amount of pole- 
ward heat transport [7alley, 2003], their variability has been 
hypothesized to be involved in climate. In one hypothesis 
(wT processes), temperature anomalies subducted into the 
thermocline at midlatitudes are advected to the equator, where 
they upwell to affect SST [Gu and Philander, 1997]. In the 
other wT processes, variability in the strength of the STCs 
leads to SST anomalies [Kleeman et al., 1999]. 

There is little observational evidence to support either 
hypothesis. In support of the former, Deser et al. [1996] 
reported the downward and equatorward propagation of tem- 
perature anomalies, but they did not follow them to the equa- 
tor. In support of the latter, McPhaden and Zhang [2002] 
reported a decrease in the equatorward transport convergence 
across 9°N and 9°S in the Pacific Ocean from 27 Sv during 
the 1970's to about half that value during the 1990’s. There was 
a similar decrease in Ekman transport divergence across these 
latitudes during the same time period, as well as an increase 
of equatorial SST by about 0.6°C (Figure 18b). A recent update 
of this calculation to 1998-2003 reveals a rebound of the STC 
strength associated with an SST cooling [McPhaden and 
Zhang, pers. comm., 2004]. 

Modeling studies generally suggest that V7’ processes do 
not generate significant equatorial SST anomalies [Schnei- 
der et al., 1999; Nonaka and Xie, 2000; Hazeleger et al., 
2001; Lazar et al., 2001], although there is an indication of the 
potential influence of spiciness anomalies [Schneider, 2000]. 
In contrast, ocean-only models forced by wind anomalies 
along the subtropical/tropical lead to changes in STC strength 
that, in turn, cause variations in equatorial SST that are con- 
sistent with observed decadal variability [Klinger et al., 2002; 
Nonaka et al., 2002], and intermediate coupled models have 
demonstrated the potential feedback of STC-driven SST anom- 
alies to the atmosphere [K/eeman et al., 1999; Solomon et al., 
2003]. A noteworthy result of the ocean-model studies is that 
the STC response is not quasi-steady even at quite low fre- 
quencies (periods of 10 years and longer), the surface branch 
responding more rapidly than the subsurface one. 


7.6. Conclusions 


We are only beginning to understand the role of STCs in 
ocean circulation and climate. Even their mean transports and 
pathways are still poorly determined from observations, and 
there are significant differences in their representation in dif- 
ferent model types. In the Pacific our quantitative knowledge 
is fairly advanced [Meinen et al., 2001; Sloyan et al., 2003; 
McPhaden and Zhang, 2002] due to the continuous observa- 
tional efforts related to the El Nifio Southern Oscillation 
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(ENSO) observing system [McPhaden et al., 1998]. In con- 
trast, the existing Atlantic data base is much weaker: Only in 
the western tropical Atlantic have continuous observations of 
western boundary STC components been started [Molinari 
et al., 2003; Schott et al., 2003]. 

There is a particular need for observational work to deter- 
mine pathways of thermocline flow between identified sub- 
duction regions and the EUCs, as well as the potential 
participation of the off-equatorial undercurrents (NSCC and 
SSCC in the Pacific; NEUC and SEUC in the Atlantic) in the 
STCs. One method of pursuing STC pathways involves deploy- 
ing Autonomous Profiling Explorers (APEX) that drift at 
shallow levels to provide velocity information there, but take 
temperature and salinity profiles to deeper levels at prese- 
lected time intervals to provide water mass information. As 
shown for the tropical Atlantic [Schott et al., 2002b], how- 
ever, floats at constant levels are of reduced usefulness as 
tracers for STC pathways since they cross density surfaces. 
Instead, isopycnic RAFOS floats are needed, which can be 
analyzed as true density-surface followers similar to model 
Lagrangian studies (e.g., Figure 9a). 

Regarding the surface circulation, the Atlantic is lacking 
not only in data on subsurface zonal currents but also in sur- 
face drifter data. In the Pacific, surface drifter data are suffi- 
ciently dense to quantify mean STC pathways, equatorial 
divergence, and off-equatorial TC convergence [Johnson, 
2001]. In contrast, surface drifter data are much more sparse 
in the tropical Atlantic, especially in the east, making such 
estimates uncertain there [Grodsky and Carton, 2002; Moli- 
nari et al., 2003]. 

Large uncertainties also surround subduction and upwelling 
by the STCs. So far, estimates of mean subduction rates have 
been limited to the evaluation of historical data sets. When 
fully implemented, the Array for Realtime Geostrophic 
Oceanography (Argo) Program [Argo Science Team, 1998] 
will provide sufficient CTD data from profiling floats to esti- 
mate nearly global fields of large-scale interior geostrophic cir- 
culation and mixed-layer properties. These data, combined 
with satellite scatterometer winds fields, should allow large- 
scale estimates of the temporal evolution of subduction from 
season to season. In addition, time series are required to under- 
stand the influence of high-frequency small-scale forcing in 
subduction. Regarding upwelling, we noted that the relation 
between the various zonal equatorial currents and the east- 
ern coastal and dome upwelling zones is still largely unknown, 
although Ekman transport divergences hint at some impor- 
tance of these zones for the STCs. Focused process studies are 
needed to fill these knowledge gaps. 

For determining potential STC predictability, transports by 
the STC branches need to be measured continuously at key 
locations, and then related to indicators of STC strength (such 
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as Ekman divergence at 10°S/10°N), to equatorial SST vari- 
ability, and to model simulations. Key locations are the low- 
latitude western boundary currents and cross-equatorial 
sections in the interior ocean, to measure the transports of 
the western-boundary and interior STC pathways, respec- 
tively. The interior observations, which are already underway 
in the Pacific, need to be extended meridionally beyond the lat- 
itudes of the TC convergences. While seasonal ship sections 
might provide sufficient temporal coverage for the STC vari- 
ability time scale (Plate 7), aliasing by Tropical Instability 
Waves (and possibly their role in STC currents and stratifi- 
cation) may be substantial, requiring longer-term moored sta- 
tions. Several such studies are presently being discussed within 
the international Climate Variability and Predictability stud- 
ies (CLIVAR) program. 

Regarding modeling studies, it is important to determine 
the causes (model resolution, mixing parameterizations, forc- 
ing, etc.) for the considerable differences in mean STC trans- 
ports and pathways among models. It is equally important to 
understand the processes that govern STC variability and its 
influence on equatorial SST in greater detail. Finally, models 
can be used to develop a comprehensive measure for STC 
strength and variability; there are indications that variability 
of the meridional streamfunction, which implicitly assumes that 
surface and subsurface branches respond at the same time 
scale, is not adequate. 

In conclusion, we have shown here that STCs and the CEC 
play important roles in the mean circulation of all three trop- 
ical-subtropical oceans, and that there is evidence for their 
participation in climate anomalies. We are, however, only at 
the beginning to develop a quantitative understanding of the 
overturning circulations and their variability. Further progress 
requires new dedicated observational activities and model- 
ing efforts. 
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An ocean data assimilation product from the Geophysical Fluid Dynamics Lab- 
oratory (GFDL) was used to investigate the seasonal variability of the ocean circu- 
lation in the northern tropical Atlantic. Analyses indicate that the seasonal variation 
of the circulation plays an important role in mediating meridional exchange between 
the subtropics and equatorial zone. In particular, seasonal changes in the Northern 
Equatorial Countercurrent (NECC) and in the cyclonic recirculation of the Guinea 
dome directly affect the trajectory of a subducted water parcel. Furthermore, seasonal 
variation of the zonal slope of the thermocline in the interior of the basin controls, 
to a large extent, the amount of water participating in the equatorial circulation. 
These changes can be explained in terms of a simple dynamical model where local 
Ekman pumping dominates thermocline variation in the western part of the basin, 
and Rossby wave adjustment comes into playing in the eastern basin. 


1. INTRODUCTION 


In the Ekman convergence region in the mid latitudes surface 
waters are subducted into the thermocline. After subduction they 
move equatorward predominantly along isopycnals, and at the 
equator a fraction of these waters is incorporated into the Equa- 
torial Undercurrent (EUC). The waters of the EUC are char- 
acterized by a salinity maximum, and are referred as the 
subtropical underwater (STUW) [O’Connor, 2002]. In the 
Atlantic the EUC is fed mainly by waters from the southern sub- 
tropics[Metcalf and Stalcup, 1967], an asymmetry caused by 
the interaction between the wind-driven gyres and the merid- 
ional overturning circulation (MOC) [Jochum and Malanotte- 
Rizzoli, 2001; Fratantoni et al., 2000]. 

Bryden and Brady [1985] provided evidence that water 
returning to the surface in the equatorial region is also pre- 
dominantly along isopycnals, implying that the density struc- 
ture of the equatorial thermocline must be determined in 
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analogy with the midlatitude thermocline. Inspired by this 
result Pedlosky [1987] extended the concept of ae 
thermocline of extratropics to tropics. 

Following Pedlosky’s work, numerical and analytical mod- 
els have been used to study the processes that control the trop- 
ical/subtropical water exchange, and identify the pathways of 
this exchange. Focus has been given primarily to the Pacific 
Ocean [McCreary and Lu, 1994; Liu, 1994; Liu et al., 1994; 
Liu and Philander, 1995; Lu and McCreary, 1995; Rothstein 
et al, 1998] and recently to the Atlantic Ocean [e. g., Harper, 
2000; Malanotte-Rizzoli et al, 2000]. The results of these 
studies emphasize the link between the Equatorial Undercur- 
rent (EUC) and the subtropical thermocline, providing basic 
support to Pedlosky’s theory. However, the use of models with 
more complete dynamics and realistic wind forcing in more 
recent studies has produced conflicting results. 

At the heart of the controversy is a subject not considered in 
Pedlosky’s theoretical work, that is, the impact of Ekman suc- 
tion induced by the ITCZ on the pathways of waters from the 
Northern Hemisphere. Does the ITCZ act as a barrier to inte- 
rior exchange water between the equator and northern sub- 
tropics, as concluded by Lu and McCreary [1995]? Results 
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from a high resolution general circulation model (GCM) [Harper, 
2000] indicate that there is no total barrier, and “the thermal 
structure under the ITCZ merely redirects the pathways of the 
thermocline ventilation”. Based on a reduced-gravity GCM of 
the Atlantic Ocean, /nui et al. [2002] suggested that on seasonal 
time scales the Ekman suction region permits interior flow 
towards the equatorial region during the winter (February) and 
prevents communication during the summer (August). 

Traditionally, numerical studies of the tropical/sub- 
tropical pathways are based on annual-mean circulation fields, 
implying that the water pathways after subduction are not sig- 
nificantly affected by seasonal variation of the circulation. 
Even when dealing with seasonal variations, it is often assumed 
that the ocean is in equilibrium with the winds. These assump- 
tions are under question for the northern tropical Atlantic 
because in this region the pronounced migration of the ITCZ 
causes considerable seasonal variation in the wind stress curl, 
and the oceanic adjustment to these wind fluctuations takes at 
least a few months. In addition to pumping the thermocline up 
and down, changes in the wind stress curl also cause changes 
in the thermocline slope and hence in the geostrophic merid- 
ional flow. In order to understand the extent to which the 
ITCZ can have an effect on the water pathways, it is necessary 
to take into consideration the oceanic response to seasonal 
changes in the wind stress. Furthermore, a realistic simulation 
of the thermal structure within the thermocline and its vari- 
ability is imperative. 

Although the equatorial thermocline is mostly supplied 
from the southern Atlantic, the water pathway in the northern 
hemisphere is likely to be affected strongly by seasonality 
[Hazeleger et al., 2003; Lazar et al., 2002]. Thus, in this study 
we will assess the seasonal variation of the northern tropical 
Atlantic circulation using a global ocean data assimilation 
(ODA) product. Our main objective is to diagnose the sensi- 
tivity of the relation between the tropical/subtropical path- 
ways and seasonal changes of the wind stress caused by the 
annual migration of the ITCZ. A description of the ocean 
assimilation system is given in section 2. In section 3 simu- 
lated fields are compared with available observations. The 
main characteristics of simulated mean and seasonal circu- 
lation of the northern tropical Atlantic are presented in section 
4, as well as details of the oceanic adjustment to fluctuations 
in the wind stress curl. In section 5 seasonal changes in the 
tropical/subtropical pathways are diagnosed using a Lagrangian 
trajectory analysis. Finally, section 6 summarizes the results. 


2. THE OCEAN ASSIMILATION SYSTEM 
The results presented in this paper are based on the ODA 


analysis carried out at the Geophysical Fluid Dynamics Lab- 
oratory. The Ocean Data Assimilation system consists of three 


components: the quality controlled observational data, a sta- 
tistical interpolation algorithm and a numerical ocean model. 

Surface and subsurface temperature data incorporated into 
the ocean model were taken from the World Ocean data 
Bank-94 [Levitus and Boyer, 1994], the Global Temperature 
and Salinity Profile Project and TOGA/TAO moorings. Addi- 
tional data from Global SST data sets were provided by the 
National Center for Environmental Prediction (NCEP). Qual- 
ity control checks included: a basin dependent range check for 
temperatures, standard deviation checks, and gravitational 
stability checks. The univariate variational optimal interpolation 
scheme developed by Derber and Rosati [1989] was used to 
assimilate the observed data into the numerical model. 

The numerical model was based on the GFDL Modular 
Ocean Model version 3 (MOM3) [Pacanowski, 1999]. The 
model domain covers the global ocean basin from 78°S to 
65°N, with a uniform zonal resolution of 1°. The meridional 
resolution is 1/3° between 10°S—LO°N, and gradually increases 
to 1° polewards of +20°. In the vertical, the model has 40 lev- 
els with a constant 10 m resolution in the upper 210 m. For hor- 
izontal mixing of momentum and tracers the model employed 
a Smagorinsky [1993] non-linear scheme and a Gent- 
McWilliams [1990] lateral tracer diffusivity scheme. In the 
vertical, a non-local K-Profile Parameterization (KPP) scheme 
was used together with a Bryan-Lewis [1979] tracer mixing 
scheme. The model was forced with climatological surface 
wind stresses derived from NASA/ DAO/SSMI analysis super- 
imposed on which were daily wind stress anomalies from the 
NCEP Reanalysis for the period from 1980 to 2000. Restor- 
ing boundary conditions to both weekly Reynolds OISST 
product and Levitus salinity were used at the ocean surface. 


3. COMPARISON WITH OBSERVATION 


The existing observations in the tropical Atlantic do not 
have sufficient spatial and temporal resolutions to readily 
compare with the simulated fields. In order to evaluate the 
model performance, the time series from the Pilot Research 
Moored Array in the Tropical Atlantic (PIRATA), which cover 
the period from the end of 1997 up to the present, were com- 
bined with estimates and measurements from earlier obser- 
vational studies and data sets. 

We begin the model validation by examining the transports 
of the Equatorial Undercurrent (EUC), the North Equatorial 
Countercurrent (NECC) and the North Brazil Current (NBC). 
Table 1 provides monthly, seasonal and annual mean transport 
values from the model and available observation from 1980 to 
1994, corresponding to the first 15 years of the assimilated 
experiment. To minimize the differences in sampling size and 
resolution between data and model, the comparison was per- 
formed using,whenever possible, the specific period, section 
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Table 1. Observed and Simulated Transports of the EUC, the NECC and the NBC in Sverdrups. 


(direct measurements) 


[ Current Section | Period Obs. [| ODA 
EUC (0m - 26.8 o@) 35°W mean (1990-94) 22.3 Sv 23.0 Sv 
10/90 26.3 Sv 24.2 Sv 
06/91 43.6 Sv 28.7 Sv 
11/92 19.5 Sv 20.3 Sv 
03/94 21.2 Sv 18.8 Sv 
NBC (0 m - 26.8 a¢) mean (1992-94) 11.1 Sv 10.2 Sv 
11/92 12.5 Sv 10.8 Sv 
03/94 9.6 Sv 9.5 Sv 
mean (1990-94) 14.6 Sv 19.3 Sv 
10/90 13.5 Sv 20.3 Sv 
06/91 21.6 Sv 20.2 Sv 
11/92 10.8 Sv 18.9 Sv 
Schott et al., 1998 03/94 13.2 Sv 18.0 Sv 


NBC (0 - 300 m) 


Schott et al., 1993 
(direct measurements) 


mean 12/90 - 02/91 
mean 06/91 - 08/91 


23.8 + 4.6 Sv 
22.0 + 3.2 Sv 
27.8 + 4.4 Sv 


mean (1990-91) 


(direct. measurements) 


NBC (0 - 800 m) mean (1989-91) 26.1 Sv 
04-05/89 13.0 + 6.0 Sv 
Johns et al., 1998 07-08/89 36.0 + 6.0 Sv 


EUC (> 20 cm/s) 
Hisard and Henin, 1987 
(direct measurements) 
NECC (4.5° - 10.5°N) 


Richardson et al., 1992 
(indirect estimates) 


mean (1982-84) 15.0 Sv 


Std. dev. 


mean (1980-85) 9.0 Sv 
Fall 12.0 Sv 
Spring 


and current definition as given by each observational work 
listed in Table 1. 

Overall, the simulated transport values for the EUC and the 
NECC are in reasonable agreement with observations. Since, 
in some cases, we are comparing instantaneous measurements 
with monthly mean output fields, simulated transport varia- 
tions are weakened by time average. For instance, in summer 
1991 a maximum transport of 43.6 Sv was measured at 35°W 
for the EUC [Schott et al., 1998]. Even though the simulated 
transport is high (28.7 Sv) in this period relative to the other 
period, it is about 34% lower than observation. This atypical 
transport value was not used for the mean EUC in Table 1. 

The NBC transports at 10°S, 5°S, 4°N, and at the western 
equatorial region along 44°W were computed for compari- 
son with transports estimates based on direct measurements 
by Schott et al. [1998], Johns et al. [1998] and Schott et al. 
[1993], respectively. While the simulated transport compares 
well to the observed transport at 10°S and 4°N, the agree- 
ment is not completely satisfactory at 5°S and 44°W. The 
5°S-simulated transports are up to 8 Sv higher than the 
observed ones (see Table 1). Such an overestimate might be 


due to the additional inflow received by the western boundary 
current from the east through the South Equatorial Current 
(SEC). Whereas the observation only reveals a mean inflow 
of 3.5 Sv from the east between 5° and 10°S, the ODA renders 
mean SEC inflow of about 9 Sv. At 44°W the NBC simulated 
seasonal cycle is slightly different from the observed cycle 
found by Schott et al. [1993]. In the observation the NBC has 
high transports (>26.0 Sv) from June to August and two trans- 
port minima, one in January (<20.0 Sv) and another in May 
(=20.0 Sv). The simulated NBC shows maximum transports 
in August (24.6 Sv) and one minimum in November (19.0 
Sv) and another in May (14.4 Sv). 

To assure that the variation of the thermocline depth is real- 
istically simulated, the simulated depth of the 20°C isotherm 
was evaluated against two independent data sets: For the period 
prior to 1994 we compared the model results with observed 
XBT data compiled by White [1995], while from 1997 to 
2000 the PIRATA buoys at 15°N-38°W, 0°-35°W and 
10°S—10°W were used. Due to the coarse resolution of the 
White data set, a time series of thermocline depth averaged 
over 54.5°W-22.5°W and 5°N-20°N was used to represent the 
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northern tropics. Correspondingly, the southern tropics was 
represented by a time series averaged over 38.5°W-11.5°E 
and 15°S—0°S. 

Figures la to le display both observed and simulated time 
series of the thermocline depth. The main difference identified 
between simulated and observed time series is a mean offset, 
with the simulated thermocline depth being too shallow in 
the north and too deep in the south. The agreement between 
simulated and observed thermocline depth is better in the 
northern tropics, where the correlation between the two series 
is 0.82 (Fig. 1a). In the southern tropics, the correlation has a 
lower value of 0.67 (Fig 1b). The simulated and PIRATA time 
series also display a better agreement for those buoys located 
on and north of the equator (Figs. 1c and 1d). In both regions 
the correlations are higher than 0.80 which is at 99% signif- 
icance level. By contrast, the 0.37 correlation between the 
simulated and PIRATA time series at 10°S, 10°W) is slightly 
below the 99% significance level (Fig. le). 

Taking into the consideration of the better quality of the 
observation in the Northern Atlantic, it is perhaps not sur- 
prising that the simulated thermocline depth in this region 
agrees better with observations than the southern Atlantic 
where the sparsityof data is a major concern. In sum, we con- 
clude that the assimilated product gives a satisfactory overall 
description of the seasonal variation of the tropical Atlantic 
Ocean circulation. In the following, we focus on a more 
detailed analysis of important circulation features based on the 
assimilated data. 


4. SIMULATED CIRCULATION 
4.1. Annual Mean 


The analysis focuses first on the mean flow below the mixed 
layer, which in this study is defined as the depth at which the 
density difference from the sea surface is 0.12509 [Monterey 
and Levitus, 1997]. The flow in the thermocline will be 
described in terms of horizontal velocity vectors and stream- 
lines of geostrophic currents projected onto an isopycnal sur- 
face which gives a good representation of the seasonal 
thermocline variation. This analysis provides a view of adia- 
batic circulation pattern (the cross isopycnal velocity is zero) 
so that the result can be compared to the theoretical picture of 
Pedlosky’s analytical model. The superposition of streamlines 
of geostrophic currents to the total velocity, on the other hand, 
gives an indication of those regions in the model where the flow 
departs from geostrophy. 

The streamlines of geostrophic currents ‘¥ on an isopycnal 
surface are given by 


Y=a'P+O’, (1) 


where o’ is the specific volume anomaly, P the pressure, and 
®’ the geopotential anomaly. A computational method to 
derive ‘¥ using equation (1) is given in Kessler [1999]. The ref- 
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Figure 1. Simulated (dotted) and observed (solid) thermocline depth: 
a) northern tropics (54°-22°W and 5°—20°N); b) southern tropics 
(38°-11°E and 5°S—O°N); c) at 15°N and 38°W; d) at O°N and 35°W; 
e) at 10°S and 10°W. 


erence level to calculate ‘¥ was chosen at 500 m. For the trop- 
ical Atlantic region, this is approximately the depth of 27.150,, 
which is considered to be the transition layer between ther- 
mocline and intermediate waters [Lux et al., 2000], and thus 
is a logical choice to represent the geostrophic flow within 
the thermocline. 

Plate 1a shows contours of ‘¥, and current vectors on the 
25.00, surface. Shaded areas indicate the regions of positive 
Ekman pumping computed according to W, = curl(-f,), where 
t is the wind stress used to force the model, fis the Coriolis 
parameter and p is density. The main features seen in the cir- 
culation on the 25.00, surface are representative of the flow 
in the thermocline. In the interior off-equatorial regions, the 
flow is predominantly geostrophic as indicated by Plate la. In 
agreement with Pedlosky theory, three types of streamlines 
can be identified in both hemispheres: 1) streamlines con- 
necting to the subtropical gyres, 2) western boundary stream- 
lines feeding subducted waters to the EUC, and 3) interior 
streamlines linking the subduction zone directly to the EUC. 

An additional type of streamline is seen in Plate 1a con- 
necting one part of the outcrop zone to another part without 
interacting with either the western boundary or the equato- 
rial region. This type of circulation is not considered in Ped- 
losky’s theory, but appears in other recent modeling results 
[Lazar et al., 2002; Malanotte-Rizzoli et al., 2000; Inui et al., 
2002]. They occupy the shadow zone described by the well 
known ventilated theory of Luyten et al. [1983], and form a 
region of closed geostrophic contours which is apparently 
caused by the upwelling and shoaling of the thermocline 
driven by Ekman suction. The shoaling of the thermocline 
results in higher potential vorticity, thus no net southward 
flow can go over this potential vorticity barrier, and water can 
only reach the equator to the west of this region. 

Plate 1b displays a zonal section of annual mean merid- 
ional velocity (cm/s) and potential density (6, ) at 10°N, which 
lies approximately in the center of the region of closed 
geostrophic contours. In this region the isopycnals present a 
dome-like shape which is associated with the cyclonic flow pat- 
tern. This feature has been identified as the Guinea dome 
[Rossignol and Meyrueis, 1964]. Consistent with geostrophy, 
the isopycnals slope up to the east in the region of southward 
flow and in the opposite direction in the region of northward 
flow. However, there is some evidence of ageostrophic flow in 
the upper thermocline between 25° and 20°W and in the sub- 
thermocline close to the African coast. The meridional veloc- 
ities associated with both southward and northward branches 
reach values as large as 3 cm/s. West of 40°W, a relatively 
strong vertical shear occurs where the northward surface 
Ekman drift overlies the southward geostrophic flow. Even 
further west (at about 60°W) the upper western boundary cur- 
rent, with velocities higher than 10 cm/s, is fed largely by 
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subtropical waters that impinge on to the coast of South Amer- 
ica and deflect northward. 

The total southward meridional transport of subtropical 
waters crossing 10°N, between the base of mixed layer and 
26.80, is about 8 Sv. Among them, approximately 2.6 Sv join 
the western boundary current and return back to the subtrop- 
ics, while 3.8 Sv are captured by the cyclonic gyre and return 
to the surface off the coast of West Africa. Thus, only 1.6 Sv 
from the northern subtropics remain to eventually join the 
EUC. Net northward flows occur in the mixed layer (7.0 Sv), 
and in the subthermocline (3.4 Sv) and intermediate (5.6 Sv) 
layers. Thus, the mean warm return flow of the MOC in the 
ODA is about 16 Sv which is consistent with values from the 
literature [e. g., Schmitz and McCartney, 1993]. 


4.2. Seasonal Circulation 


During the boreal spring the ITCZ is situated close to the 
equator, while during the boreal fall it reaches its extreme 
northward position at about 10°N. The wind stress curl asso- 
ciated with the annual migration of the ITCZ forces the ther- 
mocline to adjust, changing its meridional slope such that the 
strength of the NECC is altered. The simulated NECC is well 
developed during the boreal fall and diminishes almost com- 
pletely in the west during the boreal spring (see Plate 2 and 
Table I). This seasonal change in the meridional slope of the 
thermocline and in the NECC is one of the best examples of 
oceanic response to atmospheric forcing and has been well 
studied. In the following, we discuss the relevant oceanic 
dynamics in response to the ITCZ annual migration with a 
particular emphasis on the changes in the zonal extent of the 
Ekman pumping and its effect on the change in the thickness 
and zonal slope of the thermocline. 

Shown in Plate 2 is the annual cycle of horizontal velocity 
and geostrophic streamlines on 25.00,, shaded areas indi- 
cate the regions of positive Ekman suction. The cyclonic gyre 
in the northern tropics is present throughout the year. With 
the exception of fall, its center always is located northward of 
the region of Ekman suction. While the center of the gyre 
hardly moves meridionally, its western edge expands consid- 
erably, from near 38°W in boreal spring to about 50°W dur- 
ing fall and early winter. This implies that as the season 
progresses from spring to winter the exchange between trop- 
ics and northern subtropics becomes more and more confined 
to the western part of the basin. 

Figure 2a illustrates the seasonal changes in the zonal dis- 
tribution of Ekman pumping velocity along 10°N. The annual 
mean has been removed at each grid point. The meridional 
migration of the ITCZ results in changes in the wind stress curl 
and hence Ekman pumping velocity that are predominantly tak- 
ing place in the zonal direction. For the first part of the year, 


310 SEASONALITY OF THE ATLANTIC PATHWAYS 


T ae are a as oe 


b) 


JFMAMdJJSAS ON D 


55°w 45°W 35°W 25°W 15°W 


>) 


JFMAMJJASOND 


55°w 45°W 35°w 25°W 15°W 


Figure 2. a) Ekman pumping/suction velocity anomalies (in m/s, 
scaled by 10°) along 10°N. Solid contours indicate anomalous Ekman 
suction, dashed contours anomalous Ekman pumping. b) Thermocline 
depth anomalies (in m) at 10°N. Solid contours indicate deep anom- 
alies, dashed contours shallow anomalies. c) Thermocline thickness 
(in m) at 10°N. 


Ekman pumping anomalies are positive in the far east (1 x 10° 
m/s) and negative in the west (<—2.0 x 10~° m/s). After the 
boreal spring, as the ITCZ retreats to its northern latitudes, an 
area of positive anomalies appears over the whole basin and 
reaches its maximum (>4.0 x 10~° m/s) during boreal fall. A 
transitional phase can be seen from late boreal fall to early 
winter when the anomalous Ekman pumping velocities are 
negative (<-2.0 x 10~ m/s) in the east and positive (~1.0 x 10 


m/s) in the west. Also worth noting is a semi-annual cycle of 
Ekman pumping close to the eastern boundary. 

Simulated seasonal variations in the thermocline depth at 
10°N after removing the annual mean are shown in Figure 
2b. Just as with the Ekman pumping velocity, the displacement 
of the thermocline along 10°N has a semiannual character in 
the east while in the central and western part of the basin is 
dominated by the annual signal. However, the simulated ther- 
mocline depth anomalies exhibit westward propagation that is 
not seen in the annual cycle of the Ekman pumping velocity 
(Fig. 2a). During the late boreal fall and early winter the ther- 
mocline is shallower than normal almost over the entire basin, 
except close to the African coast. At 40°W the thermocline 
depth anomaly reaches minimum value (<—14 m) in Decem- 
ber, about three months after the positive Ekman pumping 
anomaly reaches its maximum. Towards the boreal spring the 
thermocline gradually deepens in the center of the basin and 
rises in the east. The deepening progresses in the west until July 
when positive anomalies reach a maximum value of 14 m. 

Seasonal changes of the southward flow along 10°N are asso- 
ciated with variations of the thermocline thickness in the inte- 
rior of the basin. Figure 2c displays the annual cycle of 
thermocline thickness, defined as the height from the base of 
the mixed layer to the thermocline depth. Figure 3 shows the 
transport along 10°N which has been decomposed into four 
components: 1) total southward flow (from 62°W to 14°W), 
2) interior southward flow (east of 50°W), 3) western boundary 
southward flow (west of 50°W), and 4) northward flow in the 
eastern part of the basin. Each of these components was com- 
puted between the base of the mixed layer and 26.80, layer. 

The analysis of meridional transports along 10°N yields 
low transport values (~ 6 Sv) for the total southward flow 
from February to April and high transports of about 10 Sv 
from July to November. The seasonality of western bound- 
ary transports is not very pronounced, and the interior flow 
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Figure 3. Meridional transport (in Sv) at 10°N decomposed into 4 
components: total southward flow (TSWF), interior southward flow 
(ISWF), northward flow (NWF), and western boundary southward 
flow (WSWF). 


takes into account most of the seasonal changes in the total 
southward flow. The northward flow in the eastern part of the 
basin which is a good indicator of the strength of the cyclonic 
gyre shows a low value of about 2 Sv in February/March and 
a high value of almost 6 Sv in November/December. Com- 
paring Figs. 2c and 3, it is clear that, in the interior, the max- 
imum transport corresponds with a period of strong 
thermocline thickness gradient and thick thermocline layer 
(about 75 m averaged between 50° and 25°W). The minimum 
transport is associated with small thermocline thickness (about 
35 m averaged between 50° and 25°W) and a weak thermo- 
cline thickness gradient. 

To examine how changes in the thermocline thickness 
affect the interior meridional flow, we selected three months 
that exhibit very distinctive characteristics: 1) March when 
both interior and western boundary southward flow are 
weak; 2) August when interior flow has maximum south- 
ward transport and the southward flow in the western bound- 
ary is relatively weak; and 3) December when the interior 
southward transport is weak and the western boundary is at 
its maximum. 

In March (Plate 3a) the mixed layer reaches its maximum 
depth, and the thermocline begins to deepen (Fig. 2b). The 
thickness between the base of the mixed layer and thermo- 
cline is more affected by the mixed layer depth, resulting in a 
relatively thin thermocline layer. Two weak cores of south- 
ward flow are seen in the interior, and the northward branch 
of the recirculation is relatively weak and confined to the east 
in the upper thermocline. 

In August (Plate 3b) the mixed layer is shallow while the 
thermocline is still deep in the interior of the basin (Fig. 2b), 
the combined effect of these two processes results in a max- 
imum thermocline thickness. The southward flow in the inte- 
rior intensifies and extends eastward. An eastern boundary 
current with velocities higher than 5 cm/s develops in the 
upper thermocline. 

In December (Plate 3c) the mixed layer begins to deepen, 
while the thermocline is upwelled in most parts of the basin 
(Fig. 2b). Since the upwelling is not homogeneous across the 
basin, the thermocline thickness tends to be thinner in the 
eastern part of the basin. The southward flow with maximum 
velocities up to 5 cm/s is confined to the region west of 40°W, 
extending westward to the Brazilian coast and forming a south- 
ward western boundary current from about 100 to below 300 
m depth. A diffused and weak (< 3 cm/s) northward flow is 
observed in the eastern half of the basin. 

The thermocline thickness as defined here is dependent on 
both mixed layer and thermocline depth. Thinking in terms of 
potential vorticity barrier as outlined in Lu and McCreary 
[1995], thickening/thinning of the layer bounded by the base 
of the mixed layer and the thermocline would permit/restrict 
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interior southward flow. However, an inspection of Plate 3 
and Figure 2c indicates that the strength of the interior south- 
ward flow is controlled by changes in the gradient of the ther- 
mocline thickness (pressure gradient) and not by the absolute 
value of the thermocline thickness. For instance, during August 
the southward flow extends almost over the entire basin (Plate 
3b) which corresponds to a strong zonal pressure gradient in 
the interior (Fig. 2c). In contrast, during March, the zonal 
gradient is considerably weakened in the interior, which results 
in a weak southward flow. From Plate 3, it is clear that the 
seasonal changes in the mixed layer are almost uniform across 
the interior of the basin, therefore changes in the zonal slope 
of the thermocline are basically responsible for changes in 
the pressure gradient and thus the magnitude of the south- 
ward flow and westward extension of the cyclonic gyre. 


4.3, Adjustment of Thermocline to Seasonal Winds 


The above analysis shows that seasonal variations in the 
southward flow are directly related to changes in the zonal 
slope of the thermocline in the interior of the basin. To better 
understand the processes that control the displacement of the 
northern tropical thermocline, we use in this section a simple 
model of thermocline response to the changes in winds based 
on the quasi-geostrophic approximation: 


A B C D 
oh, oh | (2) 
y Cr x +yh=—W, 


where Cr = Bg’H,/f” is the phase speed propagation for non- 
dispersive long Rossby wave, and H, are the depth and mean 
depth of the thermocline, f is the derivative of the Coriolis 
parameter /, ydamping rate, W, is the Ekman pumping/suction 
velocity. Solutions to (2) consist of a local oceanic response 
to the Ekman pumping (balance between A and D) and a 
remote response through non-dispersive long Rossby waves 
(balance between B + C and D). 

Similar or modified versions of the equation (2) have com- 
monly been used in observational studies for the Pacific [Mey- 
ers, 1979; Kessler, 1990] and for the Atlantic [Garzoli and 
Katz, 1983; Katz, 1987]. The results of these earlier studies sug- 
gest that in the southern boundary of the NECC, Rossby waves 
contribute dominantly to the annual cycle of thermocline. 
Near 10°N, local response to Ekman pumping is the primary 
source for annual thermocline depth variations. 

Following the approach by Kessler [1990] and Meyers 
[1979], displacements of the thermocline (h) were first cal- 
culated using only the Ekman pymping velocity with the 
boundary condition that h,(t) =) -Wdt- The solutions are 
then compared to those calculated according to (2) using 
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Rossby wave speeds (Cr) that give the best fit in phase to the 
simulated annual cycle of 20°C isotherm at each latitude. A 
maximum correlation value of 0.9 between the simple model 
hindcast and the ODA was found at 10°N for Cr value of 16.0 
cm/s. This best-fit value is higher than the theoretical phase 
speed of 7.0 cm/s given by Cr = Bg’H,/f’. 

Observational studies also indicate that linear theory under- 
estimates the phase speed of baroclinic Rossby waves [e.g., 
Chelton and Schlax, 1996]. However, for a latitude as low as 
10°N the discrepancy between the theoretical and observa- 
tion estimated wave speeds is normally much less than a fac- 
tor of 2. Limitations of the simple approach used here may be 
responsible for such large difference. When finding a best- 
fit value for Cr, it was assumed that a single Rossby wave 
propagates exactly westward along a given latitude. In reality, 
this assumption may not be accurate because the waves that 
affect the oceanic adjustment at 10°N may consist of many 
wave modes of different propagating speed and have a sig- 
nificant meridional group velocity depending on frequency and 
wavelength [Philander, 1990]. In addition, as shown in the 
previous section (see Plate 2), the forcing has also westward 
propagation which can contribute to the high value of Cr 
found by the fitting process. 

The thermocline depth at the eastern boundary /, was taken 
from the ODA product and used as a boundary condition to 
(2) h,(t) = h,(). In order to reproduce amplitudes comparable 
with simulation, a simple Newtonian damping term (yh) was 
added to the vorticity equation (2) to take into consideration 
effect of dissipation. Solutions with a damping rate varying 
from 1/2 to 3 year"! were calculated for each latitude. Along 
10°N a decay rate of about 1 year"! gives the best agreement 
with simulation. The vorticity equation (2) was solved numer- 
ically using a leap-frog scheme with a time step At = 3 days 
and spatial resolution Ax = 1°. The annual cycle of the Ekman 
pumping W, and thermocline displacement at the eastern 
boundary h, were represented by six Fourier harmonics. 

Figure 4 shows thermocline displacements at 10°N from 
the assimilated experiment (Fig. 4a), and the hindcasted 
solutions based on (2) with all dynamical processes (Fig. 
4b) and with only Ekman pumping (Fig. 4c). The results 
suggest that the oceanic response at 10°N can be divided 
into three parts: western part, interior and eastern part. For 
the region west of 45°W, the local Ekman response closely 
follows the fully assimilated response, indicating that local 
Ekman dynamics are most important. In the interior, between 
45° and 25°W, solution to (2) agrees better with the assim- 
ilated thermocline variation. In particular, the westward 
propagation of the thermocline depth anomalies in the east- 
ern part of the basin is successfully reproduced. This indicates 
that long Rossby waves play an essential role in the oceanic 
adjustment in this region. 
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Figure 4. a) Simulated variations in the thermocline depth (in m) at 
10°N. Hindcasted thermocline depth anomalies at 10°N using b) equa- 
tion (2), c) Ekman pumping alone. 


East of 25°W the thermocline displacements are also bet- 
ter described by solution to (2), which is not a surprise when 
taking into account the boundary condition imposed. However, 
whereas in the interior the oceanic response is predominantly 
an annual cycle, in the eastern boundary the response has a 
semiannual component. This semiannual signal is in part 
related with the semiannual changes in the wind stress curl near 
the African coast, and in part with semiannual fluctuations 
of the thermocline depth at the eastern boundary which can be 
traced back to the equatorial region. Yamagata and Iizuka 
[1995] found a similar propagation in their model results, 
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Plate 1. a) Annual mean geostrophic streamlines (in m/s’) in red and velocity vectors (in cm/s) on 25.0 O,. Shaded areas 
indicate regions of Ekman suction (in m/s scaled by 10°). b) Zonal section of annual mean meridional velocity (in cm/s) 
and potential density along 10°N. Solid contours represent northward flow and dashed contours southward flow. 
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Plate 2. Annual cycle of horizontal velocity vectors (in cm/s) and geostrophic streamlines contours (in m7/s*) on 25.0 Og: 
Shaded areas indicate regions of Ekman suction (in m/s scaled by 10°). 
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Plate 3. Zonal section of meridional velocity (in cm/s) at 10°N: a) March, b) August, c) December. Red lines indicate the 
mixed layer depth, the thermocline depth, and the 26.8 o, . Dashed lines indicate southward flow. 


which they attributed to intrusion of coastal Kelvin waves 
excited in the equator due to the semiannual relaxation of the 
trade winds east of 30°W [Philander and Pacanowski, 1986]. 

Thus the zonal slope of the thermocline at 10°N results 
from the response to local Ekman pumping in the western 
part of the basin and wave adjustment in the east. In particu- 
lar, the thermocline response in the region of meridional south- 
ward flow is mainly governed by local process. Since in this 
region the time rate of change of the thermocline depth is 
given by the local wind stress curl, the response of the ther- 
mocline depth lags the local winds by a quarter of the forcing 
period [Philander, 1990]. As the wind stress curl at 10°N has 
a strong annual signal, it will take approximately three months 
for the thermocline depth to respond to the seasonal changes 
of the wind, which is in agreement with the results of the pre- 
vious section. The absence of Rossby waves in this region 
may be attributed to the fact that the waves have a significant 
meridional group velocity due to the existence of the NECC, 
which causes wave energy to propagate equatorward and be 
absorbed by critical layer [Chang and Philander, 1988]. Thus, 
waves excited in the east are difficult to reach the western 
part of the basin. 


5. LAGRANGIAN ANALYSIS 


The tropical/subtropical water exchange is not modulated 
only by the strength of the southward meridional transport 
in the [TCZ region, seasonal variation in the northern 
cyclonic gyre and the NECC also play an important role. In 
this section we explore how these changes in the circulation 
affect the water exchange and pathways between tropics and 
subtropics by using a Lagrangian trajectory analysis. To 
track water particle movement along a representative isopy- 
cnal surface under adiabatic assumption, horizontal veloc- 
ities were projected on the 25.00, layer. The flow within the 
mixed layer, where diabatic processes are important, is 
masked out. Particles were released along 12°N and from 
60° to 20°W and integrated forward in time using the sea- 
sonally varying velocity fields, which were decomposed 
into the six Fourier harmonics in time to provide continuous 
time series. 

Plates 4a, 4b and 4c display trajectories for particles 
deployed on the 25.00, in March, August and December 
over 3 years period. In these plots the trajectories color are 
coded such that the color changes every half year. In March, 
the meridional velocity in the interior is weak (Plate 3a), 
the cyclonic gyre is also weak and confined to the region 
east of 42°W, retracting further east in the next 2 months 
(Plate 2). Plate 4a illustrates that particles released west of 
50°W flow towards the western boundary and deflect north. 
Particles released in the interior of the basin take 5—6 months 
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to reach 9°N, arriving just when the gyre starts to strengthen 
and shifts westwards. Thus, in the following 4 months these 
particles are carried eastward until the gyre weakens again 
and particles in the southern limit of the gyre escape south- 
ward joining the EUC. Only those particles released between 
48° and 43°W are able to reach the equator, taking about 
15 months to up to 3 years. 

The condition of the tropical circulation in August is almost 
opposite to that in March. The southward flow in the interior 
of basin strengthens (Plate 3b) and the cyclonic gyre is 
expanding westward (Plate 2). With the intensification of 
the gyre from July to December the interior flow south of 
10°N has a more pronounced southeasterly component and 
particles that do not make it to the western boundary are 
brought eastward (Plate 4b). After 7 months, particles 
released between 52° and 44°W reach the northern bound- 
ary of the NECC (=8°N) just as both the NECC and the 
cyclonic gyre start to weaken. Thus, they move equatorward 
along trajectories that have a more southward component, 
while particles arriving to the same latitudes 6—8 months 
later are carried further east before joining the EUC. Most 
of particles reach the equatorial region in about 15 months 
and only a few take more than 2 years. 

Plate 4c shows that particles released in December favor 
the western boundary pathway to reach the equator. This is 
a result of several factors: First, during the time when the par- 
ticles are released, the western edge of the cyclonic gyre is 
in its westernmost position (Plate 2). As a consequence, 
southward flow is confined to the western part of the basin 
and has considerable strength close to the western boundary 
(Plate 3c). Thus particles tend to move very fast southwest- 
ward in the beginning. Then just 2 months later the gyre 
weakens and starts shrinking eastward, forcing the particles 
released between 54° and 44°W to assume a more south- 
ward trajectory. Finally, when these particles arrive at about 
7°N, five months later, the NECC is weak and the cyclonic 
gyre is confined to the east, thereby favoring particles to 
continue traveling close along the western boundary until 
they reach the equatorial region. Most particles arrive at the 
equator in a record time of only 9 months. 

The expression “exchange window” is used here to indi- 
cate the longitudinal band along 12°N where particles released 
eventually join the equatorial circulation. It is included in the 
above definition the initial longitude of those particles that 
after years following the cyclonic gyre, when the conditions 
are favorable, are able to escape and move equatorward. In 
general, the exchange window has a large longitudinal exten- 
sion from late boreal summer through winter, reaching its 
maximum in November when extends from 54° to 43°W. By 
contrast, the exchange window is restricted to the region 
between 48° and 43°W in the boreal spring. 
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Plate 4. Lagrangian trajectories for particles released on the 25.0 o, along 12°N and from 60° to 20°W over 3 years 
period. Particles released in a) March; b) August; c) December. Trajectories color are coded such that the color changes 
every half year. 


6. SUMMARY AND DISCUSSION 


Based on a state-of-the-art assimilated GFDL run from 
1980-2000, the seasonal variability of the Northern Tropical 
Atlantic circulation is investigated. Most of the circulation 
features revealed by our analysis agrees qualitatively and 
quantitatively with previous observational and modeling works, 
except for a few noted differences. Among these differences 
is the importance of seasonal variation of the circulation in 
mediating meridional exchange process between the sub- 
tropics and equatorial zone in the Northern Tropical Atlantic. 
While some of the previous modeling studies suggest that the 
exchange process is determined mainly by the mean circula- 
tion and is not affected strongly by its annual cycle, our results 
suggest that the seasonal change in the Northern Tropical 
Atlantic Circulation not only can affect the amount of water 
participating in the equatorial circulation, but also the pathways 
taken by the subtropical water toward the equator. 

The annual migration of the ITCZ causes changes in the 
wind stress curl that are not homogeneous across the basin, and 
neither is the oceanic response to these changes. Using a sim- 
ple model it is shown that the thermocline displacement along 
10°N is mainly controlled by local Ekman pumping in the 
western part of the basin, while in the east Rossby wave adjust- 
ment is also an important part of the oceanic response. This 
difference between the oceanic responses in the eastern and 
western sets the thermocline slope in the interior of the basin, 
which controls, to a large extent the seasonal variation of the 
southward meridional transport toward the equator. The total 
southward flow has high transports of more than 9 Sv from 
boreal summer to late fall, when the thermocline slope is well 
developed. Low transports of less than 6 Sv are observed from 
February to April when the thermocline slope relaxes in the 
central part of the basin. 

According to the Lagrangian analysis, more particles tend 
to join the EUC when released during the period when the 
total southward flow is strong. However, the fate of the sub- 
ducted water depends also on the seasonal variation of the 
tropical circulation in the period following the release of par- 
ticles. In particular, seasonal changes in the NECC and in the 
cyclonic gyre affect directly the destination of a subducted 
water parcel. These variations also allow exchanges between 
the cyclonic gyre and interior pathway which are not observed 
when the time-mean flow is used. 

While the northern cyclonic gyre is present all year around, 
both its zonal extent and strength undergo a well noted seasonal 
variation. In February/March, the gyre is weak (=2 Sv) and 
confined to the region east of 38°W. In November, with a 
transport value of about 5 Sv, its western edge shifts to approx- 
imately 50°W, following the seasonal change in the zonal 
slope of the thermocline. However, there appears to be no 
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significant meridional movements in the gyre location. 
Although the center of this gyre coincides with the observed 
cyclonic circulation feature related to the Guinea Dome, its 
dimension appears to be much larger and more related with 
counterclockwise flow fields composed of the eastward NECC 
(upper thermocline) and the westward NEC (see Figs. 4 and 
5 of [Stramma and Schott, 1999]). 

Our results indicate that the role of the cyclonic gyre in the 
tropical/subtropical pathways is twofold. On the one hand, it 
prevents particles released east of 42°W from influencing in 
the equatorial circulation. Although the western edge of gyre 
moves to east of 38°W during the boreal spring, the meridional 
velocities in the interior of basin are so weak that particles 
are not able to move away from the sphere of action of the 
gyre before it strengthens again. On the other hand, for par- 
ticles released west of 42°W, the cyclonic gyre acts to reinforce 
the communication between tropic/subtropics. The flow in its 
southwest edge is predominantly eastward, hence particles 
under its area of influence tend to move towards the interior 
of basin, instead of reaching the western boundary and deflect- 
ing north. The subsequent relaxation of the gyre occurs when 
the particles have entered the NECC. Once entrained into the 
NECC, the likehood of water particles being recaptured by 
the recirculation is low. An interior pathway will be favored 
when particles are released during the strengthening of the 
gyre (June/July), and a western boundary pathway is favored 
when the gyre is well developed (November/December). 
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Three circulation indices are defined for the tropical, subtropical and subpolar 
gyres in the northern Pacific (hereafter, TG, STG and SPG) based on the Simple 
Ocean Data Assimilation product. A singular spectrum analysis of these three gyre- 
indices reveals that the temporal evolution of the SPG, STG and TG are dominated 
by different timescales. A possible mechanism is proposed that the observed inter- 
annual to interdecadal variations in the upper ocean temperatures involves the adjust- 
ment of different gyres. Results show that the North Pacific multidecadal variability 
tends to be associated with the SPG adjustment, while the decadal variability tends 
to be associated with both the STG and SPG adjustment. The tropical—extratropical 
interaction on the interannual timescale can be also explained in the view of changes 


of the basin scale gyre’s intensity. 


1. INTRODUCTION 


Recent analyses of historical data have revealed substan- 
tial longer timescale variations in the ocean- atmosphere sys- 
tem of the Pacific basin [Graham, 1994; Deser et al., 1996; 
and Barnett et al., 1999]. These variations are characterized 
by a broad band of frequencies ranging from decadal to mul- 
tidecadal timescales [Minobe, 1999]. 

Decadal temperature fluctuations in the Pacific Ocean have 
a significant impact on the climate and ecosystems of North- 
ern Hemisphere [Trenberth and Hurrell, 1994; Mantua et al., 
1997; Tourre et al., 1999]. The physical mechanisms of these 
fluctuations, however, remain poorly understood [see the 
review of Miller and Schneider, 2000]. Some theories ascribe 
a central role to the extratropical- tropical interaction [Gu and 
Philander, 1997], while others suggest the midlatitude ocean- 
atmosphere coupled feedback and oceanic gyre adjustment 
play a dominant role [Latif and Barnett, 1994, 1996]. Some 
other studies also suggest the role of reddening of atmos- 
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pheric stochastic forcing by the oceans [Jin, 1997; Frankignoul 
et al., 1997; and Saravanan and McWilliams, 1998]. 

On the decadal timescales, it is conceivable that dynamic 
processes within the oceans play important role due to its 
large heat capacity. Among these processes, the anomalous 
temperature advection by mean currents (U-AT’) and the mean 
temperature by anomalous currents (U’-AT) have both been 
paid much attention over the recent decades. In the North 
Pacific, both modeling and observations suggest that the 
adjustment of the subpolar/subtropical gyres to the anom- 
alous wind stress can affect SST and thermocline in the 
Kuroshio Extension region [Miller et al., 1998; Deser et al., 
1999; Seager et al., 2001; and Schneider et al., 2002]. The 
subtropical-tropical meridional shallow overturning cell has 
been suggested to play a central role for the decadal variabil- 
ity in the subtropical and tropical Pacific Oceans [Kleeman et 
al., 1999]. Observations show that the shallow overturning 
circulation has been slowed down since the 1970s, which 
tends to be associated with the tropical Pacific SST change 
[McPhaden and Zhang, 2002]. In addition to the change of 
subtropical-tropical cell, the subduction of the extratropical 
warm (cold) anomalies may also affect the tropical SST, espe- 
cially in the southern Pacific. 
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In this note, we will explore a potential connection of the 
adjustment of the northern Pacific oceanic gyres with the 
North Pacific climate variability by using a simple gyre-index 
analysis. Our study suggests the different roles of northern 
Pacific subpolar and subtropical gyres in the decadal and mul- 
tidecadal variability. 


2. DATA AND METHOD 


This work utilizes a 50-year global retrospective analysis 
of upper-ocean temperature, salinity and currents, namely the 
Simple Ocean Data Assimilation (SODA) product [Carton 
et al., 2000]. SODA provides a monthly global data from 
January 1950 to December 2000. The horizontal resolution 
is 0.45° latitude by 1.0° longitude in the tropics. The latitu- 
dinal resolution decreases in poleward direction to 1.0° in the 
midlatitude. There are 20 vertical levels distributed on a 
stretched grid. 

The large-scale circulation of the Pacific Ocean is charac- 
terized by two great anticyclonic subtropical gyres, two high- 
latitude cyclonic gyres, two westward flows along 10° to 15° 
north and south, and an eastward flow that takes place just 
north of the equator at the surface and at about 500m, but lies 
along the equator at all other depths. This observational pat- 
tern is roughly symmetric about the equator [Reid, 1997]. 


To characterize the variations of three large-scale gyres 
over the northern Pacific, we define three gyre indices by 
integrating the upper 500 m velocity along the each gyre path 
(approximated by the idealized rectangles, Figure 1) as: 


ons 
u dz. 
-500 


U= 


Then the indices are obtained by summing up along the 
idealized rectangles with direction matching the climatolog- 
ical current patterns (see Figure 1 and Table 1), 


T=U: dl. 
= 


We use SODA 2001 version to calculate the indices. All 
three indices are converted into their anomalies by removing 
their 50-year averaged seasonal cycles. A positive (negative) 
anomaly indicates gyre intensification enhancing (weaken- 
ing). Physically, the three indices represent the regionally- 
integrated Ekman pumping variations (figure omitted). 

Additionally, heat storage anomalies of the upper 400m 
layer [White, 1995] are used here to study the oceanic ther- 
mal variations. Three key regions with intense signatures 
are selected, namely, the central North Pacific 
(180°E-140°W, 36°N—20°N), the Kuroshio Extension 


© 


140W 


Figure 1. Long-term climatological current streamlines (averaged over upper 500 m) derived from the 1950-1999 SODA 
product. Three rectangles respectively represent idealized TG, STG, and SPG along which indices are integrated in the direc- 


tions indicated by arrows. 
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Figure 2. STG’s indices integrated over different layers. Upper panel, the integrated index in the upper 200 m; lower 
panel, the subsurface one integrated between 200 m and 500 m. Short dashed line is the raw data, long dashed line for the 
reconstructed one based on the ten leading SSA modes. Unit: 108 m3/sec. 


(150°E-170°W, 36°N~20°N), and the Nifio3 region 
(150°W—90°W, S°N-—S°S). 

We use the Singular Spectrum Analysis—Multi-taper Method 
(SSA-MTM) toolkit, which consists of a set of programs to 
perform detailed spectral analyses and decompositions on a 
univariate input time series [Ghil and Vautard, 1991]. The toolkit 
contains the following procedures: (a) estimating the spectrum 
of a time series, (b) decomposing the time series into compo- 
nents as trends, oscillations, and noise, and (c) reconstructing 
the contributions of selected components (or, modes). The SSA 
method is used here to separate the different intrinsic modes that 
vary from interannual to interdedacadal timescales. 


3. GENERAL FEATURES 


We will only focus on the northern Pacific because in the 
southern Pacific there are not sufficient historical observa- 
tions and data assimilation products like SODA may provide 
unrealistic ocean circulation. It should be also noted that nei- 
ther of the STG and SPG box extends far enough west to 


encompass the western boundary currents, since SODA sim- 
ulation of the western boundary currents is not so good. 

It’s not trivial to determine a specific depth that the major 
momentum of the wind-driven circulation is restrained. In 
general, the thermocline is deeper in the high latitudes than that 
in the tropics and subtropics. 

Here we describe a simple validation for our choice of least 
depth of 500 m for definition of the gyre index for the STG. We 
compute two different indices, one for the upper 200 m layer and 
another for the 200 m to 500 m layer. The upper layer transport 
is of the same order and shows similar low frequency vari- 


Table 1. Definition of the circulation indices 


Location west east north south 
aa BYIS —-162.5°E-142.5°W 56°N 42°N 
ae BYT  142.5°H 124.5°W 36°N.20°N 
Bee syne 152.5°E 92.5°W 15°N 0°N 
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Figure 3. Time series for the indices of SPG (upper panel), STG (middle panel) and TG (lower panel). Long dashed lines 
are the reconstructed one based on the ten leading SSA modes. Accounting percentages of individual modes for three 
indices are showed in Table 2. Note that a pair of modes with almost same percentages indicates a periodical oscillation, 


according to SSA method. 


ability as the lower layer transport. This indicates that both 
the upper layer (upper 200 m, Figure 2a) and the subsurface 
layer (200-500 m, Figure 2b) are equally important. 

Figure 3 shows the time series for the three indices we com- 
pute over the SPG, STG, and TG. In order to remove the high 
frequency noise, we performed SSA analysis upon these time 


series and reconstructed a filtered version based on the lead- 
ing ten modes. Since each mode explains a significant per- 
centage of the variance (see Table 2), the reconstructed time 
series essentially captures the main features for each index. 
Generally, we can find there are different predominant 
timescales for variability in each circulation index. 
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Table 2. Variance percentages explained by the individual modes 


Modes Ist 2nd 3rd 4th 
SPG 17.0 16.2 6.2 5.4 
STG 11.3 9.7 8.5 8.5 
TG 8.3 6.1 6.1 5.3 


Sth 
44 
71 
5.0 


6th 7th 8th 9th 10th 
3.5 3.3 2.6 2.5 2.4 
6.9 5.3 5.0 3.8 21 
5.0 4.5 4.5 4.0 4.0 


3.1. SPG Index 


The SPG index is characterized predominantly by inter- 
decadal variations (Figure 3a). The gyre tends to be intensi- 
fied from the middle 1950s to the end of 1960s as well as 
from 1980 to 1990. A significant weakening appears from 
1970 to 1980. There are also some interannual and decadal 
variations, but in general much weaker than the multidecadal 
variations. Such decadal to interdecadal anomalies will be 
analyzed further in the next section. 


3.2. STG Index 


In contrast to the SPG, the STG is dominated by decadal 
variability with a timescale of about one or two decades (Fig- 
ure 3b). The STG tends to be intensified roughly in 1954-1964, 
1976-1981, and 1986-1992, and weakened in 1965--1976, 
and 1992-2000, as well as a short period of 1982-1986. The 
intensification from the 1970s to 1980s seems to be consistent 
with other previous observational studies [Qiu and Joyce, 
1992; Deser et al., 1999]. This transition tends to occur sev- 
eral years after the 1976-77 climate shift, probably as a delayed 
response to the interior wind change. We will return to this 
issue in a latter section. 


3.3. TG Index 


As the circulation is close to the equator, the TG varia- 
tions are strongly associated with the ENSO. It can be seen 
that the TG is characterized predominantly by interannual 
variations (Figure 3c). This is in contrast to the STG and 
SPG. A decade-long weakening can also be seen in the 1990s, 
which tends to be linked to the persistent warming in the 
tropical Pacific. 

In summary, the gyre-index defined here clearly reveals 
distinctive temporal characteristics of the northern Pacific 
basin-scale circulation variability. For the subpolar gyre, the 
variability is dominated by multidecadal timescale, while in 
the subtropical and tropical gyres, the variability is dominated 
by decadal and interannual timescales, respectively. In the 
next section, we will explore how the oceanic gyre variations 
are associated with SST and atmospheric circulation changes. 
To do so, we simply use the Pacific decadal oscillation (PDO) 
index [Mantua et al., 1997], the North Pacific Index (NPI, 


defined as area-averaged SLP anomalies in the region of 
30°65°N, 160°E~140°W, Trenberth and Hurrell [1994]), and 
ENSO index (here using Nifio3 index). A 9-month running 
mean is applied to all the indices before the analysis. 


4. NORTH PACIFIC DECADAL VARIABILITY 
INFERRED FROM GYRE-INDEX 


As seen from the 9-month running mean evolution in Fig- 
ure 4a, all five indices, namely, STG, TG, PDO, NPI, and 
Nifio3, show signals of interannual to interdecadal timescales. 
The correlation between these indices is shown in Figures 4b 
and 4c. For the STG, all PDO, NPI and Nifio3 indices lead the 
subtropical gyre variation. This phase leading could be sup- 
ported by the observational evidence that the Rossby waves 
induced by wind curl in the central subtropical Pacific can 
affect the gyre circulation, say, via modifying the interior 
Sverdrup transport balance and thus subsequently alternat- 
ing western boundary current a couple of years later. For the 
TG, the correlation with the PDO and the NPI is relatively 
weak, in contrast, it is significantly correlated with the Nifio3 
index with one or two months lag. 

One of the possible mechanisms of Pacific decadal vari- 
ability is the unstable air-sea interaction between the sub- 
tropical gyre circulation in the North Pacific and the Aleutian 
Low system. Latif and Barnett [1994, 1996] suggested a 
delayed negative feedback of the interdecadal oscillations in 
the North Pacific based on wind-stress curl forced Rossby 
wave adjustment and the subsequent heat transport of the sub- 
tropical gyre western boundary current. This tends to be sup- 
ported by Deser et al. [1999], who found that the Kuroshio 
Current Extension is intensified from the 1970s to the 1980s 
as a delayed response to the anomalous interior wind stress 
curl. This delayed negative feedback, however, is not sup- 
ported from other modeling studies [Seager et al., 2001; 
Schneider et al., 2002]. 

The delayed response of the subtropical and subpolar gyres 
to the anomalous wind stress can also be seen in our index 
analysis. The correlation between the STG and NPI indices is 
asymmetric with significantly negative correlation when the 
NPI leads (Figure 4b). Physically, a negative NPI index rep- 
resents a strengthening of the Aleutian Low, and thus a posi- 
tive curl anomaly in the subtropics, which subsequently spins 
up the subtropical gyre. 
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Figure 4. Comparison of time series of SPG, STG, PDO indices, NPI, and Nifio3. (a) The 9-month running mean time series, 
(b) the lagged/leading correlation coefficient of STG vs. PDO index, NPI, and Nifio3 index, (c) same as (b) but for TG. 
X-axis is the leading or lagged months, positive for the gyre lagged. Thick solid line for PDO index, thick long dashed line 
for NPI, and thin long short dashed line for Nifio3 index. 
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Figure 5. Decadal to interdecadal variations in the reconstructed signals. (a) Interdecadal variations in the reconstructed 
signals of the first two leading SSA modes (thin line for the SPG, accounting for 33.2% of the total variance; long short 
dashed line for the STG, accounting for 21.0% of the total variance; long dashed line for the heat storage in the central North 
Pacific (CNP), accounting for 53.3%; thick line for the heat storage in the Kuroshio Extension (KE), accounting for 
36.5%). (b) Decadal variations in the reconstructed signals of the sum of SSA Mode 3 and 4 (long dashed line for the STG 
index, accounting for 17.0% of the total variance; thin line for the SPG index, accounting for 11.6%; thick line for KE heat 


storage, accounting for 18.1%). 


We may examine the mechanism of the advection of the 
mean temperature gradients by the gyre transport fluctuations 
at different timescales. As shown in Figure 5a, at the inter- 
decadal timescales, the SPG tends to lead the heat storages 
both in the central North Pacific and in the Kuroshio Extension 
region, whereas, the STG is orthogonal to these interdecadal 
thermal variations. If the subpolar gyre dominates, heat stor- 
age in the Kuroshio Extension region appears to increase when 
the SPG spins up. Physically, it is conceivable that the SPG 
dominates the interdecadal variation of the heat storage because 
the adjustment of the SPG in response to the wind stress change 
takes a longer time, which is usually one or two decades because 
of the slow phase speed of Rossby waves at these latitudes. 

For decadal variability, say, in the heat storage in the 
Kuroshio Extension region, both the SPG and the STG show 
evidence of possible contribution (see Figure 5b). The STG 


index and heat storage in the Kuroshio Extension region are 
out of phase, except in several years around 1990. Recalling 
the above mentioned Rossby wave mechanism, the STG may 
lead the heat storage in the Kuroshio Extension region by 4-5 
years. Though the SPG decadal signal is weaker than that of 
the STG, it seems to lead the heat storage in the Kuroshio 
Extension region by 2-3 years. Note that the enhanced SPG 
would result in negative anomalies of the heat storage in the 
Kuroshio Extension region. Therefore, the thermal decadal 
variation in the Kuroshio Extension can be contributed by the 
both the SPG and STG in response to the interior wind stress 
change, which may shift the gyre boundary or strengthen 
(reduce) the gyre transport. If the subtropical gyre dominates, 
heat storage in the Kuroshio Extension region should appear 
to increase when the STG spins up. Therefore, these strong sig- 
nals can indicate that the subtropical gyre may be more impor- 
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tant than the subpolar gyre in the observed regime shifts in the 
North Pacific such as the 1976-77 and 1989-90 cases. 

In short, our index analysis tends to suggest that the 1976~77 
climate shift is associated with the strengthening of the SPG. 
The result shows heat storage in the Kuroshio Extension region 
is associated with the SPG at multi-decadal timescale, but is 
more correlated with the STG at decadal timescale. 


5, INTERACTION OF TROPICAL-EXTRATROPICAL 
GYRES 


McPhaden and Zhang [2002] pointed out that the shal- 
low overturning circulation has been slowed down since the 
1970s. The subsequent reduction in equatorial upwelling is 
associated with a rise in equatorial sea surface temperatures. 
The enhanced and reduced TG index periods for 1961-1975 
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and 1981-1999 are indicated in Figure 3c, respectively. It 
seems that the decadal shift of the TG index occurs around 
1976-77, while the so-called regime shift occurs in the North 
Pacific. The reason of such a correspondence is to be inves- 
tigated in the future. 

It is very important to investigate the water exchange 
between subtropical and tropical Pacific Oceans. The mech- 
anism and implication of the observed tritium maximum in 
the central equatorial Pacific have been explored using a 
trajectory method [Liu and Huang, 1998], and the interior 
pathway of exchange water in the North Pacific Ocean 
was revealed. 

We now describe the tropical-extratropical interaction in 
terms of gyre-related slow-down and spin-up. Generally, the 
STG and TG indices are out of phase in the past 50 years 
with the exception of several years around 1965, when their 
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Figure 6. [nterannual variations in the TG and STG reconstructed signals. (a) Thick line represents the reconstructed TG 
index based on its pair of interannual SSA modes (Modes 2 and 3, accounting for 12.2%); thin line represents the recon- 
structed STG index based on its pair of interannual SSA modes (Modes 5-10, jointly accounting for 30.8%). (b) Thin line 
represents the reconstructed Nifio3 heat storage based on its interannual SSA modes (Modes 4-7, jointly accounting for 


25.2% of total variance); thick line same as in (a). 


leading interannual variations are concerned (Figure 6a). 
Note that 12.2% of total variance is explained by the TG’s 
SSA modes 2 and 3 and 30.8% by the STG’s modes 5-10. 
The North Equatorial Current bifurcation leads to a low-lat- 
itude western boundary current and Kuroshio [McCreary 
and Lu, 1994], both of them weight much in the TG and 
STG indices, respectively. If the total transport carried by 
the North Equatorial Current is fixed, an enhanced low-lati- 
tude western boundary current would be usually accompa- 
nied by a weakened Kuroshio, and vice versa. 

On the interannual timescale, the TG index and the heat 
storage in the Nifio3 region are out of phase significantly. 
With the enhanced (or reduced) TG, there is much more 
(less) subtropical cold water entering the tropics and will be 
upwelled mostly at the eastern equatorial Pacific. 

Figure 6b also shows the changes of the amplitude and 
period over different decades associated with the TG index 
and El Nifio events. Beginning at the late 1970s, the period 
of the TG index changed from 3-4 years to 5—6 years with 
increasing amplitude. So does the heat storage oscillations 
in the Nifio3 region. The probable explanation is that the 
TG’s larger amplitudes mean larger heat exchanges between 
the equatorial and off-equatorial zones, and larger anomalies 
in the heat storage in the Nifio3 region lead to a longer oscil- 
lating period for relaxing to the normal state. 


6. DISCUSSIONS AND REMARKS 


The above indices analysis reveals an oceanic gyre 
connection with interannual to interdecadal variability in 
the northern Pacific. Our simple gyre indices clearly 
reveal different timescales of the SPG, STG and TG 
adjustment over the North Pacific. We hypothesize that 
the interdecadal variability of the North Pacific tends to 
be associated with the adjustment of the SPG, while the 
decadal variability tends to be associated with the adjust- 
ment of the STG. 

Although wind as an external forcing is not considered in 
this study, it is possible that atmosphere-ocean interaction 
over different regions and on different timescales should be 
responsible for the above-mentioned gyre-connected varia- 
tions in the Pacific Ocean. 

It is also found the decadal shift of the TG index occurred 
around 1976-77 when its interannual amplitude is con- 
cerned, while the regime shift occurred in the North Pacific. 
However, the possible linkage between two phenomena 
remains unknown, although it has been shown that the STG 
associated to poleward heat transport leads the generation of 
heat anomalies in North Pacific on the interdecadal 
timescales [Pierce et al., 2000]. 
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Some results from this note need to be further addressed. 
First, the SPG is associated with the multidecadal variability, 
while both the STG and SPG are associated with the decadal 
variability in the northern Pacific. Second, the tropical-extra- 
tropical interaction can be explained in view of changes of 
the basin scale gyre’s intensity. The STG and TG indices were 
out of phase in the past 50 years. On the interannual 
timescale, the TG index and the heat storage in the Nifio3 
region are out of phase. The results also show that the inter- 
decadal variation modulates the interannual amplitude and 
period of the TG and El Nifio almost simultaneously. 
Beginning in the late 1970s, the periods of them change from 
3—4 years to 5-6 years with gradually enhanced amplitude. 

Further studies are needed. We will extend our study to 
the southern Pacific Ocean. Our previous observational 
analysis further identifies the South Pacific as a major 
source of influence of recent decadal variability of equatori- 
al thermocline [Wang and Liu, 2000]. 

Some OGCM and CGCM experiments are to be per- 
formed to test the above hypothesis. Coupled ocean-atmos- 
phere models would be designed to isolate the role of the 
basin-scale gyres on the global atmosphere from the more 
local equatorial circulation, because it was found heat flux- 
es and wind forcing might play different impact on the 
oceanic decadal-interdecadal variations over different lati- 
tudes [Wang et al., 2003]. The experimental strategy for 
answering the fundamental question of the roles of the STG, 
TG and SPG in the low frequency climate variability is our 
concern. 
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Observed Associations Among Storm Tracks, Jet Streams 
and Midlatitude Oceanic Fronts 


Hisashi Nakamura! , Takeaki Sampe!, Youichi Tanimoto”, and Akihiko Shimpo* 


An association is discussed among a midlatitude storm track, a westerly polar-front 
jet stream and an underlying oceanic frontal zone. Their close association is observed 
when a subtropical jet stream is weak, as in the Southern Hemisphere summer or in 
the North Atlantic. Along a near-surface baroclinic zone that tends to be anchored 
around a frontal zone, storm track activity is enhanced within a well-defined polar- 
front jet with modest core velocity. This eddy-driven jet exhibits a deep structure 
with the strong surface westerlies maintained mainly through a poleward eddy heat 
flux. The westerly wind stress exerted along the frontal zone acts to maintain it by driv- 
ing the oceanic current system, suggestive of a feedback loop via midlatitude atmos- 
phere—ocean interaction. It is argued that the context of this feedback must be included 
in interpreting the tropospheric general circulation and its variability. In fact, decadal- 
scale sea—surface temperature anomalies observed in the North Pacific subarctic 
frontal zone controlled the anomalous heat release to the atmosphere. Seemingly, the 
local storm track responded consistently to the decadal-scale shift of the frontal axis, 
acting to reinforce basin-scale flow anomalies. Over the North and South Pacific, 
the association is disturbed in winter by an intensified subtropical jet that traps eddy 
activity into its sharp core. The trapping impairs baroclinic interaction of upper-level 
eddies with the surface baroclinicity along a midlatitude oceanic front, leading to 
the suppression of eddy activity as observed in midwinter over the North Pacific. 


1. INTRODUCTION 


Synoptic-scale baroclinic eddies migrating along mid-lat- 
itude storm tracks not only influence daily weather but also 
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play a crucial role in the climate system by systematically 
transporting heat, moisture and angular momentum. Seasonal 
variations of synoptic-scale eddies have been examined for 
the Northern Hemisphere (NH) [Petterssen, 1956; Klein, 1958; 
Whittaker and Horn, 1984; Rogers, 1990] and the Southern 
Hemisphere (SH) [Sinclair, 1994, 1995; Simmonds and Keay, 
2000], by tracking the centers of individual moving cyclones 
(or anticyclones) at the surface. The “Lagrangian-type” 
approach based on cyclone tracks (“storm tracks” in this 
framework) is a straightforward application of weather chart 
analysis. Hoskins and Hodges [2002] applied this tracking 
method to upper-level fields of other variables from which 
planetary-scale signals had been removed. 

In addition to the “synoptic” viewpoint, another approach 
has been adopted, where emphasis is placed on propagation 
behavior of wavy disturbances and their ensemble feedback on 


330 STORM TRACKS, JET STREAMS AND OCEANIC FRONTS 


the time-mean flow in which they are embedded. This “Euler- 
ian-type” approach is based on high-pass filtering of daily 
time series at individual grid points, for extracting subweekly 
fluctuations associated with migratory synoptic-scale eddies 
[Blackmon et al., 1977, 1984]. In this “wave dynamic” 
approach, regions of large variance in geopotential height or 
meridional wind velocity or of a strong poleward eddy heat flux 
are called “storm tracks”, and “storm track activity” signi- 
fies the magnitude of the variance or heat flux. Wallace et al. 
[1988] discussed the relationship between cyclone and anti- 
cyclone tracks in the synoptic framework and storm tracks in 
the wave dynamic viewpoint. Though critically argued recently 
[Held, 1999}, this approach has an advantage that local cor- 
relation between high-pass-filtered time series of air temper- 
ature and meridional wind velocity or vertical motion gives a 
measure for baroclinic structure of migratory eddies. The high 
positive correlation indicates baroclinic structure of those 
eddies that allows efficient energy conversion from the time- 
mean flow for their growth. Climatological seasonal varia- 
tions observed in storm tracks were documented in this 
framework by Trenberth [1991] and Nakamura and Shimpo 
[2004, hereafter NSO4] for the SH and by Nakamura [1992, 
hereafter N92] for the NH. Some of the related dynamical 
issues are discussed by Cai [2004]. 

As reviewed by Chang et al. [2002], recent studies have 
substantiated a notion of downstream development, in recog- 
nition of group-velocity propagation of synoptic eddies along 
storm tracks [Chang, 1993, 1999; Lee and Held, 1993; Swan- 
son and Pierrehumbert, 1994; Orlanski and Chang, 1995; 
Berbery and Vera, 1996; Chang and Yu, 1999; Rao et al., 
2002]. The notion requires us to interpret eddy statistics in 
relation to cyclogenesis from a viewpoint of an initial value 
problem. This type of cyclogenesis has been known as the 
“B-type cyclogenesis” [Petterssen and Smebye, 1971] or “cou- 
pling development” [Takayabu, 1991], to which Hoskins et 
al. [1985] added further elucidation from a potential-vortic- 
ity (PV) perspective. In the “PV thinking”, baroclinic eddy 
growth is interpreted as mutual reinforcement between PV 
anomalies at the tropopause and those in the form of tem- 
perature anomalies at the surface. In the downstream devel- 
opment, the thermal anomalies are triggered by wind 
fluctuations across a surface baroclinic zone induced by a 
propagating upper-level vortex. Thus, surface temperature 
gradient is of particular significance in baroclinic instability. 
Nevertheless, in most of the studies from the wave dynamic 
perspective, storm tracks have been regarded as a pure atmos- 
pheric issue. 

Forecast experiments have shown the importance of heat 
and moisture supply from the warm ocean surface of the Gulf 
Stream or Kuroshio in individual events of rapid cyclone 
development [Nuss and Kamikawa, 1990; Kuo et al., 1991; 


Reed et al., 1993; Neiman and Shapiro, 1993]. A regional- 
model experiment by Xie et al. [2002] indicates that cyclone 
development is sensitive to a fine frontal structure in a 
sea—surface temperature (SST) field between the Kuroshio and 
the shallow East China Sea. Climatologically, rapid cyclone 
development over the NH is most likely along the Gulf Stream 
and Kuroshio [Sanders and Gyakum, 1980]. Over the SH, 
maritime cyclogenesis is most frequent around an intense 
oceanic frontal zone in the Indian Ocean [Sinclair, 1995}. 
These observational tendencies suggest the oceanic influ- 
ence on storm track formation. At the same time, storm tracks 
can in turn influence the underlying ocean. By means mainly 
of their poleward heat flux, eddies migrating along a storm 
track transfer the mean-flow westerly momentum downward, 
acting to sustain the surface westerlies [Lau and Holopainen, 
1984]. In fact, Hoskins and Valdes [1990, hereafter HV90] 
considered a storm track could be self-maintained under the 
heat and moisture supply from a nearby warm ocean current 
that is driven by the eddy-maintained surface westerlies. 
Those eddies also supply fresh water to the ocean along the 
storm track, influencing the stratification in the midlatitude 
upper ocean [Lukas, 2001]. 

The main purpose of this paper is to further discuss the 
importance of the atmosphere—ocean coupling via storm 
tracks in the tropospheric circulation system and its long-term 
variability from the wave dynamic viewpoint, based on obser- 
vational statistics. Our argument may be viewed as an exten- 
sion of HV90, but unlike in HV90, we put emphasis on 
oceanic frontal zones associated with major oceanic cur- 
rents. As the surface air temperature over the open ocean is 
linked to SST underneath, maritime surface baroclinic zones 
tend to be anchored along oceanic fontal zones [NS04]. 
Though acting as thermal damping for the evolution of indi- 
vidual eddies, heat exchange with the underlying ocean, on 
longer time scales, can act to restore atmospheric near-sur- 
face baroclinicity against the relaxing effect by atmospheric 
eddy heat transport, as evident in sharp meridional contrasts 
in upward turbulent heat fluxes observed climatologically 
across midlatitude frontal zones [Oberhuber, 1988]. Some 
observations are shown in section 2 to suggest that SST 
anomalies in a midlatitude frontal zone can likely play a 
more active role in the air—sea interaction than act to damp 
atmospheric anomalies thermally. In section 3, we discuss 
associations among storm tracks, polar—frontal (or subpolar) 
jet streams and underlying oceanic frontal zones over the 
two hemispheres. In section 4, we then discuss how such an 
association can be disturbed in winter by the intensification 
of a subtropical jet stream. In the final section, we propose 
a working hypothesis through which our understanding might 
be deepened on the observed tropospheric circulation system 
and its variability. 


2. IMPORTANCE OF STORM TRACKS AND 
OCEANIC FRONTAL ZONES IN EXTRATROPICAL 
COUPLED OCEAN-—ATMOSPHERE VARIABILITY 


2.1, Atmospheric Forcing Over Central/Eastern Basins 


The interaction between the midlatitude ocean and storm 
tracks is by no means a new concept. The importance has 
been emphasized in the notion of the “atmospheric bridge”, 
through which the effect of tropical Pacific SST anomalies 
(SSTAs), associated with the El Nifio/Southern Oscillation 
(ENSO), is transferred into midlatitudes to drive SSTAs 
remotely with the opposite sign [Lau and Nath, 1994, 1996, 
2001; Lau, 1997; Alexander et al., 2002, 2004; Hoerling and 
Kumar, 2002]. A similar mechanism must be operative also in 
decadal SST variability over the North Pacific driven by trop- 
ical variability [Nitta and Yamada, 1989; Trenberth, 1990]. 
Pacific decadal variability is reviewed by Seager et al. [2004]. 
Once a stationary atmospheric teleconnection pattern forms 
in response to tropical SSTAs with equivalent barotropic 
anomalies at midlatitudes, local storm track activity and asso- 
ciated poleward heat transport are altered [Trenberth, 1990; 
Hoerling and Ting, 1994]. It is this anomalous heat flux 
through which anomalous upper-level westerly momentum 
is transferred to the surface. Surface wind anomalies thus 
enhanced drive SSTAs locally by changing surface turbulent 
heat fluxes, entrainment at the oceanic mixed-layer bottom, and 
a cross-frontal Ekman current [Frankignoul and Reynolds, 
1983; Frankignoul, 1985; Alexander, 1992; Miller et al., 1994]. 

The ocean—atmosphere interaction in the “atmospheric 
bridge” paradigm is thus primarily one-way forcing by atmos- 
pheric anomalies on the upper ocean. Thus, local correla- 
tion must be negative between SST and upward turbulent 
flux anomalies [Cayan, 1992ab; Hanawa et al., 1995; Ta- 
nimoto et al., 1997; Alexander et al., 2002], and so is the 
local correlation between a SSTA and anomalous surface 
wind speed. Midlatitude SSTAs thus generated tend to have 
large horizontal extent, reflecting the spatial scale of atmos- 
pheric anomalies that have forced them [Namias and Cayan, 
1981; Wallace and Jiang, 1987]. The one-way nature is con- 
sistent with the fact that most of the atmospheric general 
circulation models (AGCMs) fail to generate systematic 
response to prescribed midlatitude SSTAs [Kushnir et al., 
2002]. Several experiments, however, in each of which an 
AGCM is coupled thermally with a slab ocean mixed layer 
model [Lau and Nath, 1996, 2001; Watanabe and Kimoto, 
2000] showed that midlatitude SSTAs can reinforce atmos- 
pheric anomalies that have driven them. This weak local 
feedback is called “reduced thermal damping” [Kushnir et al., 
2002], as elucidated by Barsugli and Battisti [1998] ina 
linearized one-dimensional coupled model. 
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2.2, Oceanic Influence From Western-basin Frontal Zones 


As discussed above, the atmospheric forcing dominates in 
the coupled variability over the vast central and eastern 
domains of a basin. SSTA formation, however, cannot be 
interpreted solely with local exchanges of heat and momen- 
tum through the surface around western boundary currents, 
where the oceanic thermal advection is substantial in the 
upper-ocean heat budget [Qiu and Kelly, 1993; Qiu, 2000, 
2002; Kelly and Dong, 2004]. Thus, the role of SSTAs in 
air—sea interaction can be more than the “reduced thermal 
damping”. In fact, Nonaka and Xie [2003] found the SST—-wind 
correlation in satellite data to be positive along the Kuroshio 
and its extension [Xie, 2004], indicative of modification in 
near-surface stratification by underlying SSTAs. Analyzing 
wintertime shipboard measurements compiled on a high-res- 
olution grid over the North Pacific, Tanimoto et al. [2003] 
found that turbulent heat flux anomalies are positively corre- 
lated with SSTAs in the subarctic frontal zone located in the 
Kuroshio-Oyashio Extension [Yasuda et al., 1996; Yuan and 
Talley, 1996], and that the positive correlation is stronger 
when the SSTAs lead the flux anomalies. Confined to a merid- 
ionally narrow region along the Kuroshio or frontal zone, the 
signal of this oceanic thermal forcing would hardly be captured 
in data complied on a coarse resolution grid (with ~5° latitu- 
dinal intervals) or through a statistical method that preferen- 
tially extracts basin-scale anomaly patterns such as a 
singular-value decomposition used by Deser and Timlin [1997] 
and others. 

A close association has been found in the extratropics 
between frontal zones and decadal SST variability [Naka- 
mura et al., 1997a; Nakamura and Yamagata, 1999; Naka- 
mura and Kazmin, 2003]. Schneider et al. [2002] argued that 
the Kuroshio Extension could be the key region for oceanic 
feedback on the atmosphere for the Pacific decadal variabil- 
ity, although the associated frontal zone is unlikely to be 
resolved in their model. Zanimoto et al. [2003] argued how 
SSTAs observed in the frontal zone with decadal variability 
inherent to the North Pacific [Deser and Blackmon, 1995; - 
Nakamura et al., 1997a; Nakamura and Yamagata, 1999; Xie 
et al., 2000; Tomita et al., 2001] can reinforce associated sta- 
tionary atmospheric anomalies. Their results are summarized 
in Figure 1, Plates 1 and 2. In the presence of warm (cool) 
SSTAs in early part of winter (Plate 1a), latent heat release is 
enhanced (reduced) along the frontal zone (Figure 1; Plate 
2a). Linearization of heat flux anomalies [Halliwell and Mayer, 
1996] reveals that the enhanced (reduced) heat release is attrib- 
uted to the effect of the local SSTAs (Figure 1; Plate 2b), part 
of which is offset by a contribution from surface air-temper- 
ature (and moisture) anomalies (Figure 1; Plate 2c). A con- 
tribution from wind anomalies is negligible in the subarctic 
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Figure 1. Meridional profiles of anomalous upward latent heat flux 
(W m; solid line with closed circles; upward positive) at the surface, 
as an average between 145°E and 165°E, for (a) Dec.—Jan. and (b) 
Feb.—Mar. The subarctic frontal zone is between 36°N and 44°N. 
Superimposed are individual contributions to the total anomalous 
flux solely from (and proportional to) local SSTAs (solid line with 
open circles), anomalous air temperature (dotted line with closed 
squares) and anomalous surface wind speed (dotted line with open 
squares). Anomalous 850-hPa poleward heat flux associated with 
subweekly eddies (unit: 10 K ms“; long dashed line), as an average 
over the same longitudinal sector, is also superimposed. These pro- 
files are based on the anomalies shown in Plate 2. 


frontal zone (Figure 1; Plate 2d). As shown in Plate 2e, the local 
storm track is displaced poleward (equatorward), probably in 
response to changes in near-surface baroclinicity, as consis- 
tent with the observed decadal shift of the frontal axis [Naka- 
mura and Kazmin, 2003]. This tendency is obvious particularly 
in early winter, as the eddy heat flux is enhanced (reduced) 
where the anomalous SST gradient is enhanced (relaxed) as 
in Figure la. In the upper troposphere, the anomalous storm 
track activity exerts anticyclonic (cyclonic) forcing over the 
midlatitude North Pacific through anomalous vorticity trans- 
port (Plate 2f), reinforcing the pre-existing stationary anticy- 
clonic (cyclonic) anomalies. Consistent with this eddy forcing, 
a wave-activity flux of stationary Rossby waves [Jakaya and 
Nakamura, 2001] is strongly divergent from the anomalies 
that resemble the Pacific/North American (PNA) pattern [Wal- 
lace and Gutzler, 1981], which is regarded as a preferred 
mode of variability in the exit of the North Pacific jet [Sim- 
mons et al., 1983; Peng and Robinson, 2001]. As in the “atmos- 


pheric bridge”, anomalous westerly momentum associated 
with the PNA pattern is transferred downward by eddies, to 
reinforce the anomalous surface Aleutian low (Plate le). Sur- 
face wind anomalies thus reinforced exert thermal forcing 
upon the upper ocean over the central and eastern North 
Pacific, acting to extend warm (cool) SSTAs downstream of 
the frontal zone and drive cool (warm) SSTAs off western 
Canada, in a manner consistent with the observed tendency in 
SSTAs to late winter (Plates 1a-c). 

Kushnir et al. [2002] have postulated a similar mechanism 
as a paradigm for the coupling between a meridional dipole of 
atmospheric stationary anomalies and dipolar SSTAs as typ- 
ically observed in the North Atlantic. Again, a critical factor 
in forcing the atmospheric anomalies is anomalous storm 
track activity in response to changes in surface baroclinicity 
associated with the SSTAs. They considered a particular sit- 
uation where the SSTAs have been generated by the atmos- 
pheric anomalies, as in the “atmospheric bridge”. In contrast, 
over the decadal SSTAs observed in the Pacific subarctic 
frontal zone, surface wind anomalies are weak, especially in 
early winter (Plate 1d), indicative of greater importance of 
oceanic processes [Xie et al., 2000]. It has been suggested 
that SST variations around the Kuroshio Extension are strongly 
influenced by changes in oceanic condition [Tomita et al., 
2002; Qiu, 2003; Kelly and Dong, 2004], including the gyre 
adjustment to atmospheric forcing exerted far to the east 
[Schneider et al., 2002]. Once zonally elongated SSTAs form 
in a frontal zone through oceanic processes, they would act to 
modify the surface baroclinicity locally. 

Owing to the two-way interactive nature, a more convinc- 
ing argument on the oceanic influence on atmospheric anom- 
alies requires modeling studies. Part of the mechanisms argued 
by Tanimoto et al. [2003] is essentially the same as what Peng 
and Whitaker [1999] suggested from their careful diagnosis of 
an AGCM response to warm SSTAs in the Pacific subarctic 
frontal zone. They revealed the critical importance of a local 
storm track in yielding a PNA-like stationary atmospheric 
response in barotropic structure. A similar suggestion was 
made by Watanabe and Kimoto [2000] for the North Atlantic 
variability. Peng and Whitaker [1999] showed that their AGCM 
response is sensitive to subtle differences in the model time- 
mean flow. The sensitivity stems from how effectively the 
barotropic response is excited under the storm track feedback 
from near-surface anomalies as the robust direct response to 
the SSTAs. Since the SSTA pattern given in the model was 
taken from the observation, a mismatch could happen in their 
positions between the model storm track and the direct ther- 
mal response. The model sensitivity suggests the potential 
importance of their association, though may not be quite 
robust, between the frontal zone and storm track in reinforc- 
ing the PNA-like anomalies. The association may be part of 
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Plate 1. Difference maps of bi-monthly SSTA (°C; reddish and bluish colors for warm and cool anomalies, respectively, 
as shown below the panels) associated with the North Pacific decadal variability between 4-year composites for 1968/69~ 
1971/72 and 1982/83~1985/86 (i.e., “warm” minus “cold”). Based on the Comprehensive Ocean—Atmosphere Data Set 
(COADS) complied on a 2° x 2° lat—lon. grid for (a) Nov.—Dec., (b) Jan—Feb. and (c) Mar.—Apr. (d) As in (a), but for sur- 
face wind velocity (arrows with scaling below the panels) and scalar wind speed (m s~!; bluish and reddish colors for 
stronger and weaker winds, respectively, as shown below the panels) for Dec.—Jan. (e) As in (d), but for Feb—Mar. After 
Tanimoto et al. [2003]. 
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Plate 2. (a) As in Plate 1, but for Dec.—Jan. total upward latent heat flux anomalies at the surface (W m~; bluish and red- 
dish colors for enhanced and reduced heat release, respectively, from the ocean). The subarctic frontal zone is indicated 
with a rectangle. (b) As in (a), but for a contribution only from local SSTAs, based on linearization applied to the total 
anomalous flux in (a). (c) As in (b), but for a contribution only from local air temperature anomalies. (d) As in (b), but 
for a contribution only from local wind speed anomalies. (e) As in (a), but for storm track activity measured by 850-hPa 
poleward heat flux associated with subweekly eddies (K m s~!; reddish and bluish colors for the flux enhancement and 
reduction, respectively), based on the NCEP/NCAR reanalyses. (f) As in (e), but for 250-hPa height (contoured with 20- 
m intervals), superimposed on feedback forcing from anomalous storm track activity measured by 250-hPa geopotential 
height tendency (m day; bluish and reddish colors for the cyclonic and anticyclonic tendencies, respectively) due only 
to eddy vorticity flux convergence [Nakamura et al., 1997b]. After Tanimoto et al. [2003]. Coloring conventions are 
shown below the panels. 
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a feedback loop that is likely operative in the decadal vari- 
ability inherent to the North Pacific. 


3. CLIMATOLOGICAL ASSOCIATIONS AMONG 
STORM TRACKS, POLAR-FRONT JETS AND 
MIDLATITUDE OCEANIC FRONTS 


3.1. Southern Hemisphere (SH) 


Figure 2 shows the SH climatology of storm track activity, 
westerly wind speed and SST gradient. A prototype example 


Ze, EP flux JA 


U250, U925 JA 


of a close association among a subarctic frontal zone, mid- 
latitude storm track and polar-front jet can be found around 
50°S especially in austral summer [Figures 2d-f; NS04]. In 
winter, the association is still close over the South Atlantic 
and Indian Ocean (Figures 2a-c). There the low-level storm 
track activity is stronger than over the South Pacific, which 
seems in correspondence with tighter SST gradient across 
the Antarctic Polar Frontal Zone (APFZ) [Colling, 2001], a 
subarctic frontal zone along the Antarctic Circumpolar Cir- 
culation (ACC), over the former oceans. Along that frontal 
zone, a strong baroclinic zone forms near the surface (Fig- 


Figure 2. (a) Climatological Jul—Aug. distribution for the upper-level SH storm track activity (stippling) and horizontal 
component of 250-hPa extended E-P flux (arrows indicating eddy transport of mean-flow easterly momentum; scaling at 
the bottom: unit: m? s~*), with 250-hPa westerly wind speed (U : ms; heavy solid lines for 30, 40, 50 and 60; heavy dashed 
line for 20). Light and heavy stippling is applied where amplitude of subweekly fluctuations in geopotential height (Z,: m) 
at the 250-hPa level is between 90 and 130 and above 130, respectively, with thin lines for every 10. Based on the NCEP 
(National Centers for Environmental Prediction) reanalyses. (b) As in (a) but for 925-hPa U (m s“!; heavy lines for 3, 6, 
9, 12 and 15; dashed for U=0) and 250-hPa U (ms; light stippling for 20~30; heavy stippling for 40~50). (c): As in (a), 
but for 850-hPa poleward heat flux associated with subweekly eddies (heavy lines for 4, 8, 12 and 16 K ms‘!), Light and 
heavy stippling indicates oceanic frontal zones where meridional SST gradient (°C/110 km) exceeds 0.6 and 1.2, respec- 
tively (thin lines are drawn for every 0.6), based on satellite and shipboard data complied by Reynolds and Smith [1994]. 
Dark shading indicates data-void regions. (d—f) As in (a-c), respectively, but for Jan.—Feb. 


ures 3d-e). Both in the upper and lower troposphere (Figure 
2), the storm track core forms in the southwestern Indian 
Ocean, almost coinciding with the core of the APFZ. In fact, 
Sinclair [1995] found that the most frequent cyclogenesis in 
the SH occurs around this APFZ core. There, in the course 
of the seasonal march, the low-level storm track activity 
exhibits high positive correlation with baroclinicity for a layer 
just above the surface. NS04 showed that the correlation is 
even higher than that with the baroclinicity near the steering 
(700~850 hPa) level of subweekly eddies, which is also the 
case for the South Atlantic. Meridional sections in Figures 
3d-e show a deep structure of the storm track over the Atlantic 
and Indian Ocean. The structure reflects the pronounced baro- 
clinic eddy growth above the intense surface baroclinic zone 
and the downstream development of eddies along the upper- 
level polar-front jet that acts as a good waveguide for baroclinic 
wavepackets (Figures 3a-b). In fact, the extended Eliassen- 
Palm (E-P) flux [Trenberth, 1986] has a strong eastward com- 
ponent in the core of the upper-level storm track [NS04]. The 
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jet is the sole westerly jet in summer. Even in winter when a 
subtropical jet mtensifies, the storm track core over the South 
Indian Ocean remains preferentially along the polar-front jet 
(Figure 2). 

The SH storm track core is collocated with the core of the 
surface westerly jet (Figure 2) as part of the deep polar-front 
jet (Figures 3a-b) maintained mainly by the downward trans- 
port of mean-flow westerly momentum via eddy heat fluxes. 
The fact that the strongest annual-mean wind stress within 
the world ocean is observed around the SH storm core [7ren- 
berth et al., 1990] suggests the importance of the storm track 
activity in driving the ACC and associated APFZ. As shown 
in Figures 4b and 4d, the annually averaged surface westerly 
acceleration induced as the feedback forcing through heat 
and vorticity transport by subweekly eddies is indeed strong 
along or slightly poleward of the surface westerly axis, and it 
is strongest near the core of the APFZ. The slight poleward dis- 
placement of that axis relative to the APFZ (Figure 2) seems 
consistent with a tendency for surface upward turbulent heat 
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Figure 3. (a) Climatological Jan. section of meridional (m? s~*) and vertical (Pa m s~*; proportional to poleward eddy 
heat flux) components of the extended E-P flux (arrows; scaling at the lower-right corner), and U (contour ed for every 5 
m s-!; dashed for the easterlies), both for the South Indian Ocean (50°~90°E). Based on the NCEP reanalyses. (b) As in 
(a) but for July. (c) As in (a) but for Jul. in the Australian sector (120°~ 160°E). Hatching indicates topography. (d-f) As 
in (a-c), respectively, but for eddy amplitude in geopotential height (Z,; unit: m; heavy lines for every 20 from 40) and local 
baroclinicity (G; thin lines for every 0.05 from 0.15; light stippling for 0.2~0.35 and heavy stippling for above 0.35). 
Here, G = |g/f,|"| V@/(ON), where N denotes the Brunt-Vaisala frequency, @ potential temperature, g the acceleration of grav- 
ity, fthe Coriolis parameter and f, =f (45°S). In linear theories of baroclinic instability for the zonally uniform westerlies, 
the maximum growth rate of the most unstable mode is proportional to G. In (a—c), stippling for Z, > 80 (m). After NS04. 
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fluxes, wind stirring effect on the oceanic mixed layer, and 
Ekman velocity to be all maximized along the wind velocity 
axis. Consistent with an evaluation by Lau and Holopainen 
[1984] for the NH, a contribution from eddy heat transport is 
stronger than that from eddy vorticity transport, but their con- 
tributions are more comparable (not shown). 

Over the South Pacific, the association among a midlatitude 
storm track, polar-front jet and subarctic frontal zone is less 
robust than over the Atlantic and Indian Ocean [NS04]. Though 
vulnerable to the seasonal intensification of a subtropical jet, 
their close association can still be found in austral summer 
and autumn when the jet is diminished. In these seasons, the 
Pacific storm track at the upper and lower levels is part of a 
well-defined circumpolar storm track along the ~50°S circle, 
accompanied consistently by the deep polar-front jet (Figures 
2d-f). The low-level eddy activity gradually weakens down- 
stream across the Pacific, as the SST gradient relaxes eastward 
along the APFZ (Figure 2f). The close association was 
observed also in a very unusual winter at the beginning of 
the 1998 La Nifia event, in the absence of the intense sub- 
tropical jet due to the marked interannual variability. In that 
winter, the upper-level westerly bifurcation was much less 
apparent than in the climatology, which marks a sharp contrast 
with a distinct double-jet structure in the previous winter, as 
in other El Nifio winters [Chen et al., 1996]. As well inferred 
from a difference map in Figure 5a, no well-defined storm 
track formed over the subtropical South Pacific in the 1998 
winter, under the extremely weakened subtropical jet. Instead, 
eddy activity over the South Pacific was enhanced at midlat- 
itudes and organized into a single storm track along the polar- 
front jet at ~55°S throughout the troposphere (Figure 5), which 
indeed resembled the summertime situation (Figure 2). In 
1998, the midlatitude westerlies were stronger not only in the 
upper troposphere but also near the surface (Figure 5), con- 
sistent with coherent vertical structure of the midlatitude 
storm track. In that winter, upper-level wave activity was dis- 
persed strongly equatorward from the enhanced subpolar 
storm track in the central and eastern Pacific, through which 
the westerly momentum was transported poleward. Its down- 
ward transfer by eddies sustained the strong surface wester- 
lies. In a macroscopic view, the Pacific APFZ remained similar 
between the two winters, seemingly to keep anchoring the 
low-level storm track and polar-front jet (not shown). 


3.2. Northern Hemisphere (NH) 


Figure 6 shows the NH climatology of storm track activity, 
westerly wind speed and SST gradient. Over each of the ocean 
basins, a major storm track extends eastward from an intense 
surface baroclinic zone anchored along a subarctic frontal 
zone off the western boundary of the basin (Figure 6b), where 


warm and cool boundary currents are confluent. In a macro- 
scopic view, the storm track is along the boundary between 
subtropical and subpolar gyres. In addition, the thermal con- 
trast between a warm boundary current (the Gulf Stream or 
Kuroshio) and its adjacent cooler landmass also influences 
the storm track activity in winter [Dickson and Namias, 1976; 
Guleyv et al., 2003]. Over the North Atlantic, a belt of the sur- 
face westerlies between the Icelandic Low and Azores High 
is situated slightly to the south of the storm track axis. Over 
the wintertime North Pacific, the poleward displacement of the 
low-level storm track relative to the surface westerly axis is 
more apparent. The latter is closer to the subtropical jet axis 
aloft especially over the western Pacific, although the poleward 
secondary branch of the surface westerlies is close to the 
storm track. 

Despite the modest intensity of the local upper-level west- 
erly jet (Figure 6a), midwinter storm track activity is stronger 


Figure 4. (a) Climatological annual-mean westerly acceleration 
(solid lines at 0.5 m s“! day“! intervals with zero lines omitted; 
dashed lines for easterly acceleration) at the 1000-hPa level over the 
NH, as the feedback forcing from storm tracks evaluated in the same 
manner as in Lau and Holopainen [1984] but based on 8-day high- 
pass-filtered NCEP reanalysis data for 1979~98. Light and heavy 
stippling indicates oceanic frontal zones where climatological annual- 
mean meridional SST gradient (°C/110 km) is 0.8~1.6 and above 
1.6, respectively, based on the data by Reynolds and Smith [1994]. 
(b) As in (a) but for the SH. (c) As in (a) but for the 1000-hPa west- 
erly wind speed for the NH (solid lines for 2, 3, 4 and 5 ms7). (d) 
As in (a) but for the 1000-hPa westerly wind speed for the SH (solid 
lines for 5, 6, 7 8, 9 and 10 ms‘). 
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Figure 5. Difference maps over the South Indian and Pacific Oceans for Jul.~Aug. between 1997 and 1998 (1998 minus 
1997). (a) Horizontal component of 250-hPa extended E-P flux (arrows; scaling at the bottom; unit: m? s~) associated with 
subweekly eddies, 250-hPa U (heavy lines for 10, 20 and 30 m s"!; dashed for the anomalous easterlies) and 250-hPa 
storm tracks (stippling). Light and heavy stippling is applied where decrease and increase, respectively, in the frequency 
of an eddy amplitude maximum passing through a given data point with 2.5° intervals on a given meridian, defined as the 
number of days over a 62-day period, exceed 6 (thin lines for every 6). (b) 925-hPa U (heavy lines for 5, 10 and 15 ms"; 
dashed for the anomalous easterlies) and 850-hPa poleward eddy heat flux (K m s“!; light contours for every 4; light and 
heavy stippling for positive and negative values). Based on the NCEP reanalyses. 


over the North Atlantic than over the North Pacific (Figure 
6b). The low-level storm track axis is closer to a subarctic 
frontal zone in the Atlantic than in the Pacific, and the cross- 
frontal SST gradient is substantially stronger in the Atlantic 
than in the Pacific (Figure 6b). While its main surface axis 
extends along the Oyashio Extension at ~42°N, the North 
Pacific subarctic frontal zone at the surface is meridionally 
broader, including the Interfrontal Zone in the Kuroshio- 
Oyashio Extension [Lin and Talley, 1996; Yasuda et al., 1996; 
Nakamura and Kazmin, 2003]. The North Atlantic subarc- 
tic frontal zone is shaper and more intense, contributing to the 
more pronounced local eddy growth and perhaps to the 
stronger eddy activity. 

Another factor that contributes to the Atlantic-Pacific dif- 
ference in wintertime storm track activity is latitudinal dis- 
placement between a storm track and subarctic frontal zone. 
In the course of its seasonal march, the North Atlantic storm 
track stays to the north of the subarctic frontal zone, and it is 
nearest to the front in midwinter when eddy activity peaks 
(not shown). The westerly jet axis closely follows the under- 
lying frontal zone, especially downstream of the jet core (Fig- 
ure 6). The North Pacific storm track undergoes larger seasonal 
migration in its latitudinal position [N92], and eddy activity 
tends to be suppressed in midwinter when the storm track 
axis stays to the south of the Pacific subarctic frontal zone 
[Nakamura and Sampe, 2002; hereafter NSO2]. NSO2 found 
that upper-level eddies traveling from the Asian continent 
tend to propagate above the surface baroclinic zone along the 
frontal zone when the storm track activity peaks in spring and 
late fall [N92]. In those seasons, the upper-level westerly jet 
core is substantially weaker than in midwinter and located 
somewhat poleward [NS02]. The suppression occurs despite 
the fact that the tropospheric baroclinicity peaks in midwin- 


ter. NSO2 pointed out that midwinter eddy activity has 
enhanced substantially since the late 1980s, as the Pacific 
storm track tends to stay over the subarctic frontal zone under 
the decadal weakening of the subtropical jet. They found that, 
for most of the time during the recent midwinter periods, the 
eddy amplitude maximum stayed at the midlatitude tropopause 
right above the frontal zone (Figure 7a), which allowed eddies 
efficient baroclinic growth through their interaction with a 
surface baroclinic zone along the frontal zone, as in fall and 
spring. In fact, eddies exhibited a deeper structure with vig- 
orous poleward heat transport (Figure 7a). In each of these 
situations over either the Atlantic or Pacific, the extended E- 
P flux is strongly divergent in the upper troposphere out of the 
storm track core (not shown). Thus, a westerly jet with mod- 
est core velocity bears an eddy-driven nature, a characteristic 
of a polar-front jet [Lee and Kim, 2003]. These results suggest 
that the association with the underlying frontal zones con- 
tributes to the enhancement of the NH storm track activity. 

Despite pronounced seasonal march in the axial position 
and intensity of the NH storm tracks, especially over the 
Pacific, the annually averaged surface westerly acceleration 
induced as the feedback forcing from the storm tracks is 
strongest along the poleward flank of a subarctic frontal zone 
over each of the ocean basins (Figure 4a), driving oceanic 
gyres. In the winters of enhanced eddy activity (Figure 8a), 
the surface westerly axis was situated along the northern 
fringe of the subarctic frontal zone in the western Pacific, 
and it was systematically below the upper-level storm track 
axis over the eastern Pacific. N92 showed that, in the course 
of the seasonal march, the axis of the low-level westerlies 
tends to follow the upper-level storm track over the eastern 
Pacific, indicative of the reinforcement of the westerlies by 
the storm track. 
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4. INFLUENCE OF A SUBTROPICAL JET ONA 
STORM TRACK AND ITS ASSOCIATION WITH AN 
OCEANIC FRONT 


ae 4.1. Southern Hemisphere (SH) 

In the SH climatology (Figure 2), the influence of the sea- 
sonal evolution of a subtropical jet stream on storm track 
activity is apparent only over the South Pacific [NS04]. Its 
wintertime intensification disturbs the association among a 
midlatitude storm track, polar-front jet and subarctic frontal 
zone observed over the South Pacific in austral summer and 
autumn. In the presence of double-jet structure [Karoly et al., 
1998; Bals-Elsholz et al., 2001], upper-tropospheric storm 
track activity bifurcates from the core region into the main 
branch along the strong subtropical jet and the sub-branch 
along the weaker polar-front jet (Figure 2a). Thus, the west- 
erlies and storm track are no longer circumpolar. The intense 
velocity core of the subtropical jet confined to the tropopause 
(Figure 3c) acts as an excellent waveguide for synoptic-scale 
eddies. In fact, the extended E-P flux associated with sub- 
weekly eddies is consistently eastward along the jet (Figures 
2a). Located above a surface subtropical high-pressure belt, 
however, the jet does not favor baroclinic eddy growth, despite 
the modest surface baroclinicity across the underlying sub- 
tropical frontal zone (Figure 2c). Consistently, the subtropical 
jet does not accompany the strong westerlies at the surface 
(Figure 2b), thus yielding no significant contribution to the 
local mechanical driving of the ocean circulation. Over the 
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extratropical SH, the annual-mean surface westerly accelera- 
tion induced as eddy feedback forcing is weakest over the 
South Pacific (Figure 4b), due to the winter-spring break- 
down of the well-defined midlatitude storm track. 

In winter and spring, the main branch of the low-level storm 
track is still along the polar-front jet (Figures 2b-c), though dis- 
placed poleward above an enhanced low-level baroclinic zone 
that forms along the seasonal sea-ice margin (Figure 3f). The 
low-level storm track forms despite the upper-level wave activ- 
ity from upstream core region is mostly dispersed toward the 
subtropical jet (Figures 2a and 3b), suggestive of the impor- 
tance of surface baroclinicity in the storm track formation. 


4.2. Northern Hemisphere (NH) 


A factor that contributes to the Atlantic-Pacific difference 
in storm track activity is the midwinter eddy-activity mini- 
mum (suppression) in the North Pacific [V92]. As opposed to 
linear theories of baroclinic instability [Charney, 1947; Eady, 
1949], this unique aspect of the seasonal cycle occurs despite 
the local westerly jet is strongest in midwinter. Bosart [1999] 
speculated critically that the minimum might merely be an 
artifact due to the sampling by N92 on the 250-hPa surface that 
tends to be above the tropopause only in midwinter. How- 
ever, his speculation is inconsistent with the activity mini- 
mum also observed at the lower levels [V92; Nakamura et 
al., 2002]. The minimum has been reproduced in AGCMs 
[Christoph et al., 1997; Zhang and Held, 1999; Chang, 2001]. 
In reanalysis data, Nakamura et al. [2002] found the activity 
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Figure 6. (a) Climatological Jan.~Feb. distribution of 925-hPa U (heavy lines for every 3 m s~!) and 250-hPa U (light and 
heavy stippling for 30~40 and 50~60 m s“!, respectively), based on the NCEP reanalyses. (b) As in (a) but for 850-hPa pole- 
ward eddy heat flux (heavy lines for every 4 K m s~!). Light and heavy stippling indicates oceanic frontal zones where merid- 
ional SST gradient (°C/110 km) is 0.6~1.2 and above 1.2, respectively (with thin lines for every 0.6), based on the data by 


Reynolds and Smith [1994]. 
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Figure 7. Meridional structure of a typical baroclinic eddy in the North Pacific storm track (170°E~170°W). Based on sub- 
weekly fluctuations in geopotential height (Z’) field regressed linearly on 300-hPa Z’ at [47°N, 105°E] with a 2-day lag, 
for (a) five Jan.~Feb. periods in 1979~95 with the weakest suppression in eddy activity and for (b) other five periods with 
the most distinct suppression. Reflecting the decadal weakening in the winter monsoon, the winters for (a) were all since 
1987, whereas those for (b) were mostly before 1987. Eddy amplitude in Z’ is normalized by its maximum (30, 50 70 and 
90%). Associated poleward heat flux based on the regression (K m s~!; density adjusted) is plotted with dashed lines for 
0.56, 0.84, 1.12 and 1.40 in (a) and 0.2, 0.3 and 0.4 in (b). Note that eddy amplitude is larger in (a) by 67%. The westerly 
jet is indicated with stippling (U: 20~30, 40~50 and 60~70 m s~!), and meridional SST gradient is plotted at the bottom 


(°C/110 km). Based on the NCEP reanalyses. After NS02. 


minimum, which had been found by N92 for 1965~84, has 
disappeared since the late 1980s, under the decadal weaken- 
ing of the East Asian winter monsoon and associated relaxing 
of the subtropical jet. This modulation has been confirmed 
in Chang ’s [2003] analysis of unassimilated aircraft and raw- 
insonde data. As the mechanism of the activity suppression, 
Chang [2001] argued that enhanced precipitation in out-break- 
ing cold air behind individual cyclones in midwinter does not 
favor the generation of eddy available potential energy. Alter- 
natively, we argue in the following that the suppression can be 
interpreted as the dynamical influence of a seasonally inten- 
sified subtropical jet. 

In the wintertime Far East, the low-level monsoonal norther- 
lies and the enhanced subtropical jet aloft, as observed before 
the late 1980s, are associated with the marked deepening of 
a planetary-wave trough, and a polar-front jet tends to merge 
itself into the subtropical jet [Mohri, 1953]. By the northerly 
component behind the trough, upper-level eddies are driven 
strongly toward the intensified subtropical jet and then trapped 
into its core at ~32°N at the 200-hPa level. The core is ~12 km 
in altitude, ~3 km higher than the midlatitude tropopause (300 
hPa) at which eddies have been propagating through the polar- 
front jet over the Asian continent. In fact, the storm track 
underwent greater equatorward excursion from its annual- 


mean position in five midwinter periods with the most distinct 
eddy-activity minimum than in five other midwinter periods 
without the minimum [NS02]. Trapped by the subtropical jet 
core, eddies were lifted up by ~3 km and then staying 500~800 
km away from the surface baroclinic zone above the subarc- 
tic frontal zone at ~40°N (Figure 7b). Thus, eddy interaction 
with the surface baroclinic zone tended to be impaired, while 
eddies underwent substantial distortion in their structure. The 
coherency is thus lowered between subweekly fluctuations in 
temperature and the meridional or vertical wind component 
[N92; Chang, 2001; Nakamura et al., 2002], leading to the 
less efficient energy conversion for eddy growth. As shown in 
a meridional section in Figure 7b, under the trapping, eddy 
amplitude rapidly decays downward and the associated heat 
flux was reduced by as much as 40%. 

As in the South Pacific case discussed earlier, the North 
Pacific subarctic frontal zone remained very similar between 
the two types of winter regardless of the substantial changes 
in storm track activity (Figure 8). Only the noticeable differ- 
ence is the slightly enhanced cross-frontal SST gradient for the 
winters with eddy-activity minimum, indicating that the anom- 
alous surface baroclinicity was unlikely the reason for the 
observed changes in the activity. The axes of the upper- and 
lower-level storm tracks and surface westerlies were more 
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closely located along the subarctic frontal zones in the winters 
of stronger eddy activity (Figure 8a). Rather, the axis of the sur- 
face westerlies nearly followed the subtropical jet axis in the 
winters of the suppressed storm track activity (Figure 8b). 


5. DISCUSSION 


The association among a storm track, polar-front jet and a 
subarctic frontal zone (including the APFZ) seems crucial for 
two-way interaction between the midlatitude atmosphere and 
ocean, as exemplified in an observational study by Tanimoto 
et al. [2003] and in an AGCM experiment by Peng and 
Whitaker [1999] both on the decadal variability inherent to the 
North Pacific [Nakamura et al., 1997]. Furthermore, the whole 
dynamical picture of storm tracks and polar-front jets, includ- 
ing the localization of their core regions, can unlikely be 
obtained without considering their interaction with the under- 
lying ocean, as first argued by HV90 and recently by NSO2, 
Inatsu et al. [2003] and NS04. In particular, key aspects of 
seasonal variations of a storm track can be interpreted rea- 
sonably well from a viewpoint of how strongly its associa- 
tion with the underlying subarctic frontal zone is disturbed 
by the seasonal intensification of a subtropical jet [NS02, 
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NS04]. From this viewpoint, an insight can be gained into the 
mechanisms that cause the “midwinter activity minimum” of 
the North Pacific storm track [NS02], a puzzling feature of its 
seasonal cycle that cannot be explained by linear theories of 
baroclinic instability. The recent disappearance of the activ- 
ity minimum may be interpreted as the consequence of the 
decadal weakening of the subtropical jet. In the absence of 
such a marked change in the subtropical jet, even subtle 
changes in the Pacific storm track activity could be observed 
in response to decadal SST changes in the subarctic frontal 
zone from the late 1960s into the 1980s [Tanimoto et al., 
2003]. Of course, the total baroclinicity within the tropo- 
sphere must be considered in interpreting the profound sea- 
sonal march in eddy amplitude along the NH storm tracks, 
as discussed by HV90. They also emphasized the latent heat 
release along the storm tracks also acts to anchor them by 
forcing the planetary wave pattern. 

It is well known that differential radiative heating acts to 
restore the mean baroclinicity at midlatitudes against the relax- 
ing effect by eddy heat transport, but it provides no clear 
explanation why such intense surface baroclinic zones as 
observed are maintained. A tendency for major maritime sur- 
face baroclinic zones to be placed near midlatitude oceanic 
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Figure 8. Relationship over the North Pacific among oceanic frontal zones (stippling), storm track axes at the 1000-hPa 
(solid lines) and 300-hPa (series of vertical lines) levels, and westerly jet axes at the 1000-hPa (dashed lines) and 250-hPa 
(dotted lines) levels. For (a) five January~February periods in 1979~95 with the weakest suppression in eddy activity and 
for (b) other five periods with the most distinct suppression, as in Figure 7 and NS02. The frontal zones are indicated as 
regions of intense meridional SST gradient (unit: °C/110 km), as stippled at the bottom of (a). The storm track axes are 
defined as local Z, maxima. Atmospheric and SST data are based on the NCEP reanalyses and Reynolds and Smith [1994], 
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Figure 9. Schematics of different types of tropospheric general circulation over an ocean basin. (a) When a subtropical jet 
(STJ) is weak, the main storm track (thick dashed line) forms over a surface baroclinic zone (stippled at ~45° lat.) anchored 
by a subarctic frontal zone (SAFZ), as in the summertime SH, the North Atlantic or the North Pacific (in spring and fall). 
Wave-activity dispersion to the STJ (wavy arrow) leads to the formation of a deep polar-front jet (PFJ) above the SAFZ. 
Eddy downward transport (open arrow) of the mean-flow westerly momentum maintains a surface westerly jet (circled W) 
along the SAFZ. (b) When a STJ intensifies as in the wintertime South Pacific, the jet traps most of the upper-level eddy 
activity. Thus, the main branch of the upper-level storm track forms along the STJ with suppressed baroclinic eddy growth 
below, while the low-level storm track forms along a weak PFJ above a baroclinic zone anchored by the SAFZ. 


frontal zones [VS02, NS04] suggests the effective restoring 
of the atmospheric baroclinicity, owing to the large thermal 
inertia of the ocean mixed layer and the differential thermal 
advection between to the north and south of the frontal zones 
by strong oceanic currents [Kelly and Dong, 2004]. Enhanced 
heat and moisture fluxes over a warm current just south of a 
subarctic frontal zone has been known to contribute to cyclo- 
genesis and thus storm track formation [HV90]. In addition, 
a sharp decline of the surface heat release poleward across 
the frontal zone acts to restore the mean atmospheric near- 
surface baroclinicity, thus also contributing to the anchoring 
of the storm track. This anchoring, however, can be disturbed 
by the seasonal intensification of a subtropical jet or its inter- 
annual modulations due to a teleconnection from the tropics 
or an upstream continent. An important scientific issue to be 
clarified is how the near-surface baroclinicity is determined 
and maintained in the marine boundary layer. 

Another important aspect of the air-sea coupling associ- 
ated with a storm track is that the mean westerly momentum 
carried downward with upward wave-activity transfer in a 
storm track is organized into a surface westerly jet, which 
drives oceanic gyres (or the ACC) and thereby contributes to 
the maintenance of subarctic frontal zones. Along the ACC, the 
core regions of the storm track, surface westerlies and APFZ 
almost coincide with each other, indicative of the presence 
of a local feedback loop. Over each of the NH ocean basins, 
the frontal zone is located at the confluent region of the west- 
erm boundary currents driven mainly through gyre adjustment 
by the surface westerlies that are strongest farther to the east 
(Figure 4c). A storm track acts to maintain the westerlies, 
especially along or slightly to the north of the subarctic frontal 
zones (Figure 4a). The surface westerlies along the storm 
track also enhance the surface evaporation, whereas precipi- 


tation associated with migratory storms largely determines 
the fresh water supply to the midlatitude ocean [Lukas, 2001]. 
Kinetic energy input into the ocean by the strong surface west- 
erlies and vigorous storm activity acts to sustain the mixed 
layer structure. The input also becomes an important source 
of oceanic turbulence available for deep-layer mixing [Naga- 
sawa et al., 2000]. 

Findings in this and related papers [VS02, NSO4] may require 
some modifications to conceptual models for the zonally sym- 
metric circulation in the wintertime troposphere, including a 
well-known model by Palmén and Newton [1969]. While 
resembling its original version proposed by Rossby [1941], 
it emphasizes more the concentration of westerly momentum 
into subtropical and polar-front jets and their respective asso- 
ciation with the Hadley cell and a polar frontal zone. On the 
basis of the argument by HV90 and our findings, a funda- 
mental modification we would add to Palmén s model is the 
possible association among a polar-front jet, storm track, sur- 
face baroclinic zone over a subarctic frontal zone, as postulated 
in Figure 9a, which may add further significance to the mid- 
latitude air-sea interaction. Unlike the polar frontal zone tilted 
distinctly poleward, a polar-front jet and associated baroclinic 
zone extend more vertically down to the surface just above the 
frontal zone (Figure 3). The jet is accompanied by a major 
storm track, and its deep structure is a manifestation of its 
eddy-driven nature [Lee and Kim, 2003]. 

Another point emphasized in Figure 9 is their distinct char- 
acteristics between the two types of jets, as a factor that influ- 
ences the observed seasonal evolution of storm tracks. In fact, 
two types of schematics are presented in Figure 9 depending 
upon the strength of a subtropical jet, as in Lee and Kim 
[2003]. As speculated by Palmén [1951] and later elucidated 
theoretically [Held and Hou, 1980; Lindzen and Hou, 1988], 
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the jet is formed through poleward transport of angular 
momentum by the Hadley cell, and the jet is much stronger in 
the winter hemisphere where the Hadley cell is stronger. Zonal 
asymmetries in tropical SST distribution or the presence of a 
tropical landmass can lead to the localization of the jet [Znatsu 
et al., 2002]. In fact, the formation of the SH subtropical jet 
is related to the Asian summer monsoon. Not driven by eddies, 
a subtropical jet may not necessarily accompany a distinct 
surface baroclinic zone. Indeed, the jet axis is between the 
subarctic and subtropical oceanic frontal zones over the North 
Pacific (Figure 6). Over the SH, the jet is located above a 
subtropical high-pressure belt, which is unfavorable for baro- 
clinic eddy growth. Thus, a subtropical jet is shallow and con- 
fined around its tight core at the high tropopause, unless 
merged with a polar-front as in the wintertime North Pacific 
associated with a planetary-wave trough. 

Through idealized numerical experiments, Lee and Kim 
[2003] examined how storm track activity depends on the 
subtropical jet intensity. They found that the main storm track 
forms along a polar-front jet, as in Figure 9a, only when a 
subtropical jet is weak, consistent with the observations [NS02, 
NS04]. However, the greatest discrepancy is that a subtropi- 
cal jet, as it intensifies in the model, becomes increasingly 
favorable for baroclinic eddy growth. As opposed to their 
experiments, the jet intensification in the real atmosphere is 
unfavorable for storm track formation. Over each of the North 
and South Pacific, an intensified wintertime subtropical jet 
traps eddies into its core, keeping them away from a surface 
baroclinic zone anchored by a subarctic oceanic frontal zone. 
The trapping thus impairs eddy growth, despite the marked 
baroclinicity below the jet core. Over the South Pacific, where 
the two jets are well separated, the trapping leads to the merid- 
ional separation of the main storm track branch between the 
upper and lower levels [NS04]. We suggest this is a typical 
situation of the subtropical-jet-dominant regime (Figure 9b). 
No such separation occurs over the North Pacific, where the 
two jets are merged. Still, the subtropical jet traps eddy activ- 
ity, resulting in the midwinter suppression of storm track 
activity. This is an intermediate situation between the two pro- 
totype situations in Figure 9. The storm track activity is 
enhanced in fall and spring when eddies can propagate above 
the subarctic frontal zone. This “weak subtropical-jet regime” 
(Figure 9a) appears more typically over the North Atlantic 
and the summertime SH. In the real atmosphere, the main 
storm track branch exhibits an apparent preference for stay- 
ing with a polar-front jet, perhaps due to the anchoring effect 
by an underlying oceanic frontal zone. This preference may be 
underestimated in the idealized experiments by Lee and Kim. 
Their experiments would have been more realistic if well- 
defined surface baroclinic zones as observed had been pre- 
scribed. 


Of course, the schematics in Figure 9 are nothing but a 
working hypothesis. Further observational and modeling study 
is hence needed to assess how relevant they are to extracting 
the essence of the atmospheric general circulation observed in 
the extratropics. More study is also needed to assess the robust- 
ness and detailed mechanisms of the positive feedback loop, 
if really exists, among a polar-front jet, storm track and sub- 
arctic frontal zone, and its importance in the climate vari- 
ability. Especially, the significance of the anchoring effect by 
oceanic frontal zones should be confirmed in experiments 
with an AGCM with resolution high enough to resolve the 
cross-frontal thermal contrasts. It is also important to study how 
the oceanic fronts are maintained under the forcing from over- 
lying storm tracks. 
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Much of the heat transported poleward by the oceans is carried in the midlatitude 
western boundary currents in the northern hemisphere. As these currents separate from 
the coastal boundaries and extend eastward into the ocean interior, they flux some of 
their heat to the atmosphere and store some of their heat in the recirculation gyres south 
of the current core; the heat content anomalies are negatively correlated with changes 
in the volume of an isothermal layer known as the “subtropical mode water.” An 
analysis of upper ocean heat content observations (1955~2001) shows that there are 
substantial interannual variations in the amount of heat stored in the upper 400 m of 
the water column. About 26% of the variations in heat content in the North Atlantic 
and North Pacific Oceans (corresponding to the first principal component and with 
maxima in the western boundary current extension regions) are in phase and slightly 
lag the atmospheric Northern hemisphere Annular Mode (NAM or Arctic Oscillation). 
The simplest explanation, that changes in the westerlies cause corresponding changes 
in the air-sea fluxes and therefore in heat content, can be ruled out by by the sign of 
the correlation: strong westerlies (strong AO) are correlated with positive heat con- 
tent anomalies. This conclusion is supported by previous analyses of the upper ocean 
heat budget, which show that the heat content anomalies are primarily caused by 
variations in ocean advection. The heat content anomalies, rather than being caused 
by changes in air-sea fluxes, instead appear to be the source of interannual varia- 
tions in those fluxes. The magnitude of the flux anomalies, their association with 
advection and heat storage in the mode water, and the coherence between the two 
oceans suggest a role for ocean circulation in interannual to decadal variations in 
climate variability through local air-sea interaction. 


1. INTRODUCTION 


Strong western boundary currents in the Northern Hemi- 
sphere midlatitude oceans transport heat from the warm trop- 
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ical regions to the midlatitudes, where much of the heat is 
fluxed to the atmosphere as the warm currents encounter 
cooler air masses. Some of this heat continues on into the 
subpolar gyre to warm the high-latitude regions and some 
heat is stored in a region of recirculating currents with deep 
wintertime mixed layers. Although the estimates vary widely, 
the annually averaged flux of heat from the ocean to the atmos- 
phere over the boundary currents is at least 100 W m [Josey 
et al., 1999}. 
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In the mean the flux of heat from the ocean to the atmos- 
phere between 30-45° N is reflected in a large drop (1.2 pW) 
in the amount of heat transported by the ocean, from about 1.7 
pW to 0.5 pW [Trenberth and Caron, 2001]. In the same lat- 
itude range, the heat transported poleward by the atmosphere 
increases by nearly the same amount, from about 3.7 pW to 
5.0 pW. Zonally integrating the net surface heat fluxes (which 
are concentrated in the western boundary current extension 
regions) between 30-45° N gives an estimated mean annual 
ocean-to-atmosphere flux of about 1.0 pW [daSilva et al., 
1994]. Given the likely large errors in these estimates, the 
consistency of the numbers suggests the passing of a heat- 
transport “baton” from the ocean to the atmosphere in the 
midlatitudes. With this large mean heat transfer, it seems likely 
that interannual variations in the heat transfer over the bound- 
ary currents would have an effect on midlatitude climate vari- 
ations. Here we examine the relationship between variations 
in heat storage, heat fluxes, and heat advection by the bound- 
ary currents. 

Observations of sea surface height (SSH) anomalies from 
the TOPEX/POSEIDON radar altimeter [Fu et al., 1994] since 
1992 suggest that there are large interannual-to- decadal vari- 
ations in the structure of these current systems [Qiu, 2000, 
Vivier et al., 2002; Dong and Kelly, 2004]. In Plate 1 the SSH 
anomaly has been combined with an estimate of the mean SSH 
[Kelly and Gille, 1990; Qiu, 2000; Dong, 2003] for the 10-yr alti- 
metric record to give the absolute SSH and to illustrate the 
nature of the circulation changes. Large-scale changes occur 
in both oceans just to the south of the current core (the closely 
spaced SSH contours): the region of high SSH, shown in dark 
red, expands and contracts from year to year. These maps of 
SSH show similar changes in the Atlantic and in the Pacific, with 
an expanded region of high SSH south of the current core in 
1993 and 1999, and a contracted region of high SSH in 1996. 
Through the geostrophic relationship (altimetric SSH anom- 
alies correspond to height changes for a constant pressure sur- 
face), changes in the gradients of SSH represent changes in 
the strength of the geostrophic currents. For example, the 
expanded region of high SSH in 1993 and 1999 represents an 
increase in the geostrophic surface recirculation. 

Changes in SSH also correspond to changes in heat content, 
because a warming water column expands, increasing SSH, 
whereas a cooling water column contracts, decreasing SSH. 
Seasonal changes in SSH (heat content) in the Gulf Stream 
region are caused primarily by seasonal variations in surface 
heating [Kelly et al., 1999]. However, as discussed in Section 
2, on longer time scales, changes in the heat content are more 
the result of ocean advection than of surface heating. In addi- 
tion, changes in upper ocean heat content account for most of 
the observed large-scale changes in SSH. The advantage of 
using heat content (instead of SST) as a descriptor of ocean 


state and the changes in vertical thermal structure are described. 
in Section 2. 

A surprising fraction of the variations in SSH anomalies 
and in heat content are in phase between the North Atlantic and 
the North Pacific and in phase with the Northern hemisphere 
Annular Mode (NAM) or Arctic Oscillation (AO), as described 
in Section 3. We argue here that the relationship of heat con- 
tent to the NAM is not simply the ocean cooling in response 
to stronger winds; rather, an ocean made anomalously warm 
by advection is increasing the flux of heat to the atmosphere. 
Causes of the variations in ocean advection, the effects of 
heat content on surface heat fluxes, and implications for ocean- 
atmosphere coupling are described in Section 4, followed by 
conclusions in Section 5. 


2. BACKGROUND 


The primary focus here is the analysis and interpretation 
of a relatively long record of upper ocean heat content and, in 
particular, the degree to which the anomalies in the North 
Atlantic and North Pacific Oceans are in phase. To under- 
stand the likely causes of the heat content anomalies and their 
relevance in climate studies, we summarize in this section 
important results from several related analyses of the midlat- 
itude upper ocean heat content. 


2.1. The Upper Ocean Heat Budget 


To understand the causes of observed fluctuations in ocean 
heat content and SSH, parallel studies of the upper ocean heat 
budget have been conducted for the western North Pacific 
and North Atlantic [Vivier et al., 2002; Dong and Kelly, 2004]. 
A simple upper ocean layer model, down to a depth of 800 
meters, was forced by surface heat fluxes, winds, and cur- 
rents to predict temperature for the regions shown in Plate 1. 
Geostrophic velocity was specified from the altimeter data 
using a vertical profile based on climatology and Ekman 
velocity was estimated from wind stress. Sea level winds were 
taken from the National Center for Environmental Prediction/ 
National Center for Atmospheric Research (NCEP/NCAR) 
Reanalysis [Kalnay et al., 1996]; air-sea fluxes were derived 
by using the NCEP variables in the COARE bulk flux algo- 
rithm [Fairall et al., 1996]. In the upper ocean the rate of 
change of heat down to a fixed depth / is balanced by surface 
heating, the divergence of heat transport, and diffusion, as 
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where A is larger than the wintertime mixed layer depth. Sep- 
arating the terms into their vertical and horizontal compo- 
nents and neglecting vertical diffusion at depth z = —/ gives 
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Plate 1. Sea surface height maps from the TOPEX/POSEIDON altimeter. (left) Gulf Stream region in the North Atlantic 
and (right) Kuroshio Extension region in the North Pacific for years 1993, 1996, 1999, and 2001. Units are meters. More 
positive SSH indicates more heat stored in the ocean. 
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where the vertical integral on the left-hand side in (1) is the 
heat content H and the second term on the right-hand side in 
(2) is horizontal advection. The last term on the right-hand 
side is the heat content change owing to vertical motion w 
at depth h, which is primarily the result of local conver- 
gences and divergences forced by changes in the curl of the 
wind stress. Two studies [Vivier et al., 2002; Dong and Kelly, 
2004] showed that most of the changes in SSH can be 
explained by changes in the ocean heat content, primarily in 
the upper 400 meters. As expected, they showed that changes 
in both sea surface temperature (SST) and heat content are 
primarily forced by surface fluxes on seasonal time scales. 
However, the studies demonstrated that for interannual time 
scales the advection of heat into the region by the currents 
is more important in creating heat content anomalies than are 
air-sea fluxes (Figure 1). 


Advection can be caused either by geostrophic currents, 
the dominant component of the boundary currents, or by 
ageostrophic currents, of which the Ekman component is 
likely the largest part. Scaling arguments [Gill and Niiler, 
1973] suggest that advection by Ekman currents dominates in 
the interior ocean where the Ekman transport crosses 
isotherms. Over the separated western boundary currents, 
changes in the strength of the westerlies produce anomalies in 
the Ekman transport that cross the mean temperature gradient 
associated with the current, producing large contributions to 
advection. The geostrophic current, on the other hand, tends 
to flow parallel to isotherms, because it is in thermal wind 
balance, as given by 
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where u is the eastward current, y is northward, and density p 
varies approximately linearly with temperature. However, a 
geostrophic current with a barotropic component (no verti- 
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Figure 1. Heat storage rate for the western boundary current regions. (a) Gulf Stream and (b) Kuroshio Extension. The heat 
storage rate (bold line) is the sum of the surface heating (gray), the advection and diffusion (dashed), and the vertical 
motion of isotherms (dash-dot). Advection plus diffusion account for 70% of the heat storage rate variance in the Gulf Stream. 
The KE budget is more complicated, but advection-diffusion dominates after 1997. After Dong and Kelly [2004]; Vivier 


et al. [2002]. 


cal shear), for example, can advect temperature across 
isotherms. Because the boundary current velocities are so 
large (2 m s-!), a relatively small cross-isotherm component 
can cause a large contribution to advection. 

The North Atlantic heat budget of Dong and Kelly [2004] 
and the North Pacific estimates of Qiu [2000] both show that 
advection by the geostrophic current is substantially larger 
than advection by the Ekman component, consistent with 
previous studies using geostrophic currents derived from 
altimeter data [Qiu and Kelly, 1993; Kelly and Qiu, 1995]. 
These results differ from the heat budget analyses of Miller 
et al. [1994] and Deser et al. [1996], which emphasized the 
importance of Ekman advection. However, as noted by Miller 
et al. [1994] underestimates of geostrophic advection in the 
boundary currents likely occur because coarse ocean circu- 
lation models and sparse hydrographic observations under- 
estimate the boundary current speeds. The dominance of 
geostrophic advection is consistent with the idea that the 
western boundary currents account for most of the merid- 
ional heat transport: these currents are largely (95%) 
geostrophic [Johns et al., 1989]. 

Why is it important to distinguish which velocity component 
is causing the advection? Identification of the mechanism 
responsible for advection is critical to predicting the changes 
in ocean heat content. The Ekman current component is a 
local and rapid response to the wind field, whereas the 
geostrophic current represents the ocean’s response to ocean- 
basin-scale forcing and may be either rapid (days for a 
barotropic response) or slow (years for a baroclinic response). 
In addition, a lag in the ocean’s response to forcing, such as 
that associated with Rossby waves, may be the source of a 
coupled oscillating response [Marshall et al., 2001] or the 
lag may allow prediction of climate variations [Schneider and 
Miller, 2001]. 


2.2. Heat Content as a Descriptor of Ocean State 


The heat budget studies described above established that 
changes in ocean circulation make large contributions to the 
upper ocean heat content. We argue here that not only is heat 
content a better descriptor of the thermodynamic state of the 
ocean than is SST, but that it is the more relevant variable for 
climate studies. The heat content anomaly is an integral meas- 
ure of the anomalous heat that could be fluxed to the atmos- 
phere or that has been fluxed into the upper ocean over time 
periods longer than seasons. 

While SST is readily available and is needed to compute an 
instantaneous estimate of the air-sea flux in a bulk algorithm, 
it is not a reliable indicator of the past or future interaction of 
the atmosphere and ocean. In the wintertime, when mixed lay- 
ers are deep, the SST anomaly is a good indicator of anomalous 
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heat content. However, in the summertime the SST mixed layer 
anomaly reflects only a small fraction of the upper ocean water 
column and subsurface anomalies may differ greatly in mag- 
nitude and possibly in sign. In the fall, the seasonal deepening 
of the mixed layer entrains the subsurface water and SST is 
modified by the sub-surface temperature. 

The problem in using SST as an indicator of the ocean state 
has been quantified by Deser et al. [2003], who showed that 
SST anomalies decorrelate seasonally, whereas upper ocean 
heat content retains its memory beyond the seasonal time 
scale. Their analysis and the work of Alexander et al. [1995] 
have established that it is insufficient to characterize the ocean 
for climate studies in terms of its mixed layer temperature, 
even allowing for variations in mixed layer depth, because 
the entrainment of subsurface temperature anomalies into the 
mixed layer causes the “re-emergence” of SST anomalies. 
Thus, much of the ocean’s heat storage capacity, and its poten- 
tial contribution to interannual climate variations, is in the 
layer below the mixed layer. 


2.3. Mode Water 


We have shown that large heat content anomalies occur just 
south of the western boundary current extensions and we have 
argued that the ocean’s contribution to air-sea fluxes derives 
from heat content anomalies, rather than from SST. For heat 
content anomalies to have an impact on the air-sea fluxes, 
they must have contact with the atmosphere at some times 
(that is, they must be “ventilated”); for the anomalies to have 
time scales longer than SST anomalies, they must be distinct 
from the ocean mixed layer at other times. 

Such an intermittently ventilated layer of water exists just 
south of the western boundary currents: a thick vertically 
homogeneous layer known as “subtropical mode water” 
(STMW, or “18-degree water” in the Gulf Stream) [McCart- 
ney and Talley, 1982; Suga and Hanawa, 1995]. STMW is 
formed during the late winter, when the mixed layer deepens 
and surface cooling causes deep convection. (Some of the 
deepest mixed layers in the midlatitudes are found near the 
western boundary currents.) Mode water is in contact with 
the atmosphere only during the late winter; otherwise, it is 
shielded from air-sea fluxes by the warmer mixed layer. The 
large volume of the mode water allows it to resist changes in 
temperature from air-sea fluxes [ Warren, 1972]. Mode water 
is slowly “subducted” under warmer waters and moves south- 
westward as part of the large-scale recirculation [Schneider et 
al., 1999; Joyce et al., 2000]. 

The association of cooling and mode water formation sug- 
gests that an increase in the thickness of the mode water is 
associated with a decrease in the upper ocean heat content. A 
recent study of the Gulf Stream region showed that the thick- 


352. MIDLATITUDE WESTERN BOUNDARY CURRENTS 


ness of the 18-degree layer is indeed negatively correlated 
with heat content variations (Figure 2) and the correlation 
has been shown to be significant over a 50-year record [Kwon, 
2003]. A similar relationship between the mode water layer 
thickness and fluctuations in the Kuroshio Extension has been 
found [ Yasuda and Hanawa, 1997]. This correlation means that 
a large volume of mode water corresponds to a deficit of heat. 
Conversely, a positive heat content anomaly (large heat stor- 
age) corresponds to a small volume of mode water and, there- 
fore, a stratified, warm water column. 

These large heat storage reservoirs (STMW) are capable 
of damping seasonal and interannual variations in air-sea heat 
fluxes and in heat advection. The combination of the rela- 
tively large reservoir of mode water and its limited time of 
exposure to the atmosphere allows it to temporally integrate 
the effects of several winters and to resist sudden changes in 
temperature; hence, its long-term memory of climate varia- 
tions. The mode water formed in a given winter affects SST 
in the subsequent fall and winter when it is entrained into the 
surface mixed layer as part of the seasonal cycle; the entrain- 
ment of the subsurface temperature anomalies into the mixed 
layer is responsible for the “re-emergence” of SST anomalies 
[Alexander et al., 1995]. 

The suggestion that heat content variations are caused by 
anomalous advection appears to contradict the prevailing ideas 
about mode water being formed by air-sea fluxes. Clearly, the 
interaction of mode water with the overlying atmosphere, 
resulting in the largest heat losses, occurs in the late winter. 
However, if lower heat content implies more mode water (as 
suggested by the observed correlations), then the heat budget 
suggests that interannual variations in the volume of mode 
water are more closely related to advection than to air-sea 
fluxes. One resolution of these issues is that advection anom- 
alies in the boundary current regions “precondition” the water 
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column for mode water formation. During periods in which the 
boundary current has anomalously large advection, the water 
column is warm and stratified and normal wintertime sur- 
face heat loss will be inadequate to form mode water; con- 
versely, during periods of weak advection, the water column 
is relatively cool and unstratified and the same wintertime 
heat loss will cause the formation of mode water. 


3. INTERANNUAL VARIATIONS IN 
ADVECTION AND HEAT CONTENT 


The studies cited in the previous section have shown that 
ocean heat transport makes large contributions to interannual 
heat storage variations. Further, much of the heat content 
anomaly lies below the mixed layer, associated with the sub- 
tropical mode water, and influences the mixed layer temper- 
ature through seasonal entrainment. These results, based on the 
heat budgets using the altimeter (Figure 1), are an intriguing 
indication of the role of the ocean circulation in climate; how- 
ever, the altimeter record is too short to draw inferences about 
longer time scales. We address this issue using longer ocean 
temperature records, both to study the importance of advec- 
tion in the heat budget and to understand the longer time scale 
variations in heat content. 


3.1. Decadal Advection Estimates for the North Pacific 


The simplicity of the vertically integrated heat budget (2) 
suggests that it is possible to extend the heat budget temporally 
by inferring heat transport variations as a residual between 
heat content changes and air-sea fluxes. Kelly [2004] used a 
longer record (1970-2000) of surface and subsurface tem- 
peratures to estimate a simple upper ocean heat budget in the 
Kuroshio Extension region in Plate 1, right panels. Tempera- 
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Figure 2. Heat content and mode water in the Gulf Stream region. The mean SSH (dash), heat content (solid), and the thick- 
ness of the 18° C layer (dash-dot) south of the Gulf Stream. The SSH is from the TOPEX/POSEIDON altimeter, and heat 
content and the layer thickness are from the GTSPP archive. After Dong [2004]. 
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Figure 3. Heat budget of the western North Pacific: 1970-2000. The heat storage rate (bold line) is the sum of the surface 
heating (dash-dot), lateral (geostrophic) fluxes (dashed), and the sum of Ekman advection and a surface flux correction (thin 
line). Lateral fluxes are more highly correlated with the HSR than are surface fluxes. After Kelly [2004]. 


tures were taken from the Joint Environmental Data Analysis 
Center (JEDAC). 

By forcing a one-dimensional upper ocean model with 
NCEP/NCAR fluxes and assimilating temperatures, lateral 
fluxes were inferred from the temperature adjustments required 
to match the model to the observations. The adjustment was 
made using a Kalman filter, with error covariances carefully 
prescribed from observations, and used the “unknown con- 
trol” method of assimilation, as outlined in Wunsch [1996]. 
This analysis showed large changes in the ocean heat transport 
convergence with periods of about five years, consistent with 
the estimates from the 1990s [Vivier et al., 2002] (Figure 3). 

Interannual variations in heat transport from 1970-2000 
are as large as the variations in air-sea fluxes, with the largest 
heat transport convergence occurring in the 1990s. With the 
exception of the 1970s, lateral fluxes make large contribu- 
tions to the heat storage rate. In the mid-1970s lateral fluxes 
were weak and heat losses to the atmosphere were anom- 
alously small. The correlation of the heat storage rate, left- 
hand side of (2), with heat transport convergence was larger 


than that with air-sea fluxes, consistent with the results for 
the shorter altimeter period. Therefore, advection appears to 
be more important in determining the heat content than air-sea 
fluxes on interannual-to-decadal time scales. 

Kelly [2004] also examined the relationship between heat 
content and air-sea fluxes; these results will be discussed in 
Section 4.2. 


3.2. Interannual to Decadal Variations in Heat Content 


Keeping in mind the large contribution of western bound- 
ary current heat transport to heat content anomalies, we exam- 
ine the available heat content data for the northern hemisphere 
midlatitude ocean. We compute the principal components 
(PCs) or empirical orthogonal functions (EOFs) of heat con- 
tent for both the SSH from the altimeter from 1992-2002 and 
for heat content data JEDAC) for 1955-2001. These two data 
sets contribute complementary information about the domi- 
nant modes of variability: the SSH time series has more uni- 
form coverage and should yield a more accurate spatial pattern, 
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whereas the longer record of the heat content observations 
should give a more accurate estimate of the contributions of 
each mode to total variability, as well as more robust corre- 
lations of the modes with other variables. 

For the SSH the fraction of variance was 39%, 14%, and 
9%, respectively, for the first three modes. A Monte Carlo test 
[Preisendorfer, 1988] on 100 sets of random data with com- 
parable degrees of freedom spatially and temporally yielded 
95% significance levels of 11%, 10%, and 9%, respectively, 
so that the first two modes were judged statistically signif- 
icant. The first mode of SSH (Plate 2a) describes variations 
that are predominantly in the North Pacific, resembling that 
of the Pacific Decadal Oscillation (PDO) [Hare and Mantua, 
2000]. The second mode (Plate 2b) describes variations that 
are in phase between the Atlantic and the Pacific, with pro- 
nounced maxima in the vicinity of the western boundary 
current extensions. 

A principal component analysis, like any statistic, becomes 
a better representation of the data when derived from a longer 
time series; therefore the EOFs of heat content should give a 
more accurate indication of the importance of each mode than 
SSH, although with poorer spatial resolution (2° x 5°). For 
the JEDAC data the fraction of variance in the first three 
modes was 26%, 16%, and 10%, respectively (Plate 3), com 
pared with 95% significance levels of 11%, 9%, and 9%, giv- 
ing three significant modes. The first mode of heat content 
resembles the second mode of SSH, with the Atlantic and 
Pacific anomalies in phase; whereas the second mode of heat 
content resembles the first mode of SSH, with variations pre- 
dominantly in the Pacific. The reversal of the mode order in 
the SSH analysis, relative to the JEDAC analysis, suggests 
that the Pacific mode variance was larger during the 1990s than 
was typical for the longer period. 

The first mode of heat content (Plate 3a and c) resembles 
the first EOF of Pacific Ocean heat content for a similar period 
computed by Giese and Carton [1999] from fields derived by 
assimilating temperature observations into an ocean circula- 
tion model. The modes are similar both spatially and temporally, 
despite the different regions and different filtering used (Pacific 
Ocean down to 30°S and filtered for periods longer than 5 
years). Second modes are not similar. Giese and Carton [1999] 
concluded that midlatitude decadal variations in heat content 
must result at least in part from meridional advection, consis- 
tent with the heat budgets described in Section 2.1. 

The heat content time series (principal components) reveal 
similarities with climate indices: the first mode of heat con- 
tent resembles the Arctic Oscillation (AO) Index [Thompson 
and Wallace, 1998], whereas the second mode of heat con- 
tent resembles the PDO. The SSH modes also resemble these 
climate indices, with the in-phase mode (EOF 2) resembling 
the AO and EOF 1 resembling the PDO. 


Defined originally by Thompson and Wallace [1998], the AO 
has been re-examined by Wallace and Thompson [2002]; in the 
latter article zonally coherent fluctuations in the sea level 
pressure (SLP) fields have been described by the name “North- 
ern hemisphere Annular Mode” (NAM); the index of these 
variations is the first principal component of SLP anomalies 
(Figure 4). A positive NAM corresponds to anomalously strong 
westerlies throughout the northern hemisphere. Wallace and 
Thompson [2002] argue that the NAM is not necessarily an 
oscillation or a particular process, but simply describes those 
fluctuations that are zonally coherent. That is the sense in 
which we describe the corresponding heat content variations 
also, using the first mode of heat content. 

The fact that the in-phase component of heat content vari- 
ance resembles the Arctic Oscillation index (correlation of 
0.49, significant at 95%, with AO leading the heat content 
mode by 13 months) suggests that the heat content anomalies 
are somehow connected with the changes in the strength of the 
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Figure 4. The Northern hemisphere Annular Mode and ocean heat 
content. (a) First EOF of sea level pressure (NAM). (b) Principal 
components of heat content (dash) and sea surface height (dash- 
dot). The sea level pressure (solid) time series is also known as the 
Arctic Oscillation Index. The correlation between the AO index and 
the heat content is 0.49, significant at better than 95%, with the AO 
leading heat content by 13 months. 
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Plate 2. Empirical orthogonal functions of SSH. The (a) first and (b) second EOFs of SSH from the altimeter and (c) and 
(d) their respective time series. The first EOF describes SSH anomalies that are negative in the Pacific and weakly positive 
in the Atlantic. The second EOF describes SSH anomalies that are in phase in the two oceans and have their maxima in the 
western boundary currents. Indices of the Pacific Decadal Oscillation and the Arctic Oscillation are shown for comparison. 
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Plate 3. Empirical orthogonal functions of heat content. The (a) first and (b) second EOFs of JEDAC heat content and (c) and 
(d) their respective time series. The first EOF describes heat content anomalies that are in phase in the two oceans and have 
their maxima in the western boundary currents. The second EOF describes SSH anomalies that are negative in the Pacific and 
positive in the Atlantic. Indices of the Pacific Decadal Oscillation and the Arctic Oscillation are shown for comparison. 


midlatitude westerly winds. Note that the SSH principal com- 
ponent more closely resembles the AO than does the heat con- 
tent principal component (Figure 4b); we believe this problem 
results from poor North Atlantic heat content data, as dis- 
cussed in Section 4. 

Changes in the heat content corresponding to changes in 
the SLP fields can be seen in the observations, despite the 
relatively low fraction of variance (26%) described by the in- 
phase mode of heat content. For a period of weak AO (Plate 
4a, 1985-1987), heat content anomalies are negative in both 
oceans; for a period of strong AO (Plate 4b, 1989-1991), heat 
content anomalies are positive. 

The simplest connection, that changes in the westerlies 
cause corresponding changes in the air-sea fluxes, and there- 
fore in heat content, can be ruled out by both the heat budget 
analyses and by the sign of the anomalies. One would expect 
strong westerlies (strong AO) to produce large heat losses 
from the ocean and, consequently, negative heat content anom- 
alies. On the contrary, the heat content anomalies are posi- 
tive for a strong AO. Based on the heat budget studies, we 
argue instead that the observed changes in heat content reflect 
changes in heat transport caused by changes in ocean circu- 
lation, not by air-sea fluxes. 


4. CAUSES AND IMPLICATIONS OF HEAT 
CONTENT VARIATIONS 


We have argued above that the heat content variations are 
being caused by advection, not air-sea fluxes, despite their cor- 
relation with the AO or NAM. If that is the case, the next ques- 
tion is: what is causing the changes in advection in the North 
Atlantic and in the North Pacific and why is a large fraction 
of those variations in phase between the oceans? Further, what 
are the climate implications of the advection-forced heat con- 
tent anomalies? We address these questions in turn below. 


4.1, Wind-forced Advection Changes 


We now turn to the question of the causes of the changes in 
ocean advection. In the previous section we showed that the 
in-phase variations in heat content are positively correlated 
(stronger winds, more heat storage) with the westerlies (the 
AO), with the AO leading the heat content mode by 13 months. 
Using simple spatial averages we find similar relationships 
within each ocean: the heat content anomalies of the western 
boundary current region are significantly correlated (0.40 for 
the Pacific and 0.50 for the Atlantic) with variations in the 
(negative) wind stress curl, with curl variations leading the 
heat content by about one year (Figure 5b and c). The atmos- 
phere forces ocean circulation changes through changes in 
the curl of the wind stress, which cause both a relatively rapid 
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depth-independent (barotropic) and a slower, depth-varying 
(baroclinic) ocean response, usually characterized as a change 
in the Sverdrup transport [Deser et al., 1999]. The correlations 
found here are consistent in sign with stronger westerlies spin- 
ning up the midlatitude circulation and transporting more heat 
into the western boundary current regions. 

To produce simultaneous increases in advection in the North 
Atlantic and in the North Pacific, there must be simultaneous 
anomalies in ocean circulation. This suggests forcing by an 
anomalous atmospheric circulation that is relatively uniform 
around the globe, such as that characterized by the NAM and 
discussed in Section 3.2. Although wind stress curl variations 
in the North Atlantic and in the North Pacific are far from 
uniform, when averaged over the region that forces the west- 
ern boundary currents (Figure Sa), the correlation between 
them is 0.29, which is significant at the 95% level. For com- 
parison, the Arctic Oscillation Index is also shown. Appar- 
ently, the ocean heat content anomalies are related to changes 
in the basin-scale winds, and to the extent that the winds are 
zonally uniform, the ocean response is coherent between the 
two ocean basins. 

The analyses here are limited by the accuracy of the avail- 
able ocean data. As in the EOF analysis (Figure 4b), the spa- 
tially averaged SSH time series (dash-dot line, Figure 5b and 
c) more closely resembles the wind stress curl than does the 
JEDAC heat content (dash line). A separate estimate of the heat 
content (Figure 5c, thin line) in the North Atlantic from the 
World Ocean Atlas [Conkright et al., 2002] more closely 
resembles SSH in the 1990s. The two heat content estimates 
were computed from different ocean data bases. 

The short lag between wind stress curl forcing and the heat 
content variations is surprising, in light of numerous studies 
that suggest that the climatically important ocean response 
to wind forcing is the baroclinic response (e.g., Marshall et al. 
[2001]). The baroclinic response would lag the wind forcing 
by several years, longer in the wider Pacific Ocean than in 
the Atlantic, because Rossby waves, which propagate the 
adjustment to wind forcing changes, take longer to cross the 
Pacific. A recent study [Schneider and Miller, 2001] showed 
that SST anomalies in the North Pacific could be predicted 
using a simple Rossby wave equation and wind stress curl 
anomalies. Another study, also in the North Pacific, showed 
that SSH anomalies could be predicted using a wind-forced 
baroclinic ocean model [Qiu, 2002]; this model was, how- 
ever, unable to describe the SSH variations just south of the 
Kuroshio Extension (B. Qiu, personal communication, 2003), 
in the subtropical mode water formation region. Gallego and 
Cessi [2001] formulated a coupled ocean-atmosphere model 
that showed the North Atlantic and North Pacific Oceans 
varying in phase; the ocean response was baroclinic and, 
unlike what is observed here, the differences in the time for a 
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Plate 4. NAM and heat content for low and high index periods. Maps of sea level pressure (contours) and ocean heat 
content (color) for (a) a low index period, 1985-1987, and for (b) a high index period, 1989-1991. 
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Figure 5. Wind stress curl and its relationship to heat content. (a) The negative wind stress curl in the North Atlantic 
[20-50° N, 10-80° W] (dash-dot), in the North Pacific [20-50° N, 140° E-130° W] (dash), and the Arctic Oscillation Index 
(solid). Heat content (dash), negative wind stress curl (solid), and SSH anomaly (dash-dot) in (b) the North Pacific and in 
(c) the North Atlantic. Heat content and SSH are domain averages over 25—45° N and 140-180° E in the Pacific and 
40-80° W in the Atlantic. A second estimate for the North Atlantic heat content is shown (thin line) in (c). 


Rossby wave to cross the basin in the two oceans caused the 
oceans to go in and out of phase. 

Alternative explanations for the rapid response of heat con- 
tent to wind fluctuations include advection by the more 
barotropic ocean circulation, a coupling between baroclinic and 
barotropic responses, or a nonlinear response associated with 
the recirculation gyre dynamics [Dewar, 2001]. Observations 
of the STMW regions, where the heat content anomalies are 
the largest, show that the ocean circulation there is highly 
barotropic [Hogg, 1983]. 


4.2. Heat Content-forced Heat Flux Anomalies 


We have suggested that it is likely that winds cause changes 
in ocean advection, which in turn cause changes in heat con- 
tent in the western boundary current regions (Plate 1). What 
then are the implications of these inter-annual variations in heat 
content for climate? 

During periods of strong advection, heat accumulates near 
the boundary currents. Anomalously warm water below the 


mixed layer decreases the cooling effect of entrainment into 
the ocean mixed layer, causing anomalously high SSTs [Vivier 
et al., 2002]. This, in turn, appears to cause an anomalously 
large heat loss to the atmosphere. Note that this scenario is 
entirely reversed from that of the ocean interior where heat con- 
tent is relatively small and seasonal, and heat content H is 
determined by the net surface flux 0, as 


net? 


dH/t = O,,.1 (4) 


[Cayan, 1992; Bretherton and Battisti, 2000]. In the bound- 
ary currents the predominant relationship is that of the feed- 
back term [Frankignoul, 1985], as 


A= Oner (5) 


During the 1990s, when the heat budgets could be computed 
directly using altimetric data for advection [Vivier et al., 2002; 
Dong and Kelly; 2004], net surface fluxes appear to be neg- 
atively correlated with heat content as in (5). 
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To determine the significance of this feedback, Kelly [2004] 
examined the relationship between heat content and air-sea 
fluxes in the Kuroshio Extension region (Plate 1) for 
1970-2000. (The relationship between heat content anom- 
alies and advection, as examined in this study, is discussed 
in Section 3.1.) In this study, surface fluxes and heat content 
were found to be significantly negatively correlated for the 
region in the Pacific shown in Plate 1. 

Based on this negative correlation between heat content 
and air-sea fluxes (with no temporal lag) and the findings of 
long decorrelation times for heat content [Deser et al., 2003}, 
Kelly examined the statistical skill of current heat content 
anomalies in predicting future anomalies of air-sea flux. Heat 
content anomalies show a small, but significant, skill (20% of 
flux variance) in predicting air-sea fluxes up to a year in 
advance. This skill substantially exceeds the skill of “persist- 
ence” of air-sea fluxes, which is negligible after a few months. 
On the other hand, consistent with the findings of Deser 
[2003], SST anomalies in the Kuroshio Extension region have 
no such skill in predicting air-sea fluxes. Therefore, for time 
scales longer than a season, heat content is a useful predictor 
of air-sea flux anomalies and a more robust indicator of the 
ocean’s contribution to interannual air-sea fluxes than is SST. 

To estimate the zonally coherent effect of the heat content 
anomalies on air-sea fluxes, we regress the NCEP/NCAR net 
surface fluxes onto the first (in-phase) PC of the heat con- 
tent anomalies. As in the North Pacific analysis, this regres- 
sion also shows that positive heat content anomalies are 
associated with anomalous fluxes of heat from the ocean to the 
atmosphere. To demonstrate the magnitude of this flux, we 
use the regression coefficients to compute the flux anomalies 
associated with the anomalous heat content for the year 2000 
(Figure 6), a period of anomalously high ocean heat content. 
Heat fluxes from the ocean to the atmosphere in 2000 exceed 
20 W m~; these anomalies are approximately 20% of the 
annual mean heat loss in these regions [Josey et al., 1999]. 

These results support our assertion that heat content varia- 
tions are a primary cause of air-sea flux anomalies in the west- 
ern boundary current regions, rather than the result of those 
anomalies. 


4.3. Atmosphere-Ocean Coupling 


The association of larger heat losses to the atmosphere with 
increased ocean heat content, caused by advection, suggests 
that the ocean may be forcing changes in the atmosphere in the 
vicinity of the western boundary currents on interannual time 
scales. The idea that the western boundary currents force an 
atmospheric response has been raised by numerous authors 
(e.g., Rodwell et al. [1999]; Nakamura et al. [1997]; Joyce et 
al. [2000)), particularly in regard to changing the wintertime 


“storm tracks.” The issue of the control of mid-latitude storm 
tracks by ocean fronts and by the jet stream is examined in 
Nakamura et al. [2004]. 

However, until recently, most modeling efforts failed to 
show a consistent or significant atmospheric response to the 
western boundary current variations. There are two likely 
causes for the difficulty in obtaining a robust atmospheric 
response in models: inaccurate modeling of the air-sea flux 
contribution and poor spatial resolution in the ocean models. 
These problems are primarily the result of the overwhelming 
computational burden of modeling the coupled atmosphere- 
ocean system. 

Earlier modeling efforts examined the response of an atmos- 
pheric model to a fixed SST anomaly (e.g., Kushnir and Held 
[1996]; Palmer and Sun [1985]). These types of experiments 
have generally produced weak or ambiguous results, in part 
because fixing the SST eliminates the ocean’s ability to force 
surface fluxes. As we have discussed here, the heat content 
anomaly is associated with ocean advection. For a fixed (pos- 
itive) SST anomaly, the model air temperature will rise to 
nearly eliminate the air-sea fluxes. However, in the real ocean 
advection will continue to supply heat to the region, forcing 
heat content (and SST) even higher, until the atmosphere 
absorbs the heat. A more accurate way to specify the forcing 
by the ocean is to specify advection or the heat transport con- 
vergence. More recent studies [Yualeva et al., 2001; Sutton and 
Mathieu, 2002] have specified anomalies in the ocean’s heat 
transport convergence. Yualeva et al. [2001] found that heat 
transport convergences of up to 40 W m produced statistically 
significant changes in the 500-mb geopotential height fields 
in the model atmosphere. Sutton and Mathieu [2002] found that 
the specified heat transport convergence produced large anom- 
alies of latent heat flux, and that the regions of largest ocean 
heat loss did not have correspondingly large SST anomalies. 
These latter studies emphasize the importance of specifying 
the ocean forcing properly in climate studies; however, by 
using only an ocean mixed layer, these models neglected the 
role of subsurface heat storage to contribute to interannual 
flux variations. 

The solution would seem to be to use coupled ocean-atmos- 
phere models. Ideally, the coupling would solve the problem 
of correctly specifying the ocean’s contribution to the fluxes; 
however, an exceedingly high spatial resolution is required 
to adequately resolve the western boundary currents. Ocean 
modelers have found [Metzger and Hurlburt, 2001; Garraffo 
et al., 2002] that a spatial resolution of approximately 1/12 
degree is required to obtain a realistic western boundary cur- 
rent, with 1-2 m s"! currents within the approximately 100- km- 
wide boundary current. 

But is this high resolution necessary to properly model 
the ocean’s contributions to surface fluxes? One could imag- 
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Figure 6. Relationship of net surface flux to heat content. The surface flux anomaly for the year 2000, based on a regres- 
sion with the time series of the heat content in Plate 3c. Negative values indicate flux of heat from the ocean to the atmos- 
phere. There were positive heat content anomalies in the boundary currents in 2000. 


ine that a broader, slower boundary current would be suffi- 
cient for this problem, providing that the volume transports 
are realistic. This would likely be the case if there were no 
heat losses from the boundary current as it transported heat 
from the tropics poleward. However, a given water parcel is 
constantly losing heat to the atmosphere; therefore the longer 
it takes to transit the approximately 20° of latitude, the more 
heat that is lost to the atmosphere en route. This relation- 
ship between the speed of the western boundary current and 
the meridional heat transport was examined using a very 
simple model of a subtropical gyre [Klinger, 1996]; this 
analysis showed that the heat transport depends on the ratio 
of the time scale for the ocean temperature anomaly to be lost 
through air-sea interaction and the time scale to transit the 
western boundary. Heat transport errors (attributable to 
coarse ocean model resolution) of only about 20% would 
be sufficient to obscure the observed interannual variations 
in heat content in the Gulf Stream region (Figure 3) and 
therefore not produce the resulting interannual variations in 
heat fluxes over the Gulf Stream. 

The question of atmosphere-ocean coupling has been 
addressed most often for either the Atlantic or the Pacific 
Oceans. An important climate issue in the Atlantic, the 
decadal time scale variations in the thermohaline circula- 
tion, was examined using models with varying spatial reso- 
lution [Fanning and Weaver, 1998]. Their analyses showed 
that the excessive diffusion of coarse models suppressed a 
decadal-scale advective-convective mechanism resulting in 
lower overall ocean variability, particularly at the longer 
time scales. Schneider and Miller [2001] show that the North 
Pacific has a predictable baroclinic response to basin-scale 
wind forcing, and the question of whether ocean variability 
associated with the PDO is a coupled atmosphere-ocean 
mode is being examined (N. Schneider, personal communi- 
cation, 2004). The PDO-like mode in heat content shown 
here dominated the record of the 1990s, as evidenced by the 
mode order reversal in the SSH analysis in Section 3.2. That 


PDO mode has a larger magnitude in the central and eastern 
North Pacific and may not be the result of western bound- 
ary current advection. 


5. CONCLUSIONS 


A nearly 50-yr record of midlatitude ocean heat content 
variations was examined for the North Atlantic and the North 
Pacific Oceans. About 26% of the heat content variations are 
coherent between the Atlantic and the Pacific; these coher- 
ent variations have their largest amplitudes in the extension 
regions of the northern hemisphere western boundary cur- 
rents, the Gulf Stream and the Kuroshio Extension. The coher- 
ent heat content variations are correlated with the Northern 
hemisphere Annular Mode (or as it is more commonly known, 
the Arctic Oscillation). Although it is tempting to attribute 
the ocean heat content variations to changes in the surface 
fluxes associated with changes in wind speed, the sign and 
phase of the correlations is inconsistent with this idea: strong 
westerlies are correlated with high heat content. 

Previous studies of the upper ocean heat budgets near west- 
ern boundary current extensions have shown that the heat con- 
tent variations are caused by anomalies in ocean advection, 
rather than by surface fluxes. Much of the anomalous heat 
from advection is stored south of the boundary currents, in 
the same region that deep layers of uniform temperature waters 
are formed, known as “subtropical mode waters.” Correlations 
between heat content and mode water show that a large volume 
of mode water is associated with low ocean heat content. 

The source of the changes in ocean advection, which in 
turn cause most of the interannual changes in heat content, 
appears to be the midlatitude wind. The heat content anomalies 
lag changes in negative wind stress curl (strength of the west- 
erlies) by about one year. This relatively short lag suggests 
that the ocean response may be, at least in part, barotropic, 
rather than baroclinic, as assumed in many simple coupled 
ocean-atmosphere models. A barotropic response is consistent 
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with the known structure of the ocean currents in the mode 
water region. 

Changes in ocean heat content have implications for the 
interannual-to-decadal scale climate variations through their 
contributions to air-sea fluxes. A negative correlation between 
the heat content anomalies in these regions and air-sea fluxes 
suggests that the ocean heat content anomalies force the fluxes 
on interannual to decadal time scales, rather than the other 
way around, as in the ocean interior. The air-sea flux anomalies 
associated with ocean heat content are of the order of 20% of 
the annual mean value; however, the variations occur in the 
region of the largest air-sea heat fluxes in the oceans. 

The contributions of western boundary currents have likely 
been underestimated in climate models through the use of 
fixed SST or slab mixed layers, which neglect subsurface heat 
storage, and inadequate spatial resolution, which causes an 
underestimate of ocean heat advection. 
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Using the National Centers for Environmental Prediction/National Center for 
Atmospheric Research reanalysis data aided by a coupled ocean-atmosphere model, 
we investigated two different regimes of anomalous Walker circulation system over 
the Pacific and Indian Oceans before and after a climate shift, which occurred in the 
late 1970s. During the period before the climate shift, an upper-level velocity poten- 
tial anomaly systematically moves eastward from the tropical Indian Ocean to the 
warm pool region of the western Pacific during the growth phase of El Nifio-South- 
ern Oscillation (ENSO). In the meantime, the activities of South Asian and Australian 
summer monsoon systems are directly affected by the evolution of the anomalous 
Walker circulation. During the period after the climate shift, in contrast, an upper- 
level velocity potential anomaly in the vicinity of the Philippine Sea and maritime 
continent is observed to expand westward into the northern Indian Ocean and South 
Asia during the decay phase of ENSO. This feature is identified with a major pre- 
cursory signal of an anomalous South Asian summer monsoon in the preceding 
spring. The model captures a systematic eastward propagation similar to that observed 
prior to the late 1970s, but fails to reproduce the westward extension of the veloc- 
ity potential anomaly observed to prevail after the late 1970s. The model results 
suggest that the cross-basin connection between the two oceans is a prerequisite 
for the turnabout of ENSO prior to the climate shift, in terms of the occurrence of 
westerly wind bursts. 


1. INTRODUCTION 


It has been recognized that significant changes in the peri- 
odicity and seasonality of El Nifio-Southern Oscillation 
(ENSO) occurred around the late 1970s [e.g., Wang, 1995, 
Mitchell and Wallace, 1996, Wang and An, 2002]. It has also 
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been reported that the South Asian summer monsoon-ENSO 
relationship through the Walker circulation obviously changed 
before and after the late 1970s [e.g., Kumar et al., 1999, Tor- 
rence and Webster, 1999, Miyakoda et al., 2000, Krishna- 
murthy and Goswami, 2000, Kinter et al., 2002]. The 
variability of the western North Pacific summer monsoon 
[Murakami and Matsumoto, 1994] and the associated anom- 
alous East Asian summer climate are also significantly different 
before and after that period [Kawamura et al., 1998, Wang et 
al., 2001, Wu and Wang, 2002]. 
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A number of studies have examined the significant cou- 
pling of the South Asian monsoon and ENSO [e.g., Angell, 
1981, Shukla and Paolino, 1983, Rasmusson and Carpenter, 
1983, Meehl, 1987, Webster and Yang, 1992, Ju and Slingo, 
1995, Webster et al., 1998]. Barnett [1983, 1984] and Yasunari 
[1985, 1990, 1991] postulated that zonal propagation of anom- 
alous Walker circulation from the Indian Ocean to the Pacific 
Ocean is intimately associated with ENSO, based on obser- 
vational data before the early 1980s. They emphasized the 
active role of the Asian monsoon variability in triggering 
ENSO events because a weak (strong) Asian summer monsoon 
preceded a warm (cold) event of ENSO prevailing in boreal 
winter, 

After the late 1970s, in contrast, a warm (cold) ENSO event 
tended to precede a weak (strong) Asian summer monsoon 
in broad-scale monsoon circulation intensity indices, such as 
the Webster and Yang [1992] index. Yang et al. [1996] and 
Yang and Lau [1998] pointed out that ENSO in the preceding 
winter and spring has an indirect impact on the summer mon- 
soon activity through land surface hydrologic processes in 
the Asian continent, as well as a direct impact of ENSO. Kawa- 
mura [1998} showed that enhanced convective heating over the 
northern Indian Ocean with an ENSO signal induces anom- 
alous upper-level anticyclonic circulation as a result of the 
Rossby wave response, thereby decreasing rainfall and increas- 
ing near-surface temperature in central and southwest Asia 
in spring prior to a strong South Asian summer monsoon. 
Based on observational data after the late 1970s, they empha- 
sized the active role of ENSO in affecting the Asian summer 
monsoon variability. 

Thus our research group postulates that the ENSO affects 
the variability of the Asian summer monsoon. Another claims, 
on the contrary, that the monsoon variability can trigger ENSO 
events. Li and Zhang [2002] noted that these contradictory 
results might arise from the different-period datasets used for 
the analyses. One possibility is that the significant changes in 
ENSO properties in the late 1970s might have caused changes 
in the monsoon-ENSO relationship. Delayed and indirect 
impacts of ENSO on the summer monsoon system at its decay 
phase have been highlighted by Yang and Lau [1998], Shen et 
al. [1998], Wang et al. [2000, 2001], and Kawamura et al. 
[2001a, b], whereas direct impacts of ENSO at its growth 
phase have been demonstrated by Chen and Yen [1994], Ju 
and Slingo [1995], Lau and Wu [2001], and Kawamura et al. 
[2003]. These studies suggest that indirect ENSO impacts on 
the monsoon system at the decay phase of ENSO are quite 
different from those impacts at its growth phase. Since the 
seasonality of the ENSO cycle changes before and after the late 
1970s [Mitchell and Wallace, 1996], the differences in ENSO 
impacts between its growth and decay phases are very likely 
to affect the monsoon-ENSO relationship. 


According to Kawamura et al. [2003], who examined a 
direct ENSO impact on the South Asian summer monsoon 
interannual variability at its growth phase during the period 
prior to the late 1970s, a combination of tropical ocean-atmos- 
phere interactions over both the Indian and Pacific sectors is 
crucial for the turnabout of anomalous Walker circulation 
system relevant to the regular phase change of ENSO. It seems 
that a change in such a turnabout over the two ocean basins 
occurred after the late 1970s. However, few studies focus 
specifically on the possibility of a regime transition before 
and after the late 1970s in terms of the cross-basin connection 
between the tropical Indian and Pacific Oceans. This is sur- 
prising because the Walker circulation over the Pacific Ocean 
basin has been well studied in association with ENSO theo- 
ries [e.g., Schopf and Suarez, 1988, Weisberg and Wang, 1997, 
Jin, 1997]. A proper understanding of its cross-basin con- 
nection might be important in clarifying why changes in ENSO 
properties occurred in the late 1970s and why the contradic- 
tory results were obtained on the lag relationship between the 
South Asian monsoon and ENSO. 

The paper is organized in the following way. In section 2, 
we introduce the model simulation and the datasets used in this 
study. Section 3 demonstrates the remarkable observed features 
of the anomalous Walker circulation system over the tropical 
Indian and Pacific Oceans before and after the late 1970s. In 
sections 4 and 5, we examine ENSO-like phenomena simulated 
in a coupled ocean-atmosphere model (CGCM) and discuss 
the similarities and discrepancies between model results and 
observations in terms of the cross-basin connection between 
the two ocean basins. A summary is provided in section 6. 


2. DATA USED AND ANALYSIS PROCEDURE 


To examine the observed behavior of anomalous Walker 
circulation over the two ocean basins, we use the National 
Centers for Environmental] Prediction/National Center for 
Atmospheric Research (NCEP/NCAR) global atmospheric 
reanalysis dataset [Kalnay et al., 1996]. First, we apply an 
empirical orthogonal function (EOF) analysis to the tropical 
SSTs derived from the NOAA extended reconstructed sea 
surface temperature (ERSST) dataset [Smith and Reynolds, 
2003] and extract dominant SST anomaly patterns during 
two 23-yr periods before and after the late 1970s. As is well 
known, the first 23-yr period 1955-1977 is the period when 
ENSO with a 2-3 yr periodicity dominates, whereas another 
23-yr period 1979-2001 is characterized by the dominance 
of prolonged ENSO with a 4—5 yr periodicity [e.g., Torrence 
and Webster, 1999, Li and Zhang, 2002, Kawamura et al., 
2003]. For convenience, the former and latter periods are 
hereafter called period IJ and II, respectively. Second, a lag- 
regression analysis is conducted to investigate the coupling 
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Figure 1. Spatial patterns and time series of the first SST modes prevailing in the tropical Pacific Ocean during northern 
winter (December—February) for period I (1955-1977) and II (1979-2001), which are obtained from the application of a 
simple EOF analysis to monthly SST anomaly data. Also denoted are those of model SST. 


between the leading SST mode and the anomalous Walker 
circulation. 

In this study we also analyze the model output of a CGCM 
developed at the National Research Institute for Earth Sci- 
ence and Disaster Prevention [Jizuka et al., 2003]. The atmos- 
pheric component of the CGCM used in this study is the Japan 
Meteorological Agency global spectral model (JMA- 
GSM8911). The atmospheric model uses triangular trunca- 
tion at wave number 42. There are 21 levels in the vertical 
from the surface to about 10 hPa. The model includes com- 
prehensive physical parameterizations. A detailed description 
of the physical processes is provided in Sugi et al. [1990]. 
The convection scheme is the mass flux scheme proposed by 
Arakawa and Schubert [1974], which is modified for entrain- 
ment rate and for determination of mass flux at cloud base. The 
details of the prognostic Arakawa-Schubert scheme (PAS) are 
provided in Kuma [1996]. The ocean component of the CGCM 
is based on the Geophysical Fluid Dynamics Laboratory Mod- 
ular Ocean Model 2.2 [Pacanowski, 1996]. The horizontal 
grid spacing is 1.125° longitude by 0.5625° latitude. There 
are 37 levels in vertical; the upper 400 m is divided into 25 lev- 


els. Pacanowski and Philander’s [1981] parameterization is 
used in determining the coefficient of vertical mixing. The 
ocean model is spun up for 10 years from a static state using 
Levitus [1982] annual mean temperatures and salinities as 
initial conditions, and then coupled with the atmospheric 
model without flux corrections. The CGCM is run for 20 
years, but only output for the last 15 years is analyzed when 
the trend in the equatorial SST is relatively small. 


3. OBSERVED ENSO REGIMES 
3.1. Dominant SST Patterns 


Figure 1 shows the spatial patterns and time series of the first 
SST modes appearing in the Pacific sector during northern 
winter (December—February) for periods I and II, which are 
derived from the application of the simple EOF analysis to 
the monthly SST anomaly data. Note that the winter 1955 
refers to the period from December 1954 through February 
1955. Also exhibited is the first mode of model anomalous 
SST. The first mode for period I accounts for 39% of the total 
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Figure 2. Lag-regression maps of SST with the time series of the first SST mode during period I (1955-1977) for Sep- 
tember—November (lag-1), December—February (lag0), March—May (lag+1), and June-August (lag+2). Contour interval 
of the regression coefficients is 0.2°C. Shading indicates the regions where values satisfy the 5% level of statistical sig- 


nificance using a Student’s t-test. 


variance and has a 2—3 yr periodicity, whereas for period II the 
percentage of explained variance goes down to 33% and its 
periodicity shifts toward longer timescales. Their spatial pat- 
terns are very similar to each other, capturing the dominant fea- 
tures of ENSO. But there is a significant difference in the 
magnitude of SST anomaly in the Philippine Sea between the 
two periods. A positive SST anomaly east of the Philippines 
is more evident after the late 1970s than before. The CGCM 
is successful in simulating the basic features of ENSO-related 
SST anomalies. The periodicity of the first mode of the model 
SST field is around 34 years, which is comparable to obser- 
vations, and its spatial pattern is also similar to that observed. 

In the following subsections, we present the spatial distri- 
butions of lag-regression coefficients of SST and atmospheric 
variables with time series of the first SST mode in northern 
winter for each. Note that the lag-regression analysis is per- 
formed on a seasonal mean basis. 


3.2. Regime Prior to the Late 1970s 


Figure 2 shows the lag-regression maps of SST with the 
time series of the wintertime first mode during period I for Sep- 
tember—November (lag-1), December—February (lag0), 
March—May (lag+1), and June—August (lag+2). In this fig- 
ure, fall (SON) corresponds to the growth phase of the cold 
event of ENSO. When the cold event develops, a negative 
SST anomaly is indicated over the tropical Indian Ocean and 
persist until the subsequent spring (MAM), while in DJF a 
weak positive SST anomaly over the Philippine Sea becomes 


dissipated rapidly. A positive SST anomaly over the Arafura 
Sea and Timor Sea in SON is also replaced with a negative one 
in winter (DJF). After the mature phase of the cold event, a pos- 
itive SST anomaly appears along the equator of the eastern 
Pacific in JJA, implying the growth phase of a warm event. 
Thus, MAM is the transition phase of ENSO during period I 
[e.g., Rasmusson and Carpenter, 1982]. 

Figure 3 displays the lag-regression maps of 200-hPa veloc- 
ity potential with the time series of the first mode. In SON, a 
divergent anomaly expands from the eastern half of the trop- 
ical Indian Ocean to the maritime continent. South Asia and 
Australia are also covered by the divergent anomaly. In con- 
trast, a convergent anomaly is dominant over the central and 
eastern tropical Pacific. These patterns of anomalies indicate 
a strong phase of the Walker circulation, which is consistent 
with the anomalous rainfall pattern (not shown). A positive 
rainfall anomaly is significant over the Indian continent and 
the Bay of Bengal, whereas another positive anomaly expands 
from the maritime continent to the eastern South Indian Ocean. 
These anomalies are dynamically linked to a pair of off-equa- 
torial anomalous cyclones in the lower troposphere. Accord- 
ing to Kawamura et al. [2003], such a feature of rainfall 
anomaly split into both hemispheres over the Indian Ocean 
dominates especially in late summer. It is associated with the 
growth phase of ENSO, indicating a direct ENSO impact on 
the South Asian summer monsoon system. Despite an almost 
unchanged convergent anomaly over the tropical Pacific from 
SON to DJF, the significant divergent anomaly diminishes 
and is confined to the vicinity of the maritime continent. In 
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Figure 3. As in Figure 2 but for 200-hPa velocity potential during period I. Contour interval is 3x10° m? s“!. Positive and 
negative anomalies denote divergent and convergent ones, respectively. 


MAM, the divergent anomaly moves further eastward into 
the western tropical Pacific although weakens. In the mean- 
time the convergent anomaly over the tropical Pacific disap- 
pears. In JJA, the Indian Ocean is covered by a new convergent 
anomaly, in contrast with SON regression pattern. A diver- 
gent anomaly is also seen over the eastern tropical Pacific, 
corresponding to the growth phase of a warm event. These 
features indicate the frequent occurrence of ENSO with a 2-3 
yr periodicity during period I. The overall structure of this 
regime resembles a conceptual model of tropospheric biennial 
oscillation (TBO) proposed by Meehl and Arblaster [2002]. 


3.3. Regime After the Late 1970s 


As mentioned earlier, prolonged ENSO cycles have occurred 
frequently during period II after the late 1970s. Thus, we will 
refer to ENSO-related circulation features during period II 
by the term prolonged ENSO regime for convenience. Fig- 
ure 4 shows lag-regression maps of SST with the time series 
of the first mode when this regime dominates. Comparing it 
with Figure 2, there exist several distinctive differences as 
expected. Although, during period I, the polarity of SST anom- 
aly in the eastern tropical Pacific reverses from MAM to JJA, 
it does not reverse during the prolonged ENSO regime. Look- 
ing at the tropical Indian Ocean, a negative SST anomaly is not 
necessarily obvious in SON, but develops in the subsequent 
spring and summer, while during period I it becomes less sig- 
nificant from MAM to JJA. Another notable difference is the 
presence of a remarkable positive SST anomaly in the warm 
pool region of the western Pacific. The persistent positive 


anomaly is still prominent in MAM. In contrast, there are no 
positive anomalies in the same season during period I. We 
stress that the seasonal evolution of SST anomalies over the 
tropical western North Pacific and Indian Oceans is signifi- 
cantly different between the two regimes as well as the east- 
ern tropical Pacific. 

Figure 5 displays the lag-regression maps of 200-hPa 
velocity potential with the time series of the first mode dur- 
ing period II. SON pattern is very similar to that observed 
during period I. In DJF, a more noticeable divergent anom- 
aly develops over the Philippine Sea. A remarkable difference 
between the two regimes before and after the climate shift can 
be seen in the MAM panel. The overall pattern of MAM is 
not very significant during period I except for the western 
tropical Pacific. Conversely, significant areas expand in the 
tropics in MAM during the prolonged ENSO regime. It is 
found, in particular, that a divergent anomaly in the vicinity 
of the Philippine Sea and maritime continent extends west- 
ward into the northern Indian Ocean and South Asia in this 
season, which is accompanied by a positive rainfall anom- 
aly over the Indian Ocean (not shown). This feature is also 
derived from an EOF analysis for outgoing longwave radi- 
ation anomaly field over the Indian Ocean in spring 
[Kajikawa et al., 2003] and is identified with a major pre- 
cursory signal of anomalous Asian summer monsoon asso- 
ciated with the decay phase of ENSO [e.g., Ju and Slingo, 
1995, Kawamura, 1998]. Kawamura et al. [2001a, b] pointed 
out that a wind-evaporation-SST (WES) feedback operates 
over the tropical Indian Ocean, especially in spring, during 
the decay phase of prolonged ENSO and significantly affects 
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Figure 4. Lag-regression maps of SST with the time series of the first SST mode during period II (1979-2001) for Sep- 
tember—November (lag-1), December—February (lag0), March—May (lag+1), and June-August (lag+2). Contour interval 
of the regression coefficients is 0.2°C. Shading indicates the regions where values satisfy the 5% level of statistical sig- 


nificance using a Student’s t-test. 


South Asian monsoon activity in the subsequent summer as 
a delayed and indirect impact of ENSO. They also suggested 
that persistent anomalous convective heating near the Philip- 
pine Sea possibly triggers a WES mode over the tropical Indian 
Ocean through the westward propagation of equatorially asym- 
metric Rossby waves. Thus, it appears that the above processes 
are, at least partially, responsible for the westward expansion 
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of 200-hPa divergent anomalies into the northern Indian Ocean 
from DJF to MAM. 

It turns out that there are significant differences between the 
two ENSO regimes before and after the late 1970s, in terms 
of the cross-basin connection between the tropical Indian and 
Pacific Oceans. It is thus meaningful to examine whether a 
CGCM simulation can capture either of the two ENSO regimes 
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Figure 5. As in Figure 4 but for 200-hPa velocity potential during period II. Contour interval is 3x10° m? s“!. Positive and 
negative anomalies denote divergent and convergent ones, respectively. 


to clarify the mechanisms involved, which will be presented 
in the following section. 


As already shown in Figure 1, the first mode in the model 
SST field is similar to that observed in terms of spatial and 
temporal patterns. In a similar fashion, the lag-regression 
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Figure 6. Lag-regression maps of SST with the time series of the first SST mode in the model simulation for Septem- 
ber—November (lag-1), December—February (lag0), March—May (lag+1), and June—August (lag+2). Contour interval of the 


regression coefficients is 0.3°C. Shading indicates the regions where values satisfy the 5% level of statistical significance 
using a Student’s f-test. 
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maps of model SST with the time series of its first mode is 
exhibited in Figure 6. A negative SST anomaly is prominent 


over the central and eastern tropical Pacific from SON to DJF, 
4. MODEL ENSO and a positive anomaly is indicated over the warm pool region 
of the western North Pacific. In MAM, however, the positive 
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Figure 7. As in Figure 6 but for model-simulated 200-hPa velocity potential. Contour interval is 5x10° m? s~!. Positive and 
negative anomalies denote divergent and convergent ones, respectively. 


anomaly over the Philippine Sea disappears and another pos- 
itive anomaly is established in the vicinity of the equator 
between 150°E—180°. This anomaly moves eastward into the 
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Figure 8. As in Figure 6 but for model heat content. Contour interval is 1.0x104 °C cm. 


eastern equatorial Pacific from MAM to JJA, resulting in the 
retreat of the negative anomaly there. In the Indian Ocean 
sector, a negative anomaly is enhanced from SON to DJF and 
gradually weakens from MAM to JJA. 

As demonstrated in Figure 7, model-simulated 200-hPa 
regression patterns indicate a regular eastward movement of 
anomalies from SON to JJA. In SON, a divergent anomaly is 
centered near the maritime continent, accompanied by two 
convergent anomalies over the eastern tropical Pacific and 
the western Indian Ocean. The divergent anomaly moves sys- 
tematically eastward to the central equatorial Pacific from 
SON to JJA, corresponding well to the movement of the pos- 
itive rainfall anomaly. Such an eastward-propagating feature 
is in good agreement with that observed during period I 
although its phase speed is slower. However, we cannot see any 
westward expansion of divergent anomalies from the warm 
pool region of the western North Pacific to the northern Indian 
Ocean which is dominant during period II. Thus, the model is 
not likely to simulate the indirect ENSO impact on the South 
Asian monsoon system at its decay phase that Kawamura et 
al. [2001a, b] pointed out. 

It is plausible that an eastward-moving feature simulated 
in anomalous 200-hPa velocity potential field is linked to the 
behavior of SST anomalies in the tropics through air-sea inter- 
action. To examine to what extent the simulated tropical SST 
anomalies are influenced by ocean dynamics, we present, in 
Figure 8, the lag-regression maps of model heat content with 
the time series of the first SST mode. Note that the heat con- 
tent is vertically integrated from surface to a depth of 300 m. 
In the tropical Pacific, a positive anomaly is concentrated to 
the east of the Philippines in SON and it moves eastward 
along the equator from DJF to JJA. In DJF, a pronounced 


anomalous cyclone can be seen over the Philippine Sea and it 
looks like that the associated westerly anomaly induces equa- 
torward and eastward movement of the positive heat content 
anomaly (not shown). Looking at Figure 9, showing the lon- 
gitude-depth sections of subsurface temperature regression 
patterns along the equator, a positive subsurface temperature 
anomaly in the warm pool region of the western Pacific moves 
eastward along the equator from SON to JJA, slower than the 
speed of internal Kelvin Waves, which we may thus interpret 
as an air-sea coupled mode [e.g., Zhang and Levitus, 1997, 
lizuka et al., 2003]. A positive SST anomaly in the equatorial 
Pacific also moves eastward from MAM to JJA. In this sim- 
ulation, the SST-thermocline feedback [Philander et al., 1984] 
may strongly control the time evolution of SST anomalies 
over the equatorial Pacific. 

In the tropical Indian Ocean, zonally asymmetric anom- 
alies in the heat content field between its western and eastern 
parts are simulated from SON to DJE, but this structure ‘dis- 
appears in MAM. Conversely, a reversed zonally asymmetric 
pattern is established in JJA. Looking at Figure 9 again, from 
SON to DJF a salient positive subsurface temperature anom- 
aly is indicated in the eastern equatorial Indian Ocean and a 
negative anomaly is located in its western counterpart. In con- 
trast, an alternating pattern is organized in JJA. These fea- 
tures may reflect the dominance of westward-propagating 
downwelling Rossby waves. An intriguing feature in the trop- 
ical Indian Ocean is that an apparent zonally asymmetric pat- 
tern of anomalous heat content from SON to DJF cannot be 
seen in the SST anomaly field. This may suggest that the role 
of ocean dynamics in regulating the tropical Indian Ocean 
SSTs is less influential than that in the tropical Pacific so far 
as the model ENSO-related anomalies are concerned. How- 
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Figure 9. As in Figure 6 but for the depth-longitude section of model subsurface temperature along the equator. Contour 


interval is 0.5°C. 


ever, we are aware, of course, that several recent studies empha- 
size a substantial role of the ocean dynamics in generating 
the tropical Indian Ocean SST anomalies [e.g., Saji et al., 
1999, Webster et al., 1999, lizuka et al., 2000, Rao et al., 
2002, Xie et al., 2002]. The role of surface heat flux in model 
SST anomalies in the Indian Ocean may become relatively 
important outside of the equatorial waveguide [e.g., Yu and Rie- 
necker, 1999, Lau and Nath, 2000, 2003]. For example, Kawa- 
mura et al. [2003] suggested that a combination of the 
wind-evaporation feedback in the Indian Ocean and ocean 
dynamics in the tropical Pacific are prerequisites for the phase 
transition of the anomalous Walker circulation system over 
the two oceans prior to the climate shift. It is quite possible that 
the CGCM simulation captures such dynamic processes. 


5. DISCUSSION 


In the previous section, we note that there are some simi- 
larities and discrepancies between model results and obser- 
vations in terms of the lag-regression analysis on a seasonal 
basis. For the ENSO regime prior to the late 1970s, one of 
the similarities is the systematic eastward movement of the 
anomalous rainfall and 200-hPa velocity potential from the 
Indian sector to the tropical Pacific sector. We expect that 
with this eastward movement, a low-level westerly anomaly, 
accompanied by enhanced rainfall, intrudes into the western 
tropical Pacific and an anomalous easterly wind over the trop- 
ical Pacific region retreats eastward. These changes are an 
important trigger of downwelling equatorial Kelvin Waves 


propagating eastward along the equator [e.g., Masumoto and 
Yamagata, 1991, Moore and Kleeman, 1999]. A pair of off- 
equatorial anomalous cyclones accompanies the low-level 
westerly anomaly over the western equatorial during the mature 
phase of a cold event. It looks, however, as if its origin is in 
the tropical Indian Ocean, as Barnett [1983, 1984] and 
Yasunari [1985, 1990, 1991] already pointed out. If so, this 
may be inconsistent with other ENSO paradigms that do not 
necessarily require the role of the Indian Ocean. To confirm 
the above process, we would like to examine how an onset of 
model ENSO occurs. 

Figure 10 shows the behavior of an onset of model El Nifio that 
occurred in the summer of the 18th year as a typical case. The 
left panel shows a time-longitude section of 5-day mean heat 
content and zonal wind stress anomalies along the equator, and 
the right panel shows the 5-day mean SST and rainfall anomalies. 
Positive rainfall anomalies are located over the eastern Pacific 
and Indian Oceans from January of to April of the 17th year, 
indicating the persistence of this warm event. After April, a neg- 
ative SST anomaly expands into the Pacific region east of 150°E, 
accompanied by a negative rainfall anomaly, whereas over the 
Indian Ocean the positive rainfall anomaly still persists. This 
persistence implies the prominence of a cold event and its anom- 
alous state continues until the end of the 17th year. In the west- 
ern Indian Ocean, a negative SST anomaly is established around 
October of the 17th year and extends eastward by January of 
the 18th year. Associated with this, the positive rainfall anom- 
aly rapidly shifts in February or March of the 18th year from the 
Indian Ocean to the western Pacific. With the eastward shift of 
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Figure 10. (a) Time-longitude section of 5-day mean model heat content and zonal wind stress anomalies along the equa- 
tor. Contour interval for heat content is 2x10 °C cm. Heavy and light shadings denote regions of significant westerly and 
easterly wind stress anomalies, respectively. (b) Time-longitude section of 5-day mean model SST and rainfall anomalies. 
Contour interval for SST is 1°C. Heavy and light shadings denote regions of significant positive and negative rainfall 


anomalies, respectively. 


the rainfall anomaly, a group of westerly wind stress anomalies 
start to intrude into the warm pool region of the western 
Pacific. When strong westerly bursts occur over its warm pool 
region in May of the 18th year, a large positive heat content 
anomaly propagates eastward to the central and eastern Pacific. 
Its phase speed is about 1.5 m s"!, which is comparable to 
that of an internal Kelvin Wave. Corresponding to the eastward 
propagation of the anomalous heat content, a positive SST 
anomaly also shifts from the western Pacific to the central 
Pacific and persists after June of the 18th year. The positive 
rainfall anomaly also shifts eastward and is maintained over 
the central Pacific. These features indicate the onset phase of 
a warm event. The positive SST anomaly in the Pacific sec- 
tor further expands, and we see two positive rainfall anomalies 
over the two ocean basins again from October 18th year, 
implying the mature phase of the warm event. 


The occurrence of the westerly wind bursts is not inde- 
pendent of the phase transition of anomalous Walker circula- 
tion over the two ocean basins. Its phase transition provides a 
favorable condition for inducing the westerly wind bursts over 
the warm pool region of the western Pacific. We also empha- 
size that the cross-basin connection between the tropical Indian 
and Pacific Oceans is important for the turnabout of the model 
ENSO as an additional dynamic process, although we do not 
disregard the previous ENSO theories. Kawamura et al. [2003] 
demonstrated that the ENSO regime, prior to the climate shift, 
has four stages: i.e., onset and mature phases of a cold event, 
and onset and mature phases of a warm event, which will be 
termed phase I, II, III and IV, respectively, for convenience. If 
this classification is applied to Figure 10, the period from 
January to April corresponds to phase IV. Phase I, which is 
characterized by an ascending branch over the Indian Ocean 


and a descending branch over the central and eastern Pacific, 
continues until the end of the 17th year, with an anomalous 
east-west SST gradient between the two ocean basins. They 
also pointed out that the SST decrease in the Indian Ocean and 
the associated localization of enhanced rainfall over the warm 
pool region of the western Pacific result in the transition from 
phase I to II. The model appears to simulate such a process. 
At phase II, along with an ascending branch over the mar- 
itime continent and two descending branches over the Indian 
Ocean and the central and eastern Pacific, westerly wind 
bursts begin to dominate over its warm pool, eventually bring- 
ing about the onset of a model warm event (phase III). 
Although only a typical case is presented in this figure, sim- 
ilar features can also be seen in other events (figure not shown). 

We note, on the other hand, that there are also discrepancies 
between model results and observations. If the ENSO regime 
prior to the late 1970s is highlighted again, one of the dis- 
crepancies is the presence of a significant model SST anom- 
aly around the equator between 150°E—180° in MAM. In 
observations, there are no significant positive anomalies over 
that region, as seen in Figure 2c. According to Jizuka et al. 
[2003], the model used in this study has a systematic error 
that the mean thermocline depth in the western equatorial 
Pacific is shallower than that observed. Thus, model SST 
anomalies over the western equatorial Pacific are expected 
to be too sensitive to ocean dynamics, compared to observa- 
tions. This systematic error might produce the difference in 
periodicity between the ENSO observed before the climate 
shift and model ENSO. 


6. SUMMARY 


To understand two different regimes of anomalous Walker 
circulation over the Pacific and Indian Oceans before and 
after the late 1970s, we investigated the seasonal evolutions of 
the two regimes in terms of cross-basin connection, using the 
NCEP/NCAR reanalysis aided by a coupled ocean-atmos- 
phere model. Considering the climate shift in the late 1970s, 
we focused specifically on two 23-yr periods before and after 
the late 1970s. 

Prior to the climate shift, an anomalous 200-hPa velocity 
potential systematically moves eastward from the tropical Indian 
Ocean to the warm pool region of the western Pacific during the 
growth phase of ENSO. In the meantime, the activities of South 
Asian and Australian summer monsoon systems are directly 
influenced by the evolution of the anomalous Walker circula- 
tion. When a cold event develops, a low-level westerly anom- 
aly, accompanied by enhanced rainfall, intrudes into the warm 
pool region of the western Pacific. The model used in this study 
is successful in simulating the basic features of such systematic 
eastward movement. Westerly wind bursts over its warm pool 
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contribute substantially to the onset of model warm event 
through the excitation of downwelling equatorial Kelvin waves. 
It is thus suggested that the cross-basin connection is a pre- 
requisite for the turnabout of the ENSO prior to the climate 
shift as an additional dynamic process. 

In the regime after the climate shift, on the other hand, a 
200-hPa velocity potential anomaly in the vicinity of the 
Philippine Sea and maritime continent extends westward into 
the northern Indian Ocean and South Asia during the decay 
phase of ENSO. This westward expansion is identified with 
a major precursory signal of anomalous South Asian summer, 
which is, at least partially, a manifestation of a positive wind- 
evaporation-SST (WES) feedback prevailing in spring over 
the tropical Indian Ocean. However, the model cannot capture 
such westward expansion. One of the reasons may be the 
absence of a noticeable SST anomaly in spring over the Philip- 
pine Sea away from the equator because the excitation of a 
WES mode requires the persistence of equatorially asym- 
metric convective heating anomalies around the maritime 
continent. 

New findings obtained in this study suggest that the cross- 
basin connection between the tropical Indian and Pacific Oceans 
is apparently different between the two regimes of anomalous 
Walker circulation before and after the late 1970s. This differ- 
ence is very likely to bring about the contradictory results on the 
lag relationship between the South Asian summer monsoon 
and ENSO, and might also be one of the possible reasons why 
the changes in ENSO properties occurred around the late 1970s. 
An alternative hypothesis is that the Pacific climate shift causes 
decadal changes of ENSO properties [e.g., Wang and An, 2002]. 
We need further intensive investigation on the dynamic and 
thermodynamic processes of large-scale air-sea interaction in 
the western tropical Pacific, linked with those in the Indian 
Ocean and the eastern tropical Pacific. 


Acknowledgments. Comments by two anonymous reviewers were 
extremely helpful. The authors would like to thank James Carton 
for a careful reading of the revised version of this paper. This research 
was supported by the research project “R&D of hydrological mod- 
eling and water resources system” of JST/CREST, and by the research 
project “Refinement of global and regional water cycle”, and Grants- 
in-Aids (14540406) of the Japanese Ministry of Education, Sports, 
Culture, Science and Technology. 


REFERENCES 


Angell, J. K., Comparison of variations in atmospheric quantities 
with sea surface temperature variations in the equatorial eastern 
Pacific, Mon. Weather Rev., 109, 230-243, 1981. 

Arakawa, A., and W. H. Schubert, Interaction of a cumulus cloud 
ensemble with the large-scale environment. Part I, J Atmos. Sci., 
31, 674-701, 1974. 


376 ANOMALOUS WALKER CIRCULATION 


Barnett, T. P., Interaction of the monsoon and Pacific trade wind 
systems at interannual time scales. Part I: The equatorial zone, 
Mon. Weather Rev., 111, 756-773, 1983. 

Barnett, T. P., Interaction of the monsoon and Pacific trade wind 
system at interannual time scale. Part ITI: A partial anatomy of 
the Southern Oscillation, Mon. Weather Rev., 112, 2388-2400, 
1984. 

Chen, T.-C., and M.-C. Yen, Interannual variation of the Indian mon- 
soon simulated by the NCAR community climate model: Effect of 
the tropical Pacific SST, J Clim., 7, 1403-1415, 1994. 

lizuka, S., T. Matsuura, and T. Yamagata, The Indian Ocean SST 
dipole simulated in a coupled general circulation model, Geo- 
phys. Res. Lett., 27, 3369-3372, 2000. 

lizuka, S., K. Orito, T. Matsuura, and M. Chiba, Influence of cumu- 
lus convection schemes on the ENSO-like phenomena simulated 
ina CGCM, J Meteorol. Soc. Jpn, 81, 805-827, 2003. 

Jin, F. F, An equatorial ocean recharge paradigm for ENSO. Part I: 
Conceptual model, J. Atmos. Sci., 54, 811-829, 1997. 

Ju, J., and J. M. Slingo, The Asian summer monsoon and ENSO, Q. 
J. R. Meteorol. Soc., 121, 1133-1168, 1995. 

Kajikawa, Y., T. Yasunari, and R. Kawamura, The role of the local 
Hadley circulation over the western Pacific on the zonally asym- 
metric anomalies over the Indian Ocean, J. Meteorol. Soc. Jpn, 
81, 259-276, 2003. 

Kalnay, E., and Coauthors, The NCEP/NCAR 40-year reanalysis 
project, Bull. Am. Meteorol. Soc., 77, 437-471, 1996. 

Kawamura, R., A possible mechanism of the Asian summer monsoon- 
ENSO coupling, J. Meteorol. Soc. Jpn, 76, 1009-1027, 1998. 

Kawamura, R., M. Sugi, T. Kayahara, and N. Sato, Recent extraor- 
dinary cool and hot summers in East Asia simulated by an ensem- 
ble climate experiment, J) Meteorol. Soc. Jpn, 76, 597-617, 
1998. 

Kawamura, R., T. Matsuura, and S. lizuka, Role of equatorially asym- 
metric sea surface temperature anomalies in the Indian Ocean in 
the Asian summer monsoon and El Nifio-Southern Oscillation 
coupling, J Geophys. Res., 106, 46814693, 2001a. 

Kawamura, R., T. Matsuura, and S. Iizuka, Interannual atmosphere- 
ocean variations in the tropical western North Pacific relevant to 
the Asian summer monsoon-ENSO coupling, J. Meteorol. Soc. 
Jpn, 79, 883-898, 2001b. 

Kawamura, R., T. Matsuura, and S. lizuka, Equatorially symmetric 
impact of El Nifio-Southern Oscillation on the South Asian sum- 
mer monsoon system, J Meteorol. Soc. Jpn, 81, 1329-1352, 2003. 

Kinter, J. L., K. Miyakoda, and S. Yang, Recent change in the con- 
nection from the Asian monsoon to ENSO, J. Clim., 15, 1203-1215, 
2002. 

Krishnamurthy, V., and B. N. Goswami, Indian monsoon-ENSO rela- 
tionship on interdecadal timescale, J Clim., 13, 579-595, 2000. 

Kuma, K., Parameterization of cumulus convection, /MA/NPD 
Report, No. 42, 93pp, 1996. 

Kumar, K. K., B. Rajagopalan, and M. A. Cane, On the weakening 
relationship between the Indian monsoon and ENSO, Science, 
284, 2156-2159, 1999. 

Lau, K.-M., and H. T. Wu, Principal modes of rainfall-SST vari- 
ability of the Asian summer monsoon: A reassessment of the mon- 
soon-ENSO relationship, J Clim., 14, 2880-2895, 2001. 


Lau, N.-C., and M. J. Nath, Impacts of ENSO on the variability of the 
Asian-Australian monsoons as simulated in GCM experiments, 
J. Clim., 13, 4287-4309, 2000. 

Lau, N.-C., and M. J. Nath, Atmosphere-ocean variations in the Indo- 
Pacific sector during ENSO episodes, J. Clim., 16, 3-20, 2003. 

Levitus, S., Climatological atlas of the world ocean, NOAA Prof: 
Paper 13, 178pp., Natl. Oceanic and Atmos. Admin., Silver Spring, 
Mad., 1982. 

Li, T., and Y. Zhang, Processes that determine the quasi-biennial and 
lower-frequency variability of the South Asian monsoon, J Mete- 
orol. Soc. Jpn, 80, 1149-1163, 2002. 

Masumoto, Y., and T. Yamagata, On the origin of a model ENSO in 
the western Pacific, J Meteorol. Soc. Jpn, 69, 197-207, 1991. 

Meehl, G. A., The annual cycle and interannual variability in the 
tropical Pacific and Indian Ocean regions, Mon. Weather Rev., 
115, 27-50, 1987. 

Meehl, G. A., and J. M. Arblaster, The tropospheric biennial oscillation 
and Asian-Australian monsoon rainfall, J Clim., 15, 722-744, 
2002. 

Mitchell, T. P., and J. M. Wallace, ENSO seasonality: 1950-78 ver- 
sus 1979-92, J. Clim., 9, 3149-3161, 1996. 

Miyakoda, K., J. L. Kinter, and §. Yang, Analysis of the connection 
from the South Asian monsoon to ENSO by using precipitation and 
circulation indices, COLA Technical Report, 90, Center for Ocean- 
Land-Atmosphere Studies, 72pp., 2000. 

Moore, A. M., and R. Kleeman, Stochastic forcing of ENSO by the 
intraseasonal oscillation, J Clim., 12, 1199-1220, 1999. 

Murakami, T., and J. Matsumoto, Summer monsoon over the Asian 
continent and western North Pacific, J Meteorol. Soc. Jpn, 72, 
719-745, 1994. 

Pacanowski, R. C., Documentation user’s guide and reference man- 
ual (MOM2, Version 2), GFDL Ocean Technical Report 3.2, 
329pp, Geophys. Fluid Dyn. Lab., Princeton, N. J., 1996. 

Pacanowski, R. C., and S. G. H. Philander, Parameterization of ver- 
tical mixing in numerical models of tropical oceans, J Phys. 
Oceanogr, 11, 1443-1451, 1981. 

Philander, S. G. H., T. Yamagata, and R. C. Pacanowski, Unstable air- 
sea interactions in the tropics, J) Atmos. Sci., 41, 603-613, 1984. 

Rao, S. A., 8. K. Behera, Y. Masumoto, and T. Yamagata, Interannual 
subsurface variability in the tropical Indian Ocean with a special 
emphasis on the Indian Ocean dipole. Deep-Sea Res., 49B, 
1549-1572, 2002. 

Rasmusson, E. M., and T. H. Carpenter, Variations in tropical sea 
surface temperature and surface wind fields associated with the 
Southern Oscillation/El Nifio, Mon. Weather Rev., 110, 354-384, 
1982. 

Rasmusson, E. M., and T. H. Carpenter, The relationship between east- 
ern equatorial Pacific sea surface temperatures and rainfall over 
India and Sri Lanka, Mon. Weather Rev., 111, 517-528, 1983. 

Saji, N. H., B. N. Goswami, P. N. Vinayachandran and T. Yamagata, 
A dipole mode in the tropical Indian Ocean, Nature, 401, 360-363, 
1999. 

Schopf, P. S., and M. J. Suarez, Vacillations in a coupled ocean- 
atmosphere model, J Atmos. Sci., 45, 549-566, 1988. 

Shen, X., M. Kimoto, and A. Sumi, Role of land surface processes 
associated with interannual variability of broad-scale Asian sum- 


mer monsoon as simulated by the CCSR/NIES AGCM, J. Mete- 
orol. Soc. Jpn, 76, 217-236, 1998. 

Shukla, J., and D. A. Paolino, The Southern Oscillation and long- 
range forecasting of the summer monsoon rainfall over India, 
Mon. Weather Rev., 111, 1830-1837, 1983. 

Smith, T. M., and R. W. Reynolds, Extended reconstruction of global 
sea surface temperatures based on COADS data (1854-1997), J 
Clim., 16, 1495-1510, 2003. 

Sugi, M., K. Kuma, K. Tada, K. Tamiya, N. Hasegawa, T. Iwasaki, S. 
Yamada, and T. Kitade, Description and performance of the JMA 
operational global spectral model IMA-GSM88), Geophys. Mag., 
43, 105-130, 1990. 

Torrence, C., and P. J. Webster, Interdecadal changes in the ENSO- 
monsoon system, J. Clim., 12, 2679-2690, 1999. 

Wang, B., Interdecadal changes in El Nifio onset in the last four 
decades, J. Clim., 8, 267-285, 1995. 

Wang, B., R. Wu, and X. Fu, Pacific-East Asian teleconnection: 
How does ENSO affect East Asian climate?, J Clim., 13, 
1517-1536, 2000. 

Wang, B., R. Wu, K.-M. Lau, Interannual variability of the Asian 
summer monsoon: Contrasts between the Indian and the western 
North Pacific-East Asian monsoons, J, Clim., 14, 4073-4090, 
2001. 

Wang, B., and S. I. An, A mechanism for decadal changes of ENSO 
behavior: roles of background wind changes, Clim. Dyn., 18, 
475-486, 2002. 

Weisberg, R., and C. Wang, A western Pacific oscillator paradigm for 
the El Nifio-Southern Oscillation, Geophys. Res. Lett., 24, 779-782, 
1997. 

Webster, P. J., and S. Yang, Monsoon and ENSO: selectively interactive 
systems, Q. J. R. Meteorol. Soc., 118, 877-926, 1992. 

Webster, P. J., V.O. Magana, T. N., Palmer, J. Shukla, R. A. Tomas, 
M. Yanai, and T. Yasunari, Monsoons: Processes, predictability, 
and prospects for prediction, J Geophys. Res., 103, 14451-14510, 
1998, 


KAWAMURA ETAL. 377 


Webster, P. J., A. M. Moore, J. P. Loschnigg, and R. R. Leben, Cou- 
pled ocean-atmospheric dynamics in the Indian Ocean during 
1997-1998, Nature, 401, 356-360, 1999. 

Wu, R., and B. Wang, A Contrast of the East Asian Summer Mon- 
soon and ENSO Relationship between 1962-1977 and 1978-1993, 
J. Clim., 15, 3266-3279, 2002. 

Xie, S.-P., Structure and mechanisms of South Indian Ocean climate 
variability, J Clim., 15, 864-878, 2002. 

Yang, S., K.-M. Lau, and M. Sankar-Rao, Precursory signals asso- 
ciated with the interannual variability of the Asian summer mon- 
soon, J. Clim., 9, 949-964, 1996. 

Yang, S., and K.-M. Lau, Influences of sea surface temperature and 
ground wetness on Asian summer monsoon, J. Clim., 11, 
3230-3246, 1998. 

Yasunari, T., Zonally propagating modes of the global east-west cir- 
culation associated with the Southern Oscillation, J Meteorol. 
Soc. Jpn, 63, 1013-1029, 1985. 

Yasunari, T., Impact of Indian monsoon on the coupled atmosphere 
ocean system in the tropical Pacific, Meteorol. Atmos. Phys., 44, 
29-41, 1990. 

Yasunari, T., The monsoon year — A new concept of the climate year 
in the tropics, Bull. Amer. Meteorol. Soc., 72, 1331-1338, 1991. 

Yu, L., and M. M. Rienecker, Mechanisms for the Indian Ocean 
warming during the 1997-1998 El Nifio, Geophys. Res. Lett., 26, 
735-738, 1999. 

Zhang, R.-H., and S. Levitus, Interannual variability of the coupled 
tropical Pacific Ocean-Atmosphere system associated with the 
EI Nifio-Southern Oscillation, J Clim, 10, 1312-1330, 1997. 


H. Aruga and R. Kawamura, Department of Earth Sciences, 
Toyama University, 3190 Gofuku, Toyama 930-8555, Japan. (kawa- 
mura@sci.toyama-u.ac.jp) 

S. Iizuka and T. Matsuura, National Research Institute for Earth 
Science and Disaster Prevention, 3-1 Tennodai, Tsukuba, Ibaraki 
305-0006, Japan. (iizuka@bosai.go.jp; matsuura@bosai.go.jp) 


Tropical Tropospheric Temperature and Precipitation 
Response to Sea Surface Temperature Forcing 


Hui Su and J. David Neelin 


Department of Atmospheric Sciences, and Institute of Geophysics and Planetary Physics, 
University of California, Los Angeles, Los Angeles, California 


Joyce E. Meyerson 


Department of Atmospheric Sciences, University of California, Los Angeles, Los Angeles, 
California 


During an El Nifio event, there are substantial tropospheric temperature anomalies 
across the tropics associated with sea surface temperature (SST) warming in the 
central and eastern Pacific. The typical spatial scale for teleconnection response of 
tropospheric temperature tends to be large. On the other hand, the precipitation 
response exhibits strong compensation between positive response over warm SST 
anomalies and a complex negative response remotely. The tropical spatial averages 
of tropospheric temperature and precipitation thus yield an interesting contrast in 
behavior. Anomalies of tropical averaged precipitation for 3-month averages appear 
quite scattered in relation to tropical SST anomalies, while the tropical mean tro- 
pospheric temperature obeys an approximately linear relationship to SST. This dif- 
ferent behavior of tropical mean precipitation and tropospheric temperature in 
relation to SST is examined in detail using observational data, GCM simulations and 
idealized experiments with the quasi-equilibrium tropical circulation model (QTCM). 
Theoretical understanding is provided through a simple analytical model, which 
suggests that the integral constraint on tropical average precipitation is dominated 
by dry static energy transport into or out of the tropics. Convection acts to keep 
tropospheric temperature in quasi-equilibrium (QE) with boundary layer moist static 
energy, which is in turn held toward SST by surface fluxes. To maintain QE, the 
tropical average convective heating (i.e., precipitation) anomalies react to oppose any 
processes that tend to cool the tropical troposphere. Thus, while tropical average tro- 
pospheric temperature is closely related to SST, unrelated heating or cooling anom- 
alies such as those due to the tropical-midlatitude transports can create large scatter 
in tropical average precipitation anomalies. 


1. INTRODUCTION 


Earth’s Climate: The Ocean-Atmosphere Interaction 1.1. Background 
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ern Oscillation [Horel and Wallace, 1981; Pan and Oort, 
1983; Sun and Oort, 1995]. When sea surface temperature 
(SST) is warmer than norma! in the eastern and central 
Pacific, warm tropospheric temperature anomalies are 
observed across the entire tropical band [Yulaeva and Wal- 
lace, 1994; Wallace et al., 1998]. At the same time, sub- 
stantial precipitation anomalies occur within the tropics. 
Unlike wide-spread tropospheric temperature warming, pre- 
cipitation anomalies exhibit strong spatial variations. The 
spatial scale for teleconnection of tropospheric temperature 
(and associated wind vectors) appears larger than that for 
precipitation [Wallace et al., 1998; Su et al., 2001]. In regions 
of warm SST anomalies, the amount of precipitation is 
increased. Away from the directly heated regions, precipi- 
tation is reduced, which is primarily a remote response to 
the warmest SST anomalies [Su et al., 2001]. When the trop- 
ical average is considered, the near-cancellation of positive 
and negative precipitation anomalies yields scattered tropi- 
cal-mean precipitation anomalies (P’) in relation to tropical 
SST anomalies (7,”). However, the tropical mean tropos- 
pheric temperature anomalies (7’) are approximately lin- 
early related to SST anomalies. ms 

The approximately linear relationship of (T’) to (T7,’) is 
examined in detail in Su et al. [2003, hereafter SNM]. The 
scatter of (P’) with respect to (7;’) is presented in Su and 
Neelin [2003, hereafter SNO3]. Here, we combine the results 
from SNM and SN03 to provide an overview of tropical tro- 
pospheric temperature and precipitation response to SST forc- 
ing on interannual time scales. The different characteristics of 
tropical tropospheric temperature and precipitation in relation 
to SST are compared using a variety of observational data and 
model results. Subsequently, with a simple analytical model we 
aim to examine the physical processes involved quantitatively, 
and thus gain insight into the dynamics governing the behav- 
ior of tropospheric temperature and precipitation response to 
interannual SST forcing. For present purposes, ENSO SST 
anomalies are discussed as a forcing to the atmosphere, and 
model simulations with specified SST are used. We focus on 
the simultaneous relationship of atmospheric variables to SST 
at 3-month averages, noting the caveat that for some phe- 
nomena ocean-atmosphere coupling needs to be considered. 

The structure of this article is as follows: In Section 1.2, 
the (7’) and (7,’) relationship is shown. The (P’) and (7,’) 
relation is then presented in Section 1.3. Section 2 provides 
additional cases for the relationship of (7’), (P’) and (T,’) 
using numerical model results. An analytical model is 
introduced in Section 3 to unravel the approximately lin- 
ear (7) but scattered (P’) with respect to (7,’). In Section 
4, the dynamics for the (7’), (P’) and (7,’) relationship are 
described. Finally, conclusion and discussion are given 
in Section 5. 


1.2. The Approximately Linear Relationship of ( T’) and (T’) 


The linear relationship between tropical mean tropospheric 
temperature and SST anomalies has been documented exten- 
sively [e.g., Newell and Weare, 1976; Angell, 1981; Horel and 
Wallace, 1981; Pan and Oort, 1983; Soden, 2000; Kumar 
and Hoerling, 2003], although many have used 200 hPa 
geopotential height or temperature as a proxy for tropos- 
pheric averaged temperature. Sobel et al. [2002] showed that 
interannual anomalies of tropical tropospheric temperature 
are correlated not only with SST anomalies averaged over the 
precipitating regions, but also with SST anomalies averaged 
over the entire tropics. In Figure la, the tropical averaged 
(25°S—25°N) tropospheric (850—200 hPa) temperature anom- 
alies are plotted against observed tropical SST anomalies 
[Reynolds and Smith, 1994]. Three temperature datasets are 
used, one of which is the NCEP/NCAR (National Center 
for Environmental Prediction (NCEP)/National Center for 
Atmospheric Research (NCAR)) reanalysis data from 1982 
to 1998 [Kalnay et al., 1996]. Another dataset consists of 
the satellite measurement (1982-1993) from the microwave 
sounding unit (MSU) associated with the vertical weight- 
ing functions of Channel 2-3 [Spencer and Christy, 1992]. 
The third is from a simulation with the quasi-equilibrium 
tropical circulation model [QTCM, Neelin and Zeng, 2000] 
driven by observed SST anomalies from 1982-1998. A sim- 
ilar scatterplot using tropical averaged temperature at 200 hPa 
is shown in Soden [2000] Figure Sc. It is clear that there is 
an approximate linearity between (T’) and (T7,’) for the 
NCEP/NCAR reanalysis and MSU estimate. The QTCM 
simulation with observed SST also shows a prominent lin- 
ear relationship. The slopes of the linear fits to each dataset 
are surprisingly close, all around 1.4 C C!, The model results 
have less scatter than the observed datasets due to reduced 
internal variability. 


1.3. The Scatter of (P’) in Relation to (T,’) 


Tropical mean precipitation anomalies, on the other hand, 
appear rather scattered with SST anomalies, as shown in 
Figure 1b for four datasets. Besides the NCEP/NCAR 
reanalysis and the QTCM simulation driven by observed 
SST from 1982-1998, two combined satellite and rain gauge 
measurements of precipitation are used. One is from the 
Global Precipitation Climatology Project (GPCP) [Huffman 
et al., 1997] and the other is from the the Climate Prediction 
Center (CPC) Merged Analysis of Precipitation (CMAP) 
[Xie and Arkin, 1997]. These two satellite products use sim- 
ilar satellite infrared, microwave emission and in-situ rain- 
gauge measurements, but with different algorithms. The 
MSU precipitation [Spencer, 1993] used in Soden [2000] 
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Figure 1. Tropical averaged (25°S—25°N) (a) tropospheric temper- 
ature and (b) precipitation anomalies versus tropical averaged SST 
anomalies for various datasets (see text for details, Figure 1a mod- 
ified after SNM Figure 1) The solid lines are the linear fits to the 
datasets (the NCEP and GPCP precipitation have the same linear 
fits). The slopes of the linear fits are listed by the values of m. 


SUETAL. 381 


covers oceanic regions only, and thus is not displayed in Fig- 
ure 1b. The monthly precipitation anomalies are smoothed by 
a 3-month running mean, a typical filter for examining inter- 
annual anomalies. It is clear that tropical mean precipita- 
tion anomalies appear scattered with respect to tropical SST 
anomalies for all datasets. There is no simple relation between 
(P*) and (7,’). Linear fits to the datasets show a wide range 
of slopes, with even negative slope for the CMAP precipi- 
tation. Defining P’ and F,,’as actual and linearly fitted pre- 
cipitation anomalies at month i, respectively, the 
root-mean-square errors of the linear fits 


N , , 
Gy -B 7)” 


are comparable to the standard deviations of the datasets 
themselves, suggesting the linear fits are not representa- 
tive of the relationship between (P’) and (7,’). Similar scat- 
ter of (P’) versus <7,’) is also found for a recent satellite 
product, the Tropical Rainfall Measuring Mission (TRMM) 
precipitation, although the temporal coverage of the TRMM 
data is much shorter (available since January 1998). The 
linear fit to the TRMM precipitation also gives a negative 
slope of —0.2 mm day-!'C-!(SN03). The linear correlations 
between (P”) and (7,’) are 0.01 for the NCEP/NCAR reanaly- 
sis and the GPCP data, 0.21 for the QTCM result and —0.38 
for the CMAP. 

For a given tropical mean SST anomaly, the tropical mean 
precipitation anomaly could be of either sign. For example, 
the (7,’) is about 0.4°C for September to November 1997, and 
0.6°C for December 1997 to February 1998. The corre- 
sponding (P’) from the GPCP data is —0.2 mm day! for 
SON and 0.05 mm day! for DJF. Furthermore, the oppo- 
site signs of (P’) are associated with rather similar spatial dis- 
tributions of precipitation anomalies as in Figure 2. By 
viewing the horizontal maps alone, one cannot predict the 
sign of the tropical mean precipitation anomaly because of 
the near- cancellation of positive anomalies against nega- 
tive anomalies. s 

The approximately linear relation between (7’) and (7,’) 
and the poor correlation between (P’) and (7,’) on the inter- 
annual time scales seem contradictory to global warming 
scenario simulations where tropical mean precipitation 
increases as tropical mean SST increases [Mitchell et al., 
1987; Dai et al., 2001]. It also seems contradictory to a tra- 
ditional view that increased SST enhances convective activ- 
ity, and thus increases the precipitation rate and intensifies 
the hydrological cycle in the tropics [Holton, 1992]. For 
local precipitation anomalies near warm SST anomalies, the 
traditional theory holds [Ropelewski and Halpert, 1987; 
Kiladis and Diaz, 1989]. Thus it is of interest to understand 
why it fails in the tropical means on interannual time scales. 
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Figure 2. Spatial patterns of precipitation anomalies from the GPCP data for (a) September to November 1997 and (b) for 
December 1997—January 1998. After SN03 (their Figures 2b and 3b). 


Soden [2000] pointed out that the performance of existing 
climate models in simulating the interannual variations of 
tropical mean tropospheric temperature is better than the per- 
formance in simulating the tropical mean precipitation vari- 
ations. He attributed this discrepancy to two possible sources. 
One is the error of satellite measurements of tropical mean pre- 
cipitation. The other is associated with problems of various 
physical parameterization schemes employed in climate mod- 
els. 

We concur with Soden that both observational data and 
numerical models might require improvement. However, the 
drastically different behaviors of (7) versus (7,’) and (P’) ver- 
sus (7,’) (Figure 1), and the difference in the performance of 
climate models in simulating the interannual variability of 
vis ) and (P’) suggest that the dynamics governing the tem- 
perature and precipitation response to SST forcing may be 
fundamentally different. While SNM showed that tropical 
mean tropospheric temperature has a rather simple relation- 
ship with SST, Su and Neelin [2002] found the mechanisms 
for anomalous subsidence forced by ENSO warm SST anom- 
alies involve a complex set of pathways. These involve feed- 
backs dependent on local climatology, and tend to vary among 
regions and events, although many share a unifying theme, 
namely, they are initiated by the temperature response. Thus, 


it is not surprising that GCMs are able to capture tropospheric 
temperature response but have more difficulty reproducing 
precipitation response. 


2. ADDITIONAL CASES OF THE RELATIONSHIP OF 
(T"), (P’) AND (Z’) 


The precipitation data shown in Figure 1b exhibit a wide 
range of linear correlation with (7,’). The differences in the 
(P’) and (7,’) relation for the observational data could poten- 
tially be due to errors in the satellite retrieval algorithms. 
Because observational data lack constraints in the moisture 
budget, the tropical mean precipitation values may be incon- 
sistent with mass conservation. Hence, we extend our analy- 
sis to atmospheric model results that have a consistent moisture 
budget. First, we examine ensemble simulations from the 
National Aeronautics and Space Administration (NASA) Sea- 
sonal-to-Interannual Prediction Project (NSIPP) atmospheric 
GCM [Bacmeister et al., 2000; Pegion et al., 2000]. 


2.1. NSIPP Experiments 


Five NSIPP GCM simulations with different initial con- 
ditions are used. They are all driven by observed SST from 


1930 to present. Only the results from 1982 to 1998 are shown 
for comparison to other datasets. Figure 3a shows the scat- 
terplot of (P’) versus (7,’) for all five runs where both (P’) and 
(T,’) are smoothed by a 3-month running mean. It is evident 
that the tropical mean precipitation anomalies have a large 
degree of variability and poor correlation with tropical aver- 
age SST anomalies for all runs. The standard deviations of 
(P’) for individual runs are around 0.05 mm day !C"1. A lin- 
ear fit to all values of (P’) is shown by the dashed line, with 
a positive slope of 0.07 mm day~'C-!. The slopes of linear fits 
to individual runs range from 0.05 to 0.08 mm day"!C7!. 
However, the r.m.s. errors of the linear fits are very close to 
the standard deviations of (P’). Thus, a linear fit to (7,’) 
explains little of the (P’) behavior as the linear correlation of 
(P’) to (7,’) is only 0.01. 

In contrast, the tropical averaged tropospheric temperature 
anomalies are strikingly linear with respect to the tropical 
mean SST forcing. Figure 3b shows the scatterplot of (7’) 
versus (7,’) for the five AGCM experiments. The approxi- 
mate linearity is prominent, with a relatively large departure 
from linearity occuring at large warm SST anomalies. The 
slope of the linear fit to all data is about 1.76 C C-!, which is 
slightly higher than values obtained from observational esti- 
mates of (7”) and , approximately 1.4 C C-! (Figure la). The 
correlation of (T’) to (7,’) is 0.91 in Figure 3b. The corre- 
sponding correlations of (T’) to (T,’) from the MSU and the 
NCEP/NCAR reanalysis are 0.80 and 0.77, respectively. 


2. OTCM Regional SST Anomaly Experiments 


Besides analyzing the GCM results, we conduct idealized. 
experiments with the intermediate climate modeLQTCM [Neelin 
and Zeng, 2000; Zeng et al., 2000]. In this set of experiments, 
positive SST anomalies are specified over particular regions of 
the Pacific, while the rest of oceanic model domain uses cli- 
matological SST. The SST anomalies are of various shapes, 
areas, amplitudes and locations, although all are based on 
observed SST anomalies during JFM 1998 El Nifio in some 
way. About 40 experiments are conducted, and each of them is 
an ensemble of 3-10 members with slightly different initial con- 
ditions. The spatial averages of tropospheric (850-200 hPa) tem- 
perature over the tropical band (25°S—25°N) from the QTCM 
simulations are displayed as a function of SST forcing for the 40 
experiments shown in Figure 4a. The side panels show the sim- 
ulated tropospheric temperature anomalies for different SST 
forcings, indicated by the heavy outlines. The panel on the right 
margin shows the distribution of positive SST anomalies observed 
during JFM 1998, with outlines indicating areas for regional 
SST forcings used in the four side panels. The ordinate of Fig- 
ure 4a is the spatial integral of the SST anomaly. It can be seen 
that there is a remarkable degree of linearity between the trop- 
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Figure 3. Scatterplot of tropical mean (25°S—25°N) (a) precipita- 
tion anomalies (in mm day-!) and (b) tropospheric temperature 
(850-200 mb) anomalies (in C) as a function of tropical average 
SST anomalies (in C) from 1982 to 1998 for the five NSIPP AGCM 
ensemble simulations. Corresponding least-square linear fits are 
shown by dashed lines, with slopes marked (units of mm day~'C-! and 
unitless, respectively). From SN03 (their Figure 6). 


ical mean tropospheric temperature and SST anomalies, despite 
the large range of regional size and spatial patterns sampled. 
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On the other hand, tropical mean precipitation anomalies 
bear no simple relation to SST forcing, nor to the tropospheric 
temperature anomaly, as shown in Figure 4b. The intra-ensern- 
ble standard deviations for (P’) are 0.002 to 0.01 mm day", 
depending on the ensemble size. Examples of the spatial dis- 
tribution of precipitation anomalies are shown in side pan- 
els, corresponding to those in Figure 4a. While the spatial 
patterns are qualitatively similar, the tropical average is set 
by the sum of positive anomalies local to the SST forcing, 
against weaker negative anomalies that may occur over a larger 
area. The near-cancellation can produce either sign in the 
tropical average. 

In terms of spatial distribution of anomalies, the horizontal 
maps of tropospheric anomalies tend to be similar regardless 
of the configuration of SST forcing (Figure 4a). The spatial! pat- 
tern generally resembles the traditional wave response to a 
localized heat source, although with large longitudinal extent 
compared to heavily damped simple models [Gil/, 1980]. In 
subregional SST anomaly runs (e.g., the upper and lower left 
panels in Figure 4a), although positive SST anomalies are 
highly localized, the tropospheric temperature anomalies dis- 
play broad warming in the whole tropical band. The scope of 
the warming in both zonal and meridional directions is sim- 
ilar to that for the run with the entire tropical Pacific posi- 
tive SST anomaly (the upper right panel), indicating the 
effectiveness of wave dynamics in transporting the heating 
anomalies. On the other hand, the direct, positive response of 
precipitation to a positive SST anomaly is much more local and 
tends to be surrounded by negative anomalies. Although there 
exist negative precipitation anomalies in far-field, the ampli- 
tude is very weak. The tropical averaged precipitation is thus 
a sum of large positive values in a localized region and weak 
negative values over a broad area, leaving room for nonlinearity 
to complicate the response. 

Because the scatter in tropical mean precipitation anom- 
alies is common in all datasets and model simulations, it 
appears that this is not an artifact of observational error or 
imperfect numerical models. We conjecture that it is an inher- 
ent feature of the moist convective response to tropical SST 
forcing and other factors. In the next section, a simple model 
based on the equations of the QTCM [Neelin and Zeng, 2000] 
is used to illustrate the dynamics governing the tropical mean 
precipitation and temperature variations. 


3. ANALYTICAL CONSIDERATIONS FOR THE 
RELATIONSHIP OF (7”), (P’) AND (T,’) 


3.1. Derivations 


Following SN03, (T ’) and (P’) solutions can be derived for 
a steady-state atmospheric response to SST and mid-latitude 


forcing. We write the column-averaged temperature and mois- 
ture perturbation equations as: 


Dr =0, +F, a tH (1) 
“BiG; Pe (2) 


where D,. and —D, are the horizontal divergences of the ver- 
tically-integrated dry static energy and moisture transports 
by the dynamics. The signs are chosen because the two tend 
to cancel on the tropical average. Using ( ) to denote the 
averages over the whole tropical band, we define F,’ = (D,’) 
and FY = (D, ”), Where F,’ and F ’ are the anomalous dry static 
energy and moisture fluxes across the boundaries 
(25°S—25°N) between the tropics and mid-latitudes, respec- 
tively. Positive values of F,’ imply an export of energy out of 
the tropics, while for Ee ’, export of moisture out of the trop- 
ics corresponds to negative values. The anomalous moist 
static energy transport from the tropics, given by F,’— F ‘, is 
usually less than the individual terms. The atmospheric col- 
umn radiative heating rate is denoted as F__,. The surface 
sensible and latent heat fluxes are H and £. The column- 
averaged convective heating and moisture sink are Q, and 
QO, respectively, and they satisfy 


-0,=0,=P (3) 
where (“) denotes vertical averaging over the troposphere 
and P is the precipitation rate. The (’) indicates perturbations 
relative to climatological means. All quantities are presented 
in energy units. 

Combining (1) and (2), we obtain the moist static energy per- 
turbation equation 


Frag +H’ +E =Dry —D,’. (4) 

Similar to SNM, the flux balance can be approximated as lin- 
ear functions of atmospheric temperature, moisture and SST. 
For simplicity, we neglect sensible heat flux anomalies because 
they are relatively small compared to latent heat flux anom- 
alies. The coefficient for radiative flux anomalies due to atmos- 
pheric moisture changes can be combined with that for 
temperature changes because the tropical mean moisture 
anomalies can be approximately linearly fitted to tropospheric 
temperature anomalies. So we use only one proportionality 
parameter €, here. The evaporation anomalies are parameter- 
ized using the conventional bulk-aerodynamic formula. The 
evaporation anomaly due to changes in wind speed is not eas- 
ily linearized, so it is denoted as Z. All other nonlinear effects 
in the fluxes can be incorporated into EF’. The cloud-radiative 


forcing amounts to roughly 10% of the surface heat flux forc- 
ing and is omitted here. Thus, we have 


Ff +67 +6,(YT -q,)+E=Dy -D,. (5) 


In (5), qT’ represents the tropospheric temperature anom- 
alies and 7,’ and q, are sea surface temperature and near-sur- 
face air moisture (in units of K). The constants €, and €,. 
are proportionality coefficients for the atmospheric radia- 
tive heating rate dependence on temperature and SST anom- 
alies, with e, =~ 6 W m*K-'and e, =~ 6 W m?K~!. We use 
€ = PaCyV,, where p, is surface air density and C,, is 
the drag coefficient. The surface wind speed is denoted 
as V.. For a tropical mean wind speed of 5 m s“, the value of 
€,, is about 5 W m?K-1. The surface saturation moisture 
sar 18 a function of SST, with the dependence of y = (+ Je. 
Because the value of y is nearly constant in the normal range 
of observed SST variations, we use y ~ 3 K K~!, correspon- 
ding to an SST of 300 K. 

When the tropical average of equation (5) is considered, 
the tropical mean moisture change can be related to the 
tropical mean tropospheric temperature variations due to 
the constraint on large-scale circulation by deep convec- 
tion. In other words, convection vigorously adjusts tropos- 
pheric temperature to a value set by boundary layer moist 
static energy, which is largely determined by surface air 
moisture. Outside the region of deep convection, tropos- 
pheric temperature is not strongly tied to boundary layer 
moisture. However, the fraction of non-precipitating regions 
in the tropics is not large, so we try the approximation 
(q,)=yn(7)+€ and fit it against model output. The per- 
turbation term & indicates the contribution to tropical aver- 
age moisture change not directly related to tropospheric 
temperature change, such as that over the non-precipitat- 
ing regions. Its effect can be incorporated into & in equa- 
tion (5), so it is omitted hereafter. The parameter n is a scale 
factor, considering the boundary layer sub-saturation and the 
ratio of surface air temperature to the tropospheric average 
temperature. The value of yn is 1.73 for the NSIPP model 
results, based on the linear regression of (q,’) to (7’’) for the 
period of 1982 to 1998. 


3.2. Analytical Relationship of « ie "), (P’) and ( T) 


Taking the tropical average of equation (5) and rearranging 
it, SNO3 obtained the relationship between tropical average tro- 
pospheric temperature and SST anomalies 
Fy! + Fy’ + (B)] 

x(er + en) 


(T") = [(er, + exy) (TE) - 6) 
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Substituting equation (6) into (1) or (2), the (P’) and ( F ) 
relation can thus be expressed as 


(P') = lewy(er — ner,) (T;) + (enn) Fr’ + er Fy! 
+er(B)|(er + enn) 7. 


Comparing equations (6) and (7), we notice that both (T ‘y 
and (P’) have an approximately linear relation to (7,’), with 
super-imposition of nonlinear terms such as transport anom- 
alies and contributions to evaporation anomalies by varia- 
tions of wind speed. Because these tend not to be simply 
related to SST, they produce scatter in the relationship to 
(T,’). The Pope uOuality constant of Om ) to (7,’) is approx- 
imately 1.4 C C!, which is close to what is shown in Fig- 
ure la. The dependence of tropical mean precipitation on 
(T,’) results from competing effects of column radiative cool- 
ing and surface emissive warming. The current choice of 
parameters yields a rate of 0.09 mm day~!C-!. However, it 
is possible to have a negative slope of (P’) versus (T,’) if the 
value of n varies. For example, n is generally higher when a 
larger area of non-precipitation regions is involved. This 
could result in a negative tropical mean precipitation anom- 
aly for a given positive SST anomaly. 

Most importantly, the transport anomaly terms in equation 
(7) play a greater role in producing scatter in (P’) compared 
to the (7;’) term than occurs in equation (6) for ous ). Con- 
tributing to this, (i) F,’ and F’’ tend to cancel in equation 
(6), and (ii) the (%’) ter in equation (7) is multiplied by a 
small time scale, (€,— 1e,). 


3.3. The Simplest Case 


Let us consider a simple case in which only evaporation is 
taken into account as the dominant driving force for the trop- 
ical atmospheric response to (7,’), and sensible heat and radia- 
tive flux anomalies are neglected. In this case, setting €,, and 
€, to zero in equations (6) and (7) yields 


e8 5) 


(PF) = '—F, —(E))(e yn) (8) 


(P’) = Fp . (9) 


Equivalently, equation (9) can be derived directly from 
(1), neglecting F.,’and H’, and using F',”= (D7). This sim- 
ply states that convective heating balances dry static energy 
transport. Here, the tropical mean precipitation anomalies are 
dominated by the midlatitude-tropical dry static energy trans- 
port anomalies and are not necessarily related to SST 
changes, while the tropospheric temperature anomalies still 
approximately linearly follow the SST anomalies. The scale 
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factor n-'gives the slope of (T ’) to (7), approximately 1.73, 
close to the slope of the linear fit for the NSIPP ensemble 
simulations. 

Given equation (9), the moisture equation (2) then implies 
that evaporation must balance the precipitation minus mois- 
ture transport, i.e., (E”) = F,’— F,”. We note that this implies 
{E’) should be poorly related to fry on these time scales as 
well [Robertson et al., 2004, personal communication]. 


3.4, Testing of the Dominant Balance for (P’) 


According to equation (9), the dry static energy transport 
anomaly between the tropics and mid-latitudes is a dominant 
factor in determining tropical mean precipitation variability. 
Since heat and moisture budgets tend not to be well closed in 
data such as the NCEP/NCAR reanalysis [Trenberth and 
Guillemot, 1998; Su and Neelin, 2002], SNO3 computed the 
dry static energy and moisture transport anomalies for one 
of the NSIPP ensemble experiments. This tests the extent to 
which equation (9) gives the dominant balance for interan- 
nual (P’) variations in this model. Figure 5 shows the scat- 
terplot of (P’) against F’,”, both in units of W m~. The tropical 
mean precipitation anomalies follow the dry static energy 
transport anomalies, with a correlation coefficient of 0.8. 
The linear regression gives a slope of 0.74, somewhat less 
than the slope of 1 predicted by the simplest case equation 
(9). The more general case, equation (7), gives a slope of 
(1+e,(€,, yn)')-! = 0.6 for the parameters given above. The 
slight scatter in Figure 5 about the F’,” regression line would 
be due to other terms in equation (7). This confirms that vari- 
ations of tropics-midlatitude transports can indeed play an 
important role in the variability of tropical mean precipita- 
tion anomalies. This holds for 3-month averages, as are shown 
here. At much longer time scales, the variations explained 
by random fluctuations of the transports would be smaller. 
SNO3 also verified that F,.” is not closely related to (7,’), as 
the correlation coefficient between the two is only —0.1. Our 
claim that BE — F, has a smaller effect in producing scatter in 
(T’) than F,,’ does in (P’) was also verified in SNO3 by exam- 
ining the standard deviations associated with each term. 


4. DYNAMICS BEHIND THE (7’), (P’) AND (Z,’) 
RELATIONS 


Considering the analytical explorations in Section 3.1, one 
notices that convective heating anomalies (Q,) do not appear 
explicitly in the moist static energy equation (5). Does this 
mean that convection is not important for the tropospheric 
temperature response to SST? The answer is that convection 
is essential but the convective heating is a by-product. SN03 
used a simple convective adjustment scheme and associated 


fast time scale T, to illustrate that the amount of convective 
heating is not relevant to the tropospheric temperature anom- 
alies because of the small value of t,. In this case, tropos- 
pheric temperature is held close to a convective quasi- 
equilibrium (QE) profile whose variations depend primarily 
on boundary layer moist static energy. Departures from QE are 
only on the order of 7,, regardless of the value of the heat- 
ing. Convection itself is an important player in communicat- 
ing between boundary layer forcing and deep tropospheric 
temperature response, but the amount of convective heating is 
subject to the balance with various cooling terms in the tem- 
perature equation. On the tropical average, the dominant cool- 
ing term is dry static energy transport anomaly because sensible 
heat and radiative fluxes are associated with relatively small 
damping rates. The dry static energy transport, which has a 
large contribution from mid-latitude transients and correlates 
poorly with tropical SST anomalies, is thus able to create 
large scatter in the tropical mean precipitation anomalies with 
respect to SST anomalies. 

Figure 6 illustrates a schematic for the dynamical processes 
involved in the tropical tropospheric response to SST forc- 
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Figure 5. Scatterplot of tropical mean (25°S—25°N) precipitation 
anomalies (in W m7) as a function of the anomalies in the export of 
dry static energy from the tropics by atmospheric dynamical trans- 
ports across 25°S and 25°N (in W m‘”). The results are from 1982 
to 1998 for one of the NSIPP AGCM simulations. Corresponding 
least-square linear fit is shown by the dashed line, with its slope 
marked. From SNO3 (their Figure 7). 
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Warm SST: 


Figure 6. Schematic of the dynamic processes involved in the tropical tropospheric temperature and precipitation response 


to SST forcing. After SNO3 (their Figure 8). 


ing. Different arrows are used to indicate these processes, 
with associated time scales marked in parentheses. The short 
open arrow within the boundary layer indicates evaporation 
anomalies (E,) . During an El Nifio, warm SST anomalies 
increase evaporation, and to a lesser extent, sensible heat 
fluxes and radiative emission into the atmosphere. Conse- 
quently, boundary layer moist static energy h; is increased. The 
time scale associated with the boundary layer adjustment is rel- 
atively fast, as represented by the parameter (€,,y)"!. Positive 
h‘, would tend to yield a larger convective available potential 
energy (CAPE) for the atmospheric column. Stronger con- 
vection occurs over the warm water, indicated by the long 
solid arrow. It constrains the tropospheric temperature to a 
value in equilibrium with boundary layer moist static energy. 
The convective adjustment time scale T, is less than a day 
[Bretherton et al., 2004]. Because convection establishes the 
equilibrium on a fast time scale, the amount of convective 
heating does not explicitly determine the tropospheric tem- 
perature anomaly. Across the tropics, the tropospheric tem- 
perature warming is spread horizontally by wave dynamics, as 
indicated in the upper plane by two horizontal arrows point- 
ing outwards from the origin of the warming and by gray 
shading representing the propagating warm anomalies. The cor- 
responding time scale results from a combination of tropical 
moist and dry Kelvin or Rossby waves propagating across 
the domain, with phase speeds on the order of 10-50 m s“!. For 
the tropical band, this yields a time scale of 1-2 weeks to 1-2 
months. The wave dynamics does not show up explicitly in our 
analysis for tropical averages, but is important to the large-scale 
features of the temperature anomalies. Hence, the tropos- 
pheric temperature anomalies are wide-spread and its tropical 
average is approximately linear with tropical mean SST anom- 


alies. Nonlinearity due to the mid-latitudes transports and the 
dependence of fluxes on the (7,’) and (7) are weak because 
of the predominance of approximate linear boundary layer 
flux adjustment. The curly dashed arrows in Figure 6 indi- 
cate radiative cooling associated with tropospheric tempera- 
ture anomalies. It is a relatively slow damping process with a 
characteristic time scale of 15 days, proportional to €-'. 
Associated with the warming of tropospheric temperature 
across the tropics, the CAPE tends to decrease in regions 
away from the warm SST anomaly, unless atmospheric bound- 
ary layer (ABL) moist static energy is able to compensate. 
Reduction of precipitation thus tends to occur, as shown in 
Figure 6 by the shorter solid arrow with less dense rainfall. 
The mechanisms for the relative subsidence involve compli- 
cated pathways [Su and Neelin, 2002]. Anomalous moisture 
or temperature advection, evaporation anomalies due to 
changes in surface wind speed or air-sea moisture differ- 
ences and changes in gross moist stability due to moisture 
variations, etc, can all come into play to balance the adia- 
batic warming associated with the relative descent. On the 
tropical average, the dry static energy transport anomalies, F;, 
appear to be an important constraint for precipitation anom- 
alies. Suppose there is net dry static energy export from the 
tropics to the midlatitude, as indicated by the dark slanted 
arrow in Figure 6. It produces a cooling tendency in the dry 
static energy equation. Thus the tropical mean convective 
heating anomalies have to be positive to compensate the cool- 
ing effect. This fits in the “normal” picture that tropical mean 
precipitation anomalies increase as tropical SST warms dur- 
ing an El Nifio. On the other hand, dry static energy transport 
anomalies between the tropics and mid-latitude are presum- 
ably substantially due to midlatitude transient eddy activity. 
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The F,,’can be negative (import into the tropics) even during 
warm SST years. In this case, the warming effect caused by 
dry static energy import would tend to reduce CAPE and 
suppress convection over climatologically convecting regions. 
This could result in negative precipitation anomalies on the 
tropical average, which seems counter-intuitive. 

The dry static energy transport anomalies F;,’ can have con- 
tributions from atmospheric internal variability, and contri- 
butions associated with the response to SST anomalies. In 
the latter case, the precipitation scatter persists even in an 
ensemble average over many atmospheric model runs, as seen 
in Figure 4b. The important factor in the scatter is that the 
tropics to midlatitude dry static energy transport is not closely 
related to tropical average SST anomalies. Nonlinearity in 
the transport response to SST can thus play a role. 

Because the dry static energy transport anomalies bear no 
simple relation to tropical SST anomalies, the tropical mean 
precipitation anomalies are scattered in relation to SST. For 
the tropospheric temperature anomalies, the magnitude of 
moist static energy transport anomalies is much smaller than 
that of the forcing from the boundary layer, thus the scatter of 
cr ) is small. For tropical mean precipitation anomalies, the 
dry static energy transport anomalies are competing against 
relatively small damping rates associated with radiation, 
and thus transport anomalies are able to create large scatter in 
(P’) in relation to (7,’). 


5. CONCLUSION AND DISCUSSION 


On interannual time scales, there are substantial tropos- 
pheric temperature and precipitation anomalies associated 
with the variations of tropical SST. The spatial pattern of 
tropospheric temperature response tends to be smooth and 
wide-spread because of the effectiveness of wave dynamics 
in spreading the temperature anomalies. Because the spa- 
tial extent of the temperature response is large even when the 
SST forcing is highly localized, the tropical mean tropos- 
pheric temperature anomaly “Ee ) is highly relevant as a 
measure of the dynamical response, in addition to being of 
interest in global warming related studies. It bears an approx- 
imately linear relationship to tropical mean SST anomalies. 
On the other hand, tropical precipitation response to ENSO 
SST tends to be highly non-uniform in spatial pattern. Pos- 
itive precipitation anomalies are local to warm SST anom- 
alies. Strong negative precipitation anomalies tend to occur 
within the convective zones and relatively near the positive 
SST anomalies, while weaker negative precipitation anom- 
alies occur in the far-field. The near-cancellation of posi- 
tive and negative precipitation anomalies produces a scattered 
tropical mean precipitation anomalies in relation to tropi- 
cal mean SST anomalies. For this reason, the tropical mean 


precipitation anomaly (P’) is a poor measure of tropical 
hydrological cycle on interannual time scales. 

_The dynamics governing the different relationships between 
Tr ) and (7,’) and between (P’) and (7,’) are examined using 
a simple analytical model. This suggests that the scatter of 
(P’) against (7,’) is associated with dry static energy transport 
anomalies between the tropics and mid-latitudes, changes in 
evaporation due to wind speed variations and other nonlin- 
ear effects. In contrast, the effects of anomalous midlatitude- 
tropical transports and nonlinearities are secondary on the 
oe ) relation to (7,’) because of the strong linkage between 
SST, boundary layer moist static energy, and tropospheric 
temperature through boundary layer flux adjustment and tro- 
pospheric convective adjustment. 

Following the convective quasi-equilibrium point of view 
[Arakawa and Schubert, 1974; Emanuel et al., 1994], the 
linear relationship between the tropical averaged tropos- 
pheric temperature and SST regardless of the value of trop- 
ical mean precipitation is not surprising. Convection 
establishes a link between tropospheric temperature and 
ABL moist static energy, which in turn is constrained toward 
SST by surface fluxes. The convective heating anomaly itself 
is simply a by-product that can be positive or negative 
depending on other terms in the temperature equation, such 
as random variations in midlatitude-tropical transports. When 
convection communicates boundary layer anomalies upward 
to constrain tropospheric temperature, the convective heat- 
ing anomaly must react to oppose any process that would 
tend to cool or warm the troposphere away from balance 
with SST. We note that the relationship found in this study 
holds on interannual time scales. On shorter time scales and 
smaller spatial scales, QE constrain is less strictly satisfied 
[Brown and Bretherton, 1997; Sobel et al., 2004]. For cases 
at longer time scales and global spatial scales, such as global 
warming or paleoclimate applications, it is possible that the 
dominant cooling effects (for example, the radiative effects) 
have a rather simple relationship to tropospheric temperature, 
which in turn would produce a simple precipitation and SST 
relationship. For the interannual variations examined here, 
the dominant anomalous cooling process on the tropical 
average is the tropics-to-midlatitude dry static energy trans- 
port anomalies, which have little relationship to SST. Hence 
there is large scatter in tropical mean precipitation anom- 
alies in relation to SST due to the midlatitude dry static 
energy transport variations. 

The approximately linear relationship of (Ff ) with (T,’) 
and scattered (P’) with (7,’) are results of the combined 
effects of quasi-equilibrium convective adjustment processes 
and midlatitude-tropical transports. The contrasting behavior 
of tropical mean tropospheric temperature and precipitation 
in relation to SST is a nice illustration of the usefulness of con- 


vective QE approaches to understanding the interaction of 
tropical convection with large-scale dynamics. 
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Convection, Cloud-Radiative Feedbacks and 
Thermodynamic Ocean Coupling in Simple Models of the 
Walker Circulation 


Adam H. Sobel!, Christopher S. Bretherton?, Hezi Gildor?, and 
Matthew E. Peters? 


The authors consider a set of simple models for the divergent component of the trop- 
ical atmospheric circulation, and the associated precipitation field. A number of 
strong simplifying assumptions are made, leaving deep convection and radiation 
(both simply parameterized) as the key processes in the models. The first case con- 
sidered is that of fixed sea surface temperature (SST), with an SST gradient imposed 
across the domain, in the limit of zero convective time scale or strict quasi-equilib- 
rium (SQE). Steady solutions are found for sufficiently weak cloud-radiative feed- 
back. As the parameter controlling the strength of the cloud-radiative feedback is 
increased, the region of nonzero precipitation shrinks in size and the precipitation grows 
stronger there. For cloud-radiative feedback stronger than a particular value, steady 
solutions cannot be found, and numerically obtained time-dependent solutions blow 
up. In the next case considered, the slab ocean lower boundary condition is used. In 
this case the behavior is dramatically different. In the steady solutions, the strength 
of the radiative feedback now has little effect on the size of the precipitating region. 
The finite convective time scale changes the stability criterion, and when the steady 
solutions become unstable, rather than blowing up, well-behaved radiative-convec- 
tive oscillations set in. The mechanism for these oscillations is essentially local radia- 
tive-convective or surface flux convective instability, so they can be studied at a 
single point. Their frequencies are intraseasonal, and some inferences can be drawn 
from them about how ocean coupling affects the Madden-Julian oscillation. The 
simplicity of the models allows a relatively complete understanding of their behav- 
ior. The sensitivity of the solutions to the key parameters, especially the convective 
time scale and the cloud radiative feedback parameter, are discussed in some detail. 
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We describe a set of simple models for aspects of tropical 
climate dynamics. We focus on feedbacks between deep con- 
vection, radiative transfer, the quasi-steady, divergent com- 
ponent of the atmospheric circulation, and the energy budget 
of the ocean mixed layer, all parameterized as simply as pos- 
sible. Ocean dynamics and planetary rotation are neglected. 

In many ways the model solutions are inadequate repre- 
sentations of the real system. Nonetheless, we believe that 
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they have enough in them that is right that they can help us 
understand the roles of the various physical processes and 
some important aspects of the feedbacks between them. 


2. UNDERLYING MODEL FORMULATION 
2.1, Equations 


We use a set of models which differ in detail but share an 
underlying formulation. Our starting point is the quasi-equi- 
librium tropical circulation model (QTCM) introduced by 
Neelin and Zeng [2000] and Zeng et al. [2000]. This model 
represents the vertical structure of the atmospheric circula- 
tion by a set of fixed basis functions, two (one barotropic 
and one baroclinic) for velocity, and one each for temperature 
and moisture. 

If we exclude the barotropic mode, as we will here, the 
system is essentially of shallow-water type, though coupled 
to a moisture equation. It thus has much in common with 
other reduced models of the tropical atmosphere, but is 
derived from a different set of assumptions, primarily those 
behind quasi-equilibrium theory for deep convection as 
embodied by the Betts-Miller scheme [Betts, 1986] and 
related theory as reviewed by Emanuel et al. [1994] and 
Neelin [1997]. The reader is referred to Neelin and Zeng 
[2000] for more on the model formulation. Examples of cli- 
mate simulations by the full model (nonlinear, two modes for 
velocity etc.) can be found in subsequent papers by Neelin’s 
group at UCLA [e.g., Zeng et al., 2000; Su and Neelin, 2002, 
Su et al., this volume]. 

In addition to the simplifications assumed in deriving the 
QTCM itself, we make a number of additional simplifica- 
tions to obtain the models discussed here: 


1. The Weak Temperature Gradient (WTG) approximation 
(e.g., Sobel and Bretherton, 2000; Sobel et al., 2001; and ref- 
erences therein): we neglect both the tendency and horizon- 
tal advection of atmospheric temperature, as both are small 
terms (compared to diabatic heating and vertical advection 
of potential temperature) in the tropical free troposphere. 

2. As mentioned above, we omit the barotropic mode; the 
model flow is purely baroclinic. 

3. We neglect rotation, and assume slab-symmetry in 
the meridional direction, leaving horizontal variability only 
in the longitudinal direction (vertical structure is already 
determined by the QTCM basis functions). These are mod- 
els only of the purely divergent, or Walker circulation. 

4. We simplify the parameterizations of radiation and sur- 
face fluxes, as described below. 

With all these assumptions, the atmospheric temperature 
and moisture equations are: 


ou 1 pL 
s 5, 7 PRT] (P- Rds (1) 
» Og oq Ou _ 

At As gee (2) 


The temperature and humidity are represented as deviations 
from fixed reference profiles, T wef ref : 


T(x, Dt) = Trey (p) + af p)T(D), (3) 
q(X, Dt) = Grey (p) + Dp) q% 1). (4) 


T is the temperature, and q is the specific humidity times the 
latent heat of vaporization of water (Z,, assumed constant) 
and divided by the heat capacity for air (cp, also constant), so 
that g, like 7, has units of degrees. x, p, t are longitudinal dis- 
tance, pressure, and time; a(p), b(p) are the nondimensional 
basis functions, and tildes denote the total physical fields. We 
write T as a function of t only because of WTG; in general T 
can be a function of position also. R is the radiative cooling. 
P and E are the precipitation and surface evaporation, each 
multiplied by L, /cp. Besides WTG, equation (1) has had the 
domain average subtracted from it; the integral on the RHS is 
necessary to insure that the divergence du/dx integrates to 
zero, as necessary to satisfy boundary conditions (either peri- 
odic or walls at x = 0, L). The domain-average heating goes to 
change the horizontally uniform temperature, satisfying the 
domain-averaged heat budget: 


-OT lft 
a—=—| (P-R)d, (5) 
o U8 J o ( ) 
where x = 0, L are the domain boundaries.” 
M, and M, are the dry static stability and gross moisture 
stratification, which in the earlier versions of the QTCM 
depended on 7 and gq as: 


' Different profiles were used in different papers reviewed here. 
Bretherton and Sobel [2002] and Peters and Bretherton [2004] 
defined 7, ef and Greg tO be solutions in radiative-convective equi- 
librium, whereas Sobel [2003] and Sobel and Gildor [2003] 
simply used default profiles from the QTCM. The two choices 
differ only by constants times a(p), b(p), and have no effect on 
the total solutions. 

? Equation (3) in Sobel [2003] should have been identical to equation 
(5) here, but the former erroneously omitted the factor 1/Z on RHS. 
The factor Z was eventually set to 1, but this had not yet been done 
at the point where Sobel’s equation (3) was presented. 


My = Ma + Map (6) 


Ms = Ms, + M;,T, (7) 


with M,,, M,,, Ms,, Ms, constants. Here, for reasons to be dis- 
cussed below [and see Yu er al. 1998], the formula for M, has 


been modified to 
Ms = Ms, + Ms, max(7, q). (8) 


The difference of the dry static stability and the gross mois- 
ture stratification is the gross moist stability, 


M=M;-M,, (9) 


an important parameter in analyses of the moist static energy 
budget [Neelin and Held, 1987; Yu et al., 1998]. The order- 
unity constants 4 and A, (the latter being negative) are derived 
from the Galerkin projection of the original primitive equations 
on the QTCM basis functions. 

The horizontal velocity also has a basis function, V(p), so 


u(x, pt) =V(p)uCx 0), 


which changes sign once with pressure in the troposphere, 
so that it is positive in the upper troposphere and negative in 
the lower. 

We do not show a momentum equation, because under our 
assumptions (particularly WTG, no rotation, and slab-symme- 
try) one is not necessary. The flow is purely divergent, and the 
divergence du/dx is determined by the heating through equa- 
tion (1), which states that the heating is balanced by horizontal 
divergence of dry static energy. u can then be found by integra- 
tion in x, given boundary conditions. If desired, the momentum 
equation can be used to infer the pressure perturbations neces- 
sary to drive this flow. Hydrostatically, these must be associ- 
ated with small horizontal temperature perturbations neglected 
under WTG, e.g., in equation (1). The validity of WTG can be 
assessed by checking that these diagnosed temperature pertur- 
bations are much smaller than the horizontal variations of sur- 
face temperature which drive the atmospheric circulation. 


2.2. Parameterizations 


As in the standard QTCM, the precipitation, or equivalently 
convective heating, is parameterized by the simplified Betts- 
Miller scheme: 


P=H(q—-1) 49), (10) 


Te 
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where 1 is the Heaviside function and 1, is a specified con- 
vective time scale. 

Under WTG, q — T can be regarded as the excess of a 
column-averaged relative humidity above a convective 
threshold at which g = T. Bretherton et al. [2004] showed 
that over the tropical oceans, monthly-mean satellite- 
observed P is an exponentially increasing function of rela- 
tive humidity. Their results suggest that t, = 16 hours was 
the best match to the above observations. Were one mainly 
interested in transient variation of convection on daily time 
scales, rather than (as here) long-term quasi-steady mean 
behavior, their results would suggest a slightly shorter time 
scale. Taking this large value for t, allows q to be some- 
what larger in heavily precipitating regions than in lightly 
precipitating regions, allowing complexities due to hori- 
zontal moisture advection and, possibly, also due to q- 
induced horizontal variations of gross moist stability (see 
Section 3.2.4). 

A theoretically appealing, though less realistic limit is 
t.— 0, also known as hard convective adjustment or strict 
quasi-equilibrium [SQE; Emanuel et al., 1994], in which 
q < T everywhere, with the equality holding in convective 
regions (where P > 0). In this case, we compute precipitation 
by first computing the divergence from the moist static energy 
equation, which is obtained by adding the temperature and 
moisture equations together: 


M—=E-R, (11) 


where we have neglected horizontal moisture advection. This 
is consistent with SQE, under which q = T in convective 
regions, while T has already been assumed horizontally uni- 
form throughout the domain. Direct substitution in equation 
(1) then yields 


RLS am ice 
ry tae arya) (12) 


We parameterize evaporation by a bulk formula with fixed 
surface wind speed and exchange coefficient: 


p95 —UPs) (13) 
TE 
where q% is the saturation specific humidity at the sea surface 
temperature, 9(p,) is computed from equation (4) with p, 
the surface pressure, and Tz is an exchange time scale, kept con- 
stant, whose value is on the order of 5-15 d. The neglect of sur- 
face wind speed variations in particular is a strong limitation 
of these models, but one which can be relaxed. 
The atmospheric radiative cooling is parameterized by 
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T -T, 


R=R —-+P= = € _ Pp. (14) 


The first term, R“’, represents clear-sky conditions by relax- 
ation to an equilibrium temperature 7, on a time scale Tp, 
whose value is on the order of a month. The second term mod- 
els the greenhouse effect of high clouds as proportional to 
the precipitation with a coefficient r. This cloud-radiative 
feedback on the atmosphere is assumed to be all in the long- 
wave band. Shortwave variations are assumed to be significant 
only at the surface (i.e. constant shortwave absorption in 
the atmosphere). 

The surface forcing, which is defined here as the heating 
of the ocean mixed layer due to the sum of ocean heat trans- 
port and total surface longwave radiative energy flux, is 
modeled by 


S=S —/P, (15) 


where S“” is the clear-sky value and the term rP models the 
shortwave cloud-radiative feedback (strictly the total sur- 
face cloud-radiative forcing, but we assume that to be dom- 
inated by the shortwave component); ocean heat transport and 
surface longwave are assumed constant. Use of the same 
coefficient r in equations (14) and (15) builds in the assump- 
tion that longwave and shortwave effects of high clouds can- 
cel at the top of the atmosphere, as is approximately observed 
[Ramanathan et al., 1989; Harrison et al., 1990; Kiehl, 1994; 
Hartmann et al., 2001]. Since variations in atmospheric 
shortwave absorption are neglected, the shortwave modula- 
tion represented by equation (15) only enters the surface 
energy budget and is therefore irrelevant if a fixed-SST 
lower boundary condition is used. 


2.3. Lower Boundary Condition 


We use two different lower boundary conditions: fixed SST, 
and a dynamically passive ocean mixed layer. In the latter 
case, the thermodynamic equation for the mixed layer is 


Cc as. =S-E, (16) 
dt 

where 7, is the SST and C a bulk heat capacity proportional 
to the mixed layer depth; C is dimensionless if S and E are 
expressed in degrees per day and 7, in degrees. 

In steady state, equation (16) tells us that the net surface 
forcing (ocean heat transport plus surface radiative forcing) 
must balance evaporation: 


S=E. (17) 


Because of the use of the same r in both the longwave and 
shortwave cloud feedbacks, equation (11) can be combined 
with equations (17), (14), and (15) to yield 


Mot = go _ per, (18) 
ox 


which can be combined with equation (1) to yield, instead of 
equation (12), 


P=(try [ME ser — (A yey, (19) 


In other words, the precipitation is controlled by the clear- 
sky values of the radiative cooling and surface forcing. The 
cloud-radiative feedback drops out because of the cancellation 
of the shortwave and longwave components at the top of 
the atmosphere. 


3. SPECIFIC MODELS AND RESULTS 


3.1. Specified, Time-Independent, Spatially Varying SST; 
SQE Model 


The first case we consider is that studied by Bretherton and 
Sobel [2002], in which the sea surface temperature is speci- 
fied, time-independent, and has a sinusoidal profile in longi- 
tude, with specified amplitude A and mean value T, Sy 


1 Ts. +Acos(#x/L), 


here the domain extends from x = —Z to L. In the convective 
scheme, SQE is assumed. The aim here is to vary the magni- 
tude of the SST gradient and the value of r, and to see how 
these modify the extent of the convective region and the 
strength of the circulation. 

For sufficiently small A, convection occurs everywhere, 
and the equations become linear and analytically tractable. 
Precipitation and upward motion are stronger over the higher 
SST region, but increasing the cloud-radiative feedback 
increases the precipitation contrast across the domain and 
strengthens the circulation (see Section 4, and Figure 3, from 
Bretherton and Sobel [2002)). 

For A larger than about 0.15 K, the precipitation becomes 
zero in part of the domain. This introduces two nonlinearities: 
one due to the nonnegativity of precipitation, and one due to hor- 
izontal moisture advection, as the humidity field in the non- 
precipitating region is not constrained by SQE (as it is in the 
precipitating region) so that horizontal gradients develop in 
response to the SST gradient. Bretherton and Sobel [2002] 
obtained steady solutions directly, by treating the precipitating 


and nonprecipitating regions separately and matching them at 
a boundary whose position is determined, together with the tro- 
pospheric temperature, as part of the solution. 

Figure 1 shows the solutions for ASST = 2K , for r = 0 and 
r = 0.2. As in the linear case, the cloud-radiative feedback 
increases the contrast between the regions of low and high 
SST, now shrinking the precipitating region and intensifying 
the precipitation and vertical motion there. Solutions with the 
horizontal moisture advection term omitted are also shown, and 
we can see that this term also plays an important role in set- 
ting the horizontal extent of the precipitating region. Since 
the low-level flow is convergent into that region, it flows from 
the region of lower humidity, and thus dry air advection sup- 
presses convection near the boundary and pushes the bound- 
ary back to higher SST. This effect is not as strong as that of 
the cloud-radiative feedback for r = 0.2. 


SST = 26 + 2cos(nx/X) 
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As r is increased, the convective region shrinks and inten- 
sifies further until eventually, for large enough r, no steady 
solution can be obtained. This indicates the existence of a 
radiative-convective instability, which can be understood by 
simple analysis of the eqations. Some manipulation of equa- 
tions (1) and (11) by using equation (14) yields: 


M Ou _ eRe 


o> (20) 


where we have defined the effective gross moist stability [Su 
and Neelin, 2002; Bretherton and Sobel, 2002]. 


M _M-rM, 
rn re 


As with the definition of the standard gross moist stability, 
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Figure 1. (a) Precipitation, (b) water vapor path, (c) pressure vertical velocity () at 500 hPa, multiplied by —1, and (d) 
zonal velocity at 850 hPa, for ASST = 2 K. In the latter two panels, the full two-dimensional fields are obtained by mul- 
tiplying by the relevant vertical structure functions [see Section 2.1 and Neelin and Zeng (2000), and note these variables 
were displayed before multiplication by basis functions in the corresponding figure in Bretherton and Sobel (2002)]. Solu- 
tions are shown with and without cloud-radiative forcing (CRF). A solution with CRF but without horizontal moisture advec- 
tion is also shown. Figure adapted from Bretherton and Sobel (2002). 
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May tells us the strength of the mass circulation through a 
convective region given a rate of moist static energy supply 
through the vertical boundaries, but where the latter supply 
comes from the surface fluxes minus total tropospheric radia- 
tive cooling in the case of M, now it is defined as the surface 
fluxes minus only the clear-sky component of the radiative 
cooling, with the cloud-radiative feedback treated as part 
of the response. For negative M_,,, the system can sustain 
upward motion (du/dx > 0) even if the clear-sky component 
of the radiative cooling removes more moist static energy 
than the surface fluxes add, because the cloud-radiative feed- 
back can more than compensate for the difference. This 
means that convection can occur spontaneously even 
where the boundary conditions do not favor it, in the sense 
that descent and a lack of convection would also be an 
acceptable steady solution. This is an indication of instabil- 
ity. M_,-= 0 corresponds to the bifurcation point at which 
the instability sets in, past which no steady solution can 
be obtained. 

The very strong response of this model to the cloud-radia- 
tive feedback turns out to be misleading in an important way 
when we consider the coupled atmosphere—ocean system. 
In the fixed-SST model described above, the cloud-radia- 
tive feedback acts as a net energy gain to the system, whose 
magnitude is determined as part of the solution. Observations 
show, however, that the net effect of high tropical clouds 
(the only ones we can presume to model as related directly 
to precipitation) is approximately zero at the top of the atmos- 
phere (TOA), because the shortwave albedo effect approxi- 
mately balances the longwave greenhouse effect. The 
dominant effect of the shortwave albedo of high clouds is to 
reduce the incident shortwave flux at the surface, cooling 
the ocean. This important effect is neglected in the fixed- 
SST model, but is considered below. 

The momentum equation (not used above) can be used to 
infer the small spatially-varying temperature perturbation 
which is neglected under WTG. In these models, the amplitude 
of this perturbation grows as the domain size does, so that 
WTG is a better approximation for small domains (exactly 
how small depends on how strong friction is). This result comes 
about because of the single vertical mode. With a viscous 
boundary layer in which WTG is relaxed, coupled to an invis- 
cid free troposphere, WTG in fact holds better for larger spa- 
tial domains than for smaller ones [Shaevitz and Sobel, 2004]. 


3.2. Model With a Dynamically Passive Ocean Mixed Layer 


3.2.1. Results. Sobel [2003] and Peters and Bretherton 
[2004] considered the system including an ocean mixed layer 
as represented by equation (16). The model is then forced not 
by a given SST distribution, but instead by a given x-depend- 


ent surface forcing, S“”(x). Other differences from the study 
of Bretherton and Sobel [2002] include generalization from 
SQE to a finite t,, and a linear, rather than sinusoidal forcing?: 


Sw = 8, +ASx. (22) 


For sufficiently small forcing gradient, this system also has 
a linear regime in which precipitation occurs throughout the 
entire domain. We focus here on the nonlinear regime, in 
which both Sobel [2003] and Peters and Bretherton [2004] 
obtained solutions by numerical integration of the time- 
dependent equations, as opposed to the steady algorithm used 
by Bretherton and Sobel [2002]. 

Figure 2, taken from Sobel [2003], shows steady solutions 
for SST, humidity, evaporation, precipitation, and radiative 
cooling, obtained for r = 0.2, T, = 0.2d, S,= 130W m”, and AS 
= 100W m*. We see a qualitatively similar structure in g as in 
the fixed-SST model, with a relatively large gradient in the 
nonprecipitating region and a much smaller gradient in the 
precipitating region. The gradient is not quite zero in the lat- 
ter due to the finiteness of t, which allows g to differ slightly 
from 7, and to track the SST to some extent. The SST is strongly 
controlled by the shortwave cloud feedback. As the surface 
forcing creates stronger precipitation at larger x, the shortwave 
albedo effect intensifies and prevents the SST from warming 
in response to the surface forcing increase. This negative feed- 
back, a local version of the “thermostat” [Ramanathan et al., 
1989; Waliser 1996], turns the precipitating region into a “warm 
pool” of nearly homogenized SST. 


3.2.2. Analytic solution for SQE limit. Peters and Brether- 
ton [2004] obtained analytical solutions for the coupled model, 
in the limit t, > 0 (SQE), and with a linearization of the 
Clausius-Clapeyron equation so that 


qs (T) = qs (Ts ) + YT", 


with 7. the SST in radiative-convective equilibrium and 7” the 
departs from 7, . With these assumptions, the atmospheric 
temperature is ail to the value it would have at radiative-con- 
vective equilibrium, with the surface forcing, S, set to its mean 
value [S,, in Peters and Bretherton’s notation; again in Sobel’s 
notation S, is the minimum value of the forcing, see equation 
(22)] over the domain. The horizontal distribution of P is obtained 
from equation (19), by noting that R°” is uniform and equal to 
R<". By also invoking domain-integrated energy balance, we 
deduce that the fraction of the domain in which P > 0 is 


3 Sobel [2003] used the domain x = [0,1], so that S = S, at x = 0, 
while Peters and Bretherton [2004] defined the domain symmetrically, 
so that the domain average of S is equal to S). 
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Figure 2. Steady solutions of the model coupled to an ocean mixed layer, with the cloud-radiative feedback parameter 
r= 0.2 and convective time scale T = 1 d; see text for further details. From left to right and top to bottom, the first five pan- 
els show surface specific humidity (kg kg~!), SST (°C), radiative cooling rate (K d-'), lower level wind velocity [arbitrary 
units; note upper level wind was shown in Sobel (2003)], and precipitation and evaporation (mm d-'), vs. the horizontal 
coordinate x, while the last (bottom right) panel shows precipitation on the y axis and evaporation on the x axis. Figure adapted 


from Sobel (2003). 
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ASM ,, 
where AS is the variation in S across the domain. In SQE, g = 
T in the convecting region, so that Mand thus M are deter- 
mined once Tis. The subscript “0” refers to the RCE value. The 
warm pool SST is 


AST, Mey 


st ago 
yY M 


> 


while the cold pool SST is 


T, = EE, + AS + 2s Mo 
Y T 


EO ap 


(l-x/f,D], (23) 


where M,, is the proportionality constant relating M, to q, 
and bg is the surface value of b(p). The precipitation is 


AN) Mise 


P=max(7,+ 0 (24) 
(fp l+r M, ) 


An interesting feature of this solution is that the convec- 
tive area fraction f, is independent of the cloud-radiative feed- 
back parameter r, in stark distinction to the fixed-SST case. 
This is because the precipitation is now controlled by the 


clear-sky surface forcing, as expressed by equation (19). 
Numerical results (not shown) show that even when r is made 
large enough that instability sets in and large oscillations 
occur in the convective region (see below), the spatial struc- 
ture of the time-mean precipitation field, including the value 
of f,, changes extremely little from the steady-state values, 
as long as the simulation is carried out long enough for the sta- 
tistics to become stationary. Cloud-radiation feedback flat- 
tens the SST gradient in the convective region instead of 
reducing the spatial extent of the convective region. 


3.2.3. Dependence on r. The precipitation, quite unlike the 
fixed-SST case, is actually slightly weakened by the cloud 
radiative feedbacks, as can be seen clearly in the analytical 
expression equation (24) obtained in the SQE limit. The cloud- 
radiative feedbacks act to reduce S (which in steady state is 
equal to £) in convective regions at the same time that they 
decrease R by the same amount, so that the net forcing of the 
divergent circulation E — R [see equation (11)] and therefore 
the circulation strength is unchanged. In steady state E = S, and 
then using equations (14) and (15) we have 


E-R= ser — Ro. 


However, the decrease in F results in a decrease in precipita- 
tion, since the precipitation must equal evaporation plus mois- 
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ture convergence, and moisture convergence is the product 
of the circulation strength and the gross moisture stratification 
M_.M_ isa function of g only, and hence is fixed in convec- 
tive regions in the SQE limit since then g = T. The precipita- 
tion itself can also be found explicitly in terms of the clear-sky 
forcings, e.g. by first obtaining P as shown in equation (25) 
below, and then substituting E = S = S, — rP. 


3.2.4. Dependence on T,. Much of the discussion in this 
paper, including the analysis immediately above, concerns 
the SQE limit t, > 0. As previously noted, observations have 
shown suitable values of t, to be approximately 16 hours. 
This is smaller than any other time scale in the problem, but 
not by so much that deviations from SQE can be assumed 
unimportant a priori. It is reasonable to ask how the solutions 
may change as T, is increased towards realistic values. 

As T, is increased, g becomes increasingly horizontally non- 
uniform, in proportion to TP, in the convecting region. 
Whether these variations in g have other major effects on the 
simulation depends on how the gross moist stability depends 
on q. If equation (7) is used for M,, then increases in q, by 
increasing M_ while M, does not change, will lead to decreases 
in M. Consideration of equation (11) shows that this will lead 
to increases in upward motion, and hence precipitation, in the 
convective region. If t, is made large enough, © can actually 
become negative, leading to a strong instability which will 
cause the solution to blow up. 

However, we now believe that this behavior may be unre- 
alistic. Yu et al. [1998] showed that increasing low-level 
moisture (here g) need not always decrease M. Yu et al. 
argued that there is another effect, due to variations in the 
height attained by convection. The higher the convective 
updrafts go, the larger M, should become, since air then out- 
flows with higher values of moist static energy. Yu et al. 
related the height of convection to the degree of instability 
in the column, which is mostly dependent on near-surface 
moisture. These considerations have led to the formulation 
of equation (8). With this formulation (which was not used 
by Sobel [2003]; it was not needed since he used the small 
value T= 0.2 d), M becomes nearly independent of T, in the 
convective region, and as a result the precipitation and other 
variables exhibit only very small changes as 7, is increased 
up to values on the order of | d; the changes are sufficiently 
small that they are not shown in Figure 2. Thus, in this regime 
SQE is a good approximation for the purposes of under- 
standing many properties of the steady solutions. On the 
other hand, when we consider the stability of those solu- 
tions to time-dependent perturbations, the picture changes 
considerably and the model behavior becomes, even within 
this range T, < 1 d, quite sensitive to variations in T,, as will 
be discussed in Section 3.2.6. 


3.2.5. Coexistence of evaporation minimum and precipita- 
tion maximum. In presenting the results from the coupled 
model, Sobel [2003] emphasized the coexistence of a local 
minimum in evaporation and maximum in precipitation at 
x = 1. Such a feature is observed, broadly speaking, in the 
western Pacific warm pool, where climatological evaporation 
is small although precipitation is large. The moist static 
energy budget in this situation requires some explanation. If 
radiative cooling and M were both constant, equation (12) 
tells us that features in P would have to mimic those in E, 
albeit with larger amplitude. Leaving aside the possibility of 
significant variations in M for the moment, we can see that 
variations in R cannot change this feature of the solutions, 
if we parameterize R as a decreasing function of P, as in 
equation (14), and neglect horizontal moisture advection 
(consistent with the SQE limit tT, — 0). In that case we can 
rewrite equation (12) as 


Ms (E—R°") +R" 
Mey (25) 


1l+r 


P= 


As long as My? 0, equation (25) means that if M,,> 0 in 
a region where P > 0, gradients in P and £ will have the same 
sign, P/E > 0, so one cannot have a minimum where the 
other has a maximum. 

The coexistent evaporation minimum and precipitation max- 
imum therefore require May< 0. We found in the fixed-SST 
model that this condition led to inability to find a solution 
(strictly, a steady solution, but in fact not even a well-behaved 
time-dependent solution is obtainable in this case). This was true 
because the fixed-SST model assumed SQE. If instead T, is 
finite, the stability criterion for the system is changed, as dis- 
cussed in more detail in Section 3.3 and in Sobel and Gildor 
[2003]. The system is stabilized, and stable steady solutions can 
be obtained for M,, slightly negative. Horizontal moisture 
advection in general becomes nonzero for finite t, , rendering 
equation (25) not strictly correct. However, for reasonably 
small 7, this is a small effect; the primary stabilization results 
from a negative feedback between q and E, and negative Mey 
is still required for a stable steady solution with a coexistent 
evaporation minimum and precipitation maximum. 

Obtaining the coexistent evaporation minimum and pre- 
cipitation maximum in the coupled system, as in Figure 2, is 
fairly easy, as long as 7, is finite, r is large enough to render 
May <9, but not too large (in which case the steady solution 
becomes unstable to time-dependent disturbances, discussed 
below). For reasonable parameters there is a sizeable range 
of r values in which these conditions hold. S“” — R@” is max- 
imum at x = 1, which leads to the precipitation maximum 
there; at the same time S, and thus in steady state also F, is min- 


imized there by the cloud-radiative feedbacks. These same 
feedbacks flatten the SST in the convective region. 

Obtaining the coexistent evaporation minimum and pre- 
cipitation maximum in the fixed-SST system with finite t, 
is possible, but difficult, because the negative feedbacks that 
constrain £ and the SST in the coupled system are not pres- 
ent. The SST has to be prescribed to a profile very close to one 
obtained as a solution (with the desired coexistent F mini- 
mum and P maximum) from the coupled model. In the absence 
of the coupled feedbacks, slight deviations will eliminate 
either the £ minimum or the P maximum. 

The physical argument this leads to is that both the evapora- 
tion minimum and precipitation maximum result from the max- 
imum in the clear-sky surface forcing in the warm pool (which 
results from there being a longitudinal minimum in the diver- 
gence of ocean heat transport and an equatorial maximum of 
annually-averaged clear-sky insolation), cloud-radiative feed- 
backs and the surface energy budget (i.e., thermal ocean cou- 
pling). The surface wind speed is viewed as irrelevant because 
it can be viewed as determining £ only for fixed SST. Once the 
surface energy budget must balance, we have S = E in steady 
state, so E is constrained independently of the wind speed. 

While this argument is an improvement on any based on a 
fixed SST, there are still (at least) two weaknesses in it. One is 
that there may be spatial variations in M, which if large enough 
could allow P to differ in qualitative structure from E — R. We 
do not address this further here, but note that the latest esti- 
mates do not suggest large variations in M [Yu et al., 1998]. 

The more serious problem may be our neglect of potential 
atmospheric feedbacks on ocean dynamics. In our model, 
ocean dynamics are encapsulated by specifying S“”(x), which 
can include a contribution due to ocean heat flux divergence. 
S¢"(x) is treated as an external control which does not inter- 
act with the predicted atmospheric circulation [Seager et al., 
1988; Gent, 1991]. On the contrary, Seager et al. [2003] show, 
in an ocean general circulation model (GCM) coupled to an 
atmospheric mixed layer model, that interactive ocean heat 
transport plays an important role in producing the evaporation 
minimum in the equatorial warm pool. 


3.2.6. Stability and time-dependence. For the fixed-SST, 
SQE model, as mentioned above M,,,= 0 delineates the critical 
value of r at which the steady solution is marginally stable. 
Once T, becomes finite, whether the system is coupled or not, 
the stability criterion is modified and stable solutions can per- 
sist for slightly negative My. However, qualitatively the situ- 
ation is the same as in SQE, in that for sufficiently large r, the 
solution becomes unstable to time-dependent disturbances. For 
the fixed-SST case, numerical integrations show that these 
time-dependent disturbances are not well behaved, but that the 
precipitation blows up in amplitude as the precipitating region 
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shrinks to the grid scale. For the coupled case, well-behaved 
oscillations develop, first at x = 1, and then for larger r, increas- 
ing their domain of influence until soon the entire precipitating 
region exhibits time-dependent behavior. These oscillatory solu- 
tions were mentioned but not explicitly presented by Sobel 
[2003]. Here we show a Hovmoeller plot of the precipitation 
field from such a solution, in Figure 3. The solution shown in 
Figure 3 thus uses a model and parameter values identical to 
those used by Sobel [2003] to produce Figure 2, except: 


*t, = 0.7 d rather than 2 d, to be consistent with Bretherton 
et al. [2004] and the mixed layer depth is 20 m (Sobel used 1 
m, without discussing the choice, since only steady solutions 
were shown) 

*r is raised to 0.25 to render the steady solution unstable and 
generate time-dependent behavior, and 

* equation (8) is used, for reasons discussed in Section 2.1. 


The figure shows eastward-propagating oscillations in rain- 
fall in the eastern part of the domain. The period is on the 
order of 40 d. We view the propagation dynamics of these 
disturbances as unworthy of study, since the system as for- 
mulated contains none of the standard equatorial wave modes 
(Kelvin, Rossby etc.), which if present would presumably 
modify the propagation dynamics qualitatively as well as 
quantitatively. The fact that the propagation is eastward is not 


Rain rate (mm/d) 


0 0.2 0.4 0.6 0.8 1 


Figure 3, The precipitation rate (mm d-!; contour interval 5 mm 
a), as a function of longitude (x) and time, for a time-dependent solu- 
tion of the 1D model coupled to an ocean mixed layer. The model and 
parameters are as in Sobel (2003), except that the mixed layer depth 
is 20 m, convective time scale T= 0.7 d, and cloud-radiative feedback 
parameter r = 0.25, and the formulation (8) rather than (7) is used to 
compute the dry static stability. 


402 SIMPLE MODELS OF THE WALKER CIRCULATION 


deemed to be significant, and in fact disturbances sometimes 
propagate westward for other parameter values, particularly 
right near x = 1. The phase speed of the disturbances is par- 
ticularly irrelevant since its dimensional value scales linearly 
with the domain size, for the same reason that u does—namely, 
that the domain size drops out of the dynamical equations of 
this model due to WTG! 

What is of most interest is the dynamics of the instability 
which generates the disturbances and selects the time scale. 
Since horizontal advection has only a weak effect on the dis- 
turbances due to the weak moisture gradient in the convective 
region, it seems reasonable to simplify the problem still fur- 
ther, to a single horizontal location, in order to study them. 


3.3. Single-Column, Time-Dependent Model 


Sobel and Gildor [2003] studied the equations from the 
preceding section with horizontal moisture advection omitted, 
in which case the dynamics of a single horizontal location 
can be treated independently of others and we have a zero- 
dimensional coupled model: 


M,6 = P-R, (26) 
~ Og 
64 _Mm6=E-P, 2 
OTs _o_p (28) 
or 


Sobel and Gildor viewed this as a model for variations of 
SST on an intraseasonal time scale, in an idealized context 
where the horizontal propagation associated with the Madden- 
Julian Oscillation (MJO) is ignored. The best observational 
context for thinking about intraseasonal SST variability with- 
out directly considering the MJO is provided by Waliser [1996], 


who looked at the dynamics of “hot spots”, or locations where. - 


the SST becomes greater than 29.5°C for at least a month. 

In this model, the parameter r in equation (15) may be 
viewed as representing not only shortwave cloud-radiative 
feedbacks associated with precipitation, but also the feed- 
back of increased surface fluxes associated with the devel- 
opment of ‘cold pools’ and convectively enhanced gustiness 
where there is more precipitation. Under the assumption that 
the total cloud-radiative feedback vanishes at TOA, it acts just 
like a surface flux, simply moving energy between ocean and 
atmosphere. Additionally, variations in surface turbulent fluxes 
(mainly evaporation) and radiative fluxes are found to be 
nearly in phase on intraseasonal time scales. Because of these 
two facts, both feedbacks can be empirically modeled by the 
single parameterization of equation (15). 


3.3.1. Linear results. Figure 4 shows growth rate and frequency 
as a function of parameters for the system obtained by lineariz- 
ing equations (26)(28). The linear equations, and their closed- 
form solutions from which these plots were generated, can be 
found in Sobel and Gildor [2003]. Sensitivity is shown to the 
two most important parameters, r and t,, and also to the mixed 
layer depth. The blacked-out regions are those in which the lin- 
ear frequency is zero, that is, the linear calculation predicts pure, 
non-oscillatory growth or decay. The growth rate is positive only 
for large r and small t,. There is only a fairly narrow region 
around the marginal stability curve, in y—7, space, in which the 
linear frequency is nonzero. In that range, the frequency is intrasea- 
sonal to subannual (0.1 corresponds to 10 x 217 or around 60 d). 
In the SQE limit t, — 0, the range of r supporting oscillations 
shrinks to zero width, and the marginal stability criterion for 
growing (but now non-oscillatory) solutions reduces to M_,= 0. 
This again emphasizes that while SQE is a useful guide to the 
finite-t,, behavior when M_,.> 0 and steady-state solutions are 
obtained, it is not so useful when 7 a Becomes negative. 
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Figure 4. Linear growth rate and frequency as functions of cloud- 
radiative feedback parameter r and convective time scale (top) and 
mixed-layer depth (bottom). In the frequency plots, regions where the 
frequency is zero are filled. Plus symbols indicate the default param- 
eter values given in Table 1 of Sobel and Gildor (2003), from which 
this figure is adapted. 


3.3.2. Nonlinear results. Figure 5 shows a nonlinear simu- 
lation in the regime in which the system is linearly unstable. 
The precipitation P, evaporation E, radiative cooling R, sur- 
face shortwave flux S, SST, and surface humidity q,, are shown 
as functions of time. Note that the evaporation is that computed 
directly from equation (13); it does not explicitly include the 
“extra” evaporation variations which we might take to be 
included with the cloud-radiative feedback. 

We see vaguely square-wave type variations in precipita- 
tion, R and S. Detailed features, such as the particular shape 
of the precipitation pulses and their duration relative to the 
duration of nonprecipitating periods, are dependent on param- 
eters. The SST has more sawtooth-like variations. The oscil- 
lation overall has characteristics of a recharge-discharge 
oscillation. The “discharge” is the flux of moist static energy 
from ocean to atmosphere (by radiative processes and sur- 
face fluxes), and horizontal export of that moist static energy 
in the atmosphere associated with the precipitating phase, and 
the “recharge” is the buildup of energy in the ocean associated 
with the suppressed phase, when the atmosphere is descend- 
ing and the SST is increasing. 


3.3.3. Dependence on mixed layer depth. An interesting 
prediction of this model is that the growth rate for the instability 
increases (weakly) with mixed layer depth. This is contrary to 
what we might expect, since with larger mixed layer depth, 
the SST can vary less and we might expect this to lead to less 
overall variability, but viewing the variability as a recharge- 
discharge oscillation helps us to understand this, since the 
mixed layer is the capacitor for the system; without storage 
capacity there can be no recharge-discharge. 

Watterson [2002] indeed found, in an atmospheric GCM 
coupled to a constant-depth ocean mixed layer, that intrasea- 
sonal variability tended to decrease with mixed layer depth. 
This contradicts the results above, if we view the growth rate 
as a proxy for the variance we expect in a nonlinear simula- 
tion. To explain this, Sobel and Gildor [2003] forced the lin- 
ear model, in a weakly stable regime, with an imposed 
atmospheric oscillation in the heating (P — R), of intrasea- 
sonal frequency, to represent an atmospheric MJO which 
would exist in the absence of coupling. The model response 
showed a peak amplitude near 10-20 m (the value of mixed 
layer depth which leads to a linear frequency near the forcing 
value) with decay at larger depths, as found by Watterson, but 
also decay at smaller depths, not investigated by Watterson. 
More recent simulations with an atmospheric general circu- 
lation model coupled to a constant-depth ocean mixed layer, 
bear out the simple model prediction [Maloney and Sobel, 
2004]. These simulations show a dramatic decrease in the 
magnitude of precipitation variability as mixed layer depth is 
reduced below about 10 meters. 
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4. CONCLUSIONS 


We have described a set of simple models for aspects of the 
tropical climate. These models represent the divergent trop- 
ical circulation as a product of feedbacks between SST, sur- 
face fluxes, deep convection, and radiation, with the humidity 
field being the primary prognostic atmospheric variable mod- 
ulating these feedbacks. The basic model ingredients are the 
Neelin-Zeng QTCM equations, the weak temperature gradi- 
ent approximation, the neglect of rotation and the assumption 
of slab-symmetry in latitude so that only the along-equatorial 
circulation is modeled. The strict quasi-equilibrium (SQE) 
approximation may also be used, either in the models them- 
selves or in analytical work aimed at understanding the results 
when the convective time scale, T,, is finite. SQE is a good 
approximation in the sense that many features of the steady 
solutions are insensitive to increases in the convective time 
scale from zero up to at least realistic values on the order of 
~1 d. The stability of the steady solutions to time dependent 
perturbations, on the other hand, is quite sensitive to variations 
in T, in this range, so that SQE may under some circum- 
stances be quite inaccurate for understanding the stability 
and possible time-dependent behavior of finite T, solutions. 

When SST is fixed, the cloud-radiative feedback is a net 
source of energy to the system, and strongly shrinks the con- 
vective region in steady state. For strong enough feedback, 
the convective region shrinks to a single point and no steady 
solution can be found. In fact, the system becomes badly 
behaved, and numerical simulations suggest that even time- 
dependent simulations blow up after a finite time. 

When coupling to an ocean mixed layer is added, the cloud- 
radiative feedback has no effect on the size of the convective 
region, the latter being controlled by the clear-sky surface 
energy budget. The model in this configuration is able to 
robustly produce a coexistent evaporation minimum and pre- 
cipitation maximum, as are observed, but perhaps for reasons 
which are only partly correct. More recent work suggests that 
feedbacks between ocean heat transport and the atmospheric 
circulation, which are neglected in our model, plays a large role 
in creating this feature. 

When the cloud-radiative feedback parameter is increased 
past a threshold value, the coupled model becomes unstable 
to free oscillations of intraseasonal to subannual period. The 
strength of the instability is most sensitive to the cloud-radia- 
tive feedback parameter (which can also be thought of as rep- 
resenting the surface flux feedback) and the convective time 
scale. The onset of instability is well captured by a linear 
analysis, but the oscillations in the full system tend to be non- 
linear, with a recharge-discharge character and periods of zero 
precipitation alternating with rainy periods. Although the 
growth rate of the instabilities increases (slowly) with mixed 
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Figure 5. A nonlinear solution to the Sobel-Gildor model with r = 
0.3 and T= 1 d. From top to bottom: Precipitation (left axis mm d', 
right axis W m-”), evaporation (left axis mm d-|, right axis W m~®), 
radiative cooling (left axis K d!, right axis W m~), net flux of short 
wave and long wave at the ocean surface (both axes (W m”~), sea sur- 
face temperature (°C ) and specific humidity (kg kg~'). Taken from 
Sobel and Gildor (2004). 


layer depth, in a forced calculation in a weakly stable param- 
eter regime the amplitude of the response has a peak near 
10-20 m, decreasing for both larger and smaller mixed layer 


depths. This dependence of intraseasonal variability on mixed 
layer depth has also been found in atmospheric GCMs coupled 
to slab ocean mixed layer models. 
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